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Abstract

The redox state of the Earth’s upper mantle controls the nature of volatile

phases degassing from the interior and has, therefore, influenced the devel-

opment of habitable surface conditions. An important event in the creation

of these conditions was the rapid oxidation of the upper mantle after core

formation. During accretion, mantle silicates equilibrated with core-forming

metallic iron. This would have imposed a low mantle oxygen fugacity (fO2),

where H2O, CH4 and H2 would be the dominant degassing species. Through-

out the geological record, however, fO2 of the upper mantle has been 4-5

orders of magnitude higher, such that H2O and CO2 are the dominant vol-

canic gasses. The mechanism by which the mantle oxidised has implications

for volatile delivery and fractionation in the early Earth and for the evolution

of an oxygen-rich atmosphere.

In this experimental study, mantle oxidation mechanisms have been investi-

gated. Pressure has been found to stabilise ferric iron components in some

mantle minerals, such that they contain a significant fraction of Fe3+ even in

equilibrium with iron metal. If a ferric component in silicate magmas under-

goes similar stabilisation, melt at the base of a deep magma ocean could have

precipitated iron metal via the reaction 3FeO = Fe0 + 2FeO1.5. Separation of

this iron metal to the core could then have raised the redox state of the man-

tle. In order to test this scenario, the proportions of Fe3+ and Fe2+ silicate melt

components have been measured as a function of pressure at buffered oxygen

fugacities.

First, an oxygen buffering assemblage for use at pressures at the top of Earth’s

lower mantle was calibrated. Phase relations, compressibility and thermal

expansivity of Ru and RuO2 were investigated in a multianvil device using

in-situ X-ray diffraction at the Advanced Photon Source in Chicago. Rutile-

structured RuO2 was found to undergo two phase transformations, first at ∼7

GPa to an orthorhombic structure and then above ∼12 GPa to a cubic struc-

ture. The phase boundary of the cubic phase was constrained for the first time

at high pressure and temperature. A thermodynamic description of the phase

transformations along with equation of state data allows the oxygen fugacity
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buffered by the Ru + O2 = RuO2 equilibrium to be accurately determined to

lower mantle conditions.

Secondly, an andesitic melt was equilibrated with the Ru-RuO2 buffer in a

multianvil press between 5 and 24 GPa, and further experiments were per-

formed on the same melt in equilibrium with iron metal. The recovered sam-

ple were analysed using Mössbauer spectroscopy to determine the Fe3+/
∑

Fe

ratio. This ratio was found to decrease with pressure up to 8 GPa, but above

15 GPa this trend reverses. Based on the equation of state properties of the

iron melt components, we develop a model that describes this behaviour. The

predictions of this model at conditions of iron-metal saturation are in good

agreement with further experiments. This indicates that the Fe3+/
∑

Fe ratio

of a magma ocean extending into the lower mantle would have approached

∼0.2, which means that the melt-metal equilibrium, 3FeO = Fe+2FeO1.5, must

shift to the right with pressure. A magma ocean initially poor in FeO1.5 would,

therefore, precipitate metallic iron at depth. Separation of this iron to the

core would raise the redox state of the mantle. Such a magma ocean would

develop a gradient in oxygen fugacity with depth, from conditions of metallic

iron saturation at lower mantle pressures to that of the present day mantle at

the surface. This magma ocean redox stratification ensured that H2O and CO2

were the dominant atmosphere-forming gases throughout the later stages of

accretion. There are a number of further important implications for the distri-

bution of volatiles within the Earth and differences in the redox states between

planetary interiors.

Another frequently proposed scenario is mantle oxidation by H2O. One mech-

anism for this to operate is if the resulting hydrogen is sequestered into the

core rather than reducing the surrounding mantle back to the initial level.

At upper mantle conditions the oxygen fugacity of the mantle could only be

raised above iron metal equilibrium if this core-forming phase were a sulfide

liquid. A slightly hydrous mid ocean ridge basaltic melt was equilibrated with

an FeS melt at 3 GPa, to test the effect of an exsolving sulfide melt on the

redox state of the remaining silicate. Hydrogen contents of quenched sulphide

liquids were measured for the first time using Elastic Recoil Detection Analy-

sis and found to be the equivalent of up to 1300 weight ppm H2O. A lack of
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consistency in H partitioning between silicate melt and sulfide, however, sug-

gests that the entire H content of the initial sulphide may not be preserved in

the crystallised liquid. The partitioning of H and O into a separating sulfide

melt is examined based on the available data and found to have insignificant

effects on the oxidation state of the remaining mantle.

Zusammenfassung

Der Oxidationszustand des oberen Erdmantels bestimmt, welche flüchtigen

Verbindungen aus dem Erdinneren entgasen und beeinflusst damit die En-

twicklung der Bewohnbarkeit der Erdoberfläche stark. Ein wichtiges Ereignis

im Entstehen der Habitabilität war die schnelle Oxidation des oberen Erdman-

tels nach der Segregation des Erdkerns. Während der Planetenbildung befan-

den sich die Mantelsilikate im Gleichgewicht mit Eisen, und damit in einem

Zustand mit niedriger Sauerstofffugazität (fO2): H2O, CH4 und H2 sind in so

einem Zustand die volatilen Verbindungen, die aus dem Erdmantel entgasen.

Über den ganzen Verlauf der Erdgeschichte war der fO2-Wert im oberen Erd-

mantel jedoch 4-5 Größenordnungen höher, sodass H2O und CO2 als vulka-

nische Gase an die Oberfläche kamen. Der Oxidationsprozess, der im Mantel

stattgefunden hat, ist deshalb von großer Wichtigkeit für den Transport und

die Fraktionierung von Volatilen in der jungen Erde, sowie für die Entwicklung

einer sauerstoffreichen Atmosphäre.

Dieser Oxidationsmechanismus wurde mit Hilfe von Experimenten in dieser

Dissertation untersucht. Druck spielt bei der Stabilisierung des Fe3+-Gehalts

in einigen Mantelmineralien eine große Rolle, so dass diese Mineralien, sogar

in Gleichgewicht mit metallischem Eisen (Fe0), einen großen Anteil an Fe3+

enthalten. Falls Fe3+ in Silikatschmelzen eine ähnliche Stabilisierung erfährt,

können Schmelzen am Grund des Magmaozeans durch die Reaktion 3FeO

= Fe2O3+ Fe0 metallisches Eisen ausgefällen, und durch die Separation des

metallischen Eisen den Oxidationszustand des Erdmantels erhöhen. Um diese

Hypothese zu untersuchen, wurde in der vorliegenden Arbeit die Anteile von

Fe3+ und Fe2+ in Silikatschmelzen als Funktion des Drucks unter Anwendung
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eines Sauerstofffugazität-Puffers untersucht.

Zuerst wurde ein Sauerstoff-Puffer kalibriert, der bei Bedingungen des tiefen

Erdmantels angewendet werden kann. Die Phasenbeziehungen, Kompressibil-

ität und den thermischen Ausdehnungskoeffizienten von Ru und RuO2 wur-

den mit Hilfe von Röntgenbeugung in der Vielstempelpresse an der Advanced

Photon Source in Chicago untersucht. Für RuO2 wurden zwei Phasenübergänge

beobachtet: bei ∼7 GPa von einer tetragonalen (Rutil-Typ) zu einer orthorhom-

bischen Phase und bei ∼12 GPa zu einer kubischen Struktur. Die Phasen-

grenze der kubischen Phase wurde in der vorliegenden Arbeit zum ersten Mal

bei hohem Druck und hoher Temperatur bestimmt. Eine thermodynamische

Beschreibung der Phasenübergänge sowie die bestimmte Zustandsgleichung

ermöglichen es, die Suaerstofffugazität der Pufferreaktion Ru + O2= RuO2 bei

Bedingungen des tiefen Erdmantels zu bestimmen.

In einem zweiten Experiment wurde andesitische Schmelze unter Anwendung

des Ru-RuO2-Puffers in der Vielstempelpresse im Druckbereich 5-24 GPa in

ein Gleichgewicht, und weitere Experimente wurden in Gegenwart von met-

allischem Eisen durchgeführt. Die bei diesen Versuchen gewonnenen Proben

wurden mit Hilfe von Mössbauer-Spektroskopie untersucht um das Fe3+/
∑

Fe-

Verhältnis zu bestimmen. Dieses Verhältnis nimmt mit Druck bis 8 GPa

ab, und bei Drücken über 15 GPa steigt es wieder an, ein Verhalten, das

mit Hilfe der Zustandsgleichung der Eisenkomponenten modelliert werden

kann. Vorhersagen dieses Modells stimmen mit weiteren Experimenten bei

Eisen-Sättigung gut überein. Das beschrieben Verhalten und dazugehörige

Modell weisen darauf hin, dass das Verhätnis Fe3+/
∑

Fe im Magmaozean bei

Druckbedingungen des tiefen Erdmantels einen Wert von ∼0.2 erreicht, womit

das Schmelzen-Metall Gleichgewicht, 3FeO = Fe2O3+ Fe0, sich bei hohem

Druck auf die rechte Seite der Reaktion verschiebt. Ein Magmaozean, der

ursprünglich an Fe3+ arm ist, würde folglich in der Tiefe metallisches Eisen

ausfällen, und das Abscheiden dieses Eisen in den Erdkern würde den Oxi-

dationszustand des Mantels erhöhen. Ein solcher Magmaozean würde dann

einen Sauerstofffugazitätsgradienten mit Tiefe aufweisen, von Bedingungen

der Metallsättigung im tiefen Erdmantel zu modernen Werten an der Erdober-

fläche. Diese Schichtung im Oxidationszustand des Magmaozeans bewirkt,
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dass bereits während der späten Phase der Planetenbildung H2O und CO2

die Atmosphärenbildung bestimmt haben. Aus den Ergebnissen ergeben sich

weitere wichtige Folgerungen für die Verteilung von volatilen Komponenten in

der Erde und Unterschiede im Redoxzustand im Innern verschiedener Plan-

eten.

Oxidation des Mantels durch Eintrag von H2O ist eine beliebte Alternativhy-

pothese. Dies wäre unter anderem dann möglich, wenn Wasserstoff in den

Erdkern transportiert wird und damit nicht zur Reduktion des Erdmantels auf

das Ausgangsniveau zur Verfügung steht. Bei Bedingungen des oberen Erd-

mantels wäre dies nur möglich, wenn die Sauerstofffugazität über das Eisen-

Metall-Gleichgewicht erhöht wird, was ein Sulfid als kernbildende Schmelze

erfordert. Um diese Hypothese zu untersuchen, wurde ein leicht wasser-

haltiger Ozeankamm-Basalt mit FeS bei 3 GPa ins Gleichgewicht gebracht.

Dieses Experiment erlaubt es, den Einfluss einer sich bildenden Sulfidschmelze

auf den Redoxzustand des zurückbleibenden Silikats zu untersuchen. Der

Wasserstoffgehalt der abgeschreckten Sulfidschmelze wurde zum ersten Mal

mit Hilfe der elastischen Rückstreudetektionsanalyse bestimmt, und ein Wasser-

stoffgehalt von bis zu 1300 ppm (Gewicht) wurde gemessen. Die fehlende Kon-

sistenz in der Bestimmung der Verteilung von H zwischen der Silikatschmelze

und des Sulfids weist darauf hin, dass nicht der vollständige H-Gehalt des

Sulfids beim Abschrecken erhalten bleibt. Auf Basis der untersuchten Parti-

tionierung von Wasserstoff und Sauerstoff in die sich bildende Sulfidschmelze

ergibt sich ein vernachlässigbarer Einfluss auf den Oxidationszustand des

zurückbleibenden Mantels.
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1 Introduction

Central to understanding the origins of life on Earth and assessing the pos-

sible past habitability of other terrestrial planets, satellites, or exoplanets is

understanding the processes by which the early Earth became habitable. The

nature of the upper mantle during the Hadean would have been consequen-

tial to the habitability of the young Earth, as the composition and oxidation

state of the mantle would have controlled the composition of any degassing

volatiles, thus exerting a major influence on the composition of the earliest

atmosphere (e.g., Kump et al., 2001).

A reduced mantle, which likely existed during the formation of the core as

discussed below, would have produced a reduced atmosphere, dominated by

species such as CO, CH4, and H2 (e.g., Hirschmann, 2012; Kasting et al.,

1993). Today, however, the upper mantle is several orders of magnitude more

oxidised than metal saturation implies. Futher, evidence from redox-sensitive

elements in ancient rocks imply that the oxidation state of the mantle in-

creased dramatically very quickly after the end of core formation (e.g., Delano,

2001; Trail et al., 2011). Thus the the dominant degassing volatile species,

and therefore earliest atmosphere, would have comprised largely H2O and

CO2.

In addition to influencing early habitability, the oxidation state of the mantle

regulates the compostion of volatile-rich fluids and melts in the interior of the

Earth, affecting magma genesis and metasomatism (e.g. Frost and McCam-

mon, 2008). Further, mantle redox state, quantified as the oxygen fugacity, or

fO2, controls the partitioning of many species and elements, including H2O,

between fractionating reservoirs. In particular, the siderophile tendency of

many elements is strongly dependent on the prevailing fO2 (O’Neill, 1991;
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1 Introduction

Wade and Wood, 2005; Mann et al., 2009). Understanding the redox evolu-

tion of the mantle could therefore allow for better constraints on the nature of

the light element(s) in the core. Mantle fO2 also defines the stability of most

carbon-bearing phases, and determines the Fe3+ and OH contents of miner-

als, which in turn affects rheology and other transport properties (Frost and

McCammon, 2008).

The mantle’s oxidation state has therefore been an important parameter through-

out Earth’s history. Today the Earth’s upper mantle is uniformly about 5

orders of magnitude more oxidised than it would have been during differenti-

ation, indicating that one or more processes increased the fO2 of the mantle

after core formation ceased (O’Neill, 1991). The nature and timing of this

oxidation mechanism has implications for the proportion and distribution of

volatile elements accreted and retained within the Earth, as well as the com-

position of the earliest atmosphere (Hirschmann, 2012). Understanding this

oxidation process may therefore be instrumental to understanding the Earth’s

evolution into a habitable planet, and this work attempts to place constraints

on plausible processes that may have worked to oxidise the mantle.

1.1 Differentiation and metal-silicate equilibrium

Many of the details of the differentiation process remain uncertain, but it is

clear that during core formation the silicate material that would later become

the mantle and crust was in chemical equilibrium with iron metal. The evi-

dence for this is found in the measured abundances of elements present in the

Earth’s mantle and crust (bulk silicate Earth, or BSE), compared to chondritic

meteorites, which are our best estimate for the bulk composition of the solar

system.

1.1.1 Chondritic Earth

The Earth is, as a whole, believed to be chemically similar to chondritic me-

teorites, which, collectively, are fragments of undifferentiated planetesimals

2



1 Introduction

that appear to have remained largely unprocessed from the very beginning

of the solar system (e.g. Brearley and Jones, 1998; Wood, 1988). Though

the chondritic meteorite groups vary somewhat in composition, they have in

common identical ratios of refractory lithophile elements, i.e., elements that

would not fractionate due to their volatility or preference for a metallic or sul-

fide phase (e.g., Rubin, 2011). These abundance ratios are also the same as

those measured in the solar photosphere (e.g., Palme and O’Neill, 2003). It has

therefore long been assumed that the suite of chondritic metorities represents

the bulk composition of the solar system, and that the variations between the

groups reflect different accretion histories of the parent asteroids and/or lo-

cal compositional variability within the solar nebula (Allègre et al., 1995). CI

carbonaceous chondrites, specifically, have elemental abundances that most

closely match the solar composition, and so are commonly used as a proxy for

the primitive bulk composition of the solar system (e.g., Anders and Grevesse,

1989).

Measurements of the relative abundances of elements in the bulk silicate

Earth show that refractory lithophile elements are also present at the same

relative abundances (figure 1.1) as chondrites. This is generally accepted as

strong evidence that the bulk Earth is, at least to a first order approximation,

chondritic in composition and that depleted elements reflect fractionation pro-

cesses during or after accretion (e.g. Ringwood, 1979; Wänke et al., 1984;

McDonough and Sun, 1995). Indeed, most of the constraints on fractionation

processes that occurred throughout Earth’s history derive from comparing

the Earth’s mantle composition to that of chondrites (e.g., Palme and O’Neill,

2003).

3



1 Introduction

Figure 1.1: Relative abundances of elements in the bulk silicate Earth.
Lithophile elements that would not be expected to fractionate due to volatility,
i.e. those more refractory than Mg, are present in the same ratios as CI chon-
drites, indicating that the bulk Earth is chondritic. Refractory siderophile
elements are therefore depleated from the mantle due to core formation. The
highly siderophile elements (blue symbols) have a flat (chondritic relative)
abundance pattern, despite having vastly different metal/silicate partition
coefficients. They were therefore probably completely stripped from the man-
tle and then added back after the end of core formation. Figure is modified
from Frost et al. (2008).

1.1.2 Differentiation

The most consequential post-accretion process on the Earth was the physical

separation of the metallic iron-nickel material that is now the core from the

silicates that comprise the mantle. There is substantial evidence from achon-

dritic meteorites, which are remnants of differentiated planetesimals that were

collisionally disrupted and broken apart, that this occurred very rapidly after

the beginning of the solar system (e.g., Weiss and Elkins-Tanton, 2013). Iron

meteorites are pieces of metallic cores, while stony achondrites represent the

mantles. Isotopes of hafnium and tungsten in these planetesimal fragments

provide a strong constraint on the timing of differentiation. 182W is a decay
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1 Introduction

product of 182Hf, and the two elements have different geochemical behaviour:

tungsten is siderophile (i.e. prefers a metallic phase) and hafnium is lithophile

(i.e. prefers a silicate phase). If metal-silicate differentiation happens before
182Hf has fully decayed (<45 Ma after the beginning of the solar system), the Hf

would remain in the silicate, and later decay to W. This tunsten would then be

stranded in the silicate and visible as a positive 182W anomaly in the silicate

with a corresponding negative anomaly in the metal compared to chondrite

(e.g., Kleine and Walker, 2017).

Studies of achondrites using this method have determined that small plan-

etesimals had grown to large enough size to retain sufficient heat (supplied

primarily by gravitational release and the decay of short-lived radionuclides)

to melt throughout, allowing the heavier metallic iron alloy to sink and form a

core by 5 Mya after the origin of the solar system (Kleine et al., 2002). Futher,

Hf-W systematics reveal that the Earth, which accreted largely from planetes-

imals that had already themselves separated into a mantle and a core, had

fully differentiated by 30 Mya after the beginning of the solar system (Kleine

et al., 2002).

As can be seen in figure 1.1, refractory siderophile elements (i.e., elements

that preferentially partition into a metallic phase but would not be expected

to fractionate due to volatility) are depleted from mantle rocks. The most

plausible interpretation of this is that during differentiation, the core-forming

metallic alloy equilibrated with the mantle silicates as it sank. The distribution

of an element M between the fractionating metal and silicate was governed by

the partition coefficient

Dmet/sil(M) =
Xmetal
M

Xsilicate
MOn/2

where X is the mole fraction of the element M or its oxide in the metal or

silicate and n is its valence state. Siderophile elements, which are defined as

having a metal/silicate partition coefficient of greater than 1, would have then

partitioned into the metallic phase and thus been sequestered in the core.

While this much is relatively clear, there remains vigourous debate regarding

some of the details of core separation beyond this first-order approximation.

It has, for instance, long been recognised that a single-stage low-pressure
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differentiation event could not reproduce the elemental abundance pattern in

the mantle today (e.g., Ringwood, 1966; Wänke, 1981). For example, mantle

abundances of the slightly siderophile elements, such as V and Cr, indicate

much more reducing conditions than the depletions of moderately or highly

siderophile elements (e.g., Frost et al., 2008).

This led to suggestions of heterogeneous accretion models, in which the na-

ture of accreting material changes with time, and the oxygen fugacity at which

metal equilbration occurrs increases throughout accretion. (Wänke, 1981;

O’Neill, 1991; Wade and Wood, 2005; Wood et al., 2006). O’Neill (1991) sug-

gested a secondary, more oxidised stage of core formation in which the core-

forming liquid was no longer metallic iron but a FeS sulfide (the “Hadean

matte”, see section 1.3.2 for a more detailed review).

Later in the 1990s, it was recognised that some elements become less siderophile

with pressure, and that it was possible to reproduce the abundance pattern

of many elements with a homogenous accretion model if metal-silicate parti-

tioning had occurred at high pressures and temperatures (e.g., Li and Agee,

1996).

In figure 1.1, it can be seen that the highly siderophile elements (i.e., the plat-

inum group elements or PGE) exist in chondritic ratios relative to each other

(e.g., Day et al., 2016). Experiments to determine the metal/silicate parti-

tion coefficients of the PGEs, however, have found vastly different partitioning

behaviour of the individual elements (Mann et al., 2012). In other words,

there is no set of metal-silicate equilibration conditions that can reproduce

the observed flat abundance pattern of the highly siderophile elements. These

observations led to the suggestion that the PGEs must have been completely

stripped from the mantle during core formation, and then subsequently re-

placed by the addition of more primitive, chondrite-like material that has been

termed the “late veneer” (e.g., O’Neill, 1991).

As yet, no model can successfully reproduce every constraint and many de-

tails of the differentiation process remain uncertain, however the suggestion

that high-pressure metal-silicate equilibration was a feature of core fomation

has amassed a fair bit of supporting evidence (Li and Agee, 1996; Rubie et
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al., 2003; Chabot et al., 2005; Siebert et al., 2013; Mann et al., 2009). Re-

cent experimental work on sulfide/silicate partitioning behaviour of the highly

siderophile elements has also provided further support for the Hadean matte

(Laurenz et al., 2016; Rubie et al., 2016), though it should be noted that these

possibilities are by no means mutually exclusive.

1.2 Redox evolution of the mantle

1.2.1 During differentiation

Iron is by far the most abundant element in the Earth that can exist in mul-

tiple oxidation states, namely Fe0 (metallic iron), Fe2+(ferrous iron, usually as

FeO), and Fe3+(ferric iron, usually as Fe2O3). Because iron is so prevalent, the

relative abundances of the three possible redox states act to buffer the chem-

ical potential of oxygen in a system, defined as the oxygen fugacity (fO2), in

effect establishing the fO2 of the entire system (e.g., Frost, 1991). During the

formation of the core, metallic iron was present in the mantle. Metallic iron

imposes a relatively low oxygen fugacity, setting a level at or below the fO2

of the iron-wüstite (IW) buffer, which can be determined from the equilibrium

constant of the reaction

Fe +
1

2
O2 = FeO (1.1)

given by

KIW =
aFeO

aFe ∗ fO2

.

1.2.2 Modern upper mantle

Given that the Earth’s mantle equilibrated with metallic iron, it could therefore

be expected that mantle fO2 would remain quite low. This is not the case,

however. A large amount of work has been done to characterise the oxygen

fugacity of the modern mantle, with a diverse suite of methods, and there

is broad agreement that the mantle today is uniformly close to the Fayalite-

Magnetite-Quartz (FMQ) buffer, which is defined by the reaction
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3Fe2SiO4 + O2 = 2Fe3O4 + 3SiO2

olivine magnetite quartz

and shown in figure 1.2 to be 4-5 orders of magnitude greater than IW (e.g.

Cottrell and Kelley, 2011).

Figure 1.2: Oxygen fugacity of several commonly used buffer reactions as a
function of temperature. IW = iron - wustite, FMQ = Fayalite - magnetite -
quartz, NiNiO = nickel - nickel oxide, MH = magnetite - hematite. Data are
from (1) O’Neill & Pownceby (1993); (2) O’Neill (1987); (3) Meyers & Eugster
(1983).

Studies to determine the fO2 of the mantle today have examined evidence from

rocks that represent a partial melt of the mantle, such as mid-ocean ridge

basalt (MORB), as well as mantle rocks such as spinel and garnet xenoliths,

which were brought up from the mantle within a magma, and peridotite mas-

sifs, which are sections of the mantle that have become emplaced in the crust

through tectonic forces. Oxybarometry, or calculating the oxygen fugacity of a

rock’s source magma, can be accomplished with a number of methods.

For MORB glasses, oxybarometry most commonly employs the ferric/ferrous

ratio of iron present, which can be determined with an array of techniques,
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including Mössbauer spectroscopy (e.g., Jayasuriya et al., 2004), X-ray Ab-

sorbtion Near Edge Structure (XANES) spectroscopy (e.g., Cottrell and Kelley,

2011) and wet chemistry methods (e.g., Christie et al., 1986). A number of

experimentally calibrated thermodynamic models relating Fe3+/Fe2+ and ox-

ide mole fractions directly to fO2 have been developed (e.g., Sack et al., 1980;

Kress and Carmichael, 1991; Jayasuriya et al., 2004), and so the fO2 of a

glass can be reliably determined once the ratio of ferric to ferrous iron has

been measured.

Several studies have applied this basic technique to a global data set of MORB

glasses, and while there is some variation in the average fO2 determined be-

tween the studies, the differences have been attributed to sampling and/or

measurement biases (Bézos and Humler, 2005; Birner et al., 2018). More

importantly, the studies have all unanimously confirmed that there does not

appear to be any significant global redox variations of the mantle, implying

that the entire upper mantle has an oxidation state that is near FMQ (Christie

et al., 1986; Bézos and Humler, 2005; Cottrell and Kelley, 2011; Zhang et al.,

2018).

For spinel peridotites, the fO2 can be calculated from the equilibrium reac-

tions of the iron-bearing components of the constituent minerals, e.g.:

6Fe2SiO4 + O2 = 3Fe2Si2O6 + 3Fe3O4

olivine opx spinel (1.2)

The equilibrium constant of (1.2) can be rearranged to calculate the fO2 given

the activities of the components (Ballhaus et al., 1991):

log fO2 =
−∆G0

r(1.2)

ln(10) ∗RT
+ 3 log aopx

Fe2Si2O6
+ 2 log aspinel

Fe3O4
− 6 log aolivine

Fe2SiO3
(1.3)

where ∆G0
r is the standard-state free energy change of reaction 1.2, T is the

temperature, ai is the activity of component i, and R is the universal gas con-

stant. This and other oxybarometers have been calibrated in order to calculate

the fO2 of a rock based on composition measurements, obtained via electron

probe microanalysis (EPMA) (e.g., Davis et al., 2017; Gudmundsson and Wood,

1995).
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Regardless of the method used, for the upper mantle the result is universally

close to FMQ (figure 1.3). This has further been confirmed by recent work

(Birner et al., 2018), which has examined the fO2 of MORB and peridodite that

were sourced from the same region, the Southwest Indian Ridge. This allowed

for a direct comparison of the two proxies, and verified that both record a

consistent upper mantle fO2 of approximately FMQ (Birner et al., 2018).

Figure 1.3: Redox state of the modern mantle, determined from peridotites
and mid-ocean ridge basalt. As can be seen, the oxygen fuacity of all samples
is within 1.5 log units of FMQ. Even the most reduced samples are several
log units more oxidised than IW. Figure modified from Frost and McCammon
(2008).

10



1 Introduction

1.2.3 Oxidation state at depth

The oxyen fugacity of the mantle does, however, decrease with depth. As can

be seen in equation 1.3, in a low-pressure spinel peridotite assemblage, the

fO2 is dependent on the activity of the ferric iron component in phases with

low modal abundance: spinel and to a lesser degree cpx and opx. In effect,

the ferric iron is concentrated in relatively minor phases and as such the mole

fraction and therefore also the activity of Fe3+ in those phases is relatively

high. At about 200 km depth (6 GPa), however, garnet becomes increasingly

stable, and replaces spinel as the primary host of Fe3+ (skiagite). Because

the modal abundance of garnet continues to increase with depth throughout

the transition zone (e.g. Wood et al., 2013), the skiagite component becomes

increasingly diluted, decreasing its activity and thereby driving down the fO2

(Gudmundsson and Wood, 1995; O’Neill et al., 1993; Ballhaus, 1995; Frost

and McCammon, 2008). Indeed, if the ratio of Fe3+/
∑

Fe measured in the

upper mantle today is constant throughout the mantle, i.e. if the mantle is

compositionally homogeneous, by the depth of the transition zone, the fO2

should have decreased to the level of metal saturation (Rohrbach et al., 2007).

Below the transition zone, in the lower mantle, the dominant phase is MgSi

perovskite, or bridgmanite. It has been experimentally shown that bridgman-

ite can accommodate a large amount of ferric iron in its structure, to the

degree that it likely forced the disproportionation of FeO into Fe2O3 and Fe

metal (see section 1.3.1 for a more detailed review) to create more ferric iron

(McCammon, 1997; Lauterbach et al., 2000). If this is correct, then the fO2

can be calculated from the assumed compositions of the precipitated metal

and coexisting ferropericlase and bridgmanite and experimentally determined

activity coefficients, and has been determined to be between IW and IW-1.5

(Frost et al., 2003; 2004; Frost and McCammon, 2008). Thus the mantle to-

day experiences a gradient in fO2, in which it is much more oxidised at the

surface than at depth.
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1.2.4 Timescale of oxidation

Even if the bulk of the mantle is today at metal saturation (i.e. at IW), to raise

the oxygen fugacity of the upper mantle from IW to FMQ, FeO in the mantle

would have to have been oxidised to Fe2O3 via the reaction:

2FeO+
1

2
O2 = 2Fe2O3 (1.4)

As long as metallic iron was still present in the mantle, however, the fO2 would

have been buffered below the level of iron-wüstite, precluding reaction 1.4, at

least at upper mantle pressures where the mantle interacts with the surface.

Oxidised species, such as CO2, H2O, and Fe2O3 could not have coexisted with

metal, as they would simply react with it and raise the bulk FeO content of the

mantle. Fe2O3 could not have begun to accumulate in the upper mantle until

it had oxidised to a level at which metallic iron is no longer stable (figure 1.4).

The implication is that some process(es) oxidised the entire mantle after core

formation had ceased. Furthermore, this increase in oxidation state appears

to have occurred not only globally, but very rapidly.
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Figure 1.4: Changes in relative abundances of iron, vanadium, and volatiles
as a function of oxygen fugacity. At the relatively low fO2 imposed by iron
metal, volatiles degassing to the atmosphere from the mantle would have
been predominantly H2 and CH4, and ferric iron is essentially nonexistant.
Iron and vanadium speciation within minerals can be used to determine the
oxygen fugacity of the source magma, and have been used to conclude that
the upper mantle has been at ∼ FMQ since the beginning of the geoloic
record.

Due to aqueous alteration, ferric/ferrous ratios are an unreliable indicator of

the oxygen fucagity of the source magmas of ancient rocks. Archaean man-

tle fO2 can still be constrained, however, via oxybarometry techniques that

exploit redox-sensitive but immobile elements, such as chromium and vana-

dium. Like iron, fO2 determines the Cr2+/Cr3+ ratio, but unlike iron this ratio

is not susceptible to changing with aqueous alteration (e.g., Delano, 2001 and

references therein). Canil (1997) used olivine/liquid vanadium partitioning to

determine that the Archaean source mantle of several komatiites was close to

FMQ, and this result has been repeated in several studies using a variety of

techniques. Li and Lee (2004) showed V/Sc ratios to be a robust proxy for fO2,

and determined that Archaean basalt fO2 differs from that of modern basalt
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by less than 0.3 log units (Li and Lee, 2004). Lee et al. (2003) used vanadium

systematics in peridotites to reach the same conclusion. Delano (2001) used

whole-rock abundances of Cr and V and the composition of Cr-rich spinels

to conclude that the mantle reached its current oxidation state by 3600 Ma,

though suggests that even 3900 Ma is likely. Trail et al. (2011) proposed that

cerium incorporation into detrital zircons could be used as a redox indicator

for the Hadean mantle, and suggests that mantle had reached its present-day

oxidation state by as early as 4350 Ma. Thus the problem is summarised in

figure 1.5: after the end of core formation but before the start of the geologic

record, some process(es) oxidised the mantle enough to raise the fO2 of the

upper mantle from IW to FMQ.

Figure 1.5: The Earth’s mantle must have been reduced, with an oxygen
fugacity at or below the iron-wüstite buffer, during core formation. Quickly
thereafter, however, the upper mantle attained a much more oxidised state,
through process(es) that remain unclear. Figure modified from Delano (2001).

1.3 Plausible mechanisms

The timing and mechanism of this increase in oxidation state are consequen-

tial not only to the understanding of the atmosphere, but also the proportion

of volatiles accreted and retained to the growing Earth. The work presented
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here explores the plausibility of two potential oxidation mechanisms.

1.3.1 Disproportionation in a deep magma ocean

The first process considered is built on the observation that pressure appears

to stabilise the ferric iron component of lower mantle minerals, specifically

bridgemanite. Experiments performed at the pressure/temperature condi-

tions at the top of the lower mantle have indicated that bridgmanite can ac-

commodate a high proportion of ferric iron in its structure, even when the ex-

perimental assemblage was in equilibrium with metallic iron and thus at the

lowest plausible oxygen fugacity (Frost et al., 2004; Nakajima et al., 2012).

This is in stark contrast to spinel and other lower-pressure phases, in which

ferric iron content correlates strongly with oxygen fugacity (figure 1.6, Ball-

haus, 1995).

Figure 1.6: The ferric iron content of spinel (and other low-pressure minerals)
is clearly dependent on the oxygen fugacity of its surroundings. In contrast,
bridgmanite can contain large quantities of ferric iron even at low fO2. Here
silicate glass is shown to mirror the behaviour of minerals at low pressure;
an aim of this study is to determine if silicate liquids also can accommodate
more ferric iron at high pressure but low fO2. Spinel data is from Ballhaus
(1995), silicate glass data from Jayasuriya (2004) and bridgmanite data from
Nakajima (2012).
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The Earth’s lower mantle is presumed to comprise bridgmanite (magnesium

silicate perovskite) and ferropericlase, with the former dominating in terms of

volume at 80% (Frost and McCammon, 2008). The unexpectedly high ferric

iron content in bridgmanite is the result of an energetically favourable coupled

substitution of Fe3+ and Al3+ for Mg2+ and Si4+ in the structure (Nakajima et al.,

2012). If the lower mantle formed before the end of core formation, it would

have formed from material poor in Fe2O3. Balancing the Al in the substitution

implies that the additional Fe2O3 observed in the bridgmanite would have had

to form through the disproportionation of FeO, i.e.

3FeO=Fe2O3 + Fe0. (1.5)

This would have created ∼ 1 wt % metallic iron in the lower mantle. I.e., if the

mantle has a uniform bulk oxygen content, the lower mantle should contain

metallic iron. Removing approximately 10% of this metallic iron towards the

end of core formation (figure 1.7 below) would have left the lower mantle with

proportionately more oxygen. Subsequent remixing of the whole mantle could

have then raised the oxidation state of the mantle to its present value (Frost et

al., 2004). This possibility is reliant on a mechanism that would have removed

some of the precipitated metal from the solid mantle to the core. Though not

implausible, a potentially simpler solution is possible if silicate melts mirror

this behaviour and that an analogous process could have occured at depth

within a global magma ocean.
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Figure 1.7: A plausible mechanism by which the mantle may have become
oxidized. If some iron metal that formed via disproportionation in the lower
mantle was removed to the core via decending diapirs, the end result would
be a mantle with an elevated O/Fe ratio.

Plausible N-body simulations modelling planetary accretion have in common

that the final stages of accretion are characterised by giant impacts between

larger planetary embryos (e.g. Chambers, 2001). These collisions would have

certainly been energetic enough to vaporise and/or melt a large fraction of

the material and create global magma oceans (e.g., Tonks and Melosh, 1993;

Rubie et al., 2011). Any metallic iron present, e.g. the core of the impactor,

would descend through the molten silicate, equilibrating as it fell. The metal

would accumulate in ponds at the top of the solidified mantle, which may be at

lower mantle depths (see figure 1.7) (e.g., Rubie et al., 2003; Wade and Wood,

2005).

In this scenario, final metal-silicate equilibration in the Earth would have oc-

cured at high pressure/temperature conditions such as would exist at the

base of a deep magma ocean. Indeed, this hypothesis is supported by sev-

eral studies that have experimentally determined the pressure dependence
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of metal/silicate partition coefficients of a number of elements (Li and Agee,

1996; Rubie et al., 2003; Chabot et al., 2005; Siebert et al., 2013; Mann et al.,

2009).

Numerical models indicate that vigorous convection would mix the molten sil-

icate on a timescale of weeks, and so a global magma ocean would have been

homogenous in composition (Solomatov, 2000). If metal-silicate equilibrium

occurred at high pressure, and ferric iron is stabilised with pressure, the fer-

ric iron content of the entire, homogenised global magma ocean may have been

much higher than the level that would be established through iron equilibra-

tion at lower pressure. If the initial silicate materal were low in ferric iron, the

pressure effect may even force the disproportionation of FeO (as in equation

1.5) and, in a molten environment, the heavier precipitated iron could have

more easily sank through to the base.

This implies that a deep magma ocean that is in equilibirum with iron metal

(and therefore at or below IW) at its base may in fact contain an amount of

ferric iron such that at the surface its oxygen fugacity, imposed by the fer-

ric/ferrous ratio, is at FMQ (figure 1.8). Such a redox gradient as a function

of depth in a magma ocean is an interesting possibility, as it reflects the fO2

gradient that exists in the mantle today. This suggests that simply crystallis-

ing a deep magma ocean could have resulted in the redox state of the whole

mantle as it is observed today (Frost and McCammon, 2008).
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Figure 1.8: If metal-silicate equilibration occurred at the base of a magma
ocean, and silicate liquids stabilise ferric iron with pressure, a deep magma
ocean, kept homogenous by convection, may have a larger amount of ferric
iron than low-pressure data indicate. As the oxygen fugacity of the system is
set by the proportions of iron species, such a magma ocean may be at IW at
its base but FMQ at the surface.

A testable feature of this hypothesis is that, if fO2 can vary with pressure given

a constant Fe3+/
∑

Fe ratio, the reverse should also be true: at a constant fO2,

ferric iron content should vary with pressure. Experimentally, fO2 is easier

to hold constant than ferric iron content, and so it should be possible to test

if ferric iron increases as a function of pressure at a constant fO2. To date,

experimental studies have explored the effect of pressure on ferric/ferrous

ratios in silicate melts to 7 GPa (O’Neill et al., 2006; Zhang et al., 2017), and

the trend is in fact the opposite: ferric iron decreases with pressure (figure

1.9).
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Figure 1.9: Literature data from experiments determining the effect of pres-
sure on the ferric iron content of silicate melts. Clearly, to 7 GPa there is a
negative trend. There is reason to suppose, however, that this trend may re-
verse at higher pressure (see text). Data from O’Neill et al. (2006) and Zhang
et al. (2017).

However, as outlined in Hirshmann (2012), it’s plausible that this trend may

reverse at higher pressure. The reasoning is based around observations and

ab initio predictions of liquid silicate structures. For one, the greater ability of

high pressure minerals such as garnet and bridgmanite to accommodate fer-

ric iron is largely due to the availability of high-coordination sites within their

structures (O’Neill et al., 1993; McCammon, 1997; Frost and McCammon,

2008). Similar high-coordination environments, also favoring smaller cations,

have been reported in silicate liquids (Ghiorso, 2004; Stixrude and Karki,

2005). In addition, 6-coordinated Fe3+ has a smaller partial molar volume

than 4-coordinated Fe3+. At high pressures, where 6-coordinated Fe3+ is more

likely, the volume change of ferric-ferrous equilibrium would decrease and

perhaps reverse with increasing pressure (Liu and Lange, 2006; Hirschmann,

2012).

If pressure stabilises the ferric iron component of silicate melts, as in minerals,
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then high-pressure metal-silicate equilibration could result in a magma ocean

with a higher ferric iron content than would be expected for low pressure metal

equilibration. At the surface, a higher ferric iron content would have imposed

a relatively high oxygen fugacity, such that the upper portions of the magma

ocean may have been in equilibrium with more oxidised voltile species.

1.3.2 Gradual oxidation of the mantle through delivery of H2O

It is possible that the mantle was oxidised simply through the delivery of more

oxidised, water-rich material towards the end of accretion, but this possibilty

has several constraints that must be satisfied. To raise the oxidation state of

the upper mantle from IW to FMQ would have required the addition of 150

ppm H2O throughout the mantle, or at least 9 · 1020 kg of H2O. This is just

over half of the current hydrosphere, and from estimates of the probable mass

of the “late veneer”, this is a reasonable amount of water to have been added

(Sharp et al., 2013).

If indeed the Earth’s mantle was fully stripped of highly siderophile elements

during differentiation, the concentration of highly siderophile elements in the

mantle today provides a constraint as to the total mass accreted as the “late

veneer”, which is approximately 0.7% of the Earth’s total mass (e.g. O’Neill,

1991). If this material was CI-like, which is 20 % water, this could have

supplied enough water to oxidise the mantle and provide the hydrosphere. The

late veneer, however, has been shown to be isotopically unlike CI chondrite,

or, indeed any known chondritic material (Fischer-Gödde and Kleine, 2017).

An additional potential problem is reconciling the inferred rapidity of oxidation

with the likely nature of this material. If it accreted as many small, primitive

bodies it is unlikely to have mixed into the mantle quickly enough to account

for the apparent speed of oxidation discussed in section 1.2.4 (Maier et al.,

2009). Alternatively, one large impactor could account for the timescale of the

oxidation, since a large enough accreting planetesimal would plunge deep into

the interior and create a global magma ocean that would rapidly convect and

homogenise. It is difficult, however, to explain how an impactor of that size

could have retained its water and remained relatively oxidised. Chondritic me-
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teorites that have experienced even small amounts of thermal metamorphism

have water contents of < 1% (Huss, 2006). It thus seems unlikely that an oxi-

dised, primitive body could have been large enough to mix into the early Earth

rapidly.

A model similar to that of O’Neill (1991), could, however, loosen the constraint

of a rapid timescale. This model suggests that during the early stages of accre-

tion, Earth was forming from primarily reduced, volatile-depleted material (fig-

ure 1.10). As core formation proceeded, siderophile elements were completely

stripped from the mantle and removed to the core. Then followed a gradual

oxidation, through the addition of more oxidized and volatile-rich material,

accounting for ∼ 11% of the present Earth’s mass. As this would have left the

mantle with an overabundance of the highly siderophile elements (HSEs), this

process is only plausible if core formation could have continued once the oxy-

gen fugacity of the mantle had risen above the level where metallic Fe would

have been stable, in order to continuously remove the HSEs (O’Neill, 1991).

This implies the core-forming liquid would have been a liquid FeS sulfide, the

“Hadean matte”. Finally, the "late veneer" of chondritic material added back

the highly siderophile elements after core formation ceased. Hence the man-

tle may have experienced oxidation over a longer time period than appears

plausible from HSE abundances.
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Figure 1.10: A model for the gradual oxidation of the Earth’s mantle through
the delivery of water. (a) In the early stages of accretion, the Earth was ac-
creting from reduced material, metallic iron was present in the mantle which
was therefore at or below IW. (b) More oxidised material delivers water from
further out in the solar system. Core formation is ongoing, removing highly
siderophile elements to the core. Once the oxidation state of the mantle rises
above the level at which metallic iron is stable, the liquid descending to the
core is an FeS sulfide. Any metallic iron delivered equilibrates only locally,
allowing only part of the mantle to be reset to IW. (c) Finally, after core forma-
tion ceases, highly siderophile elements are replaced with the “late veneer”.

The N-body simulation model of Rubie et al. (2015) provides some dynami-

cal support for this idea. This model assumes that the Earth accreted from

material that condensed at variable distances from the sun, and thus with

different amounts of volatiles and at different oxidation states. The results

of many simulations indicate that, in general, it would have been more likely

for accretion to start with reduced material, and that more oxidized material

would have been added towards the end (see figure 1.11). In addition, Rubie

et al. (2015) have suggested that at late stages of core formation, when addi-

tional metallic iron is primarily added via the cores of differentiated accreting

planetesimals, that metal may only have locally equilibrated with the man-

tle, thereby not necessarily resetting the redox state of the mantle to metal
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saturation (see figure 1.10).

Figure 1.11: Results from six runs of an n-body accretion model, showing
the proportions of the terrestrial planets that would have been sourced from
different regions of the solar system. Note no material is sourced from be-
tween 3-6 AU because that region was cleared by Jupiter. In general, the
material accreting during the early part of the simulation was from further
in, and so presumably more reduced, with material from being farther out
coming in later, after being gravitaionally excited. Figure from Rubie et al.
(2015).

New work to characterise the isotopic signature of the late veneer may provide

some additional support for this model. As mentioned above, Ru isotopes have

been used to conclusively show that the late veneer could not have been de-

rived from material similar to CI, has had previously been proposed (Fischer-

Gödde and Kleine, 2017). More recently, a small observed offset in the ∆17O

between water in terrestrial and lunar basalt has been used to suggest that

to satisfy the oxygen and ruthenium isotopic constraints, the best approxi-

mation for the late veneer is 80% enstatite chondrite and 20% CM chondrite
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(Greenwood et al., 2018). If correct, this implies that only about 5% of the

Earth’s water was delivered as the late veneer, and the Earth must have ac-

quired much of its water over a longer time period, concurrent with accretion

(Greenwood et al., 2018).

A potential problem with gradual oxidation though the delivery of water, how-

ever, is that it requires a mechanism to remove any hydrogen produced from

the system. H is a powerful reductant, and if it remains in the system it will

generally just reverse any oxidation reaction and reform into water. Sharp et

al. (2013) envisaged a process by which water oxidises the mantle and H2

is lost to space. One problem with this, however, is that the process of re-

moving H, while leaving O behind, must have continued once the oxidation

state has risen to a level where the degassing species would have been H2O,

which only minimally affects the redox state (Hirschmann et al., 2012). In

addition, for hydrogen to be lost into an atmosphere from a magma ocean, the

liquid silicate would have to be supersaturated in hydrogen, allowing bubbles

to nucleate and form (e.g. Elkins-Tanton, 2012). According to Hirschmann

et al. (2012), molecular hydrogen is only present in appreciable quantities at

relatively high pressures (> 3 GPa); even at the relatively reducing conditions

of IW− 1, at 0.1 GPa the ratio of H2/ (H2O + H2) is only ∼ 10%.

Another possibilty to remove H could be to sequester it into the core. If there

was a core-forming sulfide metal present (the “Hadean matte”), hydrogen may

have dissolved into the core-forming sulfide liquid, and thereby prevented from

subsequently reducing other regions of the mantle. Previous work has shown

hydrogen to be quite soluble in metallic iron, suggesting that a large amount

of hydrogen could have been removed to the core during differentiation (e.g.,

Okuchi, 1997; Iizuka-Oku et al., 2017). However, again a potential problem

is that this process must have been ongoing once iron metal were no longer

stable. Hydrogen has been shown to be soluble in FeS sulfides (Shibazaki et

al., 2011), and so this work will attempt to place constraints on the plausibility

of whether hydrogen, delivered to the Earth as water, may have dissolved into

an FeS melt and been lost to the core, leaving its oxygen behind in the mantle.
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1.4 Approach

1.4.1 Accurate determination of oxygen fugacity within

experiments

As described above, experimental studies of transition zone and lower mantle

minerals have implied that ferric iron components may be increasingly stabi-

lized with depth in the mantle. To fully characterize the thermodynamic sta-

bility of such components, however, we need to be able to measure their con-

centration at a known oxygen fugacity. Currently, the calculated fO2 of any

buffering reaction is relatively poorly constrained above 10 GPa. Few studies

have attempted to determine the equation of state properties of the component

phases at high pressures and temperatures, and large uncertainties remain.

Campbell et al. (2009) used synchrotron X-ray diffraction to determine the

thermal equation of state (EoS) properties of the metal-oxide pairs Fe-FeO and

Ni-NiO in a multianvil press and laser-heated diamond anvil cells, to 80 GPa

and 2500K (Campbell et al., 2009). These parameters were then used to cal-

culate the fO2 of the Fe-FeO and Ni-NiO buffers, however, the components

of these and most other buffer reactions react extensively with the sample

material, creating additional uncertainties in the imposed fO2.

For high-pressure experiments in a multianvil apparatus, sample volumes are

too small to solve this problem via techniques that segregate the buffer, such

as the double-capsule. Ruthenium and ruthenium oxide, added directly into

a capsule with the experimental charge, is an fO2 buffer (Ru+O2 = RuO2) that

offers multiple advantages (O’Neill and Nell, 1997; O’Neill et al., 2006; Zhang

et al., 2017). Its equilibrium fO2 is relatively high, so Fe loss into Pt capsules is

minimised and both ferric and ferrous Fe are present in sufficient quantities

to be conveniently measured in silicate phases. Both buffer phases remain

pure, as neither reacts with minerals and are relatively insoluble in silicate

melts. Additionally, adding the buffer directly into the capsule, as opposed

to the double capsule technique, does not require a saturating OH-rich phase

which limits experiment to relatively low temperatures and normally to water

saturated conditions.
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Calculating the absolute fO2 of the Ru-RuO2 equilibrium at high P/T requires

accurate data on the compressibility and thermal expansivity of Ru and RuO2;

current available data for RuO2 exist only to 3 GPa and 980 K (O’Neill and

Nell, 1997). In addition, RuO2 is known to undergo two phase transitions with

increasing pressure and temperature (e.g., Haines and Léger, 1993; Haines

et al., 1997) For this work, experiments to characterise the phase relations

of RuO2 and equation of state parameters of Ru and RuO2 were performed

in the large volume press at the Advanced Photon Source, Argonne National

Laboratory, USA. X-Ray diffraction data was collected to determine unit cell

parameters up to 25 GPa and 2400 K, i.e. conditions over which these redox

techniques are potentially useful for multianvil experiments.

Experiments were performed with a 10/4 multianvil assembly design (see sec-

tion 2.1), previously used successfully to 25 GPa and 2400 K at 13 ID-D, APS

(e.g., Chantel et al., 2012). To heat the samples, a rhenium foil furnace was

used, which had windows cut in to allow X-rays to enter the assembly in the

horizontal direction and the diffracted beam to exit. For each experiment,

pressure was first increased to a target, followed by heating to a peak tem-

perature. X-ray diffraction measurements were then be collected on both the

sample and the pressure calibrant materials (Au and MgO). Futher measure-

ments were taken as temperature was dropped in steps to room temperature.

The assembly was then compressed further at room temperature, and the tem-

perature again raised for another cycle. These cycles were repeated to cover

the required range of pressure and temperature (5 to 25 GPa and between

1000 and 2400 K). The P and T conditions were calculated using the P-V- T

equations of state of the calibrant materials.

In chapter 3 I present a new phase diagram for RuO2, as well as new PVT

equations of state of Ru and RuO2. These parameters are then used to cali-

brate the Ru-RuO2 system for use as an interal oxygen fugacity buffer in order

to use the Ru-RuO2 buffer at conditions compatible with the transition zone

of the mantle.
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1.4.2 Disproportionation within a magma ocean

The possibility that a magma ocean that is in equilibrium with iron metal at

depth may be in equilibrium with more oxidised species at its surface was

explored with a series of high-pressure high-temperature experiments in a

multianvil press. If this could be a plausible mechanism by which the mantle

may have oxidised, the ferric iron component of silicate melts would become

increasingly stabilised with pressure, as has been observed for silicate miner-

als.

As presented above in section 1.3.1, experiments to date, which have reached

7 GPa, have in fact indicated the opposite: that ferric iron content decreases

with pressure. The first set of experiments has extended the datasets of O’Neill

et al. (2006) and Zhang et al. (2017), in which an andesitic-composition melt

is equilibrated with the Ru-RuO2 oxygen fugacity buffer, to 23 GPa. This

explores the possibility, suggested by Hirschmann (2012), that this trend will

reverse at higher pressure and ferric iron will begin to be stabilised. Data from

these experiments was used to derive a thermodynamic model that is valid to

23 GPa. Further experiments, with different compositions and at lower oxygen

fugacities, explored the validity of the model at different conditions.

High pressures and temperatures were achieved with large-volume multianvil

presses at the Bayerisches Geointitut. Most experiments were conducted with

an 18/11 assembly (see section 2.1), although smaller assembly sizes were

required to attain the highest pressures. Ferric iron content of the resulting

samples were measured with Mössbauer spectroscopy. In chapter 4 I present

experimental results that explore the effect of pressure on the stability of ferric

iron in silicate melts at a constant fO2, extending the dataset of O’Neill et al.

(2006) and Zhang et al. (2017) to 23 GPa and discuss the plausibility of this

mechanism to have oxidised the Earth’s mantle.

1.4.3 Gradual oxidation of the mantle through water accretion

For this project, the possibility that the accretion of H2O-rich material led

to the gradual oxidation of the mantle was explored. This would have only
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been possible provided that this process could have continued once the oxygen

fugacity had risen above the level where metallic iron would be stable, implying

that the core-forming material would have been an FeS sulfide. There is a fair

amount of evidence that as the final magma ocean cool and crystallised, FeS

may have exsolved (the “Hadean matte”, e.g., O’Neill, 1991; Rubie et al., 2016)

and been removed to the core.

In order to examine whether a Hadean matte could have removed hydrogen to

the core, experiments were performed to equilibrate a mid ocean ridge basaltic

melt with an FeS composition at 3 GPa, in multianvil presses at the Bay-

erisches Geoinstitut. The experiments contained 0.2 - 0.5 wt % H2O, and

graphite capsules were employed inside outer welded AuPd capsules to min-

imise water loss during the experiments. Experiments were run at 3 GPa

to ensure that a silicate glass was produced upon quenching of the experi-

ments. The resulting run products comprise a large pool of silicate glass and

quenched FeS melt. The oxygen fugacity in the experiments was adjusted by

changing the bulk FeO content of the silicates and by adding varying amounts

of Fe to the experiments.

Hydrogen concentration of the run products was determined with elastic re-

coil detection analysis (ERDA), performed with a nuclear microprobe at CEA

Saclay, France. Hydrogen partition coefficients for the experimental run prod-

ucts were then calculated and the resulting data were used to assess the

potential oxidation of the mantle through interaction of H2O and FeS in a pri-

mordial magma ocean. In chapter 5 I present results from hydrogen molten

silicate/ liquid sulfide partitioning experiments and discuss the plausibility of

water accretion as an oxidation mechanism for the mantle.
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2.1 High-pressure experimental techniques

This thesis mainly describes experiments performed at high pressures and

temperatures in multianvil presses. In a multianvil apparatus, high pres-

sures are achieved with two stages of anvils to direct the force of up to 5000

tonnes of hydraulic force onto a small sample volume. The first large-volume

high-pressure apparatus was developed during the 1950s by Tracy Hall, and

featured a tetrahedral design (Hall, 1958). Some years later, the split-sphere

multianvil design was introduced by Kawai and Endo (1970), which featured a

steel sphere split into 6 wedge-shaped anvils. These were held in a pressurised

oil reservoir, and contained an inner array of 8 tungsten carbide anvils. Pres-

sure from the oil was directed through the 2 stages of anvils onto the sample.

The design was later changed to supply pressure with a hydraulic press.

All experiments for this study were accomplished using presses of either this

design (Kawai-type) or of a second type, introduced in 1991 (Walker, 1991)

that features 6 outer cylindrical anvils, coupled with the same array of 8 inner

tungsten carbide anvils. Further details as to the history and design of the

multianvil apparatus can be found in the literature (e.g., Keppler and Frost,

2005; Liebermann, 2011).
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Figure 2.1: The experimental setup of a multianvil press apparatus. (A,
B) The sample, along with cylindrical heating elements, MgO spacers, and
a thermocouple is placed in an octahedral pressure medium. (C) This is
surrounded by an array of 8 tungsten carbide cubes, which have truncated
corners (3 cubes missing to show the geometry). (D) This array of cubes is
placed in the press, with epoxy sheets insulating the cubes from the outer
steel anvils. (E) The hydraulic press compresses the entire setup.

The 8 inner tungsten-carbide anvils have precisely machined truncations of

their corners, such that when placed in a cubic array an octahedral cavity is
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created in the center, which is where the high-pressure assembly is placed

(figure 2.1). The sample is contained within an octahedral pressure medium,

which for all experiments performed for this work was made of MgO doped with

5 wt% Cr2O3. The octahedron has a hole drilled through, which is fitted with

a zirconia sleeve, into which the sample, heating element and a thermocouple

are placed. The different experimental requirements called for small variations

in the setup within the assembly, and so further details (including figures) of

each setup are given in the individual chapters.

Pyrophilite gaskets and the pressure medium itself flow under pressure, cre-

ating a quasai-hydrostatic pressure on the sample. Further details of the

multianvil technique, including pressure calibrations, can be found in Kawai

and Endo (1970), Walker et al. (1990), Rubie (1999), Frost et al. (2004b) and

Keppler and Frost (2005). Four different presses were used for this work, with

varying maximum loads of 500, 1200, and 5000 tonnes. Three are at the

Bayerisches Geoinstitut, and the fourth is installed at beamline 13-ID-D at

the Advanced Photon Source (APS), Argonne National Laboratory for use with

synchrotron radiation.

A variety of assembly sizes and tungsten carbide anvil truncation edge lengths

were used for this study, the most common being an “18/11”, which indi-

cates an 18-mm edge-length octahedron, used with tungsten-carbide cubes

with 11 mm corner truncations. In the 500 (Walker-type, Voggenreiter) and

5000 (Kawai-type, Zwick) tonne presses, this setup can produce pressures up

to 6 and 18 GPa, respectively. For higher pressures (up to 23 GPa), 10/4 and

10/5 assemblies were used. The pressure calibrations employed were those

routinely used at the BGI, and are based on univariant phase transitions that

occur at known pressures and temperatures. Frost et al. (2004b) contains

details on the pressure calibration of the 5000 tonne Zwick press, and cali-

brations for the other presses are reported in Keppler and Frost (2005).

Heating was achieved through the use of both conductive (graphite or rhe-

nium) and resistive (lanthanum chromite) heaters, depending on the exper-

imental conditions. Temperature is increased by raising the current that is

passed through the assembly, and quenched by shutting off the power. For

all experiments except those performed at the APS (see chapter 3 for details of
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the setup used at the synchrotron), temperature was monitored with an axi-

ally inserted, W97Re3 - W75Re25 (type D) thermocouple, in which the wires are

held in a 4-bore alumina tube. For experiments during which a thermocouple

failed, temperature was estimated from previous temperature-power relations

from experiments performed with the same type of assembly.

2.2 Analytical techniques

2.2.1 Scanning electron microscopy

In almost all cases, recovered samples were mounted in epoxy, polished, and

carbon coated (∼ 12 nm thick carbon layer) for examination with the scanning

electron microscope (SEM). This instrument (Leo Gemini 1530 at the BGI) was

primarily used to evaulate physical properties such as the texture, grain size,

and proportion of melt, although qualitative chemical information was also

obtained.

Scanning electron microscopes function by rastering an incident electron beam

over the sample, which excites atoms within a teardrop-shaped interaction vol-

ume. Secondary, auger, and backscatter electrons are produced as a result,

only the latter of which was used for this study. X-rays are also emitted from

the sample which are used for element identification and qualitative chemical

analyses. Many resources detail this technique, for example Reed (2005).

Backscattered electrons (BSE) originate from the incident electron beam, and

are scattered by the nuclei of target atoms within the interaction volume.

Heavy elements more reliably scatter the incident electrons, and, as such,

appear brighter in a resulting image. BSE can therefore be used to image very

subtle changes in chemistry throughout a sample. Backscattered electron im-

ages were taken of samples in this study to assess sample attributes such as

to what degree melting had occurred, textures of any resulting quench assem-

blage, whether a sample had been contaminated, and whether equilibrium

had been attained.

Characteristic X-rays are also produced when electrons from the incident
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beam interact with electrons of target atoms, exciting them to higher-energy

orbitals. When the electron reverts to its lower-energy orbital, an X-ray pho-

ton is emitted which can be detected with energy dispersive or wavelength

dispersive spectroscopy (EDS or WDS). For this study, EDS was used to make

qualitative determinations of composition, allowing for phase identification,

and assessment of equilibrium. In addition, EDS mapping was used, in which

chemical data was taken over a large area, allowing for subtle changes over

the sample area to be seen.

2.2.2 Electron probe microanalysis

Quantitative determination of the composition of all samples, which were pol-

ished and carbon coated (as described above) was performed with a five-

spectrometer Jeol JXA 8200 electron microprobe. This instrument uses a

tungsten filament to generate an electron beam, which is then focused and ac-

celerated to the sample. Incident electrons interact with sample atoms within

an interaction volume, exciting the electrons of target atoms which then emit

characteristic X-rays when they fall back to a lower-energy shell. The elec-

tron probe uses wavelength dispersive spectroscopy (WDS), for which emit-

ted X-rays are collected by crystal spectrometers, sorted by wavelength, and

counted, giving a quantitative analysis (e.g., Reed, 2005).

A WDS spectrometer uses the Bragg relation (see section 2.2.3) between wave-

length, angle of incidence, and layer spacing (d-spacing) within a crystalline

“filter” (diffraction crystal) to allow X-rays of certain wavelengths to construc-

tively interfere, and suppress others. Limitations from the geometry of the

spectrometer itself impose a limit on the angle of incidence, such that it cannot

be varied enough to cover the entire range of wavelengths needed. Therefore,

multiple spectrometers with crystals of differing d-spacing are used. X-rays

that successfully pass through the filter enter a chamber, where they ionise a

gas. A potential difference arises between the chamber walls and an insulated

wire, which creates a current that is proportional to the energy of the X-Ray

(e.g., Reed, 2005).

For each element, the ratio of emitted X-ray intensity compared to that emit-
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ted from a standard of known composition is proportional to the concentration

of the element in the sample. However, some complications arise from effects

that occur as the emitted X-rays further interact with other atoms of the sam-

ple. Figure 2.2 shows the variation in interaction volume within a sample

arising from incident beams of variable accelerating voltage. Most geological

analyses are performed with 15 keV, as some important elements would not

be excited by a lower voltage and would therefore not be counted. The con-

sequent larger interaction volumes may therefore include phases other than

the phase of interest if grain sizes are small. In addition, artefacts may arise

from even from a sample with homogeneous composition as electrons interact

with sample atoms . Various “matrix correction” routines have been developed

to account for these types of interactions, and error is further diminished by

appropriate selection of a standard which is as similar as possible to the un-

known. All analyses in this work were matrix corrected with the phi-rho-z

correction routine (see e.g., Reed, 2005).

Figure 2.2: Volumes within a sample that are excited by incident beams of
variable energy. Image adapted from Rinaldi and Llovet (2015).

Unless otherwise noted in the chapters, analyses were carried out with an ac-

celerating voltage of 15 keV, though beam current and diameter were changed

depending on what was most suitable for the sample in question. The spec-

trometers used for this study were TAP (thallium acid phthalate), PETH (pen-

taerythritol), LIF (lithium fluoride), and LDE2 (layered dispersion element).

Standards used to calibrate the elements were as follows: Si- enstatite; Mg -
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forsterite; Al: spinel; Ca: wollastonite; Fe, Ni, Ru: pure metals; Cr: Cr2O3; Ti:

rutile; Na: albite.

2.2.3 Synchrotron X-ray diffraction

Crystalline materials comprise arrays of atoms in a regular repeating pattern.

X-ray diffraction (XRD) is a technique by which the parameters of this regu-

lar array may be deduced, thereby allowing for the determination of crystal

structure, unit cell volume, and changes to these with pressure and/or tem-

perature. A beam of monochromatic X-rays (X-rays are used because their

wavelength is similar to atomic spacing, which is necessary for diffraction)

is focused on the sample, and these incident X-rays interact with the atoms

within the sample. The atoms of the sample scatter the incoming X-rays, and

because the atoms are aligned and regularly spaced, the scattered waves are

likewise regular. These scattered waves will constructively interfere according

to Bragg’s law:

nλ = 2d sin θ

where λ is the wavelength of the incident X-rays, d is the atomic spacing, and θ

is the angle of incidence (see figure 2.3). When n is a whole number integer, the

scattered waves will constructively interfere and produce a diffraction pattern.

The resulting spectrum can then be used to define the crystal structure. A vast

amount of literature details the technique (e.g., Cullity, 2001).
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Figure 2.3: X-ray diffraction is a technique by which incident X-rays, of
wavelength λ, strike the sample and are diffracted by the array of atoms that
comprise a crystalline lattice. Diffracted rays constructively interfere and can
be analysed for information on the crystal structure according to Bragg’s law
(see text).

For this work (detailed in chapter 3), XRD was performed with synchrotron

radiation at the 13-ID-D beamline of the Advanced Photon Source (APS), Ar-

gonne National Laboratory. Powder X-ray diffraction data were collected using

an energy-dispersive system at a diffraction angle of 6.1°, which was calibrated

at room pressure using the diffraction patterns of Au and MgO. Images were

acquired by placing A YAG (yttrium aluminium garnet) phosphor crystal in the

beam path behind the sample to convert transmitted X-rays into visible light,

which was then collected with a charge-coupled device (CCD). Diffracted rays

were collected with a solid state detector. Figure 2.4 shows a schematic of the

setup.
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Figure 2.4: Schematic of the experimental setup used to collect diffraction
patters at the APS.

Pressure was determined using measurements of the unit-cell volumes of Au

and MgO and employing equation of state parameters of Tsuchiya (2003) and

Dewaele et al. (2000), respectively, which are given in table 2.1. Total pressure

is given by P (V ) = P0(V ) +Pth, where P0(V ) is the pressure calculated at room-

temperature, and Pth is a thermal contribution to pressure. For this study, a

room-temperature third-order Birch-Murnaghan was employed in conjunction

with a Debye-Mie-Grüneisen model to account for the effect of temperature.

The third-order Birch-Murnaghan is given by:

P0(V ) =
3

2
κ0

[(
V0

V

)7/3

−
(
V0

V

)5/3
]
·
(

1 +
3

4
(κ
′

0 − 4) ·
[(
V0

V

)2/3

− 1

])

where V0 is the volume at ambient conditions, and κ0 and κ
′
0 are the isothermal

bulk modulus and its first derivative, respectively. The Debye-Mie-Grüneisen

formalism for thermal pressure is given by:

Pth(V, T ) =
γ

V
Eth(V, T )
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where γ is the thermodynamic Grüneisen parameter. Eth can be computed

using the quasai-harmonic Debye model:

Eth(T, θD) = 9nRT
(
T

θD

)3
θD/T�

0

x3

ex − 1
dx

where θD is the Debye temperature, n = 1 for Au and n = 2 for MgO, R is the

universal gas constant, and T is the temperature. A volume dependence for γ

is assumed such that γ = γ0(V/V0)ζ(e.g., Poirier, 1991). The values of θD, ζ and

γ0 have been calculated from first principles for Au by Tsuchiya (2003), and

refined from data by Dewaele et al. (2000) for MgO (table 2.1). Pth was thus

calculated as:

Pth =
γ

V
Eth(V, T )− Eth(V, T0)

where T0 is a reference temperature, here 298 K.

Table 2.1: Equation of state parameters for Au and MgO as determined by
Tsuchiya (2004) and Dewaele (2000) used to calculate the experimental pres-
sure.

κ0 (GPa) κ
′
0 γ0 ζ θ0 (K)

Au 166.7 6.12 3.16 2.15 180
MgO 161 3.94 1.45 0.8 800

2.2.4 Mössbauer spectroscopy

Determinations of iron oxidation state were integral to the work presented

here, and all measurements were made with transmission Mössbauer spec-

troscopy. This technique uses a radioactive source to produce gamma (γ)

radiation, which is transmitted through the sample. Some of the γ rays are

absorbed and re-emitted by atoms of the target material, while the remainder

pass through the sample without interacting and are collected by a detector

behind the sample (see figure 2.5). Therefore, the spectrum that is produced

records dips in the count rate, at discrete energies that were absorbed (e.g.,

Dyar et al., 2006).

Atoms can only absorb and emit gamma rays at certain discrete, quantized

energies, and so the source must emit radiation that is at the necessary energy
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for the isotope of interest. In the case of iron, a source of 57Co is conventionally

used. Radioactive sources emit monochromatic gamma rays; i.e., at a fixed

energy. This value can, however, be modulated by moving the source (or the

target) and thereby Doppler-shifting the emitted γ radiation. Thus, gamma

rays with a range of energies can be transmitted through the sample, and

the detector can record count rate as a function of the source velocity (e.g.,

McCammon, 2004; Dyar et al., 2006).

Figure 2.5: Cartoon of a Mössbauer spectrometer. The radioactive source is
mounted on a drive, moving it relative to the sample and thereby Doppler-
shifting the incident γ rays. Some of the atoms in the sample scatter the
incident waves, so the detector behind the sample records only transmitted
rays; the signal is in the absence of the rays that were scattered. Figure
adapted from Dyar et al. (2006) and McCammon (2004).

Further, the energies that are absorbed can be modified (shifted or split) de-

pending on the specific environment (coordination, number of electrons, sym-

metry of the site) of the iron nucleus in the sample. This is a result of inter-

actions between the nucleus and electrons, or the hyperfine interaction (e.g.,

Dyar et al., 2006). The result is a spectrum that can be used to determine

valence state, spin state, and coordination of the target atoms.

Mössbauer spectra comprise sets of peaks, usually Lorentzian doublets and

sextets, the shapes of which are dependent on the hyperfine parameters from

every structural site occupied by iron in the sample. The primary hyperfine

parameters used are the isomer centre shift and quadrupole splitting. The

former is a shift of the peak energy absorbed (relative to α-Fe), and falls into a

defined range as a result of coordination, valence state, and spin state (Ban-
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croft et al., 1967; McCammon, 2004). The latter is a split of a single peak

into a doublet, and reflects an asymmetry of valence electron charge distri-

bution, as well as non-cubic symmetry in a crystalline lattice (Ingalls, 1964;

McCammon, 2004). Fitting a spectrum involves deconvolving the sum spec-

trum into its component doublets and sextets, which are each then assigned

to Fe3+ or Fe2+ depending on the hyperfine parameters determined from them

(Figure 2.6). Fe3+ /
∑

Fe is then determined from the relative areas beneath

the component spectra.

Figure 2.6: Assigning a component subspectrum to Fe2+ or Fe3+ is accom-
plished with the values of the hyperfine parameters. Figure adapted from
Dyar et al. (2006)

Spectra can be quite complicated, with several sets of overlapping peaks. It

may not be possible to determine a unique solution (McCammon, 2004). For

this study, this work of fitting the spectra was done with the MossA software

(Prescher et al., 2012). This program allows for a visual inspection of the

spectrum, enabling the user to define parameters of the subspectra that are

physically plausible. Deviations in a subspectra could be accounted for by

effects such as site distortion, preferred orientation, or a signal from iron in

another crystallographic site (McCammon, 2004). The proper selection of a

model can effect the final result, and care must be taken to account for not
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only a good fit of the model to the data but ensuring that the result is phys-

ically possible (Prescher et al., 2012). If possible, additional constraints from

other analysis techniques (e.g. to determine the identity of the phases present)

may be necessary.

Figure 2.7: Example of a Mössbauer spectrum collected for this study (chap-
ter 5). Evident in the spectrum is a sextet from the iron in the FeS sulfide,
as well as two doublets, assigned to Fe3+ (light green) and Fe2+ (dark green)
based on their centre shift and quadropole splitting.

Many of the samples analysed for this study were quenched silicate glasses.

Glassy and other amorphous materials do not have a repeating structural

array, so the sites that contain iron are therefore locally less regular and more

distorted. This generally manifests as a broadening of the spectra obtained

from amorphous samples. The hyperfine parameters obtained, however, arise

from interactions of the iron nucleus with atoms up to two coordination shells

out, and so structural information can still be obtained.

As for crystalline materials, the relative areas of the subspectra are used to de-

termine the site abundances. Due to the broadening of the spectra, however,

this procedure is more sensitive to an appropriate choice of fitting model. For

example, a broad spectrum can be fit by adding successive Lorentzian lines
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for multiple quadrupole doublets until a fit is achieved. Another approach

assumes hyperfine parameters, and then solves for their probability (Vanden-

berghe et al., 1994), thus finding the most likely set of Lorentzian doublets to

fit the data. A third technique is built on the approximately Gaussian distribu-

tions of hyperfine parameter probabilities, and so spectra are fit using sums of

Gaussian (Rancourt and Ping, 1991). Whichever technique is used, the centre

shift and quadrupole splitting of each doublet can then be used to determine

relative abundance of Fe3+ and Fe2+ as described above for crystalline material

(McCammon, 2004).

Broadening of the spectrum can also occur if the sample is not prepared ade-

quately. The optimum thickness for a sample depends on the chemical compo-

sition, as there are trade-offs between signal strength (for which more iron is

better) and nonresonant scattering which creates noise. For the compositions

used in this study (∼ 10 wt % FeO), samples were thinned to ∼ 500 µm, giving

an apparent thickness of ∼ 10 mg Fe/cm2 (Long et al., 1983). For this work,

all spectra were taken at room temperature on a constant acceleration Möss-

bauer spectrometer in transmission mode. The velocity scale was calibrated

by collecting a spectrum from Fe foil at the same conditions of measurement.

2.2.5 Elastic recoil detection analysis

Quantitative analyses of hydrogen in quenched sulfides and silicate melts were

obtained with elastic recoil detection analysis (ERDA) performed at with the

nuclear microprobe at the Laboratoire Pierre Süe, Commissariat à l’énergie

atomique (CEA) Saclay, France (Barbour and Doyle, 1995; Raepsaet et al.,

2008; Bureau et al., 2009; Withers et al., 2012).

This analysis is performed with an incident beam of helium (4He+), which

is focused onto the polished and carbon-coated sample. The incident beam

interacts with hydrogen in the sample, and the resulting elastic recoil ejects

the hydrogen from the sample, and it can then be detected. Care must be

taken to ensure that the sample remains as dry as possible before the analysis,

and all sample polishing is performed with ethanol rather than water.
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The incident beam of the nuclear microprobe at CEA Saclay is powered by a

3.75 MV Van de Graaff accelerator; the instrument is described in detail by

Khodja et al. (2001). The incident beam cross-sectional area where it hits

the sample is 4 × 4 µm2, however the sample is tilted at 75◦ for the analysis,

and so the area of the incident beam on the sample is about 4 × 16 µm2. For

this study, The beam was scanned over areas of about 100× 100 µm2 to obtain

maps, which increase the statistics.

Three detectors were used simultaneously to obtain the analysis. Particle-

induced X-ray emission (PIXE) is used to determine trace element content and

is used to select the area of interest. Another collector detects Rutherford

backscattering of incident particles (RBS) and is used to detect major and

minor elements of the sample. Finally, the ERDA detector collects the ejected

hydrogen. An analysis with the RBS detector is first made to determine sample

composition, with the sample normal to the incident beam, and combined with

PIXE to select the region of interest. The sample is then tilted to 75◦, which

allows for the forward ejection of H particles by the incident beam, and the

ERDA analysis is performed (see figure 2.8).

Figure 2.8: Schematic of the ERDA analysis instrumentation. An incident
beam of 4He+ is first directed normal to the sample. X-rays and surface
charge are measured by the PIXE and RBS detectors. The sample is then
tilted at 75° to the incident beam, and protons ejected from the sample are
collected by the ERDA detector. Figure modified from Bureau et al. (2009).

The RBS spectrum is also important to the ERDA analysis in that it can be

used to deduce a quantitative determination of the total number of incident
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particles on the sample during spectrum acquisition. This is a critical param-

eter for the ERDA determination, and it is obtained by measuring the charge

deposited on the sample by the incoming particles. This measurement is not

possible in the tilted position required for ERDA, however it is directly pro-

portional to the intensity of the RBS measurement and so may be determined

from an analysis of the RBS spectrum.

Data processing occurs in several steps. First, all data are processed with

RISMIN software (Daudin et al., 2003). Data are checked for overall quality

and compositional homogeneity. The required RBS and ERDA spectra are then

extracted; the resulting maps of the analyses can be used to select the best

region of interest (see figure 5.6). E.g., data from a cracked or uneven surface

can be excluded, or if sum spectra comprise data from two distinct phases

they can be separated. Once RBS and ERDA spectra are obtained, these are

analysed with the SIMNRA software (Mayer, 1999), to account for effects of

sample composition. The RBS spectrum is first used to determine the number

of incident particles, which is then inserted into the ERDA analysis, and the

concentration of H particles can then be determined (further explanation in

chapter 5, see figure 2.9).

It should be noted that one feature of ERDA analysis is that the total spectrum

comprises a signal from surface contamination of water from the atmosphere,

as well as a signal produced from the hydrogen ejected from deeper within

the sample. These manifest differently in the spectrum, and so H originating

from surface contamination can be identified and thus subtracted from the H

determination (see figure 2.9; Bureau et al., 2009).

45



2 Methods

Figure 2.9: Accounting for surface contamination of H. The ERDA spectrum
is a histogram, with number of counts (directly proportional to H content) is
plotted against energy. Higher energy (to the left) corresponds to the surface,
while particles of lower energy (to the right) are sourced from deeper within
the sample and are therefore not affected by any surface effects.

Detection limits of H for the types of samples analysed are approximately 50 wt

ppm for sulfides, and 100 wt ppm for silicate glass (Bureau, personal commu-

nication; Bureau et al., 2009). Uncertainty in the measurement is calculated

from a combination of sources: statistical uncertainty, energy calibration of

the ERDA spectrum, angle of tilt, and solid angle of RBS detection (ΩRBS),

giving a total uncertainty of:

σtot =

√(
σstatistic

)2
+
(
σcalibration

)2
+
(
σtilt

)2
+
(
σ

ΩRBS
)2

which was found to be 14%.
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3 Equations of state, phase relations

and oxygen fugacity of the

Ru-RuO2 buffer at high pressures

and temperatures

3.1 Introduction

Knowledge of the redox conditions, or more specifically the oxygen fugacity

(fO2), at which rocks and melts formed is important for understanding a host

of phenomena such as the partitioning of variably valent elements, the spe-

ciation of volatiles, and the formation of accessory phases such as sulfides,

diamond and metal alloys (Hirschmann et al., 2012; Gaillard et al., 2015;

Smith et al., 2016; Davis and Cottrell, 2018). Perhaps most importantly, the

fO2 of the mantle has influenced the nature of volcanically degassed species

throughout Earth’s history (Hirschmann, 2012), as well as transport prop-

erties such as diffusion, creep and electrical conductivity by controlling the

Fe3+/Fe2+ ratio and OH- contents of minerals and melts (e.g., Pommier et al.,

2010; Keefner et al., 2011; Yoshino and Katsura, 2013). In order to place

quantitative constraints on the effects of any redox or redox-influenced pro-

cess at mantle conditions, experimental studies that either control or measure

the fO2 are necessary.
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Recent studies on the speciation of ferric iron in minerals and melts at high

pressure have further indicated the need for quite specific controls on oxygen

fugacity (Tao et al., 2018; Zhang et al., 2017). Although the concentration

of ferric iron in upper mantle rocks is relatively low (Canil and O’Neill, 1996;

Woodland et al., 2006), studies of sublithospheric diamonds (Kiseeva et al.,

2018) and experimental studies at transition zone and lower mantle conditions

appear to indicate that ferric iron components are increasingly stabilized with

depth in the mantle (Lauterbach et al., 2000; Rohrbach et al., 2007). In order

to explore this tendency, it is important to be able to determine the chemical

potentials of ferric iron-bearing components in minerals and melts. This can

tractably be achieved by fixing the oxygen fugacity of an experiment at con-

ditions where measurable amounts of ferric iron components are present and

then determining their concentration (O’Neill et al., 2006).

Standard methods for fixing fO2 that use redox buffering assemblages in ex-

periments face major challenges when applied at pressures consistent with the

deep mantle. They require too much space in the experimental apparatus to

be practical, and uncertainties arise in both the activities and standard state

properties of the components involved. The use of an outer capsule contain-

ing an H2O-saturated redox buffer (Eugster, 1957), for example, is problematic

above 3 GPa because the solute content of the fluid makes it difficult to deter-

mine the activity of H2O in the inner capsule, which is required to calculate

the fO2 (Matjuschkin et al., 2015). Noble metal redox sensors can be used to

determine the fO2 of iron-bearing assemblages (Woodland and O’Neill, 1997),

however at pressures above 15 GPa uncertainties in the effect of pressure on

the excess molar volumes of the alloy solid solutions contribute to very large

errors in calculated fO2 (Stagno et al., 2011).

One solution is to use pure solid buffering assemblages inside the experimen-

tal capsule, allowing the buffer to be in close proximity to the sample, which

ensures that they can equilibrate directly. The best buffers for this purpose

are those that undergo minimal chemical interaction with the sample under

investigation, other than exchanging oxygen, such as Re + O2 = ReO2 and

Ru + O2 = RuO2 (Smyth et al., 2014; Righter et al., 2004). At the other end

of the scale, Fe metal is similarly effective at rendering an fO2 close to the
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iron-wüstite (IW, 2Fe + O2 = 2FeO) buffer, although the chemical potential of a

least one coexisting ferrous iron phase is also required (Rohrbach et al., 2007).

This technique is potentially the most reliable for calculating oxygen fugacities

of sufficient accuracy to determine the chemical potentials of ferric iron com-

ponents at pressures compatible with the deep mantle. However, the thermal

equations of state and phase relations of the buffering assemblage need to be

accurately known.

A metal-oxide oxygen fugacity buffer has the form

M +
(
x

2

)
·O2 = MO(x/2) (3.1)

where M is a metal and x is its valence state in the oxide. As long as both

solid phases are pure, the oxygen fugacity can be calculated from

(
x

2

)
·RT ln fO2 = −∆rG

0
(T,1bar) +

P�

1 bar

∆V · dP (3.2)

where R is the universal gas constant, T is temperature, ∆rG
0
(T,1 bar) is the

standard-state Gibbs free energy of the equilibrium at ambient pressure and

the temperature of interest, and ∆V is the volume change of the solid phases.

As the pressure increases, the accuracy to which ∆V needs to be determined

also increases. Above 10 GPa, thermal equations of state (EoS) for the metal

and oxide phases at conditions close to those of interest are required to reduce

the uncertainties. Potentially of even greater importance, the phases of the

buffering assemblage may undergo phase transitions at high pressures and/or

temperatures. If so, the thermodynamic properties of these phases are also

required to calculate the fO2.

Campbell et al. (2009) used synchrotron X-ray diffraction to determine the

thermal equations of state for the metal-oxide pairs Fe-FeO and Ni-NiO in a

multianvil press and laser-heated diamond anvil cells, to 80 GPa and 2500

K (Campbell et al., 2009). These data were then used to calculate the fO2 of

the Fe-FeO and Ni-NiO buffers over this range of conditions, which are to date

the only buffering assemblages that are accurately calibrated to lower mantle

settings. By determining the EoS of both metal and oxide in a single exper-
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iment, the properties become internally consistent and the absolute errors

have limited effects because they cancel out across the buffering equilibrium.

Here we report synchrotron X-ray diffraction data on an assemblage of Ru

and RuO2 collected to pressures of 19.4 GPa and temperatures up to 1473 K

in a multianvil press. This assemblage has particular advantages for buffer-

ing the fO2 of silicate melts in order to examine the pressure effect on melt

ferric/ferrous ratios (O’Neill and Nell, 1997; O’Neill et al., 2006; Zhang et al.,

2017). Both metal and oxide undergo minimal reaction with coexisting sili-

cate melts and can therefore be mixed directly with the melt phase or silicate

minerals. Ruthenium also has a relatively low solubility in silicate melts. In

addition, as the buffered fO2 is relatively high, Fe loss into Pt capsules is not

significant and ferric Fe is present in sufficient concentrations to be accurately

measured.

Though thermal expansion data at room pressure are available for both Ru

and RuO2, and compression studies at room temperature have been per-

formed (Clendenen and Drickamer, 1964; Rao and Iyengar, 1969; Schroeder et

al., 1972; Hazen and Finger, 1981), no volume data at simultaneous high pres-

sures and temperature are available. More importantly, however, RuO2, which

has a tetragonal rutile-type structure at room pressure, undergoes a series

of phase transformations with increasing pressure. At room temperature, a

second-order ferroelastic phase transformation to an orthorhombic CaCl2-type

structure has been observed above 7 GPa (Haines and Léger, 1993; Rosenblum

et al., 1997; Ono and Mibe, 2011). Further, a cubic pyrite-type structure has

been observed above 11 GPa (Haines and Léger, 1993), which has also been

synthesised and recovered from 20 GPa and 1373 K (Haines et al., 1998).

We have determined the phase relations and thermal EoS properties of these

phases in order to use the Ru-RuO2 buffer at conditions compatible with the

transition zone and top of the lower mantle.
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3.2 Methods

Samples of reagent-grade ChemPur Ru metal and RuO2 powders were mixed

together in the ratio 30:70, respectively, by weight and cold pressed into pel-

lets 1.7 mm in diameter and 1 mm thick. Pellets of the same size were also

prepared of MgO mixed with Au powder in the ratio 90:10 for use as a pressure

calibrant. Pellets of both were loaded into a 10-mm edge-length Cr-doped MgO

octahedral pressure medium inside an MgO sleeve, separated by thin (0.3 mm)

Al2O3 spacers of the same diameter. MgO filled the space above and below the

samples and calibrant.

A 25 µm thick rhenium foil furnace was used to heat the sample, with win-

dows cut in to allow X-rays to enter the assembly and the diffracted beam to

exit. The furnace was surrounded by a ZrO2 sleeve to provide thermal insu-

lation. Temperature was monitored by a W97Re-W75Re (type D) thermocouple,

inserted normal to the X-ray beam with the foil furnace serving as the high-T

junction (figure 3.1).
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Figure 3.1: (Top) schematic of the experimental assembly used in the mul-
tianvil press. Pellets of sample material and pressure calibrant, 1.7 mm in
diameter and approx 1 mm thick were stacked vertically in a 10-mm edge-
length octahedral pressure medium (see text), separated by alumina discs.
The sample was heated with a Re foil furnace, which had windows cut in to
allow the beam to pass through (inset image). (Bottom) BSE image of recov-
ered run product, showing pressure calibrant, sample, furnace and thermo-
couple. Composite image from several different brightness settings to show
detail.

The assembly was compressed with high-hardness Fujilloy TF05 tungsten car-

52



3 Ru-RuO2 oxygen buffer

bide (WC) anvils with 4-mm edge length truncated corners (Ishii et al., 2016) in

the large volume press at beamline 13-ID-D at the Advanced Photon Source,

Argonne National Laboratory (e.g. Wang et al., 2009; Chantel et al., 2012).

Powder X-ray diffraction data from the sample and the pressure calibrants

were collected using an energy-dispersive system at a diffraction angle of 6.1°,

calibrated at room pressure using the diffraction patterns of Au and MgO.

A YAG phosphor crystal was placed in the beam path behind the sample to

convert the X-ray absorption contrast of the assembly into visible light. A

charge-coupled device (CCD) was used to record images of the sample assem-

blage in order to focus the diffraction beam either on the Ru-RuO2 pellets or

on the Au-MgO mixture. Pressure was determined using measurements of

the unit-cell volumes of Au and MgO and employing the equations of state of

Tsuchiya (2003) and Dewaele et al. (2000), respectively (see section 2.2.3).

In addition, a series of quench experiments were performed at the Bayerisches

Geoinstitut using 18 mm and 10 mm edge length octahedral assemblies of

very similar design as described above, but with LaCrO3 furnaces. These

assemblies were employed with either 8 mm WC anvil truncations in a 5000

tonne press or 4 mm truncations in a 1200 tonne press, respectively. Ru

and RuO2 mixtures were employed as a buffering assemblage inside platinum

capsules. After the experiments were quenched, the RuO2 phase was identified

using either X-ray powder diffraction or Raman spectroscopy by comparison

with spectra previously reported (Haines et al., 1998; Rosenblum et al., 1997).
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Table 3.1: Experiment pressure and temperature conditions.Pressures cal-
culated using equations of state for Au and MgO, of Tsuchiya (2003) and
Dewaele (2000), respectively. The temperature uncertainty is ±40 K due to
the thermal gradient over the diffraction volume. The pressure uncertainties
are approximately ±0.3 GPa.

Run # Au a (Å) MgO a (Å) P Au (GPa) P MgO (GPa) T (K)
T2135.001 4.0812 (2) 4.2116 (2) 0.0001 0.0001 298
T2135.004 4.0773 (3) 4.2024 (3) 7.4 7.0 1273
T2135.006 4.0684 (3) 4.1944 (2) 7.2 6.7 1073
T2135.009 4.0569 (2) 4.1851 (3) 6.7 6.0 773
T2135.012 4.0455 (2) 4.1762 (3) 4.8 4.3 298
T2135.015 4.0578 (3) 4.1841 (4) 9.9 9.3 1273
T2135.017 4.0536 (2) 4.1796 (2) 9.2 8.6 1073
T2135.019 4.0434 (3) 4.1691 (2) 8.5 8.1 773
T2135.022 4.0302 (4) 4.1578 (5) 7.1 6.7 298
T2135.025 4.0425 (3) 4.1705 (5) 12.0 11.0 1273
T2135.026 4.0342 (3) 4.1580 (7) 11.9 11.4 1073
T2135.029 4.0249 (2) 4.1537 (5) 11.3 10.1 773
T2135.030 4.0161 (3) 4.1410 (5) 9.4 9.1 298
T2135.034 4.0238 (3) 4.1439 (2) 13.5 13.4 1073
T2135.036 4.0150 (2) 4.1348 (2) 12.9 12.8 773
T2135.038 4.0045 (2) 4.1228 (2) 11.3 11.7 298
T2139.001 4.0780 (2) 4.2108 (2) 0.0001 0.0001 298
T2139.006 3.9803 (2) 4.1000 (2) 15.2 15.1 298
T2139.012 3.9737 (2) 4.0935 (3) 16.4 16.2 298
T2139.017 3.9687 (2) 4.0875 (2) 17.4 17.1 298
T2139.022 3.9590 (2) 4.0764 (3) 19.4 19.0 298
T2140.001 4.0788 (2) 4.2122 (2) 0.0001 0.0001 298
T2140.004 4.0256 (4) 4.1487 (4) 15.4 15.3 1473
T2140.007 4.0219 (3) 4.1447 (4) 14.7 14.6 1273
T2140.008 4.0178 (3) 4.1390 (4) 14.1 14.1 1073
T2140.011 4.0081 (3) 4.1286 (6) 13.6 13.8 773
T2140.012 3.9995 (2) 4.1218 (5) 11.8 11.9 298
T2140.015 4.0181 (3) 4.1382 (7) 16.5 16.8 1473
T2140.018 4.0124 (3) 4.1345 (2) 16.3 16.0 1273
T2140.019 4.0077 (3) 4.1304 (3) 15.8 15.4 1073
T2140.022 4.0015 (2) 4.1233 (3) 14.8 14.6 773
T2140.023 3.9944 (3) 4.1145 (3) 12.7 13.1 298
T2140.026 4.0080 (3) 4.1253 (2) 18.2 18.7 1473
T2140.029 4.0008 (2) 4.1207 (3) 18.2 18.1 1273
T2140.030 3.9964 (2) 4.1182 (4) 17.7 17.2 1073
T2140.033 3.9899 (4) 4.1040 (5) 16.8 17.5 773
T2140.034 3.9831 (3) 4.0996 (3) 14.8 15.4 298
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Table 3.2: Experimental conditions and results of additional multianvil
quench experiments containing Ru and RuO2

Run # P (GPa) T (K) Duration (min) RuO2 product
S6973 4 1873 20 Tetragonal
S6928 4 1673 15 Tetragonal
S6820 6 2023 10 Tetragonal
S6889 6 2023 15 Tetragonal
S6811 6 2173 5 Tetragonal
S6879 6 2173 15 Tetragonal
S6977 8 2173 30 Tetragonal
S6777 8 2173 30 Tetragonal
Z1791 10 2173 15 Tetragonal
S6510 10 2173 30 Tetragonal
Z1468 15 2373 45 Tetragonal
Z1621 17 2473 10 Tetragonal
Z1666 18 2473 10 Cubic
S6654 20 2473 5 Cubic
S6606 23 2573 5 Cubic
S6776 23 2573 10 Cubic

3.3 Results

Three experiments were performed, with each experiment comprising three

to four temperature cycles. For each cycle, pressure was first increased to a

target, followed by heating to a peak temperature. X-ray diffraction measure-

ments were then performed on both the sample and on the pressure calibrant

materials as the temperature was dropped in steps of 200 K to 773 K and then

in one step to room temperature. The assembly was then compressed further

at room temperature and the temperature was again raised for another cycle

(figure 3.2). The peak temperature was 1273 K for the first experiment and

1473 for the third. In the second experiment the thermocouple broke but

data at room temperature were still collected at various pressures after heat-

ing to a temperature estimated to be ∼1273 K based on the power supplied to

the furnace. During heating at constant load, sample pressure generally in-

creased slightly, whereas it dropped during cooling. The only exception to this

was during the first heating cycle of the third experiment, where cubic RuO2

formed and the pressure was observed to drop during heating, most likely due
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to the large volume change.

Figure 3.2: Pressure-temperature paths of two in situ X-ray diffraction ex-
periments. Pressures were calculated using the P-V-T EoS of Au. The pres-
sure was increased after each cycle of heating. In experiment T2140 the
pressure was first increased to ∼ 19 GPa but dropped significantly, at con-
stant press load, during heating, most likely due to the large volume change
as cubic RuO2 was synthesized. In a third experiment, T2139, the thermo-
couple was broken and only room temperature results are used.

In general there was good agreement between the pressure calculated from the

Au and from the MgO, but the Au was taken to be more reliable as many of the

assembly component parts are MgO and interference of the diffraction lines

from MgO that was not within the furnace hot spot could not be excluded.

Experimental conditions at each data point are reported in table 3.1.

Energy dispersive powder X-ray diffraction patterns (fig 3.3) were processed

using full profile LeBail refinements with the GSAS software package used

in the EXPGUI interface (Larson and Von Dreele 2004; Toby, 2001). Unit-

cell lattice parameters determined at the different P-T conditions are reported

in Tables 3.3 and 3.4. To make the errors on the unit cell volumes more

realistic we multiply the values provided by GSAS by 10. The results of X-ray

diffraction and Raman analyses on quenched samples of Ru and RuO2 from

various pressures and temperatures are reported in Table 3.2. Pressure and
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temperature uncertainties at these conditions are of the order of 0.5 GPa and

100 K, respectively.

Figure 3.3: Examples of energy dispersive diffraction patterns collected for
Ru/RuO2 samples at different pressures and temperatures. Dotted red
curves: observed intensity data; black solid curves: results from Le Bail
fits (calculated intensities + background). The reflections positions for the
Ru (green) and RuO2 (blue) phases are shown as vertical ticks. Fluorescence
peaks at ~85 and ~88 keV due likely to some lead components of the diffrac-
tion line have been ignored during Le Bail fitting.

3.4 Data fitting procedure

The room-temperature volume (V ) data were fitted with the modified Tait EoS

(Holland and Powell, 2011; Huang and Chow, 2002), which gave identical fit-

ting parameters when compared to the second-order Birch-Murnaghan EoS.

The former method was employed because its form is more amenable for ulti-

mately calculating the fO2. The fitting was performed with the EoSFit7 soft-

ware (Angel et al., 2014). The room-T modified Tait equation of state (Huang

and Chow, 2002) is given as

V

V0

= 1− a(1− (1 + bP )−c) (3.3)
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or in terms of pressure

P =
1

b

[V/V0+a−1

a

]−1/c

− 1

 (3.4)

where

a =
1 + κ

′
0

1 + κ
′
0 + κ0κ

′′
0

b =
κ
′
0

κ0

− κ”
0

1 + κ
′
0

c =
1 + κ

′
0 + κ0κ

′′
0

κ
′2
0 + κ

′
0 − κ0κ

′′
0

.

V0 is the volume at ambient pressure and temperature, and κ0, κ
′
0, and κ”

0 are

the isothermal bulk modulus and its first and second derivatives, respectively.

The experimental data were used to refine V0 and κ0, however the data were

insufficient to refine κ
′
0 and so its value was fixed at 4 and a value of κ”

0 was

assigned such that

κ
′′

0 = −κ
′
0

κ0

.

Two methods were used to derive equations of state terms at high temperature.

In the first, the room pressure volume is described with a thermal expansion

expression

VT = V0 · exp


T�

T0

αdT

 (3.5)

and the effect of temperature on the bulk modulus is given by

κT = κ0 + (∂κT/∂T)P (T − T0) (3.6)

where α is the volumetric coefficient of thermal expansion, here approximated

with a linear function α(T ) = α0 + α1T . Using this approach, ∂κT/∂T , α0, and

α1 are refined from the high temperature data. This was found to be the

necessary approach for fitting the data for ruthenium metal.

For the second approach, an expression for thermal pressure was refined from

the high-temperature data, which is then used in conjunction with an isother-
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mal EoS. The thermal pressure term is defined as

Pth =

T�

T0

ακdT |V . (3.7)

The function ακ is assumed to have the form of a heat capacity curve; i.e.,

becoming constant at high temperature and decreasing to zero at 0 K, and so

is modeled with an Einstein function:

ξ =

(
α0κ0

ξ0

)
u2eu

(eu − 1)2
(3.8)

where α0, κ0, and ξ0 are the values at ambient conditions, u = θ/T , and θ is

the Einstein temperature. An approximate value for θ can be estimated for

each phase via the relation θ = 10636/(S/n+ 6.44), where S is the molar entropy

(in JK−1mol−1) and n is the number of atoms per formula unit (Holland and

Powell, 2011). Pth can then be rewritten:

Pth =

T�

T0

α0κ0

ξ0

ξdT

=
α0κ0θ

ξ0

(
1

eu − 1
− 1

eu0 − 1

)
. (3.9)

In this approach only α0 is fit to the high temperature data. This EoS contains

an implicit thermal effect on the compressibility.
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3.4.1 P-V-T data and equation of state for ruthenium metal

Table 3.3: Ru metal lattice parameters. Temperature uncertainty is ±30 K.
Run # P Au T (K) Ru metal

(GPa) a (Å) c (Å) V (Å3)
T2135.001 0.0001 (0) 298 2.708 (3) 4.280 (6) 27.18 (5)
T2135.004 7.4 (0.2) 1273 2.704 (3) 4.285 (14) 27.12 (8)
T2135.006 7.2 (0.2) 1073 2.701 (3) 4.283 (8) 27.04 (5)
T2135.009 6.7 (0.2) 773 2.697 (3) 4.274 (6) 26.93 (5)
T2135.012 4.8 (0.1) 298 2.694 (2) 4.260 (6) 26.77 (4)
T2135.015 9.9 (0.2) 1273 2.697 (2) 4.272 (11) 26.91 (6)
T2135.017 9.2 (0.2) 1073 2.696 (5) 4.270 (12) 26.88 (9)
T2135.019 8.5 (0.3) 773 2.693 (3) 4.266 (8) 26.78 (6)
T2135.022 7.1 (0.1) 298 2.687 (4) 4.256 (5) 26.62 (4)
T2135.025 12.0 (0.2) 1273 2.686 (3) 4.287 (3) 26.78(14)
T2135.026 11.9 (0.2) 1073 2.686 (2) 4.267 (10) 26.65 (5)
T2135.029 11.3 (0.2) 773 2.684 (3) 4.253 (6) 26.53 (5)
T2135.030 9.4 (0.1) 298 2.680 (2) 4.248 (8) 26.42 (5)
T2135.034 13.5 (0.2) 1073 2.681 (2) 4.254 (10) 26.47 (6)
T2135.036 12.9 (0.2) 773 2.677 (2) 4.254 (7) 26.41 (5)
T2135.038 11.3 (0.1) 298 2.674 (2) 4.244 (7) 26.28 (5)
T2139.001 0.0001 (0) 298 2.707 (2) 4.279 (5) 27.16 (4)
T2139.006 15.2 (0.1) 298 2.662 (3) 4.225 (9) 25.93 (6)
T2139.012 16.4 (0.1) 298 2.658 (3) 4.221 (8) 25.84 (5)
T2139.017 17.4 (0.1) 298 2.657 (2) 4.213 (5) 25.77 (4)
T2139.022 19.4 (0.1) 298 2.652 (3) 4.213 (7) 25.67 (5)
T2140.001 0.0001 (0) 298 2.707 (2) 4.280 (4) 27.17 (3)
T2140.004 15.4 (0.2) 1473 2.681 (2) 4.263 (4) 26.54 (3)
T2140.007 14.7 (0.2) 1273 2.683 (2) 4.256 (13) 26.47 (8)
T2140.008 14.1 (0.2) 1073 2.681 (3) 4.250 (8) 26.40 (5)
T2140.011 13.6 (0.3) 773 2.677 (2) 4.248 (9) 26.32 (6)
T2140.012 11.8 (0.1) 298 2.673 (2) 4.235 (7) 26.19 (5)
T2140.015 16.5 (0.2) 1473 2.677 (2) 4.259 (7) 26.43 (5)
T2140.018 16.3 (0.2) 1273 2.675 (2) 4.2505 (3) 26.33 (15)
T2140.019 15.8 (0.2) 1073 2.675 (2) 4.249 (9) 26.31 (5)
T2140.022 14.8 (0.2) 773 2.673 (2) 4.238 (6) 26.20 (4)
T2140.023 12.7 (0.1) 298 2.669 (2) 4.231 (5) 26.10 (3)
T2140.026 18.2 (0.2) 1473 2.672 (3) 4.253 (14) 26.29 (8)
T2140.029 18.2 (0.2) 1273 2.671 (4) 4.248 (13) 26.24 (7)
T2140.030 17.7 (0.2) 1073 2.670 (3) 4.230 (9) 26.10 (6)
T2140.033 16.8 (0.3) 773 2.669 (2) 4.230 (5) 26.08 (3)
T2140.034 14.8 (0.1) 298 2.664 (4) 4.223 (20) 25.98 (11)
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Ruthenium metal has a hexagonal (hcp) unit cell with the space group P63/mmc.

No structural transitions were observed with increasing pressure and/or tem-

perature. Data from this study up to 19.4 GPa and temperatures to 1473

K were employed to refine the EoS terms along with room pressure thermal

expansion data from Schroeder et al. (1972). Using the modified Tait EoS,

the resulting bulk modulus, 301 ± 2 GPa with κ
′
0 = 4, is identical within error

to that obtained with a second order Birch-Murnaghan EoS. Clendenen and

Drickamer (1964) reported lattice parameters for Ru from compression exper-

iments up to 40 GPa and their data are compared in Figure 3.4. Fitting this

previous data results in a κ0 of 287 ± 36 GPa and κ
′
0 = 5 ± 2, which is within

the uncertainty of our value. However, more recent density functional theory

calculations on Ru by Lugovskoy et al. (2014) yield a κ0 of 332.5 GPa at 0 K,

which is also in reasonable agreement with our result.

When fitting the thermal terms to the Ru EoS, the room pressure thermal

expansion data of Shroeder et al. (1972) were also included, which extend

to 2000 K. Although the Einstein thermal pressure model has been shown

to successfully describe data on silicate minerals (Holland and Powell, 2011),

it was found to be insufficiently flexible to fit the high-temperature data of

Schroeder et al. (1972). Thus, for Ru metal, the polynomial thermal expansion

model resulted in the only successful fit. Isotherms from this model are plotted

in figure 3.4 and the fitting parameters are given in Table 3.5.
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Figure 3.4: Experimental P-V-T data collected for ruthenium metal at the
temperatures indicated by the colors of the fitting curves (circles: this study).
Curves show the fit of the equation of state that employs the modified Tait
equation (Huang and Chow, 2002; Holland and Powell, 2011), with a two-
term polynomial expression for the thermal expansion. The room pressure
thermal expansion data of Schroeder et al. (1972) were included in the fit-
ting procedure but the compression data of Clendenen and Drickamer (1967;
triangles) were not.
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3.4.2 P-V-T data, phase relations, and equations of state for

ruthenium dioxide

Table 3.4: Lattice parameters of ruthenium dioxide.
Run # P Au T (K)

(GPa) a (Å) b (Å) c (Å) V (Å3) phase

T2135.001 0.0001 (0) 298 4.4993 (3) 3.1067 (3) 62.889 (8) tetragonal

T2135.004 7.4 (0.2) 1273 4.5020 (4) 3.0753 (4) 62.330 (10) tetragonal

T2135.006 7.2 (0.2) 1073 4.4883 (3) 3.0806 (3) 62.056 (8) tetragonal

T2135.009 6.7 (0.2) 773 4.4764 (4) 3.0870 (4) 61.858 (9) tetragonal

T2135.012 4.8 (0.1) 298 4.4646 (4) 3.1000 (4) 61.791 (12) tetragonal

T2135.015 9.9 (0.2) 1273 4.4848 (4) 3.0730 (4) 61.808 (11) tetragonal

T2135.017 9.2 (0.2) 1073 4.4788 (4) 3.0770 (4) 61.723 (9) tetragonal

T2135.019 8.5 (0.3) 773 4.4668 (4) 3.0834 (4) 61.522 (9) tetragonal

T2135.022 7.1 (0.1) 298 4.4569 (4) 3.0889 (4) 61.357 (9) tetragonal

T2135.025 12.0 (0.2) 1273 4.5685 (7) 4.3666 (9) 3.0700 (4) 61.243 (13) orthorhombic

T2135.026 11.9 (0.2) 1073 4.5553 (6) 4.3588 (8) 3.0732 (5) 61.021 (10) orthorhombic

T2135.029 11.3 (0.2) 773 4.5467 (7) 4.3499 (9) 3.0763 (5) 60.842 (11) orthorhombic

T2135.030 9.4 (0.1) 298 4.4726 (8) 4.3850 (10) 3.0866 (5) 60.535 (14) orthorhombic

T2135.034 13.5 (0.2) 1073 4.5760 (8) 4.3047 (8) 3.0618 (6) 60.313 (12) orthorhombic

T2135.036 12.9 (0.2) 773 4.5616 (9) 4.2900 (7) 3.0703 (5) 60.082 (12) orthorhombic

T2135.038 11.3 (0.1) 298 4.5376 (14) 4.2901 (9) 3.0736 (6) 59.833 (14) orthorhombic

T2139.001 0.0001 (0) 298 4.4964 (3) 3.1062 (2) 62.801 (8) tetragonal

T2139.006 15.2 (0.1) 298 4.7737 (3) 108.787 (19) cubic

T2139.012 16.4 (0.1) 298 4.7668 (2) 108.312 (17) cubic

T2139.017 17.4 (0.1) 298 4.7610 (2) 107.917 (13) cubic

T2139.022 19.4 (0.1) 298 4.7509 (3) 107.236 (19) cubic

T2140.001 0.0001 (0) 298 4.4977 (2) 3.1081 (2) 62.875 (7) tetragonal

T2140.004 15.4 (0.2) 1473 4.8217 (2) 112.100 (16) cubic

T2140.007 14.7 (0.2) 1273 4.8164 (2) 111.727 (14) cubic

T2140.008 14.1 (0.2) 1073 4.8110 (2) 111.351 (12) cubic

T2140.011 13.6 (0.3) 773 4.8046 (2) 110.912 (12) cubic

T2140.012 11.8 (0.1) 298 4.7976 (2) 110.423 (12) cubic

T2140.015 16.5 (0.2) 1473 4.8165 (2) 111.734 (12) cubic

T2140.018 16.3 (0.2) 1273 4.8077 (2) 111.127 (14) cubic

T2140.019 15.8 (0.2) 1073 4.8044 (2) 110.904 (13) cubic

T2140.022 14.8 (0.2) 773 4.7984 (2) 110.485 (11) cubic

T2140.023 12.7 (0.1) 298 4.7918 (2) 110.025 (11) cubic

T2140.026 18.2 (0.2) 1473 4.8059 (2) 111.003 (14) cubic

T2140.029 18.2 (0.2) 1273 4.7994 (2) 110.550 (15) cubic

T2140.030 17.7 (0.2) 1073 4.7944 (2) 110.207 (14) cubic

T2140.033 16.8 (0.3) 773 4.7878 (2) 109.756 (12) cubic

T2140.034 14.8 (0.1) 298 4.7822 (2) 109.369 (16) cubic
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At ambient conditions, RuO2 has a tetragonal space group (P42/mnm, z = 2)

with a rutile-type structure. As this is isostructural with SiO2 stishovite, there

has been significant previous experimental and ab initio work to character-

ize its structure as a possible analogue for SiO2 in the lower mantle. RuO2

has been found to undergo two phase transitions with pressure. At room

temperature it first undergoes a second-order ferroelastic phase transforma-

tion above 7 GPa, to an orthorhombic CaCl2-type structure with space group

Pnnm (z = 2). At pressures above 12 GPa, a first-order phase transition occurs

to a cubic pyrite-type (or modified fluorite) structure with space group Pa3̄

(z = 4) (Haines et al., 1996; 1997; 1998; Haines and Léger, 1993; Ming and

Magnhani, 1982; Ono and Mibe, 2011; Ahuja et al., 2001; Rosenblum et al.,

1997). All three phases were encountered in this study and the transitions

and volume changes are visible in the ambient-temperature data (figure 3.5),

although it should be noted that in this study the cubic phase was formed

upon heating to over 1000 K.
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Figure 3.5: Molar volumes of RuO2 phases at room temperature. Single
crystal compression data from Hazen and Finger (1981; small diamonds) are
also shown. The curves show the results of EoS fitting, with the effect of
the tetragonal to orthorhombic second order phase transition described with
a model based on Landau theory. The cubic phase was synthesized after a
phase of heating to over 1000 K.

In our experiments, the transition from the tetragonal to orthorhombic struc-

ture was found to occur between 7.5 and 9.8 GPa at ambient temperature

(figure 3.6). Several previous studies have determined pressures for this tran-

sition. Using powder X-ray diffraction in a diamond anvil cell Haines and Léger

(1993) report observation of the CaCl2 phase at 8 GPa and proposed based on

a back extrapolation of the unit cell parameters that the phase transition oc-

curred at 5 GPa. A subsequent study with neutron diffraction (Haines et al.,

1997) found the transition at 5.3 GPa, although pressure was determined us-

ing the equation of state of the tetragonal RuO2 phase itself. Rosenblum et al.

(1997) used Raman spectroscopy in a diamond anvil cell and splitting of the

Eg mode to determine a transition pressure of 11.8 GPa, while Ono and Mibe

(2011) used essentially the same methodology to determine a transition at 7.6

GPa, which is in very good agreement with our result. Ono and Mibe (2011)

discuss a number of possible explanations for the difference in pressure of the
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transition compared to the study of Rosenblum et al. (1997), however, we note

that both our result and the result of Ono and Mibe have the advantage that

the samples were heated between measurements, which should reduce differ-

ential stresses that might influence the transition. This result is also in good

agreement with the ab initio value of 8 GPa (Gupta and Jha, 2014), though

lower than the 9 GPa determined by Tse et al. (2000). The slope of the phase

boundary determined from our experiments differs only very slightly from that

of Ono and Mibe (figure 3.6) and is quite tightly constrained by both data sets.

Figure 3.6: Phase relations of RuO2 as a function of P and T. Mid-sized sym-
bols indicate individual in situ XRD analyses from this study, larger symbols
show the results from quench experiments at higher temperatures and small
symbols show the in situ results of Ono & Mibe (2011) for the tetragonal-
orthorhombic transition. Darker red symbols for the cubic phase indicate
conditions where the data are not employed in fitting due to lower temper-
atures and potential metastability. Curves show the fit of thermodynamic
models for both transitions as described in the text.

The results of higher-temperature quench experiments that contained mix-
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tures of Ru and RuO2 are also shown in figure 3.6. Although information

on the orthorhombic phase would not be preserved in these recovered exper-

iments, the phase boundaries determined imply that the orthorhombic phase

is barely stable at these higher temperatures. To fit the EoS of the tetrago-

nal phase, we also include room temperature single-crystal compression data

from Hazen and Finger (1981) up to 2.8 GPa and room-pressure thermal ex-

pansion data from Rao and Iyengar (1969) up to 975 K.

The results of simultaneous fitting of these and our data are reported in Ta-

ble 3.5 and give a bulk modulus of 261 ± 4 GPa, with κ
′ set to 4. This is in

reasonable agreement with the ab initio calculations of Tse et al. (2000), who,

depending on the density gradient corrections employed, obtained either 299

or 249 GPa, with κ
′ ∼ 4. The thermal expansion coefficient (α0) obtained,

1.57 · 10−5 K−1, is very similar to that of stishovite (Ito et al., 1974). Interest-

ingly, the RuO2 tetragonal phase c-axis shows a negative thermal expansion

at room pressure (Rao and Iyengar, 1969), which is not only preserved in

our high-pressure data but also appears to be the case for the orthorhombic

phase. This is probably not related to the phase transition but may result

from rotation of octahedra during heating.

It is clear that a significant softening of the structure occurs upon the second-

order phase transition to the orthorhombic phase (figure 3.5). If we were to

fit the available data for the orthorhombic phase to a separate EoS the bulk

modulus would be ∼ 110 GPa. However, given the paucity of the volume data

and the fact that we expect the elastic properties to change rapidly in the

region of such a transition, a more effective approach is to adopt dependencies

described by Landau theory, which defines an excess Gibbs free energy term

(Gex
(P,T )) to describe the energetic consequences of a transition.

The advantage of this approach is that both the phase relations and the re-

lationship between the volumes of the two phases, and in principal also the

changes in elastic constants, can be derived from a single Gex
(P,T ) expression.

This provides internal consistency through a relatively small number of ad-

justable parameters. The high symmetry tetragonal phase is considered to

form above a critical temperature Tc, which is anchored at room pressure at

the value T 0
c . Following Holland and Powell (1998), and a lack of evidence to
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the contrary, we assume that Tc is linear with pressure and that the slope

of the transition is related to the maximum volume (Vmax) and entropy (Smax)

encountered during the transition, i.e.

dTc
dP

=
Vmax

Smax
. (3.10)

The phase relations can then, therefore, be fitted to the expression:

Tc = T 0
c +

Vmax

Smax
P. (3.11)

The volume at pressure and temperature is described by

V(P,T ) = V 0
(P,T ) + V ex

(P,T ) (3.12)

where V 0
(P,T ) is the volume of the tetragonal phase but excluding any contri-

bution from the phase transition, as explained later. V 0
(P,T ) can be determined

with the P-V-T EoS methods previously described. V ex
(P,T ) is the excess vol-

ume arising from the transition. In Landau theory the excess properties vary

across the phase transition as a function of an order parameter, Q, which can

be defined in various ways depending on the type of data available. The rutile

to CaCl2-type transition (P42/mnm ↔ Pnnm) in RuO2 and SiO2 stishovite is

second-order (Haines and Léger 1993; Carpenter et al., 2000), such that the

temperature dependence of the order parameter is given by

Q2 = (1− T

Tc
). (3.13)

Higher order terms of Q (Carpenter et al., 2000) are neglected, as their in-

fluence on the volume and Gex
(P,T ) would be relatively minor and we are not

attempting to model the elastic behavior. The excess volume is then calcu-

lated as,

V ex
(P,T ) = Vmax(Q2

298 −Q2) (3.14)

where Q298 is the value at the reference temperature of 298 K.

Q is set to 0 in the tetragonal stability field, i.e. where T > Tc, so V ex
(P,T ) then

becomes equal to VmaxQ
2
298. Consequently, the volume in the tetragonal field
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contains a contribution from V ex
(P,T ) and V 0

(1 bar,298) must be corrected for this

(Carpenter et al., 2000; Angel et al., 2017) and is, therefore, lower than the

measured volume of the tetragonal phase at ambient conditions by ∼ Vmax.

We can determine values of V 0
(1 bar,298), Vmax, Smax and T 0

c by fitting both the ex-

perimental phase transition conditions using the data in figure 3.6 and the

volume data for the orthorhombic phase simultaneously, however, to make

the fitting internally consistent for both phases we also refine κ0 and α0 of

the tetragonal phase in a weighted least squares refinement. The resulting

parameters are reported in table 3.5. The refined phase transition boundary

is shown in figure 3.6 and the volumes predicted by the model along different

isotherms are shown in figure 3.7. The refined gradient of the phase boundary

is 223 KGPa−1. This is at the high end of the values proposed for the isostruc-

tural SiO2 stishovite to CaCl2-structure transition, for which proposed values

range from 180 to 64.6 KGPa−1 (Akins and Ahrens, 2002; Fischer et al., 2018

and references therein).

It is, however, in very good agreement with several ab initio determinations for

the slope of the SiO2 transition boundary (Tsuchiya et al., 2004; Yang and Wu,

2014). As shown in figure 3.7, the volumes are predicted to drop more rapidly

with pressure as the phase transition is crossed, but this effect gets smaller

at higher temperatures. If such behaviour is also followed by the isostructural

stishovite to CaCl2-structure transition in SiO2, the effects, at least on the

volume, due to the transition may get weaker at high temperatures. The same

model is used to calculate the Gibbs free energy of the orthorhombic phase in

section 3.4.3.
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Figure 3.7: P-V-T compression data for the tetragonal (diamonds) and or-
thorhombic (squares) phases of RuO2. Curves show the equation of state
model which accounts for the effect of the second order phase transition us-
ing Landau theory. Results of single crystal compression experiments by
Hazen and Finger (1981; small diamonds) and room pressure thermal ex-
pansion measurements to 975 K (Rao and Iyengar 1969) are also shown and
were included in the fitting procedure.

The cubic RuO2 phase was formed on heating to 1473 K at 15.8 GPa. Although

the observations are not reversed, cooling of the cubic phase to 1273 K at

15 GPa and 1073 K at 14.1 GPa resulted in no back transformation and we

tentatively assume that the cubic phase remained in its stability field at these

conditions. Furthermore, an experiment at 13.7 and 1073 K remained in the

orthorhombic structure, providing a tight bracket on the transition conditions

at this temperature. Multianvil quench experiments at 2473 K that produced

the tetragonal and cubic phases at 17 GPa and 20 GPa, respectively, also

constrain the transformation boundary, which is fitted with a thermodynamic

model described in section 3.4.3.

If the resulting boundary, shown in Figure 3.6, is extrapolated to room tem-

perature, the transition pressure is at ∼ 11.5 GPa. This is in good agreement

with the appearance of X-ray diffraction lines for the cubic phase that were
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observed above 12 GPa at room temperature by Haines and Léger (1993), who

found this to be a kinetically slow transition, with some crystals still in the or-

thorhombic structure to 40 GPa. Both the cubic and the orthorhombic phases

must have the potential to remain metastable at temperatures below 1073 K,

however, as Ono and Mibe (2011) report the occurrence of the orthorhombic

phase at pressures where our reaction boundary would imply that the cubic

phase is stable. For this reason we do not employ data below 1073 K to con-

strain the stability field of the cubic phase, as the potential for metstability

exists. Ab initio simulations (Tse et al., 2000) predict the room temperature

transition at a slightly greater pressure of 13 GPa.

The P-V-T EoS of the cubic phase was fitted using the data shown in figure

3.8. This yields a significantly lower bulk modulus (237 ± 5 GPa) than pre-

viously proposed (399 GPa, Haines and Léger, 1993). Ab initio studies have

predicted lower values of the bulk modulus, between 299 and 380 depending

on method (Lundin et al., 1998; Tse et al., 2000), but even the lowest calcu-

lated value is significantly greater than our refined value. It is possible that

the sparse data coverage provides insufficient constraints on κ0, particularly

if κ′0 for this phase is different to 4. However, as the objective of this work is

to facilitate calculating the Gibbs free energy of RuO2 phases at high P and

T, finding fit parameters that accurately describe the elastic properties is a

secondary concern to deriving a model that suitably describes the volumes.

As will be shown, large uncertainties in κ0 for cubic RuO2 result in relatively

small uncertainties in the calculated fO2 for the Ru-RuO2 buffering equilib-

rium. Our data indicate a ∆V of the orthorhombic-cubic transition at room

temperature to be 7.3% at the approximate pressure of the transition. This is

between the previously reported values of 6.1% (Haines et al., 1996) and 10%

(Ming and Magnhani, 1982).

71



3 Ru-RuO2 oxygen buffer

Figure 3.8: Experimental P-V-T data for cubic RuO2 and curves showing the
results of EoS fitting at the temperatures indicated.

Table 3.5: Equation of state fitting parameters. Einstein temperature, θ, was
estimated from the molar entropy as described in the text.

Phase V0 (Å3) κ0 (GPa) ∂κ/∂T θ (K) α0 (×10−5) α1(×10−8)
Ru Metal 27.185 (4) 301 (2) -0.050 (4) 2.15 (22) 0.78 (24)

RuO2

Tetragonal 62.89 (5) 261 (4) 487 1.57 (7)
Cubic 115.61 (12) 237 (5) 513 2.32 (5)

Landau Terms Vmax (J · bar−1) Smax (J · K−1) T 0
c (K)

0.0253 1.14 −1413

3.4.3 Thermodynamic analysis of RuO2 phase relations

In order to calculate oxygen fugacities for the Ru-RuO2 buffer, descriptions for

the Gibbs free energies of all three RuO2 phases are required. The Gibbs free

energy for both the tetragonal and orthorhombic phases can be determined

72



3 Ru-RuO2 oxygen buffer

from the Landau theory expression,

Gtet/orth
(P,T ) = G0

(P,T ) +Gex
(P,T ) (3.15)

where G0
(P,T ) is the Gibbs free energy of the high-symmetry tetragonal phase at

the pressure and temperature of interest, determined using the standard state

thermodynamic terms in Table 3.6 and the EoS data in Table 3.5. Gex
(P,T ) is the

excess free energy arising from the second-order phase transition, which can

be calculated from

Gex
(P,T ) = Hex

1,T + TSex1,T + VmaxQ
2
298P (3.16)

where the excess enthalpy and entropy are determined from:

Hex
1,T = Smax

[
T 0
c (Q2

298 +
1

2
(Q4 −Q4

298))− TcQ2
]

(3.17)

Sex1,T = Smax

[
Q2

298 −Q2
]
. (3.18)

The standard state Gibbs free energy of formation for the cubic phase at 1 bar

at the temperature of interest, ∆fG
0 cubic
1,T , was calculated from the determined

phase boundary conditions using Gorth
P,T determined from equation 3.16 with

the Landau terms previously reported, and the EoS of the cubic phase, i.e.:

∆fG
0 cubic
1,T = Gtet/orth

P,T −
P�

1 bar

V cubicdP. (3.19)

The advantage of using the modified Tait EoS is that
� P

1 bar V dP (equation 3.7)

is relatively straightforward and gives:

PV0 ·
(

1− a+

(
a((1− bPth)1−c − (1 + b(P − Pth))1−c

b(1− c)P

))
(3.20)

all terms of which can be directly determined using equations 3.6-3.20, with-

out the need for iteration. In the absence of heat capacity (Cp) data for the

cubic phase we use the same values as for the tetragonal phase but then re-

fine the first Cp polynomial term a along with S and ∆fH in a weighted least

squares fit to the phase boundary data shown in figure 3.6. The resulting

boundary is that plotted in figure 3.6, which, when compared to the slope

73



3 Ru-RuO2 oxygen buffer

of the tetragonal to orthorhombic transition, implies that the orthorhombic

phase field may pinch out at high temperatures.

Table 3.6: Molar thermodynamic properties for calculating the fO2 for the
Ru-RuO2 buffer. The Cp equation is a + bT + cT−2 + dT−0.5. The * indicates
values refined in this study, whereas all other data were either determined or
compiled by O’Neill and Nell (1997). § the volume is lower than the measured
value due to the contribution from V ex

(P,T ) through equation 3.14.

Phase S ∆fH V0 Cp (kJ · K−1)
(J · K−1) (kJ) (J · bar−1) a b c d

RuO2 (tetrag) 46.15 -314.13 1.856*§ 119.277 0.000626 -105800 -1074.6
RuO2 (cubic) 41.94* -299.88* 1.736* 121.951* 0.000626 -105800 -1074.6
Ru 28.5 13.054 0.010052 -345700 205.2
O2 205.15 47.255 -0.00046 440200 -393.5

3.5 The Ru-RuO2 oxygen buffer

The oxygen fugacity of the Ru + O2 = RuO2 buffer can be calculated using the

relation:

RT ln fO2 = ∆rG
0
T,1 bar +

P�

1 bar

∆V dP. (3.21)

The thermodynamic data for calculating ∆rG
0
T,1 bar for the component phases

is listed in table 3.6. A continuous Gibbs free energy is calculated for the

tetragonal and orthorhombic phases using equations 3.15-3.18, following the

methodology of Holland and Powell (1998), although noting that Holland and

Powell provide Landau equations for a tricritical transition, whereas the RuO2

transition, as for stishovite, is second-order.

The only other redox buffers where EoS data allow oxygen fugacities to be

reliably determined at pressures > 10 GPa are for the equilibria 2Fe+O2 = 2FeO

(IW) and 2Ni + O2 = 2NiO (NNO) (Campbell et al., 2009). In figure 1.2 oxygen

fugacities calculated for the Ru-RuO2 buffer are normalised against the NNO

buffer in order to remove the strong pressure variation. The curve for the

equilibrium involving tetragonal and orthorhombic RuO2 shows that there is

no perceptible influence on the fO2 due to the second-order phase transition,

which occurs at ∼ 12 GPa at 1273 K. The transition to the cubic phase has
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a much larger effect on both the slope and the absolute value of the fO2,

which is lower by ∼ 0.5 log units at 25 GPa than the value extrapolated for

the orthorhombic RuO2 phase. This difference decreases significantly at high

temperature, however, and both values are within 0.2 log units at 2473 K and

25 GPa.

In figure 1.2 we also make two types of comparisons with extrapolations based

on only low pressure data. At 1273 K a dashed curve is calculated assuming a

constant ∆V for the solid phases of the buffering reaction, i.e. ignoring phase

transformations and equations of state. The calculated oxygen fugacity is over

1 log unit higher than that determined for the cubic phase at 25 GPa. If, how-

ever, the previously available EoS data are employed (compiled by O’Neill and

Nell, 1997) but the phase transformations are again ignored, as shown by the

dashed curve at 2473 K, the resulting oxygen fugacities are still 0.5 log units

higher even than those calculated for the extrapolated orthorhombic phase.

This demonstrates that simultaneous high P and T EoS data are indeed im-

portant for determining accurate oxygen fugacities at pressures approaching

those of the lower mantle.

However, the uncertainties in the determined EoS properties have a relatively

small influence on the resulting oxygen fugacities, provided they are approx-

imately of the correct magnitude. κ0 of the cubic RuO2 phase, for example,

would have to change by 40 GPa in order to change the fO2 of the buffer at

1273 K and 25 GPa by 0.1 log units. An uncertainty of 20 % on α0 also prop-

agates to only 0.1 log units in fO2 at the same conditions, although it corre-

sponds to volume uncertainties that are ten times larger than those measured.

Propagating all EoS uncertainties over the conditions shown in figure 1.2

results in a maximum fO2 uncertainty of 0.1 log units. We can determine

the uncertainties arising from the phase boundary determination of the cubic

RuO2 transformation by changing the boundary gradient. The experimentally

determined boundary has a gradient of 390 KGPa−1. If we increase this to 570

KGPa−1, while maintaining approximately the same transition pressure at 298

K, this equates to an uncertainty in the determined pressure of ∼ 1 GPa at

1273 K and ∼ 1.8 GPa at 2473 K, well outside of the experimental uncertain-

ties of 0.3 and 0.5 GPa, respectively. The resulting change in thermodynamic
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properties determined for the cubic RuO2 phase propagates to a change in cal-

culated fO2 at 1273 K and 25 GPa of only 0.06 log units. The same changes in

properties result in even smaller shifts in fO2 at higher temperatures or lower

pressures. As a result the maximum uncertainty in fO2 over the conditions

shown in figure 1.2 is less than 0.2 log units.

Figure 3.9: The log fO2 for the Ru+O2 = RuO2 buffering equilibrium at 1273
K and 2473 K calculated for the three RuO2 polymorphs as a function of
pressure, and normalized to the oxygen fugacity of the nickel-nickel oxide
(NNO) buffer (Campbell et al., 2009). The black curve shows the polynomial
parameterisation which predicts the log fO2 for the Ru-RuO2 buffer to within
0.05 of a log unit over this pressure and temperature range. For comparison,
the dashed grey curve at 1273 K shows the extrapolated fO2 assuming a
constant room P and T volume change for the buffering reaction, whereas
the dashed grey curve at 2473 K shows the fO2 calculated using the previous
EoS parameters summarized by O’Neill and Nell (1997). Both extrapolations
ignore the occurrence of RuO2 phase transitions.

We have parameterised the oxygen fugacity of the Ru-RuO2 buffer across the

stability fields of all three RuO2 phases using a single polynomial of a similar
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form to that used by Campbell et al. (2009) i.e:

log10 fO2(Ru− RuO2) =
(
a0 + a1P + a2P

2 + a3P
3
)

+
(
b0 + b1P + b2P

2
)
/T + (c0 + c1P ) /T 2

Using a least squares fitting routine the following parameters were refined:

a0 a1 a2 a3 b0 b1 b2 c0 c1

7.783 −0.0113 0.00209 −4.10 · 10−5 −13764 593.4 −4.08 −1.05 · 106 −4511

where P is in GPa and T in K. Curves calculated from this parameterisation are

shown in figure 1.2, although they are to some extent eclipsed by the thermo-

dynamically calculated curves to which they have been fitted. The maximum

difference with the thermodynamically calculated curves occurs near the or-

thorhombic to cubic phase transition but is never greater than 0.05 log units

over the range of fitted conditions, which cover 773-2773 K and to 25 GPa.

The polynomial likely becomes rapidly unreliable if extrapolated outside of

this range.

3.6 Conclusions

In order to experimentally investigate the stability of ferric iron bearing phases

at conditions compatible with the Earth’s deep mantle, oxygen fugacity buffers

are required that can be mixed directly with experimental samples and un-

dergo minimal chemical interaction other than exchanging oxygen. The Ru-

RuO2 oxygen buffer fulfills this criterion, but the volumes of both phases and

phase transition boundaries need to be accurately known at high pressures

and temperatures if oxygen fugacities are to be correctly calculated. We have

determined the phase relations and P-V-T equation of state properties for Ru

and RuO2 phases using in situ x-ray diffraction and additional quench exper-

iments in multianvil devices.

While no phase transformations were found for Ru metal, RuO2 which is

tetragonal (rutile-structure) at room pressure undergoes a second-order phase

transformation to an orthorhombic CaCl2 structured phase and then a first or-

der transformation to a cubic (pyrite-type) structured phase. We have used a
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model based on Landau theory combined with the modified Tait EoS (Holland

and Powell, 1998) to derive a continuous Gibbs free energy expression for the

tetragonal and orthorhombic phases by fitting the second-order phase tran-

sition boundary and P-V-T data for both phases. The phase relations for the

transition between the orthorhombic and cubic phases were then used along

with EoS data for both phases to determine a Gibbs free energy expression for

the cubic phase.

The refined gradients for the second- and first-order phase boundaries are

223 KGPa−1 and 390 KGPa−1, respectively, which implies that the stability

field of the orthorhombic phase pinches out at temperatures > 2500 K. A num-

ber of studies have emphasized the importance of RuO2 transformations as

analogues for those encountered by SiO2 at lower mantle conditions (Haines

et al., 1996; 1997; 1998; Haines and Léger 1993; Ming and Magnhani, 1982;

Ono and Mibe, 2011; Ahuja et al., 2001; Rosenblum et al., 1997).

While the RuO2 second order rutile to CaCl2-type transition is isostructural

to that observed for stishovite, the first-order transition to the pyrite struc-

ture differs, as SiO2 first assumes an orthorhombic αPbO2-type structure

above 100 GPa and only assumes the pyrite-type structure above 270 GPa

(Kuwayama et al., 2005). In the pyrite-type structure, the Ru cations occupy

the corners and the face centers of the unit cell whereas in the αPbO2-type

structure the Ru cations would be required to occupy positions well inside the

unit cell. This would likely result in Ru-O bonds that are too short, whereas

this is quite possible for the smaller Si cations. For this reason we probably

cannot draw conclusions as to the shape of the CaCl2-type stability field for

SiO2 based on our results for RuO2, because the breakdown transition at high

pressure is quite different.

It has been proposed that the stishovite second-order transition could create

an observable seismic anomaly, or cause scattering of seismic waves in the

lower mantle, because the shear modulus goes through a minimum at the

transition (Andrault et al., 1998; Carpenter et al., 2000). Although we can

place no constraints on this elastic behavior for the RuO2 phases, we note

that the influence of the transition on the volume of RuO2, while quite strong

at room temperature, is predicted by our model to decrease with increasing
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temperature. This emphasizes the need to support room temperature investi-

gations of the elastic properties across such transitions with high temperature

data if conclusions concerning seismic behavior in the lower mantle are to be

drawn.

Using the refined thermodynamic and EoS properties for both Ru and RuO2

phases the oxygen fugacity of the buffering assemblage can be calculated re-

liably to 25 GPa and between 773-2500 K, with an estimated uncertainty of

0.2 log units. A polynomial expression fit to these data provides an accurate

description for the oxygen fugacity of the Ru-RuO2 buffer to conditions at the

top of the lower mantle.
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4 Self-oxidation within a magma

ocean

4.1 Motivation

As detailed in section 1.3.1, it is possible that a deep global magma ocean

could have been relatively oxidised at its surface whilst remaining in equilib-

rium with metallic iron at its base. Briefly, if pressure stabilises the ferric

iron (Fe3+) component of silicate melts, and final metal-silicate equilibrium

occurred at the base of a deep magma ocean, then the ferric iron content,

imposed by the presence of iron metal on the magma ocean, may have been

higher than expected for iron metal equilibration at low pressure. If the ferric

iron content of the entire magma ocean was relatively constant as a result of

convective mixing, then, at low pressure near the surface the oxygen fugacity

may have been much higher. Thus the oxygen fugacity of a deep magma ocean

could plausibly decrease with depth, given a constant ferric/ferrous iron ratio

(figure 1.8).

If correct, the ferric iron content of a silicate melt should increase with pres-

sure at a constant relative fO2. This can readily be seen from the equilibrium

of the reaction

FeO +
1

4
O2 = FeO1.5. (4.1)

In terms of Gibbs free energy, the relationship between pressure (i.e., the

changes in molar volume of FeO and FeO1.5), ferric iron content and fO2 at
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equilibrium is given by

−(∆G0
r(4.1) +

P�

1

∆V (4.1)dP ) = RT ln
XFeO1.5 · γFeO1.5

XFeO · γFeO
− 1

4
RT ln fO2 (4.2)

where ∆G0
r is the Gibbs free energy of reaction 4.1, ∆V is the volume change

of reaction 4.1, T is the temperature (in K), Xi and γi are the mole fraction and

activity coefficient of i, respectively, and R is the universal gas constant.

Clearly, at a constant XFeO/XFeO1.5 ratio, the oxygen fugacity of equilibrium

4.1 will change with pressure as a result of the volume change associated

with the reaction. If the oxygen fugacity is buffered at a constant relative

value, however, the ratio of XFeO/XFeO1.5 will change with pressure. As seen

in section 1.3.1, at the relatively low pressures tested to date, up to 7 GPa

(O’Neill et al., 2006; Zhang et al., 2017), the volume change of reaction 4.2

has been shown to be positive. For this reason, MORB magmas have an

associated fO2 which is more oxidised at the source than at the surface, as

shown in figure 1.3. Magmas become more reduced as they ascend due to

the positive ∆V of reaction 4.1. Therefore, at a constant relative fO2, pressure

favors Fe2+ (figure 1.9), rather than Fe3+, precluding the possilibilty of a magma

ocean that is reduced at depth becoming more oxidised in the direction of the

surface. However, as discussed in section 1.3.1, this trend may reverse at

higher pressure.

4.2 Approach

In order to examine the volume change of reaction 4.1 at pressures above

7 GPa, three sets of experiments were performed, for different bulk compo-

sitions at different relative oxygen fugacities and pressures. The ferric iron

content of the resulting glass or quench assemblage was then measured. The

primary set of experiments extends the dataset in figure 1.9 to 23 GPa, and

were performed with an andesitic composition (O’Neill et al., 2006; Zhang et

al., 2017). The higher SiO2 content and degree of polymerisation of this melt

were selected in order to extend the pressure range over which the melt will
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quench to a glass compared to more mafic compositions. Constant relative

oxygen fugacity was accomplished through the addition of ruthenium metal

and ruthenium dioxide directly inside the experimental capsule (see figure

4.1). This particular buffer assemblage was employed for two reasons: first,

it is quite oxidising (∆IW = +11.28 log units at 1000 °C), which results in

relatively high and easily measureable ferric iron contents of the melts. Addi-

tionally, RuO2 has an extremely low solubility in silicate melts, which allows

the buffer assemblage to be added into the sample charge directly, with min-

imal chemical interaction with the sample other than the exchange of oxygen

(O’Neill et al., 2006; Zhang et al., 2017; chapter 3 this work). The results

from this set of experiments were used to develop a thermodynamic model to

describe the pressure dependence of reaction 4.1 (section 4.5).

A second set experiments were performed to test the resulting model’s sensi-

tivity to melt composition, using a mid-ocean ridge basalt (MORB) composition

(Gale et al., 2013) at the same oxygen fugacity (i.e., as defined by the Ru and

RuO2 equilibrium). The compositions of both starting materials are reported

in table 4.1.

A third set of experiments was conducted with the andesitic composition, but

at metal iron saturation, with powdered metallic Fe added directly to the sam-

ple charge (figure 4.1), in order to constrain the pressure effect of equilibrium

4.1 at a much lower oxygen fugacity.

Table 4.1: Andesitic and mid-ocean ridge basalt starting compositions, in
weight %

SiO2 TiO2 Al2O3 Fe2O3 MgO CaO Na2O K2O

Andesite 57.3 3.0 14.8 9.4 2.1 7.4 4.4 1.1

MORB 50.9 1.7 14.8 10.1 8.1 11.5 2.8 0

4.3 Experimental methods

Starting materials were prepared from reagent grade oxides and carbonates,

which were ground under ethanol with an agate mortar and pestle. Oxides
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were devolatilised at 1000 °C for three hours before weighing, and after prepa-

ration the bulk composition was devolatilised at 1000 °C for 12 hours. For the

primary andesitic and MORB experiments, powdered starting material plus

approximately 20 wt% of a Ru/RuO2 mixture (previously mixed together in

the proportion 1:1 by weight) was sealed by welding into platinum capsules.

For the metal saturated experiments, graphite capsules were used. Capsules

were placed in an octahedral Cr-doped MgO pressure medium (figure 4.1), and

then equilibrated at high pressure and superliquidus temperature in a multi-

anvil press at the Bayerisches Geoinstitut. Refer to section 2.1 for a detailed

description of the multianvil technique.

Figure 4.1: Schematic of the experimental assembly used for the majority of
experiments (18/11, see section 2.1). Higher-pressure assemblies (10/4 and
10/5) differ only in that they are 10 mm edge-length, and capsules are 1.2
or 1.7 mm in diameter, respectively. In addition, the LaCrO3 heating element
is a straight cylinder, rather than stepped. For experiments under 10 GPa,
stepped graphite rather than LaCrO3 heating elements were used.

Most of the experiments were performed with a fully oxidised starting material,

where all Fe was initially Fe2O3, but in order to confirm redox equilibrium had

been achieved several reversal experiments were conducted. For these, the

starting material had been initially reduced in a 1-atm CO-CO2 gas-mixing

furnace overnight at 1100 ◦C and an oxygen fugacity ∼ FMQ− 2, such that all

Fe was FeO, verified by Mössbauer spectroscopy (figure 4.2). Refer to table 4.2

for a list of all experiments and their conditions. The majority of experiments

were performed with an 18/11 assembly (see section 2.1), but for the higher-

pressure experiments other assembly sizes were used (table 4.2). Temperature

was monitored with a W97Re3 – W75Re25 (type D) thermocouple, except in one
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case when temperature was estimated from a power curve (table 4.2). The

duration of the experiments was between 5 and 30 minutes, which previous

studies and the reversal experiments indicate is sufficient to reach redox equi-

librium (Zhang et al., 2017, figure 4.5 this work). Temperature was quenched

by turning off power to the heater, which yields a rapid quench rate of >500

K/sec.

Table 4.2: Conditions for all experiments in this study. An (*) indicates that
the starting materials had initially been reduced in a 1-atm gas-mixing fur-
nace such that all Fe present would be FeO. Otherwise the starting material
was fully oxidised, such that all Fe was Fe2O3. A (**) indicates that the
thermocouple broke and temperature was estimated from the input power.
Experiment Z1794 was prepared with oxidised starting material, and Ru was
added only as metal. RuO2 was formed during the experiment.
Expt # Pressure

(GPa)

Temp

(◦C)

Duration

(min)

Assembly Redox buffer Starting

composition

S6928 4 1400 15 18/11 Ru+ RuO2 Andesite

S6889 6 1750 15 18/11 Ru + RuO2 Andesite

S6879 6 1900 15 18/11 Ru + RuO2* Andesite

S6820 6 1750 10 18/11 Ru + RuO2 Andesite

S6811 6 1900 5 18/11 Ru + RuO2* Andesite

S6777 8 1900 30 18/11 Ru + RuO2 Andesite

S6510 10 1900 30 18/11 Ru + RuO2 Andesite

Z1794 10 1900 30 18/11 Ru metal only Andesite

Z1468 15 2100 45 18/11 Ru + RuO2 Andesite

Z1621 17 2200 10 18/11 Ru + RuO2 Andesite

Z1666 18 2200 10 18/11 Ru + RuO2* Andesite

S6654 20 2200 5 10/5 Ru + RuO2 Andesite

S6606 23 2300** 5 10/4 Ru + RuO2 Andesite

S6776 23 2300 10 10/4 Ru + RuO2* Andesite

S6973 4 1600 20 18/11 Ru + RuO2* MORB

S6977 8 1900 30 18/11 Ru + RuO2* MORB

Z1791 18 2200 15 18/11 Ru + RuO2* MORB

Z1850 18 2200 10 18/11 Ru + RuO2* MORB

S6775 3 1750 10 18/11 Fe metal Andesite

S6729 8 1900 10 18/11 Fe metal Andesite

S6665 10 1900 30 18/11 Fe metal Andesite

Z1626 15 2200 10 18/11 Fe metal Andesite

Z1630 17 2200 15 18/11 Fe metal Andesite

Z1647 20 2200 10 18/8 Fe metal Andesite
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Figure 4.2: Transmission Mössbauer spectrum of the starting material for
reversal experiments, which had been reduced in a 1-atm CO-CO2 gas-mixing
furnace overnight in order to ensure all Fe was present as FeO. A small
amount- 5%- of Fe2O3 remains (blue doublet) however the majority of Fe has
reacted.

4.4 Results

4.4.1 Texture, phase assemblage, and bulk chemical

composition

Recovered samples were sectioned and ground down to a thickness of 500 µm

for transmission Mössbauer spectroscopy, with one side polished for analy-

sis with scanning electron microscopy (SEM), Energy-dispersive spectroscopy

(EDS), X-ray diffraction (XRD), and electron microprobe analyses (EPMA). In

all experiments conducted with the andesitic composition, the sample melted

completely. The experiments with MORB composition at 4 and 8 GPa melted

completely, but attempts at 18 GPa yielded only a partial melt (see section 4.7).

Below 10 GPa sample melt quenched to a glass, but above 10 GPa the melt

crysallised during the quench (see section 4.10 and figure 4.3). Backscattered

electron imaging, EDS, XRD, and EPMA indicate that all crystalline samples

comprise homogeneous assemblages of clinopyroxene and/or garnet; coesite
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or stishovite; and the buffer phases (either Ru + RuO2 or iron metal). In all

experiments performed with Ru and RuO2 both phases were always present.

However, in some experiments Ru alloyed with Pt from the capsule as will

be discussed in section 4.8. Bulk compositions of all samples, obtained with

EPMA, are given in table 4.3. Microprobe analyses were carried out with an

accelerating voltage of 15keV, and a current between 10-15 nA depending on

the phase being analysed. Analysis spot sizes were ∼ 1 µm for glasses but

defocused to ∼ 15 µm for the crystalline samples, due to the different crystals

present in the assemblage. Standards used to calibrate the elements were: Si-

enstatite; Mg - forsterite; Al: spinel; Ca: wollastonite; Fe, Ru: pure metals; Cr:

Cr2O3; Ti: rutile; Na: albite.

86



4 Self-oxidation within a magma ocean

Figure 4.3: Backscattered electron images of typical run products. S6889,
top, was run at 6 GPa and 1750 ◦C, and quenched to a glass (top right
image). Z1621, bottom, was run at 17 GPa and 2200 ◦C, and quenched
to a homogenous assemblage of clinopyroxene and stishovite (bottom right
image). Bright spots in the assemblage are RuO2. Red rectangles on the left
images indicate the region of the zoomed image on the right.
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4 Self-oxidation within a magma ocean

4.4.2 Ferric iron content

Figure 4.4: Examples of transmission Mössbauer spectra taken for this
study. The left spectrum is from a 6 GPa experiment, and its Fe3+/

∑
Fe

ratio is 0.5. The sample is an amorphous glass, and so the spectrum is
broadened. The dark green doublet represents Fe3+, while the two lighter
doublets correspond to Fe2+ in two different structural environments. On the
right is a spectrum from a crysalline sample from an experiment at 23 GPa.
The spectrum comprises two subspectra, the darker green represents Fe3+,
which has clearly increased in proportion. The small lighter green doublet
corresponds to Fe2+, and the Fe3+/

∑
Fe of the sample is 0.95.

Transmission Mössbauer spectra were collected over a 500-1000 µm diameter

spot in the centre of samples that were parallel ground to a thickness of 500

µm, giving an effective Mössbauer thickness of roughly 10 mg Fe/cm2 (see

figure 4.4 for example spectra, section 2.2.4 for details of the technique, and

tables 4.5 and 4.6 for the reported hyperfine parameters). Melt Fe3+/
∑

Fe ra-

tios are reported in table 4.4 and plotted in figure 4.5. As will be discussed in

section 4.8, the Ru metal of the buffer of some experiments became contami-

nated with Pt, yielding a higher oxygen fugacity in the experiment and there-

fore anomalously high Fe3+/
∑

Fe ratios. In section 4.7, results of the MORB-

composition experiments at 18 GPa, which only underwent partial melting, are

discussed. Aside from these outliers, however, it is clear from the data that

the trend observed in previous, lower-pressure data sets does indeed begin to

reverse above 15 GPa, and ferric iron is increasingly stabilised with pressure

above this point. This appears to be true independent of the oxygen fugacity,

as shown by the metal-saturated experiments, discussed in section 4.6.
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4 Self-oxidation within a magma ocean

Figure 4.5: Melt ferric iron over total iron ratio, determined from Mössbauer
spectroscopy, as a function of pressure at a fixed relative oxygen fugacity,
defined by the equilibrium between Ru and RuO2. Blue symbols indicate the
starting composition was initially oxidised and contained all iron as Fe2O3,
red symbols that it was reduced and contained all iron as FeO (see text).
Greyed symbols indicate the oxygen buffer became contaminated during the
experiment (section 4.8). MORB-composition samples at 18 GPa did not
reach superliquidus conditions (section 4.7).
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4 Self-oxidation within a magma ocean

Table 4.4: Ferric iron content and phases present in the recovered experi-
mental charges. Samples marked with a (*) indicate that they suffered from
inhomogenous Pt contamination of the oxygen buffer, and are therefore an
unreliable result (see section 4.8). Uncertainties are shown in brackets.

Sample Pressure (GPa) Fe3+/ Total Fe Phases present

S6928 4 0.58 (0.04) glass

S6889 6 0.49 (0.04) glass

S6879 6 0.65 (0.04)* glass

S6820 6 0.50 (0.04) glass

S6811 6 0.72 (0.04)* glass

S6777 8 0.73 (0.04)* glass

S6510 10 0.63 (0.04)* cpx, coesite

Z1794 10 0.50 (0.05) cpx, coesite

Z1468 15 0.63 (0.04) cpx, coesite

Z1621 17 0.67 (0.04) cpx, stishovite

Z1666 18 0.73 (0.04) cpx, garnet, stishovite

S6654 20 0.80 (0.05) cpx, garnet, stishovite

S6606 23 0.95 (0.04) garnet, stishovite

S6776 23 0.96 (0.04) garnet, stishovite

S6973 4 0.58 (0.04) glass

S6977 8 0.75 (0.04)* glass

Z1791 18 0.44 (0.04) garnet, stishovite

Z1850 18 0.58 (0.04) garnet, stishovite

S6775 3 0.00 (0.02) glass

S6729 8 0.04 (0.03) glass

S6665 10 0.03 (0.03) cpx, coesite

Z1626 15 0.05 (0.04) cpx, garnet, coesite

Z1630 17 0.06 (0.04) rwd, cpx, stishovite

Z1647 20 0.12 (0.04) rwd, garnet, stishovite
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4 Self-oxidation within a magma ocean

Table 4.5: Hyperfine parameters from Mössbauer spectra of experiments per-
formed with andesitic composition at the Ru-RuO2 oxygen fugacity buffer

Exp # CS FWHM Intensity QS BHF χ2

S6928 1.038 (0.014) 0.611 (0.043) 42.323 (3.098) 1.997 (0.026) NaN 1.3

0.321 (0.008) 0.648 (0.027) 57.677 (3.098) 1.211 (0.018) NaN

S6889 1.004 (0.020) 0.515 (0.111) 39.233 (6.360) 1.841 (0.103) NaN 1.37

1.124 (0.046) 0.372 (0.069) 11.752 (7.367) 2.272 (0.058) NaN

0.312 (0.005) 0.616 (0.015) 49.015 (6.038) 1.253 (0.010) NaN

S6879 1.017 (0.027) 0.545 (0.132) 35.358 (4.302) 1.999 (0.050) NaN 1.03

0.317 (0.013) 0.701 (0.046) 64.642 (4.302) 1.238 (0.026) NaN

S6820 1.015 (0.041) 0.561 (0.174) 37.646 (11.367) 1.862 (0.202) NaN 1.08

1.152 (0.083) 0.402 (0.124) 12.535 (13.050) 2.273 (0.093) NaN

0.324 (0.008) 0.612 (0.017) 49.819 (10.856) 1.228 (0.016) NaN

S6811 0.376 (0.032) 0.219 (0.056) 28.198 (3.165) -0.186 (0.064) 45.925 (0.187) 1.66

0.353 (0.034) 0.346 (0.173) 11.239 (3.658) -0.318 (0.072) 41.795 (0.373)

1.012 (0.021) 0.695 (0.060) 28.386 (3.051) 1.989 (0.037) NaN

0.342 (0.013) 0.697 (0.041) 32.177 (3.020) 1.177 (0.031) NaN

S6777 0.389 (0.019) 0.577 (0.102) 18.748 (4.523) -0.163 (0.037) 45.137 (0.201) 2.55

0.430 (0.033) 1.022 (0.134) 24.595 (4.898) -0.182 (0.064) 41.441 (0.592)

1.038 (0.017) 0.194 (NaN) 27.250 (2.581) 1.974 (0.029) NaN

0.284 (0.017) 0.737 (0.047) 29.407 (2.801) 1.303 (0.022) NaN

S6510 0.345 (NaN) 0.811 (NaN) 2.970 (1.481) -0.100 (NaN) 44.820 (NaN) 2.9

1.184 (0.005) 0.396 (0.026) 20.674 (2.501) 2.697 (0.028) NaN

1.127 (0.027) 0.465 (0.117) 15.842 (2.903) 2.013 (0.135) NaN

0.385 (0.005) 0.328 (0.011) 60.514 (2.904) 0.617 (0.010) NaN

Z1794 1.153 (0.008) 0.442 (0.065) 31.494 (5.124) 2.660 (0.084) NaN 1.2

1.150 (0.020) 0.432 (0.180) 18.671 (5.879) 1.823 (0.188) NaN

0.381 (0.005) 0.340 (0.025) 49.836 (4.960) 0.649 (0.012) NaN

Z1468 0.345 (0.055) 0.811 (0.301) 16.798 (5.942) -0.100 (NaN) 44.821 (0.589) 2

1.194 (0.007) 0.381 (0.064) 16.126 (8.041) 2.708 (0.075) NaN

1.203 (0.019) 0.641 (0.278) 20.537 (8.518) 1.932 (0.344) NaN

0.383 (0.004) 0.313 (0.018) 46.540 (7.177) 0.636 (0.009) NaN

Z1621 0.480 (NaN) 1.123 (NaN) 20.423 (3.174) -0.081 (NaN) 46.881 1.3

1.199 (0.008) 0.196 (0.044) 17.057 (2.769) 2.749 (0.028) NaN

1.164 (0.025) 0.428 (0.086) 16.044 (3.221) 2.049 (0.108) NaN

0.377 (0.006) 0.266 (0.012) 46.476 (2.892) 0.652 (0.013) NaN

Z1666 0.478 (0.107) 1.009 (0.630) 27.223 (14.665) -0.081 (NaN) 43.702 (0.958) 1.04

1.188 (0.061) 0.352 (0.168) 20.855 (10.561) 2.592 (0.105) NaN

0.950 (0.140) 0.265 (0.396) 6.122 (10.431) 2.392 (0.195) NaN

0.401 (0.017) 0.356 (0.038) 45.801 (11.571) 0.681 (0.030) NaN

S6654 0.478 (NaN) 0.558 (1.040) 15.789 (19.840) -0.081 (NaN) 43.702 (NaN) 1.12

1.086 (0.058) 0.453 (0.198) 19.697 (6.616) 2.698 (0.110) NaN

0.393 (0.014) 0.291 (0.038) 64.514 (15.672) 0.499 (0.020) NaN

S6606 1.150 (NaN) 0.400 (NaN) 5.261 (4.271) 2.776 (0.506) NaN 0.97

0.362 (0.016) 0.362 (0.043) 94.739 (4.271) 0.566 (0.023) NaN

S6776 1.293 (0.058) 0.097 (0.186) 4.203 (1.919) 3.351 (0.115) NaN 1.23

0.366 (0.007) 0.304 (0.017) 95.797 (1.919) 0.696 (0.010) NaN
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4 Self-oxidation within a magma ocean

Table 4.6: Hyperfine parameters from Mössbauer spectra of experiments per-
formed with MORB composition at the Ru-RuO2 oxygen fugacity buffer, and
those performed with an andesitic composition at metal saturation.

Exp # CS FWHM Intensity QS BHF χ2

S6973 1.034 (0.012) 0.572 (0.045) 41.582 (2.749) 1.989 (0.024) NaN 1.32

0.315 (0.007) 0.670 (0.024) 58.418 (2.749) 1.250 (0.015) NaN

S6977 1.082 (0.026) 0.559 (0.072) 24.653 (4.218) 2.502 (0.048) NaN 1.14

0.396 (0.009) 0.406 (0.040) 75.347 (4.218) 0.771 (0.017) NaN

Z1791 1.250 (0.003) 0.171 (0.028) 55.954 (1.336) 3.512 (0.007) NaN 1.17

0.364 (0.008) 0.274 (0.048) 44.046 (1.336) 0.533 (0.012) NaN

Z1850 1.252 (0.008) 0.184 (0.060) 42.276 (2.163) 3.532 (0.015) NaN 1.04

0.368 (0.011) 0.255 (0.106) 57.724 (2.163) 0.563 (0.017) NaN

S6775 1.089 (0.037) 0.194 (NaN) 64.263 (15.466) 2.110 (0.058) NaN 1.09

0.955 (0.032) 0.786 (0.130) 35.737 (15.466) 1.592 (0.230) NaN

S6729 0.042 (0.064) 0.380 (0.218) 2.682 (1.412) 0.000 (NaN) 33.424 (0.437) 1.5

0.208 (0.010) 0.451 (0.029) 24.322 (1.114) 0.000 (0.020) 20.426 (0.068)

1.085 (0.007) 0.194 69.422 (1.566) 2.068 (0.012) NaN

0.237 (0.060) 0.452 (0.107) 3.574 (0.985) 0.731 (0.152) NaN

S6665 0.188 (0.025) 0.312 (0.067) 13.385 (2.679) 0.009 (0.051) 20.433 (0.140) 0.94

1.139 (0.007) 0.442 (0.054) 47.990 (6.306) 2.925 (0.022) NaN

1.292 (0.018) 0.263 (0.061) 8.995 (2.450) 3.541 (0.032) NaN

1.172 (0.025) 0.724 (0.119) 27.322 (6.622) 2.044 (0.146) NaN

0.307 (0.061) 0.255 (0.179) 2.308 (1.386) 0.592 (0.131) NaN

Z1626 0.092 (NaN) 0.295 (NaN) 4.877 (NaN) 0.000 (NaN) 32.877 1.66

0.185 (0.005) 0.466 (0.019) 50.080 (NaN) 0.030 (0.010) 20.399 (0.038)

1.196 (0.013) 0.763 (0.062) 27.122 (NaN) 2.449 (0.040) NaN

1.286 (0.007) 0.336 (0.027) 15.224 (NaN) 3.441 (0.014) NaN

0.201 (0.023) 0.247 (0.069) 2.698 (NaN) 0.855 (0.047) NaN

Z1630 -0.046 (0.034) 0.226 (0.100) 4.816 (1.655) 0.000 (NaN) 33.225 (0.235) 0.91

0.171 (0.019) 0.509 (0.051) 34.145 (2.227) 0.007 (0.036) 20.200 (0.132)

1.168 (0.016) 0.194 (NaN) 57.084 (2.425) 2.462 (0.031) NaN

0.076 (0.121) 0.497 (0.229) 3.955 (1.889) 0.817 (0.318) NaN

Z1647 0.184 (0.007) 0.468 (0.019) 42.966 (1.623) 0.050 (0.013) 20.481 (0.047) 3.29

1.267 (0.005) 0.389 (0.017) 28.854 (1.382) 3.519 (0.010) NaN

1.179 (0.020) 0.703 (0.086) 16.948 (1.821) 2.365 (0.055) NaN

-0.002 (0.038) 0.377 (0.127) 5.086 (1.511) 0.000 (NaN) 33.371 (0.251)

0.168 (0.033) 0.483 (0.089) 6.147 (0.875) 0.757 (0.068) NaN

4.5 Thermodynamic treatment

As outlined above, the relationship between the Fe3+ / Fe2+ratio, oxygen fugac-

ity, and pressure can be expressed with equation 4.2, which can be rearranged
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into:

ln
XFeO1.5

XFeO
= −

(∆G0
r(4.1)

RT
+

� P
1

∆V dP (4.1)

RT

− ln
γFeO1.5

γFeO
+

1

4
ln fO2. (4.3)

To model the ferric iron content of a silicate melt as a function of oxygen

fugacity, the components of this expression were evaluated as follows.

4.5.1 Oxygen fugacity

For the primary set of experiments as well as those conducted with a MORB

composition, the oxygen fugacity of the experiments was imposed by the coex-

istence of Ru and RuO2, the determination of which as a function of pressure

and temperature is thoroughly detailed in chapter 3. For the experiments con-

ducted at metal saturation, the oxygen fugacity was assumed to be buffered

by presence of iron metal, discussed further in section 4.6.

The fO2 of the Ru + RuO2 has been parameterised as the following (detailed in

this work, chapter 3):

log10 fO2(Ru− RuO2) =
(
a0 + a1P + a2P

2 + a3P
3
)

+
(
b0 + b1P + b2P

2
)
/T + (c0 + c1P ) /T 2

with the coefficients:

a0 a1 a2 a3 b0 b1 b2 c0 c1

7.783 −0.0113 0.00209 −4.10 · 10−5 −13764 593.4 −4.08 −1.05 · 106 −4511

4.5.2 Standard-state free energy change

Three models for the standard-state Gibbs free energy of reaction 4.2 were

considered when fitting our data to a thermodynamic model. The first was

presented by Jayasuriya et al. (2004), from the premise that equation 4.2 can

be taken as the sum of the two reactions

Fe + 3
4
O2 = Fe3+O1.5

metal melt
(4.4)

and
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Fe + 1
2
O2 = Fe2+O

metal melt
(4.5)

hence, ∆G0
r(4.1) = ∆G0

r(4.4) − ∆G0
r(4.5). O’Neill and Eggins (2002) provide the

free energy change of reaction 4.5 as ∆rG(4.5) = −244118 + 115.559T − 8.474T lnT

(J · mol−1). Thermodynamic data for the free energy of reaction 4.4 is less

certain, due to the decomposition of Fe2O3 into Fe3O4 at 1730 K, even in pure

oxygen above 1 bar (Wriedt, 1991). Jayasuriya et al. (2004) therefore provide

an estimate for the free energy of reaction 4.4 as follows. The free energy of

reaction
Fe + 1

2
O2 = Fe3+O1.5

metal corundum
(4.6)

is given by Robie and Hemingway (1995) as ∆rG(4.6) = −411565 + 167.095T −
5.350T lnT (J · mol−1). Jayasuriya et al. (2004) assume a melting tempera-

ture for Fe2O3 of 2100 K, based on melting relations presented by Phillips and

Muan (1960); an extrapolation of the liquidus of the Fe2O3-rich side of their

phase diagram indicates a melting temperature for Fe2O3 of > 1900 K. In con-

junction, Jayasuriya et al. (2004) assume an entropy of melting ∆S0
m, based on

values for other corundum-structured oxides, of 24.5 J/mol ·K. The free energy

of melting for FeO1.5 is therefore approximated by ∆Gm(FeO1.5) = 24.5(T − 2100)

J ·mol−1. The free energy of reaction 4.4 can then be approximated as:

∆G0
r(4.4) = −360115 + 142.595T − 5.350T lnT

and the free energy of equilibrium 4.1 is thus:

∆G0
r(4.1) = −115997 + 27.036T + 3.124T lnT.

The second was taken from an evaluation of thermodynamic data presented in

Kowalski and Spencer (1995), which was determined from the melting phase

relations in the Fe-O system. The authors use data on solid FeO and Fe2O3,

compiled and presented by Sundman (1991, and references therein) to obtain:

0Gsolid
FeO = −279318 + 252.848T − 46.12826T lnT − 5.7402984 · 10−3T 2
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and
0Gsolid

Fe2O3
= −858683 + 827.946T − 137.0089T lnT + 1453810T−1,

which are both valid for temperature ranges 298.15 ≤ T ≤ 3000 K. From the

melting phase relations, Kowalski and Spencer (1995) give the Gibbs free en-

ergy of liquid FeO and FeO1.5 as:

0Gliquid
FeO = 0Gsolid

FeO + 34008− 20.969T

and
0Gliquid

FeO1.5
= 0.50Gsolid

Fe2O3
+ 39712− 20.007T.

These expressions are here combined and, with thermodynamic data for oxy-

gen compiled by O’Neill and Nell (1997, reported in table 3.6) parameterised

to give:

∆G0
r(4.1) = −131062 + 42.321T + 1.929T lnT.

The third, and ultimately most successful for reproducing our data, is the

model that was determined by Jayasuriya et al. (2004) as a fit from their

experimental data. The authors determined Fe3+/
∑

Fe values for glasses of

an anorthite-diposide eutectic composition as a function of oxygen fugacity

and fit their data to a regular solution model, with ∆rG(4.1) as a refinable

parameter, to obtain:

∆G0
r(4.1)/RT = 16201/T − 8.031.

4.5.3 Volumes of FeO and FeO1.5at high P/T

Fitting the high-pressure data requires an expression for
�

∆V dP , where ∆V

is the volume change for equilibrium 4.1. Although this volume change is pos-

itive at low pressures, our data indicate it must become negative at pressures

greater than 10 GPa. In order for this to occur, the FeO1.5 component must

be more compressible then the FeO component. We found the Murnaghan

equation of state, employed by O’Neill et al. (2006) and Zhang et al. (2017) to
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be insufficiently flexible to describe this rapid change in compressibility, and

so the effect of pressure on the volumes of FeO and FeO1.5 was evaluated with

a modified Tait equation of state (TEOS, Huang and Chow, 2002; Holland and

Powell, 2011). This form of EoS has the additional advantage that it is easily

rewritten as a function of pressure and solved without the need for iteration.

The isothermal TEOS is given by:

V

V0,T

= 1− a(1− (1 + bP )−c

or in terms of pressure:

P =
1

b

[(V/V0,T ) + a− 1

a

]−1/c

− 1


where

a =
1 + κ

′
0

1 + κ
′
0 + κ0κ

′′
0

b =
κ
′
0

κ0

− κ
′′
0

1 + κ
′
0

c =
1 + κ

′
0 + κ0κ

′′
0

κ
′2
0 + κ

′
0 − κ0κ

′′
0

.

V0,T is the volume at ambient pressure and the temperature of interest, κ0

is the bulk modulus at ambient conditions, and κ
′
0 and κ

′′
0 are the first and

second derivatives, respectively. Integrating V with respect to P yeilds the

contribution to ∆G0
r(4.1) from pressure:

P�

1

V dP = V0,TP

[
a(bP + 1)1−c

bP (1− c)
+ (1− a)

]
.

To account for the effect of temperature, the partial molar volumes (i.e., V0,T )

of FeO and FeO1.5 that have been determined by Lange and Carmichael (1987,

1990) to be 13650 + 2.92(T − 1673) and 21070 + 4.54(T − 1673) J/GPa, respec-

tively, were used to evaluate the thermal expansion and determine V0,T at the

temperature of interest.
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4.5.4 Compositional interactions

The effects of non-ideal interrelations arising from the various components of

the silicate melts on the Fe3+/Fe2+ ratio are described by the terms γFe3+O1.5

and γFe2+O in equation 4.3. Each component (e.g., MgO, CaO, etc.) will in-

teract with both the Fe2+O and the Fe3+O1.5, and, in addition, there are in-

teractions between the iron components themselves. Sack et al. (1980) and

Jayasuriya et al. (2004) describe a regular solution model to account for non-

ideal interactions in a multi-component system. For this model, the excess

free energy of mixing is given by

Gex =
n−1∑
i=1

n∑
j>1

XiXjWij

where Xi and Xj are the single-cation molar fractions of the components in the

melt (e.g., FeO1.5, MgO, NaO0.5), and Wij is the interaction (Margules) param-

eter between components i and j (e.g., Cemič, 2005; Sack et al., 1980). An

activity coefficient is then given by

ln γi =
n∑

j6=i

XiWij/RT −Gex.

Hence, the ratio of the activity coefficients for the iron components can be

written

ln
γFeO1.5

γFeO
=

n∑
j
Xj(WFe3+−j −WFe2+−j)/RT + (XFe2+O −XFe3+O1.5

)WFe2+Fe3+/RT (4.7)

with the term WFe2+Fe3+ describing the interaction between FeO1.5 and FeO.
Jayasuriya et al. (2004) provide a review of previous work to relate the fO2

of a multicomponent melt to Fe3+/Fe2+ ratio, and focus in particular on the
importance of the WFe2+Fe3+ term, which had not been previously included
in empirically-calibrated thermodynamic models. Substituting equation 4.7
into 4.3, and using values for the interaction terms empirically determined by
Jayasuriya et al. (2004) yeilds the full expression for the model:

ln
XFeO1.5

XFeO
=

1

4
ln fO2

−
(∆G0

r(4.1) +
� P

1
∆V (4.1)dP )

RT
− 2248

XMgO

T
+ 7690

XCaO

T
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+8553
XNaO0.5

T
+ 5644

XKO0.5

T
− 6278

XAlO1.5

T
+ 6880

(
XFe2+O −XFe3+O1.5

T

)
. (4.8)

4.5.5 Resulting model

The above components of equation 4.3 were combined in order to model the

Fe3+/Fe2+ ratio of silicate melts as a function of pressure, temperature, compo-

sition, and oxygen fugacity. Values for κ0 and κ
′
0 for FeO and FeO1.5 were then

fit from our data. Previous studies (O’Neill et al., 2006, Zhang et al., 2017)

had used values of κ0 for FeO and FeO1.5 determined by Kress and Carmichael

(1991) to be 30.3 and 16.6 GPa, respectively, though O’Neill et al. (2006) sug-

gested that a better fit of their data could have been obtained with a higher

value for FeO and a lower value for FeO1.5. Indeed, our data are best repre-

sented by a κ0 for FeO of 37 GPa, and 12.6 for FeO1.5. Additionally, previous

studies had used a value of 4 for κ′0 for both phases, whilst here we determine

values of 8 for FeO and 1.3 for FeO1.5.

Plots of the resulting model curves are in figure 4.6.
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Figure 4.6: Calculated model curves, predicting ferric iron content given the
Ru/RuO2 oxygen fugacity buffer, pressure, and temperature, plotted with
the data from the primary set of experiments (square data points). Literature
data (O’Neill et al., 2006; Zhang et al., 2017) is plotted as well (circles).

This model fits low-pressure data less well than the models of O’Neill et al.

(2006) and Zhang et al. (2017), but faithfully represents the data above 15

GPa, with the exception of the data at 23 GPa. The reason for this is likely in

the value for κ′′0, which, as described above, was fixed to a value equivalent to

that of a third-order equation of state, rather than refined. Due to the paucity

of data above 20 GPa, however, it would not be possible to refine a meaningful

value for κ0, κ
′
0, and κ

′′
0 simultaneously.

The values for κ0 and κ
′
0 reported here for FeO and FeO1.5 account for the

changes in compressibility that must occur with pressure in order to produce

the observed increase in ferric iron content. While the volume change of reac-

tion 4.1 is positive below 10 GPa, at higher pressures it must become negative.

In order for this to occur, the FeO1.5 component must be more compressible

then the FeO component, and the decrease in compressibility with pressure

must be much greater for FeO than FeO1.5; i.e., κ′ FeO � κ
′ FeO1.5. (κ′0 < 4).

100



4 Self-oxidation within a magma ocean

It has been suggested that ferric iron may more readily be incorporated into

high-coordination sites within a melt structure with increasing pressure (e.g.,

Hirschmann, 2012; Stixrude and Karki, 2005). Such a change in coordina-

tion would explain the the relatively rapid changes in volume necessary to

account for the experimental observations. The higher compressibility of the

FeO1.5 component cannot continue indefinitely to higher pressures, however.

It must ultimately become less compressible after the coordination change is

complete, as implied by the model at pressures above 23 GPa. Currently,

the data at higher pressures are insufficient to refine the κ′′0 terms, which are

highly correlated with the other equation of state terms.

4.6 Metal-saturated samples

The resulting model was used to calculate predicted ferric/total iron ratios

for both an andesite and a peridotite composition melt at the oxygen fugacity

imposed by the presence of iron metal, which can be determined from the

equilibrium of the iron-wüstite (IW) reaction:

2Fe + O2 = 2FeO. (4.9)

The fO2 at equilibrium can be expressed:

log fO2 =
2∆rG

0(4.9)

ln(10)
+ 2 log

amelt
FeO

aalloy
Fe

.

For pure phases, the activities are unity, and the oxygen fugacity of IW is

given by the first term. We estimate the oxygen fugacity of the metal-saturated

experiments discussed here by assuming pure iron metal (i.e., aalloy
Fe = 1) and

approximating amelt
FeO as Xmelt

FeO . The fO2 of the experiments is therefore estimated

as

log fO2 = log fO2(IW) + 2 logXmelt
FeO .

Campbell et al. (2009) parameterised the oxygen fugacity of the IW buffer as a

function of pressure and temperature as:
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log10 fO2 = (6.541 + 0.001P ) + (−28163.6 + 546.32P +−1.1341P 2 + 0.001927P 3)/T

The compositions of the metal-saturated experiments in mole percent are re-

ported in table 4.7

Table 4.7: Melt compositions of the metal-saturated experiments, given in
mole percent.

exp# SiO2 TiO2 Al2O3 MgO FeO CaO Na2O K2O

S6777 58.72 (0.56) 2.22 (0.06) 8.82 (0.08) 5.59 (0.15) 11.11 (0.41) 8.74 (0.11) 4.31 (0.06) 0.50 (0.02)

S6778 60.15 (0.36) 2.12 (0.07) 9.30 (0.07) 3.93 (0.10) 11.09 (0.20) 8.48 (0.11) 4.57 (0.10) 0.36 (0.01)

S6779 56.69 (0.12) 0.79 (0.03) 9.47 (0.02) 8.42 (0.13) 9.58 (0.31) 9.24 (0.08) 5.74 (0.14) 0.06 (0.01)

S6780 58.26 (0.43) 2.01 (0.34) 9.47 (0.52) 3.68 (0.21) 12.83 (1.00) 7.77 (0.15) 5.57 (0.56) 0.41 (0.11)

S6781 58.40 (1.29) 2.31 (0.47) 8.61 (1.91) 3.48 (0.81) 14.11 (1.83) 7.92 (0.98) 4.66 (1.10) 0.51 (0.12)

S6782 56.74 (4.47) 2.67 (0.26) 9.76 (0.14) 3.71 (0.02) 12.06 (3.99) 9.13 (0.39) 5.34 (0.31) 0.58 (0.07)

Figure 4.7 shows the result of this calculation compared with the same com-

putation for the andesitic composition and the results from experiments per-

formed with an andesite composition. To 20 GPa, the highest achieved pres-

sure at this oxygen fugacity in this study, the model faithfully represents the

experimental values, implying as expected that the increase in FeO1.5 results

from a change in sign of the ∆V of reaction 4.1. Additionally, the ferric iron

content of a peridotite melt reaches the modern MORB average value, ∼ 12 %

total iron, at around 20 GPa.
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Figure 4.7: Ferric iron content of the metal saturated experiments, compared
to the model predictions for peridotite and andesite composition.

The slight pressure dependence between the two compositions is a result of

the XFe2+ − XFe3+ interaction term, which changes with pressure as the fer-

ric/ferrous abundances change, and different compositions have different to-

tal iron. It should be noted that any changes in activity-composition effects,

i.e., the activity coefficients (Jayasuriya et al., 2004), as a function of pres-

sure are not known. However, the effect is expected to be small as the partial

molar volumes of FeO and FeO1.5 have been shown to be independent of melt

composition (O’Neill et al., 2006). In addition, the experiments performed with

MORB composition at 4 GPa show no indication whatsoever of a composi-

tional dependence, and the results from the partial melt obtained at 18 GPa,

if extrapolated to 100% melt, likewise suggest a small change at most.

An additional consideration addressed by the metal-saturated samples is the

possibility that FeO may disproportionate on quench, creating Fe metal and

Fe2O3. If this were to occur, the quench product would not be accurately

reflecting the ferric iron content of the melt. However, no metallic iron was

detected in the quench assemblage by either SEM or XRD analyses.
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4.7 MORB composition

The experiments conducted with MORB composition at the Ru+ RuO2 oxygen

fugacity buffer were plagued by the difficulty of reaching superliquidus tem-

peratures above 15 GPa without also melting the platinum capsule. An initial

attempt at 18 GPa yeilded only incipient melt, though it should be noted that

the starting composition for the MORB experiments had been fully reduced,

and so the result of 50% ferric iron still represents a large increase. A second

attempt, in which the melting temperature of the MORB was lowered by the

addition of liquid water into the experimental capsule, yeilded approximately

50% melt, and, as shown in figure 4.5, an increase in ferric iron, approaching

the value expected for 100% melt. Electron backscattered images of the exper-

imental products are shown in figure 4.8. It is thus plausible that the area over

which the Mössbauer spectrum was collected included both melt and residue,

and that a fully molten sample, if achieved experimentally, would match the

predicted melt ferric iron content at this oxygen fugacity.

Figure 4.8: Electron backscattered images showing the textures of the recov-
ered experiments with MORB composition performed at 18 GPa. On the right
is exp # Z1791, in which garnet (gray), stishovite (dark), and RuO2 (bright)
coexist. Only a small amount of melt has formed interstitial to the garnets.
The left image is exp # Z1850, in which the melt proportion was increased by
the addition of liquid water into the experimental charge. On the right of the
image, there is a clear quench assemblage, however the darker grains to the
left are unmelted garnets.
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Table 4.8: Composition of the garnet phase in recovered experiments Z1791
(incipient melt only) and Z1850 (∼ 50% melt), as compared to the initial bulk
MORB composition. Ferric iron content of the bulk composition is calcualted
from the model, assuming a full melt. All are in mole percent.

Bulk Z1791 Z1850
Fe3+/

∑
Fe 0.69 (0.04) 0.44 (0.04) 0.58 (0.04)

SiO2 54.59 47.53 (0.20) 46.10 (0.88)
TiO2 1.37 0.36 (0.07) 0.14 (0.02)
Al2O3 9.35 12.02 (0.11) 12.32 (0.19)
MgO 12.95 16.34 (0.60) 22.76 (0.50)
CaO 13.21 15.81 (0.19) 13.27 (0.26)
Na2O 2.91 2.27 (0.13) 1.67 (0.07)
FeO 2.81 3.93 (0.20) 2.16 (0.19)

Fe2O3 2.81 1.39 (0.20) 1.34 (0.19)
Ru2O3 0.31 (0.02) 0.19 (0.02)
PtO 0.04 (0.05) 0.04 (0.03)

The measured ferric iron content of the garnet in the unmelted sample, com-

pared with the predicted ferric iron content of a full melt of the same composi-

tion at the same pressure and temperature allow for an estimate of the ferric

iron garnet/melt partition coefficient at 18 GPa and 2473 K. Compositions of

the garnets, determined from EPMA, are reported in table 4.8, in mole percent.

The mineral/melt partition coefficient is given as

D
garnet/melt
Fe2O3

=
X

garnet
Fe2O3

Xmelt
Fe2O3

Where X is the mole fraction of the ferric iron component. Taking the ferric

iron concentration of experiment Z1791 (incipient melt only) as representative

of Xgarnet
Fe2O3

, and using the calculated ferric iron content of a full melt of the same

composition, gives Dgarnet/melt
Fe2O3

= 0.49± 0.05.

This is the first time to our knowledge that such an estimate has been made

for garnet or for any mineral at transition zone pressures. This value indi-

cates incompatible behaviour for ferric iron, as expected, but is greater than

most other mineral/melt partition coefficients that have been reported for fer-

ric iron. Mallmann and O’Neill (2009) report a value determined from data

from partitioning experiments of 0.45± 0.02 for clinopyroxene, but lower values

(∼ 0.2) for orthopyroxene and spinel. Whole-rock mineral/melt partition coef-
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ficients for ferric iron have likewise been estimated at ∼ 0.1 (Canil et al., 1994)

and ∼ 0.2 (Sorbadere et al., 2018).

Partitioning, however, is strongly dependent on pressure, temperature, and

oxygen fugacity, and these previous estimates have been considered for P/T

conditions relevant to MORB formation; i.e., ∼ 1− 3 GPa and ∼ 1200 ◦C, and a

range of oxygen fugacities. Our result for garnet implies that ferric iron may

in fact become more compatible lower in the mantle, at higher pressures and

temperatures, and when garnet becomes the most abundant phase. Small

degrees of melt at lower depths may therefore be less enriched in ferric iron

than their lower-pressure counterparts.

4.8 Platinum contamination of the fO2 buffer

Most of the samples in this study that were equilibrated in platinum capsules

had some Pt alloying with the Ru of the oxygen buffer. This dilutes the Ru,

lowering the Ru activity and thereby increasing the imposed fO2. This can

readily be seen from the buffer reaction:

Ru + O2 = RuO2 (4.10)

at equilibrium the imposed oxygen fugacity can be calculated from the expres-

sion

ln fO2 =
∆G0

r

RT
+ ln

Xoxide
RuO2

Xalloy
Ru

+ ln
γoxide

RuO2

γalloy
Ru

.

106



4 Self-oxidation within a magma ocean

Table 4.9: Activity coefficients for the Ru-Pt system, as given by Frank and
Neuschutz (2006).

XRu γRu aRu

fcc 0 0.946 0
0.1 0.797 0.0797
0.2 0.748 0.1496
0.3 0.766 0.2298
0.4 0.837 0.3348
0.5 0.957 0.4785
0.6 1.118 0.6708

0.654 1.22 0.79788
hcp 0.784 1.018 0.798112

0.8 1.016 0.8128
0.9 1.005 0.9045
1 1 1

If the alloy composition is homogeneous, this can be easily be accounted for

given the activity coefficient that governs the interaction between Ru and Pt,

the values of which are given by Franke and Neuschutz (2006) and are re-

peated in table 4.9. Five samples (see table 4.10) in this study, however, suf-

fered from an extremely inhomogeneous Ru-Pt alloy composition, rendering a

very large uncertainty in experimental fO2 (figure 4.9). These samples have

anomalously high ferric iron contents that do not match the model. This im-

plies that although the heterogeneity in Ru-Pt composition was high, the sam-

ples appear to have experienced the higher end of the oxygen fugacity range.

This is possibly because the Pt contents were highest at the grain boundaries

of the alloy, which is likely where the oxygen fugacity fixed. These samples are

indicated in grey in figure 4.5, and were excluded from the thermodynamic

analysis described in section 4.5.

The samples that suffered from contamination were those that were from the

low-mid range of pressures (6-10 GPa) and higher temperatures. Buffer alloys

from experiments at the same pressures but lower temperatures did not ex-

perience contamination, nor did those at higher temperatures but also higher

pressures, indicating that temperatures facilitates alloying between Ru and

Pt, but pressure inhibits it.
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Figure 4.9: log10 fO2 plotted against Pt content in the buffer alloy. When the
Pt content is low and fairly homogenous, the imposed fO2 of the Ru+RuO2
assemblage is very accurately known (vertical error bars are in some cases
eclipsed by the data point), whereas high, inhomogenous Pt contents impart
an incredibly large uncertainty in oxygen fugacity.
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Figure 4.10: Backscattered electron images of contaminated (top two im-
ages), and pure (bottom two images) RuPt alloys of the oxygen fugacity buffer
assemblage. Inhomogeneity in the alloys yeilded large uncertainties in the
imposed oxygen fugacity.
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Table 4.10: Buffer alloy compositions (Atom %). An (*) indicates extremely
large inhomogeneity in the buffer, and therefore very large uncertainty in the
imposed oxygen fugacity. These samples were excluded from the thermody-
namic analysis.

Sample Ru Pt
S6928 99.75 (0.14) 0.25 (0.14)
S6889 99.61 (0.20) 0.39 (0.20)
S6879* 81.20 (18.86) 18.80 (18.86)
S6820 99.76 (0.14) 0.24 (0.14)
S6811* 45.97 (24.76) 54.03 (24.76)
S6777* 81.26 (16.52) 18.74 (16.52)
S6510* 71.45 (26.07) 28.55 (26.07)
Z1794 99.49 (0.14) 0.51 (0.14)
Z1468 95.78 (2.19) 4.22 (2.19)
Z1621 97.91 (1.31) 2.09 (1.31)
Z1666 96.93 (1.82) 3.07 (1.82)
S6654 97.60 (0.20) 2.40 (0.20)
S6606 99.11 (0.70) 0.89 (0.70)
S6776 99.26 (0.66) 0.74 (0.66)

S6973 99.89 (0.11) 0.11 (0.11)
S6977* 59.23 (17.53) 40.77 (17.53)
Z1791 80.04 (2.24) 19.96 (2.24)
Z1850 95.49 (2.39) 4.51 (2.39)

4.9 Ru and Pt contents of silicate melts at high

pressure and temperature

The experimental data also provide information on the Ru and Pt solubilities

in silicate melts at high pressures and temperatures. The solubilities of highly

siderophile elements such as Ru and Pt in melts are strongly dependent on

oxygen fugacity, which in the current experiments is known very accurately.

Analysis of the experimental data has the advantage that the metal concentra-

tions at oxygen fugacities buffered by the presence of RuO2 are relatively high

in the silicate melts, and so their uncertainties are low. More importantly, the

fO2 dependence of the solubilities can also be used to place constraints on the

valence state of the metal dissolved in the silicate.
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Figure 4.11: Mole fractions in log units of Ru and Pt in silicate melt as a
function of pressure.

Figure 4.11 shows the concentrations of Ru and Pt in the silicate melt as a

function of pressure. While Pt values remain virtually constant over the P and

T range, Ru shows a sharp rise at low pressure but also a gradual rise at

higher pressures. To analyse these data in terms of Ru oxide valence and to

separate any effect of pressure, however, effects of fO2 and temperature need

to be considered. In order to define the oxygen fugacity dependence, we need

to be able to compare with previous studies that have examined metal silicate

partitioning (e.g. Mann et al., 2012). The partitioning of a highly siderophile

element M between metal and silicate is controlled by the redox equilibrium:

Mmetal +
n

4
O2 = MOsilicate

n/2

where n is the valence state of the metal in the silicate melt. The partition

coefficient D for element M can be defined from the mole fractions (X) of the

element in the metal and melt, i.e:

D =
Xmetal
M

Xsilicate melt
M

.
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For solubility measurements, the pure metal is present such that Xmetal
M = 1. A

plot of the variation of logD with oxygen fugacity can be used to obtain an idea

of the valence state n of the metal dissolved in the silicate melt, as it should

follow the relation

logD = −n
4

∆IW + const

where ∆IW is the oxygen fugacity, which in this case is normalised to the

iron-wüstite oxygen buffer.

Figure 4.12: Plot of logD of ruthenium in silicate melt against oxygen fu-
gacity, normalised to iron-wüstite. At ambient pressures, the gradient de-
termined by Borisov and Nachtweyh (1998) is consistent with a 3+ valence
for Ru in the melt. At higher pressures, however, Ru appears to have a 2+
valence state, based on the data of Mann et al., which is consistent with the
data from this study once the effect of temperature is considered.

Figure 4.12 shows such a plot determined from Ru solubility data from this

study, compared with that of Mann et al. (2012) and Borisov and Nachtweyh

(1998). The gradient of the data of Borisov and Nachtweyh (1998) is consistent

with a valence of 3+ for Ru in the silicate melt at 1 bar, whereas Mann et al.

(2012) proposed that at higher pressures the gradient was more consistent
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with a valence of 2+ in the melt. Data from the current study at the same

pressure plot above this extrapolated 2+ curve, but this is expected as there is

a temperature difference between the data of 450 K, which can account for this

difference. If the valence state of Ru were 3+ at 6 GPa, the curve extrapolated

from the data of Mann et al. (2012) would miss the solubility data by almost

5 log units, which is unrealistic. For this reason, it is likely that the melt

valence state remains 2+ even at these much higher oxygen fugacities. Melt

composition also seems to have very little effect on Ru solubility because both

MORB and andesitic melt compositions result in very similar values.

In order to compare the P and T effect of the datasets we can define an ex-

change coefficient KD,

logKD = logD +
n

4
∆IW,

which should remove the effect of fO2 if the valence state for the metal in the

melt is chosen correctly. The consistency between KD values from this study

and those of Mann et al. (2012), from similar P and T conditions but 10 log

units lower in fO2, confirms that the choice of 2+ for the valence of Ru in

the melt must be correct (figure 4.13). Most of the variation in KD over both

data sets can be attributed to changes in temperatures. However, there is

an apparent displacement in the temperature - log KD trend at approximately

2000 K, the origin of which remains uncertain. Nevertheless, the results from

this study makes this one of the most complete high P and T datasets for any

highly siderophile element.
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Figure 4.13: Plot of logKD of Ru , which removes the effect of oxygen fu-
gacity, in the silicate melt against temperature. The data from this study
are consisitent with the results of Mann et al., (2012), despite a difference of
10 log units in oxygen fugacity, indicating that the valence state of Ru was
indeed 2+.

4.10 Effect of crystallisation on ferric/ferrous ratio

Experiments above 10 GPa crystallised on quenching into a homogeneous as-

semblage (see table 4.4). There remains some uncertainty as to whether the

crystalline samples faithfully record the ferric iron content of the silicate, or

if a a redox exchange reaction on crystallization could affect the Fe3+/
∑

Fe

ratio, as has been proposed for Fe3+ and Cr2+ bearing melts (Berry and O’Neill,

2004). Figure 4.14 shows the transition from a glassy sample to a crystalline

assemblage, with no change in measured ferric iron content observed between

samples at similar pressures but different textures. This is good evidence that

there is no major redox reaction that occurs on crystallisation in these sam-

ples, suggesting that the crystalline samples do in fact record the ferric iron

content of their previous molten state, at least as well as the glassy samples.
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Figure 4.14: The transition from a glassy quench to a crystalline assemblage,
for our samples and the literature data, occurrs at approximately 8 GPa. No
change in ferric iron content is seen as a result, suggesting that there is no
redox reaction occurring during crystallisation.

One possible exchange reaction would involve RuO dissolved in the melt. As

described above in section 4.9, even at high oxygen fugacities the oxidation

state of Ru in the melt is 2+, i.e., RuO. It is possible that some of the dissolved

RuO reduced to Ru metal on quench, in turn oxidising FeO in the melt and

thereby increasing the ferric/ferrous ratio; i.e., RuO+2FeO = Fe2O3+Ru. While

the solubility of Ru does increase with temperature, the highest-pressure sili-

cates contain only about ∼ 1 mole percent RuOx (see table 4.3). Even if 100%

of this RuO reduced to Ru on quenching, it would not have changed the fer-

ric/ferrous ratio enough to explain the increase in ferric iron content that we

observe. Furthermore, X-ray diffraction analyses of the quenched silicates in-

dicate that Ru has crystallised on quenching to form RuO2, indicating that, if

anything, RuO oxidised to RuO2 during crystallization, which would raise the

ferric iron contents of the actual melts to an even higher level at high pres-

sures. It should be noted, however, that small concentrations of Ru metal

would be unlikely to be detected by X-ray diffraction. Figure 4.15 shows the
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maximum plausible effect of RuO reduction and FeO oxidation during quench

crystallization, which is still relatively small. The effect of RuO oxidation to

RuO2 would move the data by the same amount only in the opposite direction.

The most likely reaction of the RuO in the melt would have been for it to dis-

proportionate during quenching, such that 2RuO = Ru + RuO2, resulting in

no change at all to the oxidation state of the iron.

Figure 4.15: The Fe3+/
∑

Fe of samples as determined my Mössbauer spec-
troscopy as reported above (blue symbols), compared with the ratio as it
would have been during the experiment, if 100% of the RuO dissolved in
the melt reduced on quench, oxidising FeO (green symbols). It is possible
that the reduction of RuO on quenching increased the observed Fe3+/

∑
Fe

ratios; however, (1) it would not have been enough to explain the increase
in ferric iron with pressure, and (2), XRD analyses of the quenched silicates
indicate that, if anything, RuO oxidised during the quench.

Another possible exchange reaction could have occurred if water had been

inside the capsule and oxidised FeO on quenching, i.e., H2O + 2FeO = H2 +

Fe2O3. We consider this to have likely been a similarly negligible reaction, as

water contents were measured for two of the glassy samples, and also found

to be ∼ 1 mole percent. Furthermore, the oxygen fugacity in the experiments

was so high that it would have been unlikely for the reaction above to have
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proceeded significantly to the right.

4.11 Discussion and implications

Our experiments demonstrate a clear increase in the Fe3+/
∑

Fe ratio of sil-

icate melt with increasing pressure at a fixed relative oxygen fugacity. This

dependence can be attributed to a greater compressibility of the ferric iron

melt component compared to the ferrous component, most likely due to ferric

iron being more readily incorporated into a higher-coordination environment

with pressure (Mysen and Virgo, 1985; Brearly, 1990; Stixrude and Karki,

2005; Hirschmann, 2012). Although we determine this effect principally in

an andesitic melt at a relatively high oxygen fugacity (Ru-RuO2), the effect of

pressure on the volume difference of the iron melt components is a constant

at any oxygen fugacity. This is confirmed by our results obtained from melts

equilibrated with iron metal. At pressures above 15 GPa, the ferric iron con-

tents of these melts increase in good agreement with the prediction of equation

4.8 calculated at the conditions of the experiments, even though this equation

was only fitted to the results obtained in equilibrium with Ru and RuO2.

Activity coefficients for the individual melt components will influence the rela-

tionship between oxygen fugacity and melt Fe3+/
∑

Fe ratio for different melt

compositions. Our attempts to examine the effects of melt composition, how-

ever, were hampered at high pressure by the high liquidus temperature of

MORB composition melts, which resulted in only partially molten assem-

blages. However, successful experiments at 4 GPa indicate no discernible

effect of composition, and the results obtained at 18 GPa, if extrapolated to

100 % melt, indicate that any effect must be relatively small.

The stabilisation of the ferric iron component in silicate melts with increasing

pressure therefore mirrors similar changes that have been reported for mantle

minerals over similar pressure intervals (Frost et al., 2004; Rohrbach et al.,

2007; Shim et al., 2017). These results imply that the equilibrium,

3FeO = Fe2O3 + Fe0,
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involving ferric and ferrous iron mineral components, will shift to the right

with increasing pressure. This will force the precipitation of metallic iron in

systems that are initially poor in Fe2O3 at low pressures, such as that of the

Earth’s mantle during and just after differentiation. Our experiments indicate

that a similar effect will occur in silicate melts at high pressures, which will

have a number of important implications for the oxygen fugacity and volatile

speciation in magma oceans.

Accretion and core separation of the Earth were likely accompanied by ex-

tensive melting of the mantle. Numerical simulations indicate that after an

initial stage of runaway growth that produced Moon to Mars sized planetary

embryos, the final stages of formation was mainly through giant impacts in-

volving these embryos. (e.g., Chambers and Wetherill, 1998; Agnor et al.,

1999; Morbidelli et al., 2000; Raymond et al., 2004). These final collisions,

the very last of which is considered to have resulted in the formation of the

Moon, would have led to melting of the entire Earth. This would have been fol-

lowed by crystallisation of a global magma ocean. Such magma oceans would

not only have been in at least partial equilibrium with core forming metallic

and sulfide phases, but also with the protoatmosphere, a significant propor-

tion of which must have degassed from this silicate melt. As a result, the

magma ocean stages of planetary formation likely had a major influence over

the distribution of volatiles in the Earth system (Hirschmann, 2012).

By rearranging equation 4.8, the oxygen fugacity of a magma ocean composi-

tion can be calculated for a given bulk Fe3+/
∑

Fe ratio as a function of pres-

sure, as shown in figure 4.16. The modern upper mantle is often cited as

having approximately 3 % of iron in the ferric state (Canil et al., 1994; Frost

and McCammon, 2008) but, given that this is mainly based on analyses of

xenoliths from the lithosphere, a slightly higher value may also be justified.

In figure 4.16 the oxygen fugacities of magma oceans with bulk silicate Earth

compositions are calculated as a function of pressure for Fe3+/
∑

Fe ratios of

0.03, 0.045 and 0.1 along a magma ocean adiabat (Miller et al., 1991). It

is assumed that a magma ocean would convect sufficiently rapidly to ensure

homogeneous ferric iron content throughout the depth of the magma ocean

(Solomatov, 2000). As shown, regardless of the bulk Fe3+/
∑

Fe ratio, a gradi-
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ent in oxygen fugacity is established for each constant bulk Fe3+/
∑

Fe ratio,

such that the magma ocean can be near or above FMQ near the surface but at

or below the iron-wüstite buffer, where iron-nickel metal would become stable,

(O’Neill and Wall, 1987; Frost and McCammon, 2008) at pressures above 20

GPa.

Figure 4.16: Plots of the oxygen fugacity profile of a magma ocean with 3%,
4.5%, and 10% Fe3+/

∑
Fe ratios along a magma ocean adiabat. The 3%

and 4.5% values bracket the estimates for modern upper mantle ferric iron
content (e.g., Cottrell and Kelley 2011). Also plotted is the QFM buffer at the
same conditions to 5 GPa. A magma ocean with 3% ferric iron would be well
below IW at 25 GPa but nearly 4 log units more oxidised at low pressures.

This has two main implications. First, it can explain how the oxygen fugacity

of the whole mantle was raised after core formation ceased. During core for-

mation, upper mantle materials at pressures < 15 GPa would have contained

insignificant levels of ferric iron, as the oxygen fugacity would have been fixed

by equilibration with core-forming metallic iron. If the magma ocean extended

to depths where pressures were > 20 GPa, FeO would have disproportionated

in order to produce sufficient ferric iron in the silicate melt to satisfy the melt

ferric/ferrous iron equilibrium (4.1) at these redox conditions (Figure 4.7).

Metallic iron would have therefore precipitated out of the silicate melt. This
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would raise the ferric iron content of the magma ocean in the regions where

metallic iron precipitated, but, after convective mixing, the bulk Fe3+/
∑

Fe ra-

tio of the entire magma ocean would increase. If the precipitated iron metal

then separated to the core, potentially along with accreted metal that had

ponded after raining out from the magma ocean, the bulk oxygen content of

the entire mantle would have increased, potentially to the present-day level

that appears to have been already established by the start of the geological

record (Canil, 1997; Delano, 2001; Trail et al., 2011).

Second, after any phase of deep magma ocean formation (i.e., to > 20 GPa),

once metal had rained out, a gradient in oxygen fugacity would be established,

as described above, such that while the base of the magma ocean may have

been in equilibrium with metallic iron, at the surface, redox conditions at or

even above FMQ would have prevailed, depending on the depth of the magma

ocean. At FMQ or above, CO2 and H2O would be the main components de-

gassing from the mantle to form an atmosphere (figure 1.4). This probably

means that once the Earth had accreted to a size where mantle pressures

exceeded 20 GPa, continued accretion of planetary embryos would have ren-

dered magma oceans of a sufficient depth to ensure that the degassing atmo-

sphere was oxidised, i.e., CO2 and H2O. On the other hand, magma oceans

on smaller bodies such as the moon, Mars, and Vesta would have been of

insufficient depth to stabilise significant ferric iron in equilibrium with iron

metal. This can explain why their mantles appear today to be more reduced,

i.e., closer to IW (Herd et al., 2002; Wadhwa, 2008; Pringle et al., 2013), than

the Earth’s, despite Mars and Vesta being further out from the sun and there-

fore, presumably, deriving from more oxidised, volatile-rich material. At these

more reduced conditions, the main degassing species would have been H2, CO

and H2O which, on cooling, would have rendered an atmosphere rich in H2O,

CH4 and H2 (Hirschmann, 2012). These lighter species would have been more

susceptible to atmospheric loss, which may have implications for the cool-

ing history of a magma ocean and the volatile inventory of a planet. A thick

CO2 and H2O atmosphere would have insulated the underlying magma ocean,

maintaining a molten surface and thus facilitating exchange between the two

reservoirs, while a thinner or nonexistent atmosphere may have allowed for
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the surface of the magma ocean to form a quench lid, effectively isolating

the mantle from the atmosphere (e.g., Abe and Matsui, 1985; Elkins-Tanton,

2012).

Previous studies have proposed that a similar shift in equilibrium 4.1 to the

right would occur as the lower mantle crystallised to form the mineral bridg-

manite, which also contains high levels of ferric iron in equilibrium with iron

metal (Frost et al., 2004; Shim et al., 2017; Andrault et al., 2018). Loss of pre-

cipitated iron metal from the solid lower mantle through further core formation

could then have raised the bulk oxygen content of the entire mantle after con-

vection. This process may have also contributed to the increase in the bulk

oxygen content of the mantle, however, the homogenisation process is depen-

dent on solid-state whole mantle mixing, which would have almost certainly

required a longer time scale than homogenisation of a magma ocean. The

current scenario, involving a magma ocean, makes the oxidation processes

inevitable, provided the magma ocean is sufficiently deep. Due to the rapid

homogenisation of the Fe3+/
∑

Fe ratio, oxygenated atmospheres may prevail

even before the end of accretion. As soon as metal has rained out, which

has been suggested to be efficient process (Ichikawa et al., 2010), an oxygen

fugacity gradient would be established, allowing for an oxidised atmosphere.

Our current results imply the precipitation of metallic iron at pressures above

20 GPa, but a magma ocean can potentially have encompassed the entire

mantle. This leaves open the question as to the behaviour of iron components

at much higher pressures. Ultimately, the compressibility of the FeO1.5 melt

component will likely start to rival that of FeO, and the rising trend in melt

Fe3+/
∑

Fe ratio with pressure may start to reverse, as implied by our model

fit shown in figure 4.6. A magma ocean that bottoms out in the deep lower

mantle may not necessarily have high equilibrium ferric iron contents. Al-

though the crystallisation of a magma ocean may be complicated by regions

of mineral flotation and neutral buoyancy (e.g., Elkins-Tanton, 2012 and ref-

erences therein), most of the lower mantle should have crystallised from near

the base upwards as cooling occurs. Although initial crystallisation of the

magma ocean may have had to occur, a depth would be eventually reached

where metallic iron would precipitate if the previous crystallisation had not
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already rendered a magma ocean composition with raised ferric iron content.

Hirschmann (2012) has speculated that if a deep magma ocean featured a

gradient in oxygen fugacity, a carbon “pump” could have operated that would

have removed CO2 from the atmosphere and precipitate it as diamond in the

interior. This would explain the relatively high abundance of carbon compared

to other volatile elements in the present-day mantle. The carbon dioxide con-

tent of a melt which is in equilibrium with graphite or diamond would drop

with depth as the oxygen fugacity decreases. This is shown in figure 4.17

calculated using the model of Duncan et al. (2017) for the oxygen fugacity

of a magma ocean with a Fe3+/
∑

Fe ratio of 0.045. Although this model is

extrapolated far above the pressures over which it was calibrated, its ther-

modynamic basis and the fact that CO2 will inevitably reduce to graphite or

diamond with decreasing fO2 (Stagno and Frost, 2010) ensures that the pre-

dicted trend is at least qualitatively correct. If the magma ocean remains in

equilibrium with a CO2-rich atmosphere, then the concentration of CO2 in

downwelling magma, although likely very low, must eventually reach carbon

saturation. This would most likely occur at pressures over 15 GPa where the

CO2 content of the melt at saturation drops to below 10 ppm. At this depth,

diamond would precipitate and should also be neutrally buoyant at approx-

imately the same depth (Ohtani and Maeda, 2001). With time, the carbon

content of the mantle would gradually rise, even if the flux of CO2 in the melt

itself from the surface was very low. One caveat to this scenario is that at

low oxygen fugacities the concentration of CH4 in the melt may also start to

increase. This is difficult to asses as methane solubility would also depend

on the hydrogen fugacity of the melt, although this may have been relatively

low due to degassing (Hirschmann, 2012). Simple C-O-H fluid calculations

also predict low CH4 concentrations in the gas at conditions where the CO2

content also drops to low levels, which seems to agree with the available re-

sults on the behaviour of silicate melt CH4 contents (Ardia et al., 2013). As

the Earth experienced a relatively late stage giant impact, this carbon pump

mechanism might have been important in removing carbon dioxide from the

atmosphere, while the absence of a late giant impact on Venus may have left

the atmosphere, by comparison, more enriched in CO2.
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Figure 4.17: The carbon dioxide content of a silicate melt in equilibrium with
graphite or diamond as a function of depth along an oxygen fugacity con-
strained by a bulk silicate Earth composition with a constant Fe3+/

∑
Fe ra-

tio of 0.045. With these parameters, the horizontal line shows that a magma
containing only 1 ppm carbon would reach carbon saturation at ∼ 20 GPa, at
which point diamond would exsolve. Calculated using the model of Duncan
et al. (2017).

In summary, our results demonstrate that the ferric iron component of silicate

melts becomes increasingly stabilised with pressure at a fixed relative oxygen

fugacity, at least to ∼ 25 GPa. This implies that a deep magma ocean that

is in equilibrium with metallic iron at its base could have a relatively high

ferric iron content throughout, such that the upper portions may have been

at a much higher oxygen fugacity. This may explain why the Earth’s upper

mantle appears to have been at FMQ since the beginning of the geologic record,

despite necessarily having been at equilibrium with iron metal during core

formation and therefore at or below IW.

A magma ocean with such a gradient in oxygen fugacity may have estab-

lished a carbon pump, in which downwelling magma containing even very

small amounts of CO2 would at some depth become carbon saturated and

exsolve diamond or graphite. This could explain why the mantle today has
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an overabundance of carbon, and possibly why the atmosphere of Venus is

comparatively enriched in CO2.

Finally, this oxidation mechanism can also potentially explain why the man-

tles of the moon, Mars, and Vesta are comparatively more reduced than the

Earth’s. Magma oceans on smaller bodies may not have attained the depths

necessary to stabilise ferric iron to the extent required for the production of

appreciable amounts of ferric iron, resulting in more reduced mantles despite

accreting from material that was presumably more oxidised.
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through accretion of water

5.1 Motivation

As introduced in section 1.3.2, the delivery of water late in the Earth’s ac-

cretion may have been a plausible mechanism to oxidise the mantle, however

it requires a process by which hydrogen would have been removed from the

system. Any hydrogen released through the disproportionation of H2O in the

mantle that is not removed in some way would simply reduce overlying mantle

and result in no net oxidation. One possibility for removing hydrogen would be

to dissolve it into a phase that is subsequently removed to the core, seques-

tering the hydrogen. Previous work has investigated hydrogen partitioning

between a silicate melt and metallic iron, and found that, hydrogen is quite

soluble in metallic iron at high H2O fugacities (e.g. Okuchi, 1997). However,

it has been recently proposed that hydrogen metal/silicate partition coeffi-

cients may be much lower and closer to ∼ 0.2 (Clesi et al., 2018), indicating

lithophile behaviour. Furthermore, raising the oxygen fugacity of the upper

mantle from metal saturation to FMQ requires the accumulation of Fe2O3,

which precludes the coexistence of metallic iron, at least at lower pressures.

The process of removing hydrogen from the mantle would, therefore, have had

to have continued even after the oxygen fugacity of the mantle had risen above

the level at which iron metal is stable.

It has long been suggested that many of the geochemical signatures of the

Earth’s mantle could be explained if the segregating liquid during the final

stage of core formation were a sulfide, rather than metallic iron (e.g., O’Neill,
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1991; Rubie et al., 2016). It is therefore perhaps more relevant to consider

whether hydrogen could be lost to the core by partitioning into a descending

sulfide liquid, as this appears to have been the final stage of core formation

after which the mantle could be oxidised. Any increase in Fe2O3 in the upper

mantle prior to this would have been reduced by more incoming metallic iron.

The recent work of Rubie et al. (2016) used the mantle abundances of the

highly siderophile elements to argue that sulfur, along with other volatile ele-

ments, must have been delivered to Earth throughout accretion and not solely

as a late addition. In their model, core formation proceeds as planetesimals

and planetary embryos are accreted to the growing Earth, each delivering a

metallic core, and/or varying amounts of volatiles, depending on its origi-

nal heliocentric distance. Some percentage of the Earth’s mantle equilibrates

with the core of the impacting planetesimal, depending on its size, and el-

ements are tracked as they partition into the core or mantle, depending on

their pressure and temperature-dependent partition coefficients (Rubie et al.,

2015; 2016). Abundances of the elements in the mantle are thus quantified

over time throughout accretion.

The sulfur concentration in the mantle resulting only from metal silicate parti-

tioning is higher than in the present day mantle concentration. The maximum

attainable sulfur concentration of a magma ocean that is in equilibrium with

iron sulphide liquid, i.e. the sulphur concentration at sulphide saturation

(SCSS), has been found to be a function of both pressure and temperture. A

magma will start to exsolve sulfide, however, if the concentration of sulfur in

the silicate melt exceeds a saturation limit (Mavrogenes and O’Neill, 1999).

Mavrogenes and O’Neill (1999) quantified the sulfur concentration at sulfide

saturation for a peridotite liquid, and showed that it decreases with pressure

and increases with temperature.

While average values along a magma ocean adiabat are large enough to ac-

commodate the full complement of sulfur delivered to the growing Earth in

the model, as a deep magma ocean cools towards crystallisation temperatures,

FeS sulfide would exsolve as the SCSS drops. High convection velocities would

have ensured that sulfur would have been well-mixed into the magma ocean

(Solomatov, 2000). FeS exolution would have therefore occurred throughout
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the magma ocean as it cooled, and the entire magma ocean would thus have

been in equilibrium with the FeS (Rubie et al., 2016). The higher density of the

sulfide would have meant it would sink and segregate to the core, removing

sulfur from the mantle and accounting for the difference in sulfur abundance

predicted by the accretion model and observed today. This would also explain

the slightly superchondritic abundance of some highly siderophile elements

(Laurenz et al., 2017; Rubie et al., 2017). In fact, these abundance provide

good evidence in support of the late stage separation of sulphide which was

originally proposed by O’Neill (1991) and referred to as a Hadean matte.

The separation of the Hadean matte would have been one of the final phases of

planetary differentiation. The question then arises of how its separation may

have affected the oxygen fugacity of the mantle, through the potential disso-

lution of either oxygen, hydrogen, or both. Experimental evidence suggests

that up to ∼ 10 mole percent of hydrogen may dissolve into solid FeS at 3 GPa

(Shibazaki et al., 2010). If hydrogen, supplied originally as water in accret-

ing planetesimals, was removed to the core in a sulfide melt, leaving oxygen

behind, the net result would be an increase in the mantle’s oxidation state.

Similarly, if oxygen dissolves in the sulphide melt as O rather than FeO, then

the oxygen fugacity of the mantle could have decreased.

The difficulty of such a study has been pointed out by previous workers,

specifically the fact that sulfide will necessarily crystallise during quenching,

and thus cannot record the entire H content. Recent work, however, has re-

ported measurements of some H in crystallised melts of metallic iron (Clesi

et al., 2018). The idea is that the solid metal has a finite H solubility, i.e., if

partitioning experiments are performed involving metallic and silicate melts,

the partition coefficient can be determined as long as the metal liquid hydro-

gen content is below the solid metal solubility limit. This, of course, requires

that bulk H concentrations are below the Henry’s law limit, but, the parti-

tion coefficient should be applicable to all concentrations below this limit. In

this work, we performed exploratory experiment measurements in order to de-

termine whether it may be possible to measure any H in quenched sulphide

melts. If this is the case, then by keeping the bulk H concentration lower than

the solubility in the quenched solid sulfide, it may still be possible to estimate
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a partition coefficient. Although it is also likely that the partition coefficient

changes at higher bulk H concentrations, lower concentrations may anyway

be more applicable to a terrestrial magma ocean.

Wykes and Mavrogenes (2005) proposed that sulfide melts may dissolve H2O

and release it on crystallisation. The authors used indirect observations to

propose that H2O is soluble in sulfide melts by performing piston-cylinder

experiments on oxide-free sulfides with added liquid H2O. While the authors

were unable to quantify the water concentration of the sulfide, they found

a depression of the sulfide melting temperature of 35 K as compared to dry

experiments. In addition, they report textural evidence in the quenched liquid

sulfide for a fluid phase, specifically vessicles and fluid pores. No oxides or

other indication that the H2O had decomposed to H2 and O, were present,

suggesting that the H2O itself was soluble in the liquid sulfide. They suggest

that their results support the interpretation that hydrous phases that have

been found around sulfide ore deposits originated from water that exsolved

from the sulfide as it cooled (Li et al., 1992; Wykes and Mavrogenes, 2005

and references therein). Buono and Walker (2015) proposed similarly that

a decrease in the FeS-Fe eutectic temperature may also be caused by the

solubility of H in the melt.

Quenched sulphide melts are also the main inclusions found in diamonds

(e.g., Pearson et al., 1998). Knowledge of the H content might provide some

useful information on the melt from which diamonds formed or the H contents

of the silicate or carbonate melts from which the iron sulphide melts may have

separated. To date, no one has ever attempted to measure the H content of a

quenched sulfide melt, and so the results presented here provide useful con-

straits on whether a liquid sulfide may retain any dissolved hydrogen during

crystallisation. H and O contents of sulphides coexisting with silicate melt

are then used to examine the effects of Hadean matte separation on the redox

state of the mantle.
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5.2 Approach

In order to investigate whether the interaction between core-forming sulfide

and mantle materials may have influenced the oxidation state of the mantle,

we have performed multianvil experiments in which a liquid FeS sulfide was

equilibrated with molten silicate. As the major goal of this study is to exam-

ine how the oxygen fugacity of the mantle may have been raised from iron

metal saturation to the level recorded in the upper mantle today, it is critical

to be able to both vary and measure the oxygen fugacity within the exper-

iments. The measurement of fO2 is particularly challenging because noble

metal sliding redox sensors (e.g. Stagno et al., 2011) will simply dissolve in

the sulphide melt. Varying the oxygen fuacity between experiments was ac-

complished by changing the initial Fe concentration of both the sulfide and

the silicate. Primarily, the oxygen fugacity of the experiments was determined

from the recovered samples by measuring the Fe3+/
∑

Fe ratios of the sili-

cate glasses with Mössbauer spectroscopy, and employing a thermodynamic

model with empirically fit parameters that relates ferric iron content to oxygen

fugacity (i.e., the model developed in this work, chapter 4, as well as the one

presented by O’Neill et al., 2006). In addition, Ni, V, and Mo were added as

oxides to the silicate (1 wt% each) in an attempt to provide an estimate of the

oxygen fugacity using the partitioning of these elements between the sulphide

and silicate melt.

Secondly, the behaviour of oxygen in sulfide melts was also examined. The

study of Fonseca et al. (2008), conducted in a 1-atm gas-mixing furnace at

1200-1400 ◦C, has shown that oxygen content in a sulfide liquid increases

as sulfur content decreases, potentially indicating that O replaces S in the

sulfide. Further, O solubility increases with oxygen fugacity, and the authors

observed up to 7 wt % in the FeS, and at high fO2 also occurs as FeSO (Fon-

seca et al., 2008). Therefore, a sulfide melt equilibrating with mantle material

may in fact remove oxygen from the system, thereby reducing the redox state

of the mantle. Studies of oxygen solubility in liquid sulfides at high pressure

are scarce, however, though the studies of Wendlandt (1982) and Mavrogenes

and O’Neill (1999) suggest that the oxygen content of sulfides decreases at
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increasing pressures and temperatures. However, their experiments were fo-

cused on determining SCSS, and oxygen content was not measured directly

but a low oxygen content in the sulfide liquid was inferred from a lack of ox-

ides. The study of Fonseca et al. (2008) was focused on oxygen solubility

rather than partitioning, and so to date there are no experimental studies to

examine the partitioning behaviour of oxygen between a liquid sulfide and a

silicate melt.

Finally, as described above, if water accreting to the early Earth supplied the

oxygen necessary to raise the fO2 of the mantle, some process must have

been removing hydrogen from the system. In order to place constraints on

whether hydrogen may have been removed to the core via a sulfide melt, we

attempt to determine a partition coefficient between a liquid sulfide and a

molten silicate. Here we present results from an explorative study in which

we attempt to determine the possibility of measuring hydrogen in a quenched

sulfide melt. It must be emphasised that any H content measured in the

sulphide melt can only be treated as a minimum. However, before taking steps

to examine in detail the solubility of H in the solid quenched sulphide it is first

necessary to determine if any H can be detected at all. This work will therefore

investigate the partitioning of oxygen and hydrogen between liquid sulfide and

silicate melts in order to better understand the possible effects that episodes

of sulfide-dominated core formation may have had on the oxidation state of

the mantle.

5.3 Experimental methods

To investigate whether a descending sulfide could have influenced the redox

state of the mantle, a series of experiments was performed to determine hy-

drogen and oxygen partitioning between liquid sulfide and molten silicate. The

composition of the silicate was average mid-ocean ridge basalt (MORB, Gale et

al., 2013) mixed from reagent-grade oxides and carbonates, ground together

under ethanol with an agate mortar and pestle. Oxides had been devolatilised

at 1000 °C for three hours prior to weighing, and the bulk composition was
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further devolatilised after preparation for 12 hours at 1000 °C. To change the

oxygen fugacity between the experiments, the iron content of both the silicate

(three compositions, compensated for by more or less MgO, see table 5.1) and

the sulfide was varied. To obtain the correct stoichiometry, FeO was added as

Fe2O3, and so after preparation the silicate portions were reduced overnight

in a CO-CO2 1-atm gas-mixing furnace at 1100 ◦C and an oxygen fugacity

∼ FMQ − 2 , i.e., conditions at which the Fe2O3 would fully reduce to FeO.

Each of the three MORB compositions was then mixed with pure reagent-

grade FeS sulfide, with a 60:40 silicate:sulfide weight ratio. Portions of the

MORB/sulfide mixtures then had an additional 5 wt% metallic iron powder

added, yielding a total of six different starting materials. Finally, water was

added as brucite (Mg(OH)2), the MgO component of which is included in the

reported silicate composition. See table 5.2 for quantities(see table 5.2).

Table 5.1: The three MORB-like starting compositions used in this study, in
wt %.

oxide Fe-2 Fe-5 Fe-10
SiO2 49.21 49.21 49.21
TiO2 1.64 1.64 1.64
Al2O3 14.33 14.33 14.33
CaO 11.10 11.10 11.10
Na2O 2.72 2.72 2.72
FeO 2.00 5.00 10.00
MgO 16.00 13.00 8.00
NiO 1.00 1.00 1.00
V2O3 1.00 1.00 1.00
MoO3 1.00 1.00 1.00

Two sets of experiments were performed, all in a 500 tonne multianvil press

with an 18/11 assembly at the Bayerisches Geoinstitut (see section 2.1 for

details of the multianvil technique). For the first set, two sample charges, con-

taining the same FeO content, both with and without added metallic Fe were

run simultaneously in stacked graphite capsules, which were in turn sealed

in welded Au80Pd20 capsules. Gold is less permeable to H as other metals, and

so was used in order to minimise water loss during the experiment (see figure

5.1). These experiments were first pressurised to 3 GPa. The temperature

was increased to 800 ◦C and held for three hours to allow the graphite cap-
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sules to sinter, minimising their porosity, in order to prevent melt escaping

the capsule. Experiments were subsequently heated to 1400 ◦C, superliq-

uidus temperature, and allowed to equilibrate for 15 minutes before rapidly

quenching by shutting off the power to the heater.

The procedure for the second set of experiments was similar, except that only

the MORB + FeS starting powder was used (i.e., with no additional Fe metal),

in a single graphite capsule, which was sealed in an outer Au80Pd20 capsule

as in the first set. The amount of water added was greater than in the first set;

0.4 wt% as opposed to 0.1-0.2 wt%, and they were run at a lower temperature

(1300 ◦C).

Figure 5.1: Experimental setup for hydrogen partitioning experiments.

Table 5.2: Conditions for all experiments. All were performed at 3 GPa
Exp Starting material Temperature (◦C) added water (wt%)

V1043a Fe-2 + FeS 1400 0.15
V1043b Fe-2 + FeS + Fe0 1400 0.29
V1044a Fe-5 + FeS 1400 0.15
V1044b Fe-5 + FeS + Fe0 1400 0.29
V1045a Fe-10 + FeS 1400 0.15
V1045b Fe-10 + FeS + Fe0 1400 0.29
V1052 Fe-2 + FeS 1300 0.43
V1053 Fe-5 + FeS 1300 0.43
V1054 Fe-10 + FeS 1300 0.43
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Recovered samples were mounted in epoxy resin and polished for analysis with

scanning electron microscope (SEM), electron probe microanalysis (EPMA),

and elastic recoil detection analysis (ERDA). Samples were then ground down

to 500 µm for transmission Mössbauer spectroscopy, and subsequently fur-

ther thinned to 100 µm for Fourier-transform infrared spectroscopy (FTIR).

5.4 Results

5.4.1 Texture and bulk composition

All samples were fully molten during the experiment. Recovered run prod-

ucts in all cases comprised one or more spheres of sulfide embedded in the

silicate glass (see figure 5.2). The silicate in experiments V1052 and V1053

crystallised on quench, and so were excluded from the study, as H2O con-

tents could not be determined. Bulk chemistry of the silicates and sulfides

was determined with EPMA and the results are in table 5.3. In order to obtain

bulk melt compositions the electron beam was defocused, which was partic-

ularly important to integrate the quenched crystallized sulphide composition.

Silicate analyses were performed with a 15 keV accelerating voltage and 15

nA, and a spot size of 10 µm, with the following standards: Al- spinel; Ca-

andradite; Na- albite; Si, Mg, Fe- olivine; S- FeS2; Ti- MnTiO3; V, Mo- metal;

Ni- NiO. Sulfides were analysed with 20 keV and 20 nA and a 30 µm spot size

with the following standards: O- Fe2O3; Si- FeSi; Fe- Fe metal; S- FeS2; Ni, V,

Mo, Au, Pd- metals.

133



5 Gradual oxidation of the mantle through accretion of water

Figure 5.2: Backscattered electron image of a typical run product. Spheres of
quenched, crystalline sulfide are embedded in the silicate glass. The red box
indicates the zoomed area shown in the right image. The brighter regions
of the sulfide are small amounts of pentlandite, which contains some Pd
contamination from the outer capsule. Darker regions of the sulphide appear
to be comprised of a stoichiometric FeSO phase, as described in Fonseca et
al. (2008).

The sulfide quench textures showed evidence of a crystallisation sequence

in which a monosulfide solid solution crystallised first, ultimately forming

pyrrhotite. Residual liquid around the pyrrhotite grains boundaries became

enriched in Pd, Ni, and O, and possibly H, ultimately forming pentlandite and

a stoichiometric FeSO, as reported by Fonseca et al. (2008). Some of these

pentlandite/FeSO-rich regions exhibited small voids (see figure 5.3). It is un-

clear whether these are a result of the loss of solid pieces of pentlandite which

were plucked during sample preparation, or if these voids represent a volatile-

rich fluid that was exsolved during quenching. The FeSO phase was reported

to be amorphous by Fonseca et al. (2008) but it likely accounts for much of

the oxygen content measured for the sulphide melt by defocusing the EMPA

electron beam.
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5 Gradual oxidation of the mantle through accretion of water

Figure 5.3: Quench texture of the crystallised sulfide. The dominant orig-
inally monosulphide solid solution (MSS) ultimately forms pyrrhotite. Sur-
rounding these grains are rims comprised of brighter and darker materials
that likely remained liquid after MSS had crystallized. These rims comprise
pentlandite (bright), containing some Pd from the outer capsule, and FeSO
(darker areas). Small voids may have formed by the separation of fluid phase,
but could equally be pentlandite grains that were plucked during sample
preparation.

135



5 Gradual oxidation of the mantle through accretion of water

T
ab

le
5
.3

:
R

es
u

lt
s

fr
om

E
P
M

A
an

al
ys

is
of

al
l
sa

m
p
le

s,
in

w
t%

1
0
4
3
a

1
0
4
3
b

1
0
4
4
a

1
0
4
4
b

1
0
4
5
b

1
0
5
4
-T

si
li
ca

te
s

S
iO

2
4
6
.6

8
(0

.1
1
)

4
4
.7

8
(0

.1
3
)

4
5
.9

7
(0

.2
4
)

4
2
.7

6
(0

.1
7
)

4
6
.1

4
(0

.1
2
)

4
5
.7

3
(0

.2
2
)

T
iO

2
1
.4

8
(0

.0
3
)

1
.3

7
(0

.0
3
)

1
.4

6
(0

.0
2
)

1
.3

7
(0

.0
3
)

1
.5

6
(0

.0
5
)

1
.5

1
(0

.0
5
)

A
l 2

O
3

1
3
.7

7
(0

.0
7
)

1
2
.9

3
(0

.0
6
)

1
3
.3

8
(0

.1
1
)

1
2
.5

7
(0

.1
1
)

1
3
.6

1
(0

.0
6
)

1
3
.5

7
(0

.1
1
)

F
eO

4
.0

7
(0

.1
9
)

1
0
.0

3
(0

.3
2
)

7
.6

8
(0

.3
3
)

1
4
.6

1
(0

.6
5
)

1
4
.2

3
(0

.4
6
)

1
1
.8

9
(0

.3
7
)

F
e 2

O
3

0
.7

2
(0

.1
9
)

0
.6

4
(0

.3
2
)

0
.6

7
(0

.3
3
)

1
.6

2
(0

.6
5
)

1
.0

7
(0

.4
6
)

0
.5

0
(0

.3
7
)

M
gO

1
6
.1

2
(0

.1
0
)

1
4
.6

2
(0

.1
0
)

1
4
.2

4
(0

.0
9
)

1
1
.6

9
(0

.1
0
)

7
.7

2
(0

.0
3
)

8
.7

7
(0

.0
7
)

C
aO

1
1
.0

6
(0

.0
5
)

1
0
.1

4
(0

.1
0
)

1
0
.5

9
(0

.0
9
)

9
.5

6
(0

.1
0
)

1
0
.3

5
(0

.0
8
)

1
0
.3

6
(0

.0
8
)

N
a 2

O
2
.8

1
(0

.0
5
)

2
.5

5
(0

.0
6
)

2
.6

9
(0

.0
5
)

2
.4

6
(0

.0
6
)

2
.6

9
(0

.0
5
)

2
.7

5
(0

.0
9
)

S
O

3
0
.4

8
(0

.0
2
)

0
.6

2
(0

.0
2
)

0
.5

7
(0

.0
3
)

0
.9

5
(0

.2
6
)

0
.6

3
(0

.0
4
)

0
.4

4
(0

.0
3
)

N
iO

0
.0

0
8

(0
.0

1
)

0
.0

0
6

(0
.0

1
)

0
.0

0
7

(0
.0

1
)

0
.0

0
9

(0
.0

1
)

0
.0

0
6

(0
.0

1
)

0
.0

1
1

(0
.0

1
)

V
2
O

3
0
.5

3
(0

.0
2
)

0
.5

6
(0

.0
1
)

0
.5

9
(0

.0
1
)

0
.5

8
(0

.0
2
)

0
.6

1
(0

.0
2
)

0
.6

6
(0

.0
2
)

M
oO

3
0
.0

2
(0

.0
2
)

0
.0

2
(0

.0
1
)

0
.0

3
(0

.0
2
)

0
.0

9
(0

.0
2
)

0
.0

2
(0

.0
1
)

0
.0

5
(0

.0
2
)

su
lfi

d
es

S
i

0
.1

0
(0

.1
9
)

0
.0

1
(0

.0
0
)

0
.0

4
(0

.0
5
)

0
.0

3
(0

.0
2
)

0
.0

4
(0

.0
5
)

0
.0

9
(0

.1
1
)

F
e

5
2
.4

8
(1

.8
8
)

6
1
.1

3
(0

.6
6
)

5
6
.4

6
(0

.6
6
)

6
0
.2

9
(0

.5
7
)

6
1
.4

8
(0

.4
4
)

5
6
.6

4
(1

.5
4
)

S
3
4
.0

9
(0

.9
1
)

3
3
.7

2
(0

.5
2
)

3
3
.7

9
(0

.7
7
)

3
2
.6

0
(0

.4
8
)

3
2
.6

7
(0

.7
1
)

3
4
.3

9
(0

.5
6
)

O
0
.7

8
(0

.3
5
)

2
.0

9
(0

.4
0
)

1
.5

0
(0

.4
4
)

2
.7

8
(0

.5
4
)

2
.2

3
(0

.4
7
)

1
.9

5
(0

.5
0
)

P
d

5
.3

7
(1

.3
8
)

0
.0

3
(0

.0
2
)

3
.6

4
(1

.4
0
)

0
.8

3
(0

.3
9
)

0
.2

4
(0

.1
0
)

0
.1

3
(0

.0
7
)

A
u

4
.6

0
(2

.0
1
)

0
.0

2
(0

.0
2
)

0
.5

9
(0

.4
7
)

0
.3

0
(0

.1
1
)

0
.3

2
(0

.1
2
)

0
.1

3
(0

.0
8
)

V
0
.2

1
(0

.0
2
)

0
.1

9
(0

.0
3
)

0
.2

2
(0

.0
6
)

0
.1

6
(0

.0
2
)

0
.2

0
(0

.0
3
)

0
.1

5
(0

.0
4
)

M
o

1
.4

1
(0

.0
9
)

1
.4

6
(0

.0
8
)

1
.6

1
(0

.1
1
)

1
.4

7
(0

.1
0
)

1
.3

7
(0

.0
6
)

1
.7

0
(0

.1
5
)

N
i

1
.0

7
(0

.0
5
)

1
.0

2
(0

.0
4
)

1
.2

3
(0

.0
3
)

1
.2

2
(0

.0
3
)

0
.8

2
(0

.1
1
)

1
.2

9
(0

.0
3
)

136



5 Gradual oxidation of the mantle through accretion of water

5.4.2 Oxygen fugacity

An important goal of this study was to understand oxygen and hydrogen par-

titioning between silicate and sulphide melts, at oxygen fugacities that would

have prevailed as the mantle oxidized from iron metal saturation to its present

day level. To that end, accutarely quantifying the oxygen fugacity that pre-

vailed during the experiment is critical. This was accomplished by measuring

the ferric iron content of the silicate glasses with transmission Mössbauer

spectroscopy. Samples were prepared as double-polished 500 µm thick sec-

tions, and data was collected for ∼ 10-20 hours. An example spectrum is

shown in figure 5.4. Each spectrum was fit with MossA software (Prescher

et al., 2012), using two Loretzian doublets, one each for Fe2+ and Fe3+, and a

single sextet for iron in sulphide. Determined Fe3+/
∑

Fe ratios are reported in

table 5.4 and hyperfine parameters are reported in table 5.5.

Figure 5.4: Example of a Mössbauer spectrum taken from one of the result-
ing experimental charges. The spectrum is somewhat broadened due to the
amorphous structure of the glass, and was fit with two Lorentzian doublets,
for ferrous (dark green) and ferric (light green) iron in the glass, and one
sextet (blue), arising from the iron in the sulfide.

Two models relating ferric iron content to oxygen fugacity for silicate melts
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were then used to calculate oxygen fugacity: the model developed here in

chapter 4, and the model presented by O’Neill et al., (2006). Results are in

table 5.4, and have been normalised to the quartz-fayalite-magnetite buffer.

The models were in good agreement with each other, with the model developed

in this work consistently approximately 0.3-0.5 log units lower than the O’Neill

model. In either case, the samples spanned a range of fO2 from approximately

QFM - 2 to QFM + 2, (∼ IW + 2.2 to IW + 5.3), which is a good range for

exploring the oxidation of a magma ocean from metal saturation. For this

study, the fO2 calculated by the model of O’Neill et al. (2006) was preferred,

as the model developed in chapter 4 was less accurate at low pressures.

Table 5.4: Ferric iron content of the samples as determined by Mössbauer
spectroscopy. The oxygen fugacity of the samples was calculated from the
ferric iron content of the silicate glass, using both the model presented in
this work (chapter 4) and the model developed by O’Neill et al. (2006).

Sample Fe3+/ΣFe log10 fO2 log10 fO2

(∆ FMQ, this work) (∆ FMQ, O’Neill et al., 2006)

V1043a 0.15 (0.04) 0.85 1.35

V1043b 0.06 (0.03) -0.71 -0.42

V1044a 0.08 (0.04) -0.40 -0.11

V1044b 0.10 (0.04) 0.04 0.33

V1045b 0.07 (0.03) -1.06 -0.77

V1054 0.04 (0.03) -2.25 -1.84
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Table 5.5: Hyperfine parameters obtained from transmission Mössbauer
spectra

Exp # Center shift FWHM Intensity Quad. split BHF χ2

V1043a sulfide 0.753 (0.035) 0.626 (0.120) 57.918 (10.480) 0.117 (0.069) 28.212 (0.233) 1

Fe2+ 1.053 (0.033) 0.543 (0.099) 35.712 (9.687) 2.017 (0.067) NaN

Fe3+ 0.230 (0.062) 0.097 (0.834) 6.371 (3.771) 0.566 (0.130) NaN

V1043b sulfide 0.751 (0.025) 0.289 (0.175) 43.229 (6.921) -0.178 (0.049) 31.000 (0.178) 1.06

Fe2+ 1.072 (0.018) 0.553 (0.076) 53.119 (6.775) 2.050 (0.043) NaN

Fe3+ 0.184 (0.089) 0.220 (0.389) 3.652 (2.925) 0.615 (0.194) NaN

V1044a sulfide 0.736 (0.026) 0.582 (0.110) 54.316 (6.914) 0.040 (0.050) 28.429 (0.198) 0.93

Fe2+ 1.079 (0.017) 0.565 (0.054) 42.100 (6.606) 2.050 (0.035) NaN

Fe3+ 0.301 (0.062) 0.163 (0.315) 3.585 (2.831) 0.710 (0.126) NaN

V1044b sulfide 0.745 (0.033) 0.700 (0.117) 45.016 (8.983) -0.004 (0.063) 28.913 (0.243) 1.31

Fe2+ 1.081 (0.021) 0.601 (0.054) 49.280 (8.543) 2.070 (0.044) NaN

Fe3+ 0.320 (0.084) 0.341 (0.323) 5.704 (5.027) 0.739 (0.208) NaN

V1045b sulfide 0.764 (0.013) 0.269 (0.084) 41.821 (4.207) -0.211 (0.027) 31.064 (0.087) 1.14

Fe2+ 1.053 (0.015) 0.549 (0.054) 54.043 (4.084) 2.079 (0.031) NaN

Fe3+ 0.210 (0.071) 0.183 (0.476) 4.136 (1.656) 0.564 (0.148) NaN

V1054 sulfide 0.726 (0.032) 0.487 (0.147) 47.820 (7.689) -0.229 (0.062) 29.581 (0.225) 0.95

Fe2+ 1.068 (0.012) 0.583 (0.049) 50.156 (7.536) 2.137 (0.043) NaN

Fe3+ 0.443 (0.071) 0.097 (0.584) 2.024 (2.177) 0.638 (0.160) NaN
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5.4.3 Behaviour of the minor elements and their potential use as

a proxy for fO2

Figure 5.5: Sulfide/silicate partitioning behaviour of molybdenum and vana-
dium as a function of oxygen fugacity, FeO content of the silicate, and tem-
perature. The diamond symbol denotes the experiment performed at a lower
temperature. Literature data from Li and Audétat (2012), Li (2014), and Lod-
ders and Palme (1991) is plotted for comparison. Data from Li and Audétat
(2012) was used with our data to fit a parameterised model for DSL/SM

Mo as a
function of fO2, FeO content of the silicate melt, and temperature (see text);
the resulting curves are also plotted.
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If an oxygen fugacity dependence can be calibrated for minor element par-

titioning between sulphide and silicate melt it could be used in later experi-

ments to determine the oxygen fugacity without the need to determine the melt

ferric/ferrous ratio. The nickel concentrations in the silicate glasses of our re-

covered samples were in general very close to the detection limit of the electron

microprobe. As such our results have extremely large uncertainties, and so

are not considered useful. Molybdenum concentrations in the silicate melt

were also low but certainly above detection limits and, as will be shown, could

be routinely used to determine the oxygen fugacities in such experiments.

The obtained molybdenum sulfide liquid/silicate melt partition coefficients,

DSL/SM
Mo , appear to have a weak dependence on the silicate melt FeO concentra-

tion but no clear fO2 dependence (Figure 5.5). Li and Audétat (2012) studied

a basanitic melt composition at 1.5 and 2.5 GPa and ∼1200-1300 ◦C. Their

data, also shown in figure 5.5, have a stronger fO2 trend but were also col-

lected over a narrower range in silicate melt FeO content. Li and Audétat

(2015) proposed an empirical expression to describe DSL/SM
Mo as a function of T,

silicate melt FeO content (in weight %) and oxygen fugacity normalised to the

FMQ oxygen buffer, i.e.,

DSL/SM
Mo = 8.66− 94000/T − 0.27 · (∆FMQ)− 2.34 · log(FeOmelt). (5.1)

This equation provides a poor description of our experimental results, to some

extent because our data extend to a higher temperature than that at which the

expression was calibrated. As the partitioning of Mo is clearly fO2 dependent,

at least in the data of Li and Audétat (2012), a change of oxidation state of

Mo between the sulfide and silicate melt is implied. The most likely change

would be from Mo4+ in the sulphide to Mo6+ in the melt (Lodders and Palme,

1991; O’Neill and Eggins, 2002), which can be described through the exchange

reaction:

MoOsilicate
3 + 2FeSsulfide = MoSsulfide

2 + 2FeOsilicate +
1

2
O2. (5.2)

If it is assumed that the equilibrium is not pressure dependent, then the Gibbs
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free energy for the equilibrium can be written as

∆rG = ∆H0 − T∆S0 +RT ln

[
XSL

Mo

] [
XSM

FeO

]2
[fO2]0.5[

XSM
Mo

] [
XSL

FeS

]2 (5.3)

Where SL, SM and X denote sulfide liquid, silicate melt, and mole fraction,

respectively, ∆H0 and ∆S0 are the standard state enthalpy and entropy of the

equilibrium, and R is the universal gas constant. The activity-composition

relations are, therefore, ignored and XFeS is then assumed to be 1. The ex-

pression can be rearranged:

log

[
XSL

Mo

]
[
XSM

Mo

] = logDSL/SM
Mo =

−∆H0

RT ln (10)
+

∆S0

RT ln (10)
− 1

2
log fO2 − 2 logXSM

FeO, (5.4)

which has a very similar form to equation 5.1. This expression, however,

predicts that the fO2 dependence should have the coefficient -0.5, and the

XFeO dependence -2, which is slightly different to the terms obtained by Li and

Audétat (2015). Through a combined fit of the data from this study and that

of Li and Audétat (2012) we derive the expression:

logDSL/SM
Mo =

−25300

T
+ 14.75− 0.41 log fO2 − 1.988 logXSM

FeO. (5.5)

The derived coefficients for XFeO is exactly that predicted for equilibrium 5.3,

and that for fO2 is very close. In fact, very little difference in the quality of

the fit occurs if an fO2 coefficient of 0.5 is used, in accordance with the most

plausible redox change of Mo. Curves for this equation are plotted in Figure

5.5. As can be seen, the fO2 dependence is quite strong but is to some extent

obscured in the current dataset by the FeO dependence. This seems to confirm

the proposed change in oxidation state of Mo between the sulfide and the

silicate melts, and also raises the possibility that the Mo partition coefficient

could be employed to determine the oxygen fugacity in such experiments.

Li and Audétat (2015) also report Mo sulfide/silicate melt partition coefficients

but the silicate melt compositions employed range through andesite to dacite,

and the partition coefficients do not agree with the parameterisation in equa-
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tion 5.5. This is most likely due to the raised level of polymerisation in the

melts. Similarly, the hydrous basanitic melts employed by Li (2014), which

contain several weight % H2O, are in poor agreement with equation 5.5 and

with the results of Li and Audétat (2012). This is possibly due to the very

raised H2O contents. Finally, data from Lodders and Palme (1990) from ex-

periments performed at 1 bar are also shown in Figure 5.5. In these data,

the effects of varying Fe/S ratio on Mo partitioning was also examined, and

only the data close to stoichiometric FeS melt are shown in Figure 5.5. Nev-

ertheless, these data seem to show a much shallower fO2 dependence, and

they also extend to lower values of fO2. This probably implies a change in the

redox state of Mo in the silicate melt either at lower pressures or lower oxygen

fugacities.

By rearranging equation 5.5 we obtain

log fO2 = 2
(−25300

T
+ 14.75− logDSL/SM

Mo − 1.988 logXSM
FeO

)
.

By assuming that the fO2 dependence is that expected from equation 5.4,

there is a slight improvement in the reproduction of the experimental oxygen

fugacities for the current data set, where the oxygen fugacities are reproduced

to ∼0.3 log units with only one outlier of 0.5 log units difference.

As shown in figure 5.5, there is no clear fO2 dependence in the partitioning

of V, either in the current data set or in that of Li and Audétat (2012). This

is somewhat surprising, because V is known to undergo a change in oxida-

tion state in silicate melts as a function of fO2, and mineral/melt partition

coefficients have been used to infer oxygen fugacity (Mallmann and O’Neill,

2009).

However, it should also be noted that the partition coefficients obtained in the

current study are about 1 order of magnitude higher than those obtained by

Li and Audétat (2012). Although T may have some effect, there are data points

from both studies at 1573 K and they differ by amounts that are far outside

of the uncertainties. The difference is also probably not caused by pressure,

as Li and Audétat (2012) examine one different pressure and no noticeable

difference occurs. The data of Li and Audétat (2015), on the other hand are in
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much better agreement with the results of this study. Further studies would

be required to identify the cause of this difference, which may arise through

some quite subtle, and therefore very interesting, chemical difference.

5.4.4 Hydrogen content

Hydrogen contents of the silicate glasses and quenched sulfide liquids was

subsequently determined with elastic recoil detection analysis (ERDA), at the

nuclear microprobe at CEA Saclay, France. Details of this method can be

found in section 2.2.5. For an ERDA analysis, great care must be taken with

sample preparation. Samples must be mirror-polished; due to the extreme

tilt angle required for analysis (75◦), any topography of the sample could block

the ejected protons from reaching the detector. In addition, epoxy, glues, and

most solvents contain H and so care must be taken to ensure that no contam-

ination can be introduced to the sample from these sources. For this study,

samples were embedded in indium and then mounted in epoxy. The indium

thus provided a 1-3 mm buffer zone between the sample and the epoxy, en-

suring that the analysis results would not be contaminated with a signal from

the epoxy.

As described in section 2.2.5, the nuclear microprobe uses a focused beam

of 4He+ for the analysis. Two types of measurements are required. For the

first, the incident beam is normal to the sample and chemical data is collected

with the particle induced X-ray emission (PIXE) and Rutherford backscatter

(RBS) detector. The RBS data also includes information on the charge on

the samples surface, which is directly proportional to the number of incident

particles, which is important for the interpretation of the ERDA spectrum. The

second measurement is made with the incident beam at 75◦ to the sample,

which is necessary to allow the ejected protons to be collected by the detector

(see figure 2.8).

The beam was scanned over the sample to create maps, which were 50 × 50

µm2, except in one case which was 30× 50 µm2, in order to obtain spectra that

are a more statistical representation of the bulk sample. For most samples

separate maps were taken of both the silicate glass and the sulfide, but in two
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cases maps spanning both phases were taken, and the appropriate regions

were extracted from the maps during data analysis (see figure 5.6). ERDA data

acquisition for sample V1045b was not possible, due to surface irregularities

of the sulfide.

For analysis, the software RISMIN (Daudin et al., 2003) was employed to ex-

tract the RBS and ERDA spectra from the data (this process is discussed

further in section 2.2.5 and Bureau et al., 2009). These spectra were then

processed with the software SIMNRA (Mayer, 1999). Table 5.6 contains the

normalised atom % compositions, including H, of all analysed samples.

Figure 5.6: The steps of processing ERDA data. (A) Backscattered electron
image, with the region that was analysed highlighted. (B) X-ray map of sil-
icon, clearly showing the two phases. Outlined is the area from which the
RBS and ERDA spectra were extracted for the silicate. (C) RBS spectrum of
of the silicate glass. The edges result from the different elements, but the
overall intensity is a direct function of the number of incident particles. (D)
ERDA spectrum, used to determine the number of protons ejected from the
sample.
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Table 5.6: Atom % composition
1043a V1043b V1044a V1044b V1045b V1054

silicate SiO2 47.27 45.82 47.21 44.96 49.30 51.84
TiO2 1.13 1.05 1.13 1.08 1.25 1.23
Al2O3 8.22 7.80 8.10 7.79 8.57 8.91
FeO 4.06 9.13 7.17 14.27 13.67 9.09
MgO 24.33 22.30 21.80 18.32 12.30 13.64
CaO 12.00 11.12 11.65 10.77 11.85 12.30
Na2O 2.76 2.53 2.68 2.51 2.79 2.69
SO3 0.36 0.48 0.44 0.75 0.51 0.35
NiO 0.006 0.002 0.006 0.008 0.004 0.006
V2O3 0.22 0.23 0.24 0.24 0.26 0.27
MoO3 0.01 0.01 0.01 0.04 0.01 0.01
H 1.13 2.07 0.93 1.61 1.74 1.57

sulfide Si 0.16 0.02 0.06 0.05 0.06 0.05
Fe 43.21 47.16 44.92 46.43 47.46 46.01
S 48.89 45.32 46.83 43.74 43.94 48.53
O 2.24 5.63 4.17 7.47 6.01 3.27
Pd 2.32 0.01 1.52 0.34 0.10 0.00
Au 1.07 0.00 0.13 0.07 0.07 0.00
V 0.19 0.16 0.19 0.14 0.17 0.15
Mo 0.68 0.66 0.75 0.66 0.62 0.61
Ni 0.84 0.75 0.93 0.89 0.60 0.76
H 0.26 0.20 0.33 0.15 0.65 0.42

In order to provide an independent evaluation of the ERDA results with a

more conventional technique, the water contents of the silicate glasses was

also determined with fourier-transform infrared spectroscopy (FTIR) at the

Bayerisches Geoinstitut. Absorption peaks resulting from the stretch of the

O-H bond, observed at λ = 2.8 µm, for the glasses were used to calculate water

contents using the method described in Stolper (1982):

c =
18.02A

dρε

where c is the weight fraction of water, A is the height of the absorption peak,

d is the thickness of the sample (cm, samples were thinned to 100 µm), ρ is

the density of the sample (estimated at 3000 g/l), and ε is an extinction coeffi-

cient, determined by Stolper (1982) to be 67 l/mol cm. The calculated water

contents are in table 5.7. The results are in good agreement with the water
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content of the glasses determined by ERDA, as is shown in figure 5.7. The

only sample for which the two methods do not agree is V1054, for which FTIR

returns a much larger value. It is possible that this is a result of accidental

surface contamination of the sample during storage or preparation for FTIR

measurements.

Table 5.7: FTIR-determined water content (wt ppm H2O) compared to ERDA
results

Sample Peak height FTIR ERDA
V1043a 0.5060 4725 4856
V1043b 0.912 8516 8760
V1044a 0.487 4547 3925
V1044b 0.780 7284 6590
V1045b 0.887 8283 7165
V1054 1.145 10692 6618

Figure 5.7: Weight ppm of H2O in the silicate glasses of the samples as deter-
mined by both ERDA and FTIR. In general there is good agreement between
the two methods, except for sample V1054, for which the value determined
by FTIR was much higher than the ERDA result.

The hydrogen contents of the sulfides are plotted in figure 5.8, as a function of

oxygen fugacity, Fe/S ratio of the sulfide, FeO content of the coexisting silicate,
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and pressure. For comparison, the data of Clesi et al. (2018) obtained on

quenched metallic liquids at pressures between 5 - 21 GPa and temperatures

between 2020 - 2775 K is also plotted. Although the concentrations of H

vary up to close to 1 atomic % there does not appear to be a consistent trend

that explains this variation. Although there might appear to be a weak fO2

dependence, this does not persist once the partitioning with the silicate melt

is also considered, as discussed later. The amount of H measured in the

sulfide is similar to that found in quenched iron melts by Clesi et al. (2018) at

similar conditions.

Figure 5.8: Mole fraction of hydrogen in the sulfide as a function of Fe/S
ratio in the sulfide, fO2, pressure, and mole fraction FeO in the coexisting
silicate. Data from metal/silicate partitioning experiments (Clesi et al., 2018)
is shown for comparison. For all plots, the diamond symbol denotes the
experiment with greater bulk water and a lower temperature equilibration.
Triangle symbols denote a data point from a separate study, performed at 3
GPa and 1823 K.
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5.5 Discussion

5.5.1 Oxygen partitioning

As shown in Figure 5.9, oxygen replaces sulfur in the FeS liquid. Fonseca et al.

(2008) identified a quenched stoichiometric FeSO phase in their experiments

performed at 1 bar, and in the current study this phase was also identified

in the quenched sulfide, as shown in figure 5.3. If the melt were considered

a solution of FeS and FeSO, the Fe content of the melt would also decrease

with increasing O, however, the FeSO phase is always in close proximity to

pentlandite (Fe,Ni)9S8, which balances the local decrease in metal cations.

Figure 5.9: The sulfur content of the sulfide melt decreases with increasing
oxygen content indicating that oxygen is replacing sulfur in the melt struc-
ture, indicating that oxygen is substituting for sulfur.

As only oxygen is entering the sulfide, the Fe/O ratio of a silicate melt in equi-

librium with a sulfide would increase as this occurs, whereas it would remain

constant if oxygen were entering the sulfide as an FeO component. A magma

ocean which is exolving FeS might therefore lose oxygen into a descending

sulfide phase, resulting in a net reduction of the remaining silicate as Fe2O3
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is reduced to FeO. The oxygen content in the sulfide increases as a function

of the FeO content of the silicate, as can be seen in figure 5.10A. Data from

previous studies (Laurenz et al., 2016) indicate that the oxygen content in the

sulfide also increases with temperature. What is quite surprising, is that the

oxygen contents of the sulfides show no dependence on oxygen fugacity, only

on the silicate melt FeO content, as shown in Figure 5.10. The reaction can

be considered to be

FeOsilicate = (Fe + O)sulfide. (5.6)

The compositional influence on the partitioning of oxygen can be removed by

defining an exchange coefficient for reaction 5.6, expressed as

KD =
Xsulfur site

O ·Xsulfide
Fe

Xsilicate melt
FeO

In Figure 5.10, the calculated oxygen KD is plotted and can be seen to be a

constant as a function oxygen content. Data from temperatures between 1573

and 2473 K also give a similar KD indicating little temperature dependence.

The data point from Laurenz et al. (2016) is from 7 GPa which also implies

very little pressure dependence.

Figure 5.10: Oxygen content of the sulfide. (A) Oxygen content of the sulfide
increases with FeO content of the silicate, but as shown in (B), the partition-
ing behaviour is constant with temperature and composition. The data point
from Laurenz et al. (2016) is at 2473 K and 7 GPa, while the triangle was
1823 K, circles at 1673 K, and diamond symbol at 1573 K, all at 3 GPa.

Using the determined value of KD, it is possible to estimate the extent of reduc-

150



5 Gradual oxidation of the mantle through accretion of water

tion that a silicate magma ocean as a function of the total amount of sulfide

separating from the melt, i.e., to calculate the amount of oxygen lost per mole

of exsolved sulfide. We consider a peridotite melt that has an FeO content of

8.7 wt% and an initial Fe3+/
∑

Fe ratio of 15%, that is at 1673 K and 3 GPa.

According to our data, at these conditions a coexisting sulfide should contain

∼ 4.1 mole % oxygen. Assuming this oxygen is deriving from the reduction of

Fe2O3 to FeO, the subsequent change in ferric/ferrous ratio will change the

oxygen fugacity as shown in figure 5.11, calculated with the model of O’Neill et

al. (2006). Therefore, the formation and separation of a Hadean matte would

result in the partial reduction of the silicate magma ocean from which it is

was separating. Although the effect is relatively small, oxygen would act in

opposition to any oxidation by H2O made possible through the loss of H in the

sulfide. See section 5.5.3 for further discussion.

Figure 5.11: Reduction of a silicate magma ocean that would occur from
the dissolution of oxygen into a coexisting sulfide melt that is subsequently
removed. The model of Rubie et al. (2016) suggests that ∼ 0.008 - 0.01 moles
of sulfide per mole of silicate would have been required to exsolve from the
magma ocean in order to explain the present-day abundance of sulfur and
superchondritic values of some HSEs in the mantle (indicated by the vertical
lines). The effect on the oxyfen fugacity of the magma ocean, therefore, would
have been a reduction of ∼ 0.2 log units.
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5.5.2 Hydrogen partitioning

The partitioning of hydrogen between the sulfide and silicate melt is quantified

by the molar partition coefficient, defined as

Dsulf/silicate
H =

Xsulfide
H

Xsilicate
H

where XH is the mole fraction of H in the silicate or sulfide. In this designation

no inference is made concerning the nature of the H species, which is certainly

H2O in the silicate melt and may well also be in the sulfide. In this study,

this value ranged between 0.1 and 0.4, suggesting nominally lithophile, rather

than chalcophile behaviour, and showing little variation with oxygen fugacity

or bulk water content. In figure 5.8, for the sulfide experiments conducted

for this study, there does appear to be a slight increase in hydrogen content

of the sulfide as oxygen fugacity decreases. When the partition coefficient is

considered, however, that dependence disappears and DH appears relatively

constant with fO2 (figure 5.12). The lack of fO2 dependence also makes it

difficult to determine whether H or H2O is present in the sulfide phase. A lack

of any dependence also raises questions as to whether the entire H content of

the sulfide was captured by the quenched assemblages or whether H or H2O

could have separated from the sulfide melt during quenching.
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Figure 5.12: Silicate/sulfide partition coefficient for hydrogen determined
for this study (blue symbols) plotted with those determined for metal/silicate
(red squares, Clesi et al., 2018), including one sulfide (red circle). Diamond
symbol denotes experiment with greater bulk water content added and run
at a 1573K rather than 1673 K. Triangle denotes experiment from a separate
study run at 3 GPa at 1823 K.

Experiments to investigate whether hydrogen could be an important light ele-

ment in the core have suggested that at high pressures (above 3 GPa) a signif-

icant amount of hydrogen could dissolve into metallic iron (Fukai and Suzuki,

1986; Okuchi, 1997; Iizuka-Oku et al., 2017). These partitioning experiments,

however, were performed with starting materials that contained water con-

tents of several weight percent, creating very high water fugacities within the

experimental charge and thereby saturating the iron. In these experiments,

the exsolution of hydrogen during quenching creates bubbles in the resulting

metals. By determining the volume of these bubbles and using estimates of

the hydrogen equation of state, it is possible to determine the original melt

hydrogen contents. In the study of Okuchi (1997), for example, these reach

approximately 40 atom % of the metal. Using X-ray diffraction and an esti-

mate of the effect of H on the volume of FeS liquid, Shibazaki et al. (2011)
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estimated that 9−10 mole percent H may enter the structure of solid FeS at

3 GPa. It must be appreciated however, that there are large uncertainties in

these determinations. There is the potential for significant amounts of H to

enter these phases but to be mainly lost during the crystallization that occurs

on quenching.

Following this reasoning, the recent work of Clesi et al. (2018) determined

metal/silicate partition coefficients for hydrogen using a similar procedure as

the one described here, employing H contents that are more applicable to

the plausible H2O content in a bulk silicate earth magma ocean, i.e. < 3000

ppm (Marty, 2012). Their resulting partition coefficients are plotted alongside

those determined for a sulfide for this study in figure 5.13. As in the current

experiments, it would seem that there is a finite and non trivial amount of H

in both metal and sulfide. The idea is that by lowering the bulk H content of

the experiment it may be possible to reach a metal or sulfide H content that

can be entirely preserved in the crystallized solid phase. In general, there is

good agreement between the datasets for both metal and sulfide, indicating

that hydrogen partitioning between a silicate and a sulfide is similar to that

between a silicate and metallic iron. Both suggest lithophile behaviour for

hydrogen, particularly at lower pressures.
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Figure 5.13: logDH between sulfide/silicate (this study, blue circles) and iron
metal/silicate (Clesi et al., 2018, red squares). There is general agreement
between the datasets; one of the data points from the previous study was a
sulfide, rather than Fe metal (red circle). Diamond symbol denotes experi-
ment with a higher added water content and run at 1573K, triangle denotes
experiment from a separate study run at 1823 K.

It is possible that more hydrogen could have been dissolved in the sulfide

during the experiment, and was lost upon quench crystallisation. Wykes and

Mavrogenes (2005) used the depression of melting to propose H2O dissolved in

sulphide melts, whereas at lower oxygen fugacities Buono and Walker (2015)

proposed that H dissolved in them based on the same argument. Similarly,

Shibazaki et al. (2011) proposed that 9−10 mole percent H may enter the

structure of solid FeS at 3 GPa, based on X-ray diffraction measurements.

Our results allow only a minimum possible H content of the sulphide to be

determined. Loss of H or H2O on crystallisation cannot be excluded. As ex-

plained previously, the H contents vary between 0.2 and 0.7 atomic %, but

over this range show no correlation with other potentially controlling parame-

ters. The lack of variation in the H partition coefficient with fO2 also prevents

the speciation of H in the sulphide from being assessed. This lack of correla-

tion, which is also present in the results of Clesi et al., (2018) compounds the
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suspicion that not all H was preserved.

Along the grain boundaries of the quenched crystalline monosulfide solid so-

lution from our samples are crystals of pentlandite and FeSO. From textures

and the Fe-Ni-S phase diagram, it is clear that MSS crystallized first and left

a remaining melt which then crystallized pentlandite and FeSO. This melt

might be expected to become concentrated in dissolved H or H2O. In some

grain boundary areas, there are small void spaces, which may have been the

result of a volatile-rich fluid phase exolving during quenching, as exhibited

by H in metallic melts (Fukai and Suzuki, 1986; Okuchi, 1997). The voids

are, however, relatively sparse and it is also possible that they are simply the

result of some grains of pentlandite having been plucked and lost during sam-

ple preparation (see figure 5.3). In addition, we note that the final quenched

assemblages containing pentlandite are also rich in Pd from capsule contam-

ination. H can dissolve readily in Pd, however there is insufficient Pd in the

majority of the samples to account for the entire H content.

If the crystallised assemblage is capable of preserving 0.7 % H, then any par-

tition coefficients based on sulphide H concentrations below this potential

threshold might be considered to have preserved the entire sulphide H con-

tent. However, here it must also be considered that the sulfide may contain

both H and H2O at high temperatures, and only preserve the H2O or a com-

ponent thereof. In a scenario where the bulk H2O content of the melt is raised

until the entire H content of the sulphide cannot be preserved, then a plateau

in D should be followed by a decrease in D. At H2O contents below the thresh-

old, at which H can be preserved in the quenched sulphide, the plateau in

D should occur due to the concentrations being below the Henry’s law limit.

Once the threshold is reached, however, D should drop, because H is being

lost from the sulfide. Figure 5.14 does not reveal a plateau, but it does broadly

indicate a drop in D as the melt H2O content increases, consistent with a

threshold being overstepped. This would imply that the highest H partition

coefficient obtained, i.e. ∼0.4, is still a minimum and further experiments at

even lower H2O contents would be required to investigate if a plateau eventu-

ally does arise. For this reason the results of Clesi et al., (2018) must also be

considered with suspicion.
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Figure 5.14: Sulfide/silicate H partition coefficient as a function of the melt
H2O content. If the quenched sulfide reaches a threshold in the H that it
can retain, then D should drop as the melt H2O content increases. This is in
broad agreement with the data.

5.5.3 Effect of sulfide equilibration on the oxidation state of the

mantle

The experimental results support a minimum partition coefficient for H par-

titioning between a molten silicate and a liquid sulfide of ∼0.2, which implies

that there will be some amount of hydrogen that is removed into the core. For

H2O to be an effective mantle oxidising agent, however, the resulting oxygen

would have had to have been left behind in the silicate and not also partitioned

into the core-forming phase. Hirschmann et al. (2012) have speculated on the

likely effectiveness of oxidation by H2O with respect to hydrogen partitioning

into metallic iron. The authors point out that at the low oxygen fugacities and

high pressures of metal-silicate equilibration, it is likely hydrogen would have

already been present as H2, therefore not necessarily associated with any oxy-

gen to oxidize the mantle. Furthermore, reaction of H2O with iron metal, at

least at upper mantle conditions, can only produce more FeO in the mantle
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and will not raise the ferric iron content and thus the oxygen fugacity of the

upper mantle. However, loss of H2 to the core would lower the magmatic H2/

(H2+H2O) ratios, which would have driven the magma to more oxidised condi-

tions. They conclude, however, that the presence of metallic iron buffers the

system, resisting oxidation, and that therefore the effect of H2 removal would

have been relatively small (Hirschmann et al., 2012).

Even if metallic iron could have efficiently removed hydrogen to the core, the

upper mantle is still several orders of magnitude more oxidised than the co-

existence of metal permits; i.e., hydrogen removal must have been ongoing

even at more oxidised conditions, allowing ferric iron to accumulate in the up-

per mantle. In the case of a sulfide, the oxygen fugacity of the magma ocean

would have already risen above the level at which metallic iron can be stable,

and so it is possible that H was present in the melt mainly as H2O, particu-

larly at lower pressures (Hirschmann et al., 2012). The study of Buono and

Walker (2015) indicates that H2O can indeed disproportionate, with O bond-

ing to Fe creating ferropericlase and H entering the FeS, constrained through

a depression of the melting temperature.

Our data can be used to perform a similar calculation as presented above in

section 5.5.1, to determine the degree of oxidation possible from water dispro-

portionation and hydrogen segregation to the core. A peridotite melt at 1673

K with 1 wt % H2O would be ∼1.8 mole percent H. Using our highest value

for DH of 0.4 (which can be taken as a minimum for reasons described above),

a coexisting liquid sulfide would then be 0.7 mole % H. Assuming that this

hydrogen derived from H2O, and the oxygen is taken up by oxidising FeO to

Fe2O3, the change in oxygen fugacity expected can be calculated as a function

of amount of sulfur exsolved, and is plotted in figure 5.15. As we are un-

certain that our quenched sulfide managed to capture the full complement of

hydrogen that may have dissolved into the liquid during the experiment, also

plotted in figure 5.15 is the amount of oxidation that would be expected if the

sulfide became hydrogen saturated (Shibazaki et al., 2011). For comparison,

the amount of reduction caused by the loss of oxygen (section 5.5.1) is also

plotted.
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Figure 5.15: Change in oxygen fugacity of a silciate melt caused by the loss
of oxygen and hydrogen via dissolution into a core-forming sulfide melt. The
blue line indicates the increase in oxygen fugacity that would be expected if
our measurements are an accurate representation of the amount of dissolved
hydrogen. The green line indicates the amount of possible oxidation if a sul-
fide were to become hydrogen saturated, using the saturation limit reported
by Shibazaki et al. (2011). Vertical dashed lines represent the approximate
amount of exsolved sulfide predicted by Rubie et al. (2016).

As can be seen, the amount of oxidation caused by the removal of hydrogen is,

at absolute maximum, negated by the reduction that is caused by the simul-

taneous loss of oxygen. If the sulfide is at all undersaturated in hydrogen, the

net effect on the oxidation state of a silicate magma ocean of sulfide exolution

and removal would more than likely have been an overall reduction. Further-

more, the effect is likely to have been very small. The vertical lines in figure

5.15 represent the amount of sulfide that is likely to have exsolved, estimated

from the work of Rubie et al. (2016). Their model predicts that before sulfide

segregation, the Earth’s mantle would have been overabundant in sulfide by a

factor of ∼ 30. To bring the mantle concentration of sulfur to the present-day

value of ∼ 200 ppm (McDonough and Sun, 1995) would have required about

∼0.8 - 1 mole % of sulfide to have exsolved. As shown in figure 5.15, this
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amount of sulfide exolution could have, at most, changed the oxygen fugacity

of the coexisting silicate by about 0.1 log unit. Changing the fO2 by even just

0.5 log units would have required the exolution of 5 mole % FeS, which is

unlikely.

Futhermore, the effects of removing oxygen and hydrogen simultaneously act

to cancel each other out, resulting in an even smaller net effect. It is even

possible that H2O does not disproportionate, and dissolves into the sulfide as

a whole molecule, as there is evidence that H2O is soluble in sulfide melts

(Wykes and Mavrogenes, 2005). The low amount of hydrogen in our quenched

sulfide melts inhibited attempts to determine the speciation of the hydrogen,

but it is entirely possible that water may dissolve in sulfide without dispropor-

tionating and therefore the exolution of a sulfide may not affect the oxidation

state of the coexisting magma ocean at all.

In summary, it appears problematic for oxidation by H2O to have raised the

oxidation state of the mantle significantly above the level of iron metal sat-

uration (Sharp et al., 2013). The hydrogen evolved would simply reduce the

surrounding mantle material back to the original level and a separating sul-

fide phase would be of insufficient volume to remove significant H. Only by

releasing H at the very surface of the magma ocean might it be possible for

oxidation to take place. Models of magma ocean dynamics would be necessary

to determine if such a mechanism could lead to oxidation of the entire mantle

by mixing. In contrast, the stabilization of ferric iron in a deep magma ocean

in association with precipitation of iron metal would appear to be a much

more effective mechanism for raising the redox state of Earth-sized planetary

bodies.

5.6 Conclusions and possible future directions

There is a significant amount of evidence to suggest that the Earth experi-

enced at least one episode of core formation in which the descending liquid

was not Fe metal, but an FeS sulfide. If the Earth’s mantle had been gradu-

ally oxidised by the accretion of water-rich material, a mechanism to remove

160



5 Gradual oxidation of the mantle through accretion of water

hydrogen from the system is required in order to raise the bulk oxygen con-

tent of the mantle. We have presented high-pressure experimental results to

investigate the effects of the exolution of an FeS sulfide from a silicate magma

ocean on the oxidation state of the residual silicate.

Oxygen fugacity of the experiments was determined by measuring the Fe3+/
∑

Fe

ratios of the quenched silicate glasses with transmission Mössbauer spec-

troscopy. By changing the iron content of both sulfides and silicates, we have

achieved a variation in oxygen fugacity between our samples of ∼ 4 log units.

Somewhat surprisingly, oxygen fugacity had little effect on the partitioning

behaviour of either oxygen or hydrogen between a liquid sulfide and a molten

silicate. The partitioning of Mo between the sulfide and the silicate was found

to be a useful function of oxygen fugacity. Mo partitioning was found to be

also temperature and silicate FeO content dependent, but not to vary signif-

icantly with pressure. V partitioning on the other hand, shows no apparent

dependence on fO2. The concentrations of Mo measured in the sufide and

silicate were of a level that could be accurately determined with the electron

microprobe. In future experiments, it may be possible therefore to estimate

fO2 through the Mo partition coefficient, with the current calibration giving

an uncertainty of ∼0.3 log units.

The oxygen content of our quenched sulfides varied with FeO content of the

silciate, but its partitioning behaviour is constant with composition and tem-

perature. Our results indicate that oxygen is incorporated into FeS by substi-

tuting for sulfur. Loss of oxygen into an exolving sulfide may have resulted in

a net reduction of the remaining silicate liquid, however the effect is likely to

have been small.

We were able to successfully meaure hydrogen in a crystalline sulfide quenched

from a liquid. It remains unclear if some hydrogen was lost from the sulfide

during quenching, however no bubbles were obsersved in the texture of the

sulfide. We were also unable to determine the speciation of the hydrogen,

leaving open the question if the hydrogen resulted from a disproportionation

of H2O or if it was incorporated as water. Nevertheless, the effect of an exolv-

ing sulfide on the oxidation state of the mantle appears to have been small or

negligible.
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These results may, however, have interesting implications for diamond for-

mation. Sulfide inclusions are common in diamonds, and have likely formed

at conditions that include similar water contents to our samples. This study

considered sulfide compositions that vary only in Fe. Sulfide composition is,

however, known to affect the partitioning of other elements (e.g., Kiseeva and

Wood, 2015). Future work could expand on these results by considering the

effects of varying amounts of nickel and/or copper in the sulfide. In addition,

any possible effects of pressure were not explored within this study. The re-

sults of Clesi et al. (2018) indicate that hydrogen may become more siderophile

with increasing pressure. The study of Rubie et al. (2016) indicated that the

likely pressure of sulfide-silicte equilibrium was ∼ 0.44 × PCMB, where PCMB is

the pressure of the core-mantle boundary. Therefore, the effect of pressure on

the partitioning behaviour may be an important consideration.
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The process(es) that established the redox state of the Earth’s mantle during

and after accretion are fundamentally important for understanding the distri-

bution of volatile elements (e.g., C, O, H) in the Earth’s interior, as well as the

composition of the earliest atmosphere. During accretion, the most important

process governing the composition of the Earth’s mantle was core/mantle dif-

ferentiation. The resulting depletion of siderophile elements (which partition

strongly into the metallic phase) from the mantle is clear evidence that during

differentiation, core-forming metallic iron must have been in equilibrium with

mantle-forming silicates (e.g., Walter, 2000).

At low pressures, silicates that are in equilibrium with metallic iron estab-

lish a relatively low oxygen fugacity, with a negligible proportion of ferric iron.

Such a reduced state would be expected for the mantle as a result of core

mantle equilibration. From oxybarometry of mantle xenoliths and mid-ocean

ridge basalts, however, it has long been known that the oxygen fugacity of the

upper mantle is approximately 4-5 orders of magnitude more oxidised than

the level imposed by metallic iron (e.g., Frost and McCammon, 2008). Fur-

thermore, studies of redox-sensitive elements (Cr, V) in ancient rocks imply

that this more oxidised state was established by at least 3.9 Ga, so the en-

tire mantle appears to have oxidised very rapidly after core formation ceased

(Delano, 2001; Trail et al., 2011). The oxidation state of the mantle controls

the composition of degassing volatiles, and so would have had a large effect

on whether the earliest atmosphere comprised reduced (CO, CH4) or oxidised

(H2O, CO2) species (Hirschmann, 2012). Understanding the process that ox-

idised the mantle would allow for better constraints on the origin of Earth’s

volatiles and their distribution within the Earth.
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This study is an attempt to place constraints on mechanisms that may have

operated to oxidise the early Earth’s mantle. In chapter 3, new measurements

of the volumes of Ru and RuO2 phases at high pressure and temperature are

presented and thermal equations of state and phase relations of RuO2 phases

are derived. These are then used to calibrate the metal-oxide pair Ru and

RuO2 for use as an oxygen fugacity buffer within experimental capsules to

pressure and temperature conditions compatible with those at the top of the

upper mantle. In chapter 4, clear evidence is presented for the increasing

stabilisation of the ferric iron component in silicate melts with pressure, a

similar effect to that reported for silicate minerals (e.g., Frost et al., 2004;

Rohrbach et al., 2007). This effect could have enabled a magma ocean to

essentially self-oxidise and establish the oxygen fugacity profile of the modern

mantle. In chapter 5, the effect of a “Hadean matte”, i.e., a sulfide liquid that

exsolved from the magma ocean and sank to the core, on the oxidation state

of the residual silicate liquid is found to have likely been relatively small.

6.1 Ru-RuO2 oxygen fugactiy buffer

Oxygen fugacity (fO2) is an important variable in geologic systems that con-

trols phase relations and the partitioning behaviour of multivalent elements

between reservoirs. The oxygen fugacity prevailing during the differentiation

of the Earth, for example, controlled the distribution of many elements be-

tween the core and the mantle and strongly influenced the nature of the light

element(s) in the core (e.g., Wade and Wood, 2005; Mann et al., 2009). In

addition, throughout Earth’s history, the fO2 of the mantle has regulated the

speciation of volatile elements, determining the redox state of gasses released

to the atmosphere and where diamonds nucleate from mobile fluids or melts

(e.g., Hirschmann, 2012). Oxygen fugacity also influences the composition of

mantle minerals by setting the ratio of Fe3+/Fe2+ and the amount of OH, which

in turn has an effect on transport properties such as diffusion and creep.

Experimental studies of transition zone and lower mantle minerals have im-

plied that ferric iron components may be increasingly stabilized with depth in
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the mantle. To fully characterize the thermodynamic stability of such com-

ponents, however, it is crucial to be able to measure their concentration at a

known oxygen fugacity. One technique to impose an oxygen fugacity on an

experimental charge is to add pure buffer phases, such as Ni+NiO or Fe+FeO

directly into the capsule (e.g., Campbell et al., 2009). Significant uncertainties

can arise, however, if the buffer phases react extensively with the sample. In

addition, for an accurate determination of the oxygen fugacity imposed by the

buffer, thermal equation of state properties of both phases must be known at

high pressures.

The metal-oxide pair Ru+RuO2 is ideal as an internal oxygen fugacity buffer.

Both phases remain solid to high temperatures and react minimally with sil-

icates, only exchanging oxygen. Additionally, the imposed fO2 is relatively

high, such that Fe loss into Pt capsules is minimal and ferric iron is present in

sufficient concentrations to be accurately measured (e.g., O’Neill et al., 2006).

Previous studies have examined the thermal expansion of both phases at am-

bient pressure, as well as compressivity at room temperature, however, no

previous studies have investigated both simultaneously (Clendenen and Drick-

amer, 1964; Rao and Iyengar, 1969; Schroeder et al., 1972; Hazen and Finger,

1981). In addition, RuO2 has been observed to undergo a series of phase

transformations. At ambient conditions, RuO2 has a tetragonal, rutile-type

structure. At room temperature, it first undergoes a second-order ferroelas-

tic phase transformation to an orthorhombic CaCl2-type structure (Haines and

Léger, 1993; Rosenblum et al., 1997; Ono and Mibe, 2011), and at higher pres-

sures transforms to a cubic pyrite-type structure (Haines and Léger, 1993).

We have collected synchrotron X-ray diffraction data on the Ru+RuO2 system

to 19.4 GPa and 1473 K, with which we determined phase relations of RuO2

and derived thermal equation of state parameters for both Ru and RuO2. Fur-

ther, we have derived a continuous Gibbs free energy expression for the tetrag-

onal and orthorhombic phases of RuO2, using a model based on Landau the-

ory combined with the modified Tait EoS (Holland and Powell, 1998; 2011),

by fitting the second-order phase transition boundary and P-V-T data for both

phases. The transition between the orthorhombic and cubic phases was then

used along with EoS data for both phases to determine a Gibbs free energy
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expression for the cubic phase. We were then able to calculate the oxygen

fugacity of the equilibrium of reaction Ru + O2 = RuO2, which we have param-

eterised as a single polynomial across the stability fields of all three phases of

RuO2. Using the resulting expression, the fO2 of the buffer can be determined

up to 25 GPa and 2500K, with an estimated uncertainty of 0.2 log units.

6.2 Self-oxidation within a magma ocean

The early Earth is considered to have undergone at least one major colli-

sional accretion event that would have resulted in a global magma ocean (e.g.,

Tonks and Melosh, 1993), and most accretion models favor final assembly of

the larger terrestrial planets from a series of collisions involving Mars-sized

planetary embryos (e.g., Chambers and Wetherill, 1998). At upper mantle

pressures, the Fe3+/
∑

Fe ratio of silicate liquids is strongly correlated with

oxygen fugacity (Jayasuriya et al., 2004) and is near zero when in equilib-

rium with iron metal. However, the ratio of ferric to ferrous iron in a magma

ocean was most likely set at depth, either through contact of the molten sili-

cate with metal “ponds” that accumulated at the top of a solidified mantle, or

as droplets of iron from the cores of accreting planetesimals rained through

the magma column (Stevenson, 1990; Rubie et al., 2003). Iron descending

through the magma ocean would impose metal saturation at all depths, how-

ever, vigourous convection (Solomatov, 2000) would have ensured that the

magma was well mixed. As long as metal rained out relatively efficiently

(Ichikawa et al., 2010), the ferric/ferrous ratio would ultimately reflect the

average depth of equilibration.

Our experiments demonstrate a clear increase in the ratio of ferric iron to

total iron in silicate melts as a function of pressure at a constant oxygen

fugacity. This is possibly due to ferric iron being incorporated into a higher-

coordination environment more readily than ferrous iron (Stixrude and Karki,

2005). The pressure-induced stabilisation of the ferric iron component in sil-

icate melts therefore mirrors analogous changes that have been reported for

mantle minerals over similar pressure intervals (Frost et al., 2004; Rohrbach
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et al., 2007; Shim et al., 2017). The results of these studies imply that the

equilibrium 3FeO = Fe2O3 + Fe0, involving the ferric and ferrous iron compo-

nents of minerals, will shift to the right with increasing pressure. This will

force the precipitation of metallic iron in systems that are initially poor in

Fe2O3, such as that of the Earth’s mantle during or immediately after core

formation. Our experiments indicate that a similar effect will occur in silicate

melts at high pressures. Removal of some of the precipitated iron metal to the

core would raise the relative oxygen content of the magma ocean, resulting in

a net oxidation.

Our results therefore imply that a deep magma ocean extending to lower man-

tle conditions would contain significant levels of ferric iron even in equilibrium

with iron metal. At lower pressures near the surface, the relatively high ferric

iron content would result in a relatively high oxygen fugacity. A deep magma

ocean in equilibrium with iron metal at its base would therefore establish a

depth-dependent redox gradient (figure 4.16), similar to the mantle oxygen

fugacity gradient of the Earth today (Frost and McCammon, 2008). Such a

redox gradient could explain the high C/H ratio in the modern Earth’s mantle

(Hirschmann, 2012). A downwelling magma with even a very small amount

of dissolved CO2 will eventually hit carbon saturation as the oxyen fugacity

drops, and exsolve diamond or graphite, which would have been neutrally

buoyant (Ohtani and Maeda, 2001) and remained in the mantle as the magma

ocean crystallised.

This mechanism for mantle oxidation can also explain why the mantles of the

moon, Mars, and Vesta are more reduced than the Earth’s, despite Mars and

Vesta being further out from the sun and therefore presumably deriving for

more oxidised, volatile-rich material. Our results indicate the pressures of a

magma ocean must be ∼ 20 GPa to for ferric iron and iron metal to be in equi-

librium. Magma oceans on the smaller terrestrial planets and planetesimals,

where core-mantle boundary pressures (and therefore the maximum possible

pressure for a global magma ocean) are ≤ 20 GPa, could, therefore, not have

attained the depths necessary to stabilise ferric iron and thereby raise the

oxidation state of the mantle.
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6.3 Gradual oxidation through water delivery

The oxidation state of the mantle may have increased simply by the addition

of more oxidised material late in accretion. The addition of oxidised material

whilst metallic iron was still present in the mantle would, however, have sim-

ply led to the oxidation of the metallic iron and production of FeO. Raising the

redox state of the upper mantle to the modern level, i.e., approximately the

quartz-fayalite-magnetite oxygen fugacity buffer (QFM), required ferric iron to

accumulate, which, at low pressures, precludes the coexistence of metallic

iron.

There is significant evidence, however, that late in the Earth’s accretionary

history, as a global magma ocean cooled towards crystallisation, it exsolved

liquid FeS sulfide, termed the Hadean matte, which sank to the core (O’Neill,

1991; Rubie et al., 2016). We have examined the plausible effects that the ex-

olution of the Hadean matte could have had on the redox state of the residual

silicate magma ocean.

We have also determined partitioning behaviour of molybdenum between liq-

uid sulfide and silicate melt, which was found to be a potentially useful proxy

for the oxygen fugacity. We have therefore used our data and literature data to

calibrate the partition coefficient as a function of fO2, temperature, and FeO

content of the silicate melt. Future experiments may be able to employ the Mo

liquid sulfide/silicate melt partition coefficient to estimate the oxygen fugacity

that prevailed during the experiment; this calibration is accurate for our data

within 0.3 log units.

Our results indicate that oxygen substitutes for sulfur in the FeS structure,

rather than being incorporated as FeO. The loss of oxygen into an exolving

sulfide, therefore, may have resulted in a net reduction of the residual magma

ocean. The effect, however, is likely to have been small. We successfully mea-

sured hydrogen in a crystalline sulfide which was quenched from a liquid.

However, it remains unclear if the sulfide was able to capture the entire com-

plement of hydrogen that had dissolved in the liquid, or if some was lost during

quenching. No bubbles were observed in the texture of the sulfide, however.

We were also unable to determine the speciation of the hydrogen in the sul-
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fide; it is therefore unclear if the hydrogen resulted from a disproportionation

of H2O to H, or if it was incorporated into the sulfide as water. Nevertheless,

by examining the a maximum possible hydrogen content proposed by an in

situ X-ray diffraction study, the potential effect of hydrogen loss into an ex-

solved sulfide can be estimated, and appears to have been even smaller than

the possible effect from the loss of oxygen. Therefore, an exolving sulfide likely

would have had a either a very small or negligible effect on the redox state

of the residual magma ocean. The production of ferric iron in a deep magma

ocean is therefore likely a much more effective mechanism for increasing the

redox state of mantles of Earth-sized planetary bodies.

6.4 Outlook

There remains the opportunity for future work to address some of the issues

raised here. In chapter 4, we demonstrate that the ferric iron component of

silicate melts is stabilised with pressure, due to a higher compressibility of

FeO1.5 over that of FeO. Our model, however, hinted that this may ultimately

change with still higher pressures, and that the trend may again reverse. Fu-

ture work could investigate the equation of state parameters of FeO1.5 and FeO

to higher pressures, and explore the consequences on magma oceans that ex-

tend to greater depths. Experimental challenges, in particular that above 23

GPa the melting point of our andesitic composition was higher than that of

the Pt capsule prevented experiments at higher pressure for this work, but

perhaps a different setup can be envisaged. Additionally, figure 4.7 hints at a

small, but nonzero effect of compositional interactions. A set of experiments

designed to investigate the effect of pressure on the activity-composition rela-

tions of silicate melts could yeild interesting results. Although, as descibed in

section 4.7, similar challenges regarding capsule choice and liquidus temper-

atures would have to be overcome.

As detailed in chapter 5, we were able to measure hydrogen in a quenched

sulfide melt. There remains, however, significant doubt that the entire com-

plement of dissolved H was captured by the crystallising melt. Further exper-
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iments, with a lower H content, would be needed to test if the possible trend

in figure 5.14 would show a plateau in the value of the sulfide/silicate parti-

tion coefficient with decreasing water content, indicating that true partitioning

behaviour had been recorded. A potential problem arises from the detection

limits of the ERDA technique, which is not much below our reported values.

It would first be necessary to understand the detection limits with good accu-

racy; this could be accomplished by taking data from a sample known to be

anhydrous. Provided these challenges could be overcome, however, it would

be interesting to examine the effect of pressure on partitioning behaviour, as

the results of Clesi et al. (2018) suggest that hydrogen may become more

siderophile with increasing pressure. Given that the average depth of equi-

libration was likely fairly high, if partitioning behaviour changed with depth,

our low-pressure results may not be relevant for core formation. Finally, we

have demonstrated that Mo sulfide liquid/silicate melt partitioning could be

useful as a proxy for oxygen fugacity. Our results indicate, however, that

the effects of silicate melt composition are not fully addressed by the model

presented here. A further series of experiments could potentially yeild useful

results that could make Mo partitioning a robust indicator of oxygen fugacity.
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