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Abstract

Melts and fluids are transient in the deep Earth’s interior and their existence can often only be
inferred by the chemical changes that they bring about. Experimental studies are essential for
determining the properties and compositions of such liquid phases and for constraining the
conditions under which they may exist in the interior. In the course of this study, high-pressure
and high-temperature experiments have been performed under three main topics; to determine
the composition of aqueous fluids, to examine how the compositions of sulphide melts can be
used to determine their formation conditions and to investigate how hydrogen dissolves in

sulphide minerals within the Earth’s interior.

A new experimental “single-crystal diamond trap (SCDT)” technique, has been developed to
determine the composition of fluids at conditions compatible with the Earth’s upper mantle. In
this technique aqueous fluids, equilibrated with a mineral assemblage at high-pressures and high-
temperatures, are trapped in laser-drilled holes within single-crystal diamond plates and, after
recovery, are analysed by laser ablation inductively coupled mass spectrometry. The new method
was tested first by analysing holes filled with epoxy resins doped with known amounts of chemicals
and then on holes filled with known amounts of minerals that were subsequently melted. Finally,
the technique was tested using high P—T mineral solubility experiments at 1.0 GPa and 700-900
°C in the quartz—H»O and olivine—enstatite—H>O systems, for which reliable reference data exist.
In all tests the measured concentrations agree within 1-21% (avg. 13%) with the reference values.
In contrast, four mineral solubility experiments that were performed at identical conditions with
the classical diamond trap method returned concentrations that deviated by 7-56% (avg. 28%)
from the reference value. Furthermore, a strong fractionation effect that has been observed during
the ablation of albite + H,O in a classical diamond trap experiment is efficiently prevented by the

single-crystal diamond trap (SCDT) approach.

In a further experimental study, factors controlling the oxygen contents in sulphide melts at mantle
conditions have been investigated. A series of multi-anvil experiments were carried out at pressures
from 3 to 13 GPa and temperatures from 1300 to 1819 °C, using mainly graphite capsules, to
equilibrate sulphide melts with mantle peridotite assemblages with varying Fe and Ni contents.
Carbonates were added as a flux and the oxygen fugacity of the experiments was estimated either
using the CO; contents of the resulting carbonate-silicate melts or by using an added Ir-Fe alloy
redox sensor. Recovered sulphide melt oxygen concentrations were in the range 0.2 to 3.7 wt. %,

and were found to mainly vary with silicate FeO content, temperature and pressure. Lower oxygen



contents also correlate with increasing sulphide Ni-content, but as this also leads to lower
sulphur/metal ratios, the effect of Ni alone cannot be categorically isolated. A preliminary
geothermometer expression was developed based on the oxygen content of sulphide melts and
the iron oxide concentrations of coexisting olivine and orthopyroxene. With this expression the
experimental temperatures are reproduced to within 74 K for Ni-free experiments and within 135
K for Ni- bearing samples. Using measurements of the oxygen contents of sulphide inclusions of
peridotite affinity in diamonds from the Lac de Gras kimberlite field, a plausible average
entrapment temperature of 1318+48 °C is calculated. Mantle peridotite assemblages would be
expected to contain sulphide melts with approximately 0.4—0.6 wt. % oxygen along a typical mantle
adiabat down to 200 km depth. It is shown that M6ssbauer spectroscopy can be used to determine
the oxygen contents of sulphide assemblages, potentially while they are still within the diamond

hosts.

In the final study in this thesis 7z situ time-of-flight neutron diffraction measurements were
performed to examine the uptake of deuterium in iron monosulphide at pressures up to 11.4 GPa
and temperatures to 1300 K, using a multi-anvil device installed at a spallation neutron source. A
D fluid was formed in the experiments through the decomposition of ND;BD;, resulting in an
oxygen fugacity, measured in parallel experiments, of approximately 1.2 log units below the iron-
wiustite buffer. This surprisingly high oxygen fugacity is shown to be compatible with recent
observations of immiscibility between H, and H,O-rich fluids (Bali et al., 2013). Deuterium
positions and site occupancies were determined for the pyrrhotite polytype, referred to as FeS V,
at high pressure and temperature conditions using Rietveld refinements of the powder diffraction
patterns. The refined structural model indicates that two normally unoccupied sites in the P63/ zme
FeS V structure, at Wyckoff positions 6/ and 4/, are partially occupied by D atoms, with the latter
being more dominant. The total D site occupancy (x) in FeSDx increases with both pressure and
temperature over the experimental conditions, from 0.148(10) at 2.3 GPa and 787 K to 1.25(5) at
9.7 GPaand 1300 K. The unit-cell volume expansion per deuterium atom is found to be 1.53%0.16
A% at 6.9 GPa and 960 K, which is smaller than has been determined for deuteration of metallic
iron phases at similar conditions. The variation in unit-cell volume indicates that most deuterium
is lost from FeS V upon temperature quenching at high-pressures. By fitting the obtained FeS V
deuterium site occupancies to a thermodynamic model, estimates for the hydrogen contents of
iron monosulphide at conditions and oxygen fugacities consistent with the base of the cratonic
lithosphere can be made that are in the range 1700—2700 ppm. Furthermore, the bulk mantle at
these conditions may contain 2-3 ppm H» hosted by sulphides, which may increase at greater

depths.



/usammenfas sung

Schmelzen und Fluide treten im Erdinnern nur lokal und voriibergehend auf, und ihre Existenz
lisst sich oft nur anhand der von ihnen verursachten chemischen Verinderungen ableiten.
Experimentelle Untersuchungen sind unerldsslich, um die Eigenschaften und die
Zusammensetzung solcher flissigen Phasen zu bestimmen und die Bedingungen einzugrenzen,
unter denen sie im Erdinneren existieren kénnen. Im Rahmen dieser Studie wurden Hochdruck-
und Hochtemperaturexperimente zu drei Hauptthemen durchgefiihrt: zur Bestimmung der
Zusammensetzung wassriger Flussigkeiten, zur Untersuchung, wie die Zusammensetzung von
Sulfidschmelzen zur Bestimmung ihrer Entstehungsbedingungen genutzt werden kann, und zur

Untersuchung, wie sich Wasserstoff in Sulfidmineralen im Erdinneren 16st.

Eine neue experimentelle "Einkristall-Diamantfalle (SCDT)"-Technik wurde entwickelt, um die
Zusammensetzung von Fluiden unter Bedingungen zu bestimmen, die mit dem oberen Erdmantel
kompatibel sind. Bei dieser Technik werden wissrige Flussigkeiten, die bei hohem Druck und
hohen Temperaturen mit einer Mineraliengruppe im Gleichgewicht sind, in lasergebohrten
Lochern in einkristallinen Diamantplatten eingeschlossen und nach dem Experiment mittels
induktiv gekoppelter Massenspektrometrie durch Laserablation analysiert. Die neue Methode
wurde zunichst an Lochern getestet, die mit Epoxidharzen gefiillt waren, die mit bekannten
Mengen von Chemikalien dotiert waren, und dann an Léchern, die mit bekannten Mengen von
Mineralien gefullt waren, die anschlieBend geschmolzen wurden. SchlieSlich wurde die Technik
anhand von Experimenten zur Loslichkeit von Mineralien bei p,T-Bedingungen von 1,0 GPa und
700-900 °C in den Systemen Quarz-H>O und Olivin-Enstatit-H>O getestet, fiir die zuverldssige
Referenzdaten vorliegen. In allen Tests stimmen die gemessenen Konzentrationen innerhalb von
1-21% (durchschnittlich 13%) mit den Referenzwerten tiberein. Im Gegensatz dazu ergaben vier
Minerallésungsexperimente, die unter identischen Bedingungen mit der klassischen
Diamantfallenmethode durchgefithrt wurden, Konzentrationen, die um 7-56 % (durchschnittlich
28 %) vom Referenzwert abwichen. Dartiber hinaus wird ein starker Fraktionierungseffekt, der bei
der Ablation von Albit + H,O in einem klassischen Diamantfallen-Experiment beobachtet wurde,

durch den Ansatz der Einkristall-Diamantfalle (SCDT) wirksam verhindert.

In einer weiteren experimentellen Studie wurden die Faktoren untersucht, die den Sauerstoffgehalt
in Sulfidschmelzen unter Mantelbedingungen steuern. Eine Reithe von Multi-Anvil-Experimenten
wurde bei Driicken von 3 bis 13 GPa und Temperaturen von 1300 bis 1819 °C durchgefiihrt,

wobei hauptsichlich Graphitkapseln verwendet wurden, um Sulfidschmelzen mit Mantelperidotit-



Zusammensetzungen mit unterschiedlichen Fe- und Ni-Gehalten zu equilibrieren. Karbonate
wurden als Flussmittel zugesetzt, und die Sauerstoff-Fugazitit der Experimente wurde entweder
anhand des CO,-Gehalts der resultierenden Karbonat-Silikat-Schmelzen oder mit Hilfe eines
zugesetzten Redox-Sensors aus einer Ir-Fe-Legierung abgeschitzt. Die Sauerstoffkonzentrationen
der riickgewonnenen Sulfidschmelzen lagen im Bereich von 0,2 bis 3,7 Gew.-% und variierten
hauptsichlich mit dem FeO-Gehalt des Silikats, der Temperatur und dem Druck. Niedrigere
Sauerstoffgehalte korrelieren auch mit einem steigenden Ni-Gehalt der Sulfide, aber da dies auch
zu niedrigeren Schwefel/Metall-Verhiltnissen fihrt, kann die Wirkung von Ni allein nicht
kategorisch isoliert werden. Es wurde ein vorldufiges Geothermometer entwickelt, das auf dem
Sauerstoffgehalt von Sulfidschmelzen und den Eisenoxidkonzentrationen von koexistierendem
Olivin und Orthopyroxen basiert. Mit dieser Beziehung werden die experimentellen Temperaturen
mit einer Genauigkeit von 74 K fir Ni-freie Experimente und von 135 K fir Ni-haltige Proben
reproduziert. Anhand von Messungen des Sauerstoffgehalts von Sulfideinschliissen mit Peridotit-
Zusammensetzung in Diamanten aus dem Lac de Gras-Kimberlitfeld wird eine plausible
durchschnittliche Einschlusstemperatur von 1318+48 °C berechnet. Es wird erwartet, dass
Peridotit-Zusammensetzungen im Mantel Sulfidschmelzen mit etwa 0,4 - 0,6 Gew.-% Sauerstoff
entlang eines typischen Manteladiabats bis in 200 km Tiefe enthalten. Es wird gezeigt, dass die
Mossbauer-Spektroskopie zur Bestimmung des Sauerstoffgehalts von Sulfid-Assemblagen

verwendet werden kann, moglicherweise noch wihrend sie sich in den Diamanten befinden.

In der letzten Studie dieser Arbeit wurden In-situ-Neutronenbeugungsmessungen mit der time-
of-flight Methode durchgefithrt, um die Aufnahme von Deuterium in Eisenmonosulfid bei
Driicken bis zu 11,4 GPa und Temperaturen bis 1027 °C zu untersuchen, wobei eine an einer
Spallationsneutronenquelle installierte Multianvil-Hochdruckpresse verwendet wurde. In den
Experimenten bildete sich durch die Zersetzung von NDs;BDj eine D»-Fluid, was zu einer in
Parallelexperimenten gemessenen Sauerstoff-Fugazitit von etwa 1,2 log-Einheiten unterhalb des
Eisen-Wistit-Puffers fithrte. Die iiberraschend hohe Sauerstoff-Fugazitit ist nachweislich mit den
jungsten Beobachtungen der Nichtmischbarkeit zwischen H, und H,O-reichen Fluiden vereinbar
(Bali et al., 2013). Die Deuteriumpositionen und Platzbelegungen im Kristallgitter wurden fiir den
Pyrrhotit-Polytyp, der als FeS V  bezeichnet wird, unter hohen Druck- und
Temperaturbedingungen mithilfe von Rietveld-Verfeinerungen der Pulverdiffraktogramme
bestimmt. Das verfeinerte Strukturmodell zeigt, dass zwei normalerweise unbesetzte Stellen in der
P63/ mme FeS V-Struktur an den Wyckoff-Positionen 64 und 4/ teilweise mit D-Atomen besetzt
sind, wobei die letztere Position dominanter ist. Die Gesamtbesetzung der D-Stellen (x) in FeSDx

nimmt sowohl mit dem Druck als auch mit der Temperatur iiber die untersuchten experimentellen



Bedingungen zu, und zwar von 0,148(10) bei 2,3 GPa und 787 K auf 1,25(5) bei 9,7 GPa und 1300
K. Die Ausdehnung des Einheitszellvolumens pro Deuteriumatom betrigt 1,53+0,16 A’ bei 6,9
GPa und 960 K und ist damit kleiner als bei der Deuterierung von metallischen Fisenphasen unter
dhnlichen Bedingungen ermittelt wurde. Die Variation des Volumens der Einheitszelle deutet
darauf hin, dass das meiste Deuterium aus FeS V durch die Abschreckung bei hohen Driicken
verloren geht. Durch die Anpassung der erhaltenen Gitterplatzbelegungen des Deuteriums in der
FeS V-Phase an ein thermodynamisches Modell konnen Abschitzungen fiir den Wasserstoffgehalt
von Eisenmonosulfid unter Bedingungen und Sauerstoff-Fugazititen vorgenommen werden, wie
sie an der Basis der kratonischen Lithosphire vorliegen und im Bereich von 1700-2700 ppm liegen.
Dartiber hinaus kann der Mantel unter diesen Bedingungen 2-3 ppm H» enthalten, die in Sulfiden

enthalten sind und mit gréB3erer Tiefe noch zunehmen kénnen.
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Introduction

Chapter 1
Introduction

What we know concerning the structure of the Earth’s interior to date has been mainly deduced
by combining considerations on how, and from what, the Earth was formed and investigations
of rocks from the interior brought to the surface by magmas, with geophysical observations
primarily from seismology. Terrestrial planets such as the Earth, were formed by material that
condensed from a protoplanetary disk of nebula gas. The condensed dust had a composition
similar to CI chondritic meteorites but was depleted in more volatile elements due to
incomplete condensation (Wai & Wasson, 1977; Wasson & Chou, 1974). The dust accreted
first to form small planetesimals (> 1 km), which through gravitational infalling eventually
produced planetary embryos (100—-1000 km) that then assembled into terrestrial planets through
a series of giant impacts (Greenberg et al., 1978). During accretion high temperatures led to
the separation of the Earth’s metallic core from the likely liquid silicate mantle. As the mantle
cooled a first crust would have formed but there is little evidence left for the nature of this
layer, due to reworking or destruction by a late heavy bombardment during the first 500 million
years of Earth’s history, the so called Hadean eon (Carlson et al., 2019). Melting of mafic crust
formed in the late Hadean likely led to the formation of the first continental crustal material
but the tectonic setting in which these processes occurred was probably unlike modern plate
tectonics, which may have only commenced after approximately one billion years of Earth
history (Carlson et al., 2019).

The composition of the upper mantle can be determined from the analysis of mantle xenoliths
brought to the surface by magmas from depths of up to approximately 250 km. Some inclusions
found in diamonds clearly come from depths of up to 550 km (Beyer & Frost, 2017) and some
may come from even greater depths (Nestola, 2017) but this is hard to demonstrate
categorically. Seismology, however, provides the primary information for building structural
models of the interior (e.g., Dziewonski and Anderson, 1981; Montagner and Kennett, 1996),
which have been further interpreted and explored through experiments and geodynamic
modelling. The major layers and discontinuities within the Earth are shown in the Figure 1.1.
The Earth’s crust is approximately 6 km beneath the oceans (White and Klein (2014) and on
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average 35 km thick on the continents (Hacker et al., 2015). Beneath the crust the seismically
observable Mohorovic¢i¢ discontinuity marks the transition to the ultramafic mantle (Jarchow
& Thompson, 1989). The lithosphere describes the rigid tectonic plates of the Earth that are
comprised of the curst and an underlying section of the so-called lithospheric mantle that cools
conductively. The boundary with the underlying convectively cooling asthenospheric mantle,
i.e. the lithosphere-asthenosphere boundary, has a variable depth range depending on the age
of the plate and thickens to a maximum of approximately 140 km beneath oceanic crust and
can be extended down to ~ 250 km beneath ancient continents (Rychert et al., 2020). The 410
km discontinuity is caused by the pressure-induced transformation of (Mg, Fe).SiO4 olivine to
the wadsleyite structure. A further isochemical structural transition occurs around 520 km
where wadsleyite transforms to ringwoodite, and one of the most prominent mantle
discontinuities is observed at a depth of 660 km, where ringwoodite ((Mg,Fe)2SiOa)
disproportionates to form bridgmanite ((Mg,Fe)SiO3z) and ferropericlase ((Mg,Fe)O). The
mantle-core boundary is located at a depth of 2900 km but just above this boundary there is a
seismically heterogeneous layer of the mantle about 200 km thick, which is known as the D”
layer (Kaminsky, 2017). The Earth’s core is mainly composed of Fe-Ni alloy but with around
10 % of an as yet unidentified light element, that might be either O, Si, S, C or H or more likely
a combination there of. The boundary between the liquid outer core and the solid inner core is

located at approximately 5150 km depth.
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Figure 1.1: Schematic section showing the internal structure of the Earth. Major
minerals are olivine (ol), pyroxene (pyr), garnet (gr), wadsleyite (wd), ringwoodite (rg),
bridgmanite (brg) and ferropericlase (fp). Modified after (Albaréde, 2009). The
dimensions are not to scale.

Distinctive properties of Earth’s layers mean that they play essential roles in sustaining the
inimitable habitability of the planet as a whole (Stevenson, 2009). While the bulk composition
of the Earth is comparable to the undifferentiated meteorites (chondrites), each layer has
evolved to an characteristic average present-day composition (Hart & Zindler, 1986;
McDonough, 2001; McDonough & Sun, 1995) through dynamic processes that not only drive
chemical fractionation but interconnect each layer of the Earth and sustain a continual
geochemical exchange. Plate tectonic processes have dominated the geodynamic and chemical
evolution of the crust and upper mantle, through magmatism in different tectonic settings and
through the transport of material from the surface to the interior by subduction (Fountain &
Christensen, 1989; Green, 1972). Plate tectonics is part of the cooling process of the Earth’s
interior, where heat is lost through the creation of new oceanic lithosphere, which cools

conductively at the surface, thus becoming denser with time and then sinks back into the



Introduction

interior at subduction zones (Bercovici, 2003; Bickle, 1978; Silver & Behn, 2008). Such
processes have led to chemical differentiation in the crust and mantle, but a complete
understanding of this chemical diversity is hindered by the fact that samples from the interior
become rarer and less representative as depths increase. Although seismology provides
information on the physical properties of the interior, these properties are averaged over very
large regions and cannot provide information on small scale processes, that can still cause
important variations in geochemistry. Other processes are obscured by extreme time and the
fact that we can only see the end result of these events. Important gaps in our spatial and
temporal understand of the Earth’s differentiation processes can be filled by reproducing them
in high-pressure and high-temperature laboratory experiments. State-of-the-art experimental
capabilities can reproduce a wide range of conditions comparable to planetary interiors,
allowing the investigations of various geological processes (Liebermann, 2011; Mao &
Hemley, 1996). This cumulative PhD thesis includes three projects, where in each a specific
study of a process in the Earth’s interior has been examined using high-pressure and high-
temperature experiments combined with appropriate analytical techniques. The following sub-
sections of this chapter are an overview of Earth’s interior dynamics relevant to the topics

presented in the subsequent chapters.

1.1. Earth’s crust and upper mantle — fluids, melts and magma
generation

The movement and interaction of tectonic plates is the main driving force for magma
differentiation and the creation of geochemical diversity within the Earth’s crust and mantle
(Fig. 1.2). At divergent plate boundaries, partial melting at mid-ocean ridges creates new
oceanic lithosphere, in the most continuous and voluminous magmatic process on Earth. The
oceanic lithosphere loses heat through conduction and with time becomes cold and denser than
the underlying asthenospheric mantle (Stein & Stein, 1996). At this point it sinks back into the
mantle at a convergent plate boundary, and this subduction process leads to arc magmatism on
the overriding plate. Melting of oceanic crust at mantle pressures and temperatures appears to
be the main mechanism through which continental crust has been formed (Collins et al., 2020).
However, models of current geothermal gradients (Ripke et al., 2004; Syracuse et al., 2010) in
subduction zones imply that temperatures are not high enough for melting of subducted oceanic
crust to generate magmas. Subduction zone magmatism occurs from decompressive melting of

the asthenosphere, that rises in response to mantle overlying the subducting slab being dragged
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down (Stern, 2002). There are multiple lines of evidence, however, which infer that a hydrous
fluid flux from the subducting slab also plays a role in arc magma genesis (e.g., Gaetani and
Grove, 1998; Grove et al., 2012). This explains, for example, the generally more volatile rich-
nature of arc magmas (Muntener et al., 2021; Scaillet & Pichavant, 2003), the relatively high
degrees of partial melting (Ulmer, 2001) and their trace element signature, that shows an
enrichment in fluid mobile elements such as light rare earths and large ion lithophiles, relative
to high field strength elements (Bau & Khnittel, 1993; Kessel et al., 2005; Kushiro, 1990;
Leybourne et al., 1999; Ulmer, 2001; Zheng, 2019). Slab-derived aqueous fluids produced by
the breakdown of hydrous minerals such as amphiboles, phengite, lawsonite and serpentine can
migrate upwards to metasomatize the overlying mantle source of arc magmas, lowering the
melting point and increasing the degree of mantle melting (Ripke et al., 2004; Schmidt & Poli,
1998; Ulmer & Trommsdorff, 1995). Furthermore, fluid released in the forearc region can
dissolve significant amounts of material and transport it into the overlying lithospheric plate
(McCulloch & Gamble, 1991).
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Figure 1.2: Schematic section showing the main crustal and upper mantle components
associated in a typical subduction zone, modified after (Stern, 2002). Slab-derived
aqueous fluids metasomatize the asthenospheric mantle where magma is produced
beneath the arc.
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The factors controlling the composition of the fluids such as mineral solubilities and element
partitioning between fluids and minerals, are important for any quantitative modelling of
transport processes in subduction zones. The fluids in the subduction zones commonly contain
a dissolved silica component due to their interaction with the surrounding minerals. Usually
the fluid contains several weight percent of dissolved silicates and the silicate source could be
the MORB/eclogite layer or the peridotite mantle wedge (Manning, 1994; Newton & Manning,
2002). In some specific cases, very high-silica contents in supercritical fluids may be possible,
when fluids interact with a subducted sediment layer (Keppler, 2017).

Experimental methods for determining the composition of high pressure and temperature
water-rich fluids in equilibrium with minerals/rocks are important for understanding fluid
transport processes in the mantle. In general, performing and analysing fluid- or melt-bearing
experiments is challenging. Also, analysing the fluid composition is difficult because the
composition of the fluid changes during quenching due to precipitation of solid phases
(Keppler, 2017). Using a double-capsule technique, Manning (1994) determined quartz
solubility by measuring the weight loss of a clean, polished single crystal during high-pressure
and temperature piston cylinder experiments. In this technique, a perforated Au inner capsule
enclosing a quartz single crystal is used, such that the dissolved SiO; is focused in the outer Pt
capsule and does not precipitate on the single-crystal quartz during the quench. Therefore, the
solubility of SiO, can be estimated directly using the weight loss of the quartz crystal measured
after the experiment. This technique can be used only for very simple systems, however, such
as quartz solubility in water (Manning, 1994) and forsterite + enstatite + water (Newton &
Manning, 2002). Large disagreements have been found when applying this technique to the
solubility of accessory minerals such as rutile + H>O: weight loss experiments by Ayers and
Watson (1993) returned rutile solubilities in water up to 1.9 wt. % at 1 GPa and 1100 °C,
whereas a later study by Tropper and Manning (2005) reported a maximum of < 400 ppm by
weight at 1000-1100 °C and 1-2 GPa. The large overestimation by Ayers and Watson (1993)
(by about a factor 270) was caused by a considerable temperature gradient in their piston-
cylinder experiments and a misidentification of crystals formed by material transport during
the run as quench crystals. High field strength element (Nb, Ta, Zr, Hf, Ti) oxides such as rutile
and zircon seem to be more susceptible to re-distribution in temperature gradients than major
elements such as SiO> (Bernini et al., 2013; Rustioni et al., 2021; Tropper & Manning, 2005).
Therefore, the applicability of weight-loss experiments depends on the type of compositional



Introduction

system studied and requires very accurate control on temperature gradients within piston

cylinder assemblies (Keppler, 2017).

The fluid composition in high-pressure, high-temperature experiments can be also determined
using the diamond trap technique (e.g., Kessel et al. 2004; Aerts et al. 2010; Tiraboschi et al.
2018). The diamond trap method has originally been developed by Ryabchikov et al. (1989),
and has also been used for determining the composition of high-pressure, high-temperature
partial melts (Baker & Stolper, 1994; Kushiro & Hirose, 1992). In this method, a layer of
diamond powder (20-50 pm grain size) is placed at the centre of the experimental capsule, into
which fluids/melts infiltrate during the experiment and precipitate dissolved solids during
quenching. Subsequently, the diamond layer is analysed by laser ablation—inductively coupled
plasma—mass spectrometry (LA—ICP—MS) analysis. Stalder et al. (2001) allowed the remaining
aqueous fluid present in the diamond trap to evaporate prior to analysis. However, Kessel et al.
(2004) found that dissolved ions were preferentially lost during this approach. As a solution,
they developed a technique in which the whole sample capsule is kept frozen during opening

and subsequent LA-ICP-MS analysis.

In the above described diamond trap experiments, the basic assumption is made that everything
that is present within the diamond trap after the experiment was originally dissolved in the fluid
and was in equilibrium with the residual solid assemblage at the time of quenching. However,
this assumption is not always valid. For instance, if an experiment is started with a silicate
glass, then high solubilites can be reached metastably in the aqueous solution during heating,
resulting in the precipitation of crystalline phases in the diamond trap. Precipitation of such
phases during dissolution of a piece of metastable andesitic glass in water, was directly
observed in an externally heated diamond anvil cell experiment by Keppler (2017). Subsequent
LA-ICP-MS analysis of the diamond trap would include these crystalline phases, leading to an

overestimation of the true fluid solute content.

Overall, the above summary demonstrates that there are considerable limitations in the existing
approaches to determine the compositions of fluids in high- pressure and temperature
experiments. Therefore, innovations in both experimental and analytical techniques are
required to refine the accuracy and reproducibility of mineral solubility and fluid/mineral

partitioning experiments at upper mantle conditions.
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1.2. The composition of mantle sulphides

Direct information on the mineralogy and geochemistry of the Earth’s mantle can be obtained

from a number of sources.

= Regions where the mantle is exposed at the Earth's surface known as ultramafic massifs,
e.g., Serrania de Ronda peridotite massif, in southern Spain (e.g., Pereira et al., 2003);
Lanzo Massif in Western Italian Alps ( e.g., Vitale Brovarone et al., 2017).

= Direct samples transported from the mantle to the surface as xenoliths (e.g., Bohrson and
Clague, 1988; Haggerty and Sautter, 1990) or as inclusions trapped in xenocrysts (e.g.,
Varela et al., 1997; Aulbach et al., 2004).

= Surface exposures of mafic and rare ultramafic magmas produced by partial melting in the
mantle (e.g., Huppert et al., 1985).

= Direct samples from the mantle captured as inclusions in diamonds (Alvaro et al., 2022),
found in xenoliths brought to the surface by kimberlitic magmas.

Amongst samples from the Earth’s deep mantle, inclusions in diamonds are particularly
valuable. Diamonds can in principle host pristine inclusions due to their chemically inert nature
and together with the very old ages, they are important for studying the origin and evolution of
the lithospheric mantle (Griffin et al., 2003; Heaman & Pearson, 2010) and the migration of
carbon. The chemical and morphological data of various inclusions can provide direct
information on processes operating in the interior (e.g., Navon et al., 1988; Pearson et al., 2014;
Angel et al., 2015, 2022; Smith et al., 2018; Anzolini et al., 2020). Furthermore, inclusions not
only allow the age of diamond formation to be determined through geochronology (e.g.,
Pearson et al., 1999; Harvey et al., 2016), but by interpreting their compositions using the
results of laboratory experiments, it is possible to perform geothermometry (e.g., Davies et al.,
2004) and geobarometry (Beyer & Frost, 2017; Eggler & Lorand, 1993) measurements. The
pressure and temperature conditions of diamond formation within the upper mantle are easily
achieved in experiments, which allow processes that lead to the mobility of carbon in the

interior to be studied.

With the exception of some rare super deep diamonds that come from the mantle transition
zone and possibly the lower mantle (Boyd & Gurney, 1986; Stachel et al., 2005), the
subcratonic lithosphere, that can extend to depths of approximately 250 km, is the main source

of natural diamonds (Fig. 1.3). Diamond formation appears to be favourable at relatively low
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temperatures and thus in regions with low geothermal gradients (Tappert & Tappert, 2011).
Such low gradients occur in ancient continental blocks known as cratons (Janse, 1991; Rudnick
& Nyblade, 1999), which have remained stable for at least 2.5 billion years (Stachel & Harris,
2009).
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Figure 1.3: Typical geothermal gradients of oceanic, continental and cratonic
lithosphere. Diamonds are found in xenoliths brought to the surface by kimberlitic
magmas in regions where thick cratonic lithosphere extends to depths beyond the
graphite-diamond transition (modified after Tappert and Tappert, 2011).

Diamonds are found within three main groups of rocks, peridotites, eclogites and websterites.
Peridotites are the main rocks forming the upper mantle and can be further subdivided based
on the type and proportion of pyroxene (see the ultramafic rock classification in the figure 1.4
and also more details can be found in, Stachel and Harris, 2009), eclogites appear to have
mainly formed from metamorphosed basaltic rocks (Jacob, 2004) and websterites, which are
comprised of near equal proportions of clino- and orthopyroxene, have bulk compositions that
are intermediate between eclogites and peridotites (Aulbach et al., 2002). Based on the
chemistry of single inclusions found within diamonds, however, they can also be associated
with these rock types, in which case they are proposed to have either peridotitic, eclogitic or

websteritic paragenesis. The proportions of these different parageneses are shown in the Figure
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1.4 (left), based on a compilation of silicate and oxide inclusions from a total of 2844 natural
diamonds by Stachel and Harris (2009). The most significant paragenesis is peridotitic (65 %
of inclusion bearing diamonds), followed by eclogitic (33 %), with only a minor proportion of
websteritic (2 %) diamonds (Fig. 1.4).
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Figure 1.4: Left: relative abundances of the main diamond suites based on 2844
inclusion bearing diamonds. The peridotitic suite is further subdivided into harzburgitic,
Iherzolitic and wehrlitic based on the proportion and nature of pyroxene minerals (from:
Stachel and Harris, 2009). Right: The ultramafic rock classification diagram, showing
the subdivision of peridotitic and pyroxenitic suites.

The most common type of inclusions in lithospheric diamonds are sulphides, which contain
variable amounts of base metals, such as Ni, Co and Cu (Pearson et al., 1998; Richardson et
al., 2004; W. E. Sharp, 1966; L. A. Taylor & Liu, 2009). Due to the common occurrence in
both peridotitic and eclogitic diamonds, it has been argued that sulphides may be involved in
the diamond forming process (Bulanova, 1995; Gunn & Luth, 2006; Palyanov et al., 2007;
Shushkanova & Litvin, 2008). Sulphide inclusions are generally multiphase mineral
assemblages formed on cooling of an initially trapped single phase. The most common minerals
found are pyrrhotite (Fe1-xS) and pentlandite ((Fe,Ni)sSs), but pyrite (FeS), chalcopyrite
(CuFeSy), cubanite (CuFe2S3), and heazlewoodite (NisS>) are also found (Bulanova et al., 1996;
Deines & Harris, 1995). The paragenesis of sulphide inclusions is based on their Ni contents
as being either peridotitic (>12 wt. % Ni), pyroxenitic (8—12 wt. % Ni) or eclogitic (< 8 wt. %
Ni) (Aulbach et al., 2009; Deines & Harris, 1995; Yefimova et al., 1983). Compositions of
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single sulphide mineral inclusions among different diamondiferous kimberlites from

Koffiefontein, Orapa, Premier, Roberts Victor, Jagersfontein, Sierra Leone, Star, and Mwadui

are plotted in a ternary (Fe—(Ni+Co+Cu)-S) diagram in Figure 1.5.
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Figure 1.5: Ternary diagram of the Fe—(Ni+Co+Cu)-S system, showing atomic
fractions of sulphide minerals from South African diamond inclusions. Different
symbols indicate inclusions in diamonds from different kimberlite fields;
Koffiefontein, Orapa, Premier, Roberts Victor, Jagersfontein, Sierra Leone, Star mine,

Alamasi and Mwadui. (Deines & Harris, 1995).

Various hypotheses have been put forward to explain the common occurrence of sulphide

inclusions in diamonds and their possible connection with diamond formation (Haggerty, 1986;

Marx, 1972; Palyanov et al., 2007), yet the ideas are still debated. However, diamond

inclusions allow the compositions of deep lithospheric sulphides to be examined, which might

potentially be used to understand the conditions and protoliths in which diamonds are formed.

In addition to Fe, Ni and Cu, other elements such as oxygen and carbon have been shown

experimentally to be present in sulphide melts (Terasaki et al., 2005; Zhang & Hirschmann,

2012) and oxide minerals are also found in natural sulphide inclusion assemblages (Bulanova

et al., 1996; Jacob et al., 2016). These minor components have been shown to influence
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properties of sulphide melts. One example is the effect of oxygen on the dihedral angle between
Fe-O-S melt and silicate minerals (Gaetani & Grove, 1999; Terasaki et al., 2005; Zhang et al.,
2018). Also, it has been shown that dissolved oxygen lowers the melting temperature of FeS
significantly (Naldrett, 1969; Zhang & Hirschmann, 2016). Moreover, oxygen contents have
been reported in natural sulphide inclusions in diamonds (Bulanova et al., 1996; Davies et al.,
1999, 2004; Jacob et al., 2016). However, there has been no previous experimental study
reported that investigated the factors controlling the oxygen content in mantle sulphides,
particularly in relation to the observed diamond inclusions. Due to the inert nature of diamonds,
we can expect that the oxygen concentrations of diamond sulphide inclusions represent the
original mantle values, unless they were exposed and altered. It is plausible that at least some
diamond sulphides were in equilibrium with typical mantle assemblages at the time of
entrapment and the oxygen concentration may therefore reveal information concerning the
conditions at which this occurred. Although there have been many previous studies examining
various aspects of sulphide melt stability and chemistry (Fonseca et al., 2008; Naldrett, 1969;
Terasaki et al., 2005; Zhang et al., 2018b), non were conducted in equilibrium with typical
mantle mineral assemblages. What is required is a systematic study to examine how the oxygen
concentration in sulphides may be influenced, not only by the pressure and temperature, but by
other factors such as the coexisting mineral assemblage, oxygen fugacity and major element

sulphide composition.
1.3. The role of sulphide melts in fractionation of the Earth’s interior

Core formation was the most significant differentiation event to affect the Earth, which
influenced the evolution of the mantle, crust and the atmosphere. During this process iron metal
equilibrated with the silicate mantle at an oxygen fugacity (foz) below the iron-wistite (IW)
buffer, i.e., the foo. imposed by the equilibrium 2Fe +O, = 2FeQ. This would have left very little
ferric iron in the silicate portion of the Earth. Some of the oldest magmas on Earth, however,
reveal a mantle fo, that was similar to that of the modern mantle, which is 4-5 times higher
than that of the IW buffer (Frost & McCammon, 2008), and close to the level described by the
fayalite-magnetite-quartz (FMQ) oxygen buffer (O’Neill, 1987). The atmospheres of the
terrestrial planets were mainly sourced through magmatic degassing (Elkins-Tanton, 2008;
Gaillard & Scaillet, 2014; Hirschmann, 2012). If the mantle had remained at an fo, compatible
with core-mantle equilibration, reduced volatile species such as Hz, CO, CH4, H2S would have

degassed, creating an anoxic atmosphere that would have been incompatible with the eventual
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development of an oxygenated atmosphere (Gaillard & Scaillet, 2009; Hirschmann, 2012). The
increase in the oxidation state of the mantle, however, allowed H,O and CO to degas from the
interior so that an oxygenated atmosphere could eventually form (Kasting, 1993). The mantle
oxidation mechanism was, therefore, a key step in the evolution of the Earth into a habitable

planet.

The fo, of the present-day mantle can be calculated using the Fe3*/Fe?* ratios of primitive
magmas, such as mid-ocean ridge basalt (MORB) glasses (e.g., Bézos and Humler, 2005;
Cottrell and Kelley, 2011; Zhang et al.,, 2018a). Using thermodynamic-based oxy-
thermobarometry calibrations (e.g., Gudmundsson and Wood, 1995), the fo, of spinel peridotite
residues from mantle melting can also be determined (e.g., Davis et al., 2017). Both types of
studies show that mantle fo. varies within the range £1.5 log units of FMQ (Frost &
McCammon, 2008).

As stated previously the fo, of the mantle seems to have increased quite rapidly after the Earth
was formed and may have occurred either during or just after core formation had finished
(Kasting, 1993; Trail et al., 2011). Evidence for this can be found in the oxidation state of some
of the earliest mantle-derived magmas, which date back to the Archean eon. Using
experimental calibration of the partitioning of redox sensitive elements such as chromium (e.g,
Delano, 2001) and vanadium (Canil, 1997), it has been show that the fo, levels of Archean
komatiites, dating back to at least 3500 Ma and possibly even 3960 Ma (Canil, 1997), were
similar to present day mantle melts. The oxidation state of magmas from which the oldest
minerals on Earth crystallised, detrital zircons approximately ~ 4400 Myr old (Ridley, 1998;
Hopkins et al., 2008), has also been estimated using zircon/melt partitioning calibrations, and
implies magmatic fo, conditions similar to FMQ (Trail et al., 2011). Other methods based, for
example, on the V/Sc ratio of ancient basalts (Li & Lee, 2004) and vanadium distribution in
peridotites (Lee et al., 2003), further support that the transition from a reducing mantle (set by
metal-silicate equilibrium) to the present-day oxidized levels must have occurred rapidly after
the core formation. However, the mechanism, or mechanisms through which the mantle

oxidation state was raised after core formation, are unclear.

Figure 1.6 shows a cartoon summarizing the co-evolution of the Earth’s core, mantle and

atmosphere through the processes described in this section 1.3.
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Figure 1.6: Co-evolution of the Earth’s core, mantle and atmosphere. Schematic
sections show specific periods of Earth throughout its evolution: (i) accretion of
planetesimals from dust condensed from the solar nebular (~4.5 Ga); (ii) core formation
stage where metal-silicate equilibration occurs under reducing conditions fO2 < IW)
(4.5 — 3.8 Ga) where any initial atmosphere would have been composed of reduced
gases (e.g. H2, CH4, CO); (iii) rapid mantle oxidation through the addition of volatile-
rich materials during the final stage of the core formation, more oxidised volcanic gases
for the atmosphere (e.g. H20, CO,), at this stage the core has accreted with main
constituents plus volatile elements (e.g. H, S); (iv) In the final stage photosynthesis
causes the rise in O of the atmosphere.

The addition of oxidized and water-rich material during the later stages of accretion (O’Neill,
1991; Wood et al., 2006) could have increased the oxidation state of the mantle. This
mechanism would have been closely related to the establishment of the highly siderophile
element (HSE - elements that partition very strongly into iron metal) concentration in the
mantle. In such a scenario the planetesimals and planetary embryos that accreted during the

early phases of Earth’s formation were reduced, i.e., contained very little FeO, and volatile
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poor (O’Neill, 1991). Core formation during this phase of accretion would have removed all
siderophile elements from the mantle, and even nominally lithophile elements such as V, Cr
and Si. The final 10-20 % of accretion would have been characterized by the addition of more
oxidized and volatile-rich material that would have established the mantle’s current FeO
content (e.g. Ballhaus et al., 2017; Kubik et al., 2021; Li, 2022). As no or little iron metal would
have been present in this material the added siderophile elements would have remained in the
mantle. Although this can explain the abundance of nominally siderophile elements in the
mantle such as Co and Ni, it would have led to an overabundance of highly siderophile
elements. There must, therefore, have been a further stage of core formation that involved the
separation of sulphide melt, that would still be stable at the higher oxygen fugacities of this
accretion stage. Further core formation through the separation of the so called “Hadean matte”
(O’Neill, 1991; Righter et al., 2019, 2020; Rubie et al., 2016) would have removed the highly
siderophile elements from the mantle, but because of its relatively small abundance, the
nominally siderophile element ratios in the mantle would have remained unchanged. The final
mantle concentrations of HSEs would have been established in a concluding stage of accretion,
called the late veneer, where no subsequent core formation occurred (Laurenz et al., 2016;
Rubie et al., 2016).

In this scenario water in the material accreted in the later stages could have oxidised the mantle
through the following reaction (Sharp et al., 2013);

2Fe0 + H,0 - Fe,05 + H, (1.1)

However, the oxidation process would not be sustained up to the fo, of the present-day mantle
unless the produced hydrogen was removed from the mantle. Hydrogen is a strong reducing
agent and it would simply reverse the oxidation reaction if it passed though material that had
already been oxidised. Removal of hydrogen by degassing of H. to the space was proposed by
Sharp et al., (2013), but was probably not an effective mechanism (Elkins-Tanton, 2008;
Gaillard & Scaillet, 2014; Hirschmann, 2012). Firstly, as the oxidation state of the mantle
material increased the degassing species would become H>O rather than Ho, that would have a
negligible effect on mantle redox state (Hirschmann, 2012). Secondly, in order to degas Ha, the
silicate melt should have been hydrogen-supersaturated to nucleate H, bubbles (Elkins-Tanton,
2008, 2012). This supersaturation levels may not be feasible due to relatively low abundance
of molecular H. in shallow levels of the magma ocean at the pressures below 3 GPa
(Hirschmann, 2012).
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A further more plausible possibility would be that the hydrogen could have been removed by
incorporation into the core. As discussed earlier, the main core-segregating phase as the
oxidation state of the mantle increased would have been iron sulphide melt (Hadean matte).
The sulphur concentration at sulphide saturation (SCSS) defines the maximum sulphur
concentration of a magma ocean that is in equilibrium with FeS melt. If the magma ocean
sulphur content reached the SCSS level at certain conditions, then FeS melt would have
exsolved from the magma ocean. The SCSS in peridotite melts decreases with increasing
pressure and decreasing temperature (Blanchard et al., 2021; Mavrogenes & O’Neill, 1999).
This implies that, as the magma ocean cools down, FeS would have inevitably exsolved from
the magma and would have segregated to the core due to the higher density. This is also
supported by experimentally reproduced superchondritic abundances of HSE in the mantle
(Laurenz et al., 2016; Rubie et al., 2016).

The issue remains, however, as to whether sufficient hydrogen can dissolve in core-forming
FeS at suitable oxygen fugacities to facilitate the oxidation of the mantle by H2O. Currently
there are no experimental data through which to assess this. Previous studies have indicated
that H. is soluble in liquid metallic iron, which could bring a significant amount of hydrogen
to the core (lizuka-Oku et al., 2017; Ikuta et al., 2019; Machida et al., 2014, 2019; Okuchi,
1997). One major problem in studying this is that Fe-metal melt crystallises on quenching and
the solid phases produced do not preserve the original H> concentration, making H> analysis
on the recovered samples meaningless. In previous studies (Okuchi, 1997) iron liquid H>
concentrations were, therefore, estimated from the volumes of H bubbles that were quenched
into the Fe-metal, with an accuracy that is hard to assess as it depends on the exact conditions
of quenching and the equation of state of H>. As discussed earlier, however, if the mantle started
to oxidise towards the end of accretion, Fe metal would no longer be a stable, and could not,

therefore, remove H; to the core.

Previous studies have also implied that FeS melt can dissolve H-O, that exsolves upon quench
crystallisation leaving vesicular pore spaces (Mungall & Brenan, 2003; Wykes & Mavrogenes,
2005). Higher-pressure (up to 16.5 GPa) experiments (Shibazaki et al., 2011) also indicate a
significant decrease of the melting temperature of FeS caused by either H.O or hydrogen
solubility. To evaluate the possibility of FeS liquids dissolving Hz requires information on the

partitioning of Hz between sulphide melts and a magma ocean as a function of oxygen fugacity.
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The first step in being able to determine quantitatively the amount of hydrogen in FeS liquid
would be to determine how much can actually be quenched into solid FeS phases. There is
reasonably good evidence from in situ X-ray diffraction experiments that hydrogen is soluble
in solid FeS minerals at high-pressure and high-temperature conditions (Shibazaki et al., 2011).
The unit-cell volume of FeS in the presence of H: is higher compared to the nominally Hz-free
FeS equation of state. Assuming the unit-cell volume expansion behaviour is similar to iron
hydrides, Shibazaki et al. (2011) calculated the hydrogen content to be x =0.2 — 0.4 (in FeSHx
stoichiometry) between 3 GPa and 16 GPa. However, the uncertainties of this calculated
hydrogen contents could be large, because Fe metal and FeS are structurally and chemically
different. Furthermore, FeS undergoes a pressure-induced iron high-spin to low-spin phase
transition, at pressures below ~7 GPa at 500 K and below 12.5 GPa at 1200 K (Fei et al., 1995;
Urakawa et al., 2004). This causes abnormal compressibility behaviour, and therefore, unit-
cell volume-based calculations for determining hydrogen contents in FeS will result in high-
uncertainties as no simple P-V-T relation exists for the pressure interval of the spin transition.
Although the hydrogen content of FeS likely increases with pressure at high-temperature,
samples recovered to room pressure most likely lose this hydrogen, as observed for other
hydride phases (Antonov et al., 1998; Fukai & Suzuki, 1986; lizuka-Oku et al., 2017; Okuchi,
1997), so that in situ measurements are the only way to perform reliable hydrogen

measurements.

An alternative more reliable approach to determine the hydrogen content in FeS is to use in
situ neutron diffraction. Neutron diffraction is a powerful tool that provides structural
information on a mineral phase, including site occupancies, and is sensitive to elements with a
small atomic number. In neutron diffraction, the scattering power of an element is not
dependent on the atomic number and both heavy and light elements can scatter similarly, in X-
ray diffraction the scattering power simply increases with atomic number making light
elements like hydrogen invisible (for more details, see the chapter 2). Through an analysis of
neutron diffraction intensities, information on the sites in the FeS structure that are occupied
by hydrogen can be obtained. Importantly, this method is completely independent from the
determination of the unit-cell volume and it can therefore be used to validate the accuracy of
previous X-ray diffraction unit-cell volume-based determinations of the hydrogen content of
FeS. As FeS likely loses hydrogen on quenching to low pressure, however, neutron diffraction
measurements have to be performed at high-pressure and temperature conditions. Due to the
limitations in volume in the high-pressure experiments and in the ability to change the
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orientation of the sample, it is necessary to perform power neutron diffraction measurements

rather than single-crystal measurements.

In a recent study that used high pressure and temperature in situ neutron diffraction
measurements (lizuka-Oku et al., 2021), it was claimed that hydrogen incorporation in FeS is
negligible. However, this study consists of experiments on hydrogen partitioning in a relatively
complex system, with a starting material that comprised an iron-silicate-water-sulphur mixture.
The resulting diffraction patterns were over-crowded with mostly overlapping reflections from
multiple phases. In fact, the diffraction patterns show only 3 reflections of FeS that are not
overlapping with other phases. It is therefore questionable as to whether the Rietveld
refinement is of sufficient quality to determine the hydrogen concentration. This underlines the
importance of obtaining a reliable systematic assessment of hydrogen incorporation in FeS at
high-pressure and high-temperature. The first step should in fact be to determine the FeS
hydrogen solubility, i.e., in equilibrium with pure H> gas. It is also essential to obtain clean
diffraction patterns without overlapping reflections in order to refine multiple parameters such
as, unit-cell dimensions, hydrogen occupancy, thermal parameters simultaneously. In such a
study, once the total hydrogen content is obtained using Rietveld refinement, the volume
increase of FeSHx on hydrogenation (A7) can also be calculated. This would, in addition,
allow previous x-ray diffraction volume determinations of FeSHx (Shibazaki et al., 2011) and
possibly neutron diffraction volumes by lizuka-Oku et al., (2021) to be more accurately
inverted to determine the hydrogen content. Once the maximum concentration of hydrogen
under particular conditions are known it should be possible to perform measurements where
the fo, is varied and the hydrogen activity is lowered. It would also be possible to perform
partitioning experiments at lower hydrogen activities, where FeS liquid is quenched to a solid
assemblage at conditions where the hydrogen concentration is below saturation in the solid and

can, therefore, be reliably measured while the sample is still under high-pressure conditions.

If the mechanism of Earth’s mantle oxidation indeed could be explained by oxidation by H2O
and the removal of H: through sulphide segregation to the core, this would also provide an
important constraint in understanding of the composition of the Earth’s core. Seismological
observations show that both the inner and outer core are less dense than the main constituent
Fe—Ni alloy (Birch, 1952, 1964; Ringwood, 1977). At the relevant high-pressure and high-
temperature conditions density measurements on Fe or Fe-Ni alloy imply that the density of

the core is only matched if some lighter element or elements are also present (Kantor et al.,

18



Introduction

2007; Lin et al., 2003; Morrison et al., 2019). The candidate light elements are carbon, oxygen,
sulphur, silicon and hydrogen due to their cosmochemical abundances (Birch, 1964; Poirier,
1994). However, up to now models that proposes the presence of just one of these elements fail
to match both the density of the core and P and S seismic wave velocities (Hirose et al., 2021;
Li et al., 2018; Umemoto & Hirose, 2020). It is most likely that the presence of not only just
one, but a mixture of light elements in the core is responsible for the density deficit (Hirose et
al., 2021). If multiple light elements are present then there may be too few geophysical
constraints to independently determine the core’s composition and additional constraints from
an understanding of the core-formation process may be required (Badro et al., 2015). If
sulphide segregation is indeed associated with the transport of a significant amount of hydrogen
to the core, it may be possible to constrain the proportions of these two light elements (S and

H) in an inter-dependant manner in core formation models.

Finally, as iron-rich monosulphides are accessory phases in the upper mantle and are the main
inclusions found in diamonds it is important to also determine if they could host H> at plausible
mantle oxygen fugacities as this could potentially influence their thermodynamic properties
and melting temperatures. Sulphide minerals and melts may also be an additional, although

potentially minor, host for hydrogen in the interior.
1.4. Objectives of the PhD thesis

This thesis consists of three experimental projects (presented in chapters 4, 5 and 6) each aimed
at addressing a specific scientific question, as described below.

The first objective was to develop a new experimental method to determine the composition of
high-pressure and temperature fluids in equilibrium with mineral assemblages. As discussed in
section 1.1, high P-T fluid associated experiments are often challenging, and several recent
studies have pointed out some inconsistencies in experimentally determined mineral
solubilities using the often-applied classical diamond trap method. In the classical method
fluids reside in an open network within a porous diamond powder layer sandwiched between
layers of mineral/rock grains. The new method is aimed at improving this by separating the
location where the fluid is captured from the region where mineral equilibrium occurs. The
fluid is then captured in multiple traps so the homogeneity of the fluid composition can be
assessed. This allows rigorous testing of the reproducibility and accuracy of data. High

fluid/solid ratios in the experiment promotes growth of large single crystals, which can be
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easily analysed to determine fluid-mineral partition coefficients. Another important aspect is
to minimize the strong element fractionation during LA-ICP-MS analysis that has been

observed in the classical diamond trap method.

The second part of this thesis was aimed at understanding the factors controlling the oxygen
contents of mantle sulphide melts in equilibrium with peridotite mineral assemblages. As
described in section 1.2, some natural sulphide inclusions found in diamonds show measurable
oxygen concentrations, which might have originated as a component of a sulphide melt in the
mantle. In the experimental work presented in chapter 5, the main goal was to measure oxygen
concentrations of sulphide melts, in order to constrain the effects of pressures, temperatures,
chemical composition and oxygen fugacity conditions relevant to upper mantle diamond
formation. With the results of this study, a thermodynamic model is derived that can explain
the variation in oxygen concentration in sulphide liquids of the upper mantle. Furthermore, the
experimental results may be used to interpret the conditions of origin from the measured
oxygen concentrations in natural sulphide diamond inclusions. An additional objective is to
test a non-destructive method of measuring the oxygen concentration in sulphides using
Madssbauer spectroscopy.

The main goal of the final chapter of this thesis is to determine the deuterium contents and site
occupancy in iron sulphide at high-pressure and high-temperature using in situ neutron
diffraction experiments. Deuterium is used as a proxy for hydrogen as it has a strong, positive
neutron scattering length, but otherwise behaves similarly. As outlined in section 1.3, the
capacity of FeS liquids to accommodate hydrogen (deuterium in the experiments) is relevant
to various planetary formation and differentiation processes. Although hydrogen appears to
dissolve in FeS minerals and melts at high-pressure and temperature, they most likely do not
retain hydrogen in their structure during the P/T quench. The potentially most conclusive
approach is to use in situ neutron diffraction analysis at high pressures and temperatures, to
examine deuterium solubility in FeS minerals. This provides at least a starting point for
understanding the likely hydrogen contents in sulphide liquids. Further thermodynamic
treatments could provide information on the potential storage of hydrogen in sulphide relevant
to planetary mantles and inner cores. Therefore, in this study high pressure and temperature
experiments were made in the solubility of deuterium in a polytype of pyrrhotite (NiAs-type
Few-xS), referred to as FeS V, using a multi-anvil press installed at the J-PARC spallation

neutron source in Japan. Powder time-of-flight neutron diffraction measurements were made
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that can provide structural information on atomic positions and site occupancies of deuterium
in FeS V when analysed using Rietveld structure refinements. Further experiments were
performed to determine the oxygen fugacity imposed by the deuterium source and a model is
used to determine the likely hydrogen content of FeS V at the higher oxygen fugacities of

cratonic lithosphere conditions and diamond formation.
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Chapter 2
Methods

This chapter describes the experimental and analytical techniques used in this thesis. Some of

the techniques included here will be described in slightly more detail in the following chapters.

2.1 Starting materials

All starting materials were synthesized using reagent grade oxides carbonates and metal
powders. Specific compositions of the starting mixtures will be described in the following
chapters relevant to each project. As a general procedure, starting materials consisting of more
than one component were prepared by mixing them in an agate mortar after weighing each
component in appropriate proportions. The mixture of each composition was grounded under
ethanol for at least 40 minutes to ensure homogeneity. In some instances, the mixing procedure
was repeated more than one time, when for example, the starting powders contained trace

amounts of components that must be distributed homogeneously.

Required contents of oxides in the silicate starting materials were obtained either using the
exact oxide composition (e.g. Al.O3, MgO) or for particularly hydroscopic components
through decarbonation of the carbonate (e.g. CaCO3z > CaO + COy). Iron was added to starting
materials using the most stoichiometric oxide, Fe.Os, which was then reduced in a gas mixing
furnace at an appropriate oxygen fugacity. For this, a small amount (~ 0.5 g) of the starting
powder was pressed into a pellet using a hydraulic pellet press and then hung inside the vertical
tube of the gas mixing furnace inside a Pt cage. By using a cage of thin Pt wires, contact and
thus iron loss, to the Pt was minimized. The required oxygen fugacity was obtained by mixing
CO and CO2 gas flow through the vertical tube of the furnace at a temperature of 1100 °C. The
proportion of CO:CO: required to arrive at a particular oxygen fugacity is determined using
look-up tables that are based on the equilibrium,

2C0 + 0, = 2CO, (2.1)

Quenched pellets were ground in an agate mortar for another 10-20 minutes and all the
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prepared starting materials were stored in a desiccator to prevent oxidation/hydration before

use in the high-pressure and temperature experiments.

2.2 High-pressure and high-temperature experiments

Mainly two high-pressure (HP) and high-temperature (HT) experimental techniques for ex situ
experiments were used. Overall, experiments at pressures lower than 3 GPa were conducted
using the piston-cylinder apparatus (sub-section 2.2.1) which has the advantage of being able
to synthesize relatively large sample volumes (up to ~ 600 mg) under well controlled thermal
environments. Experiments at higher pressures (>3 GPa) were performed using a multi-anvil
apparatus (6-8 type) operating with a large volume press (LVP). The multi-anvil has the
advantage of being able to generate pressures up to 25 GPa and temperatures up to 2500 K
(sub-section 2.2.2.1) i.e. conditions that encompass those down to the top of the lower mantle.
Sample sizes decrease with pressure although even at the highest-pressures, samples of a few
milligrams can be obtained. All in situ HP-HT neutron diffraction experiments at J-PARC were

performed using a 6-6 type multi-anvil apparatus, described in detail in sub-section 2.2.2.2.
2.2.1 Piston-cylinder apparatus

The piston cylinder press (Boyd & England, 1960) has been used for high P, high T experiments
at conditions that typically encompass the lower crust up to the top of the upper mantle (~3
GPa and ~2000 °C), although higher pressures (up to ~ 5 GPa) are possible (Boyd & England,
1960; Perkins et al., 1981). Relatively large sample sizes can be employed in the piston cylinder
apparatus (~200 mm? in 1/2" assembly) compared to the multi-anvil type LVP. A stack of three
main pieces, i.e., bridge, pressure vessel and top plate, comprise a cylindrical-shaped setup,
where the high-pressure and high-temperature experiments are carried out. A typical end-
loaded set up is shown in the Figure 2.1. The pressure vessel (bomb), is made of a series of
outer steel rings that surround and confine an inner tungsten carbide (WC) core with a
cylindrical cavity at the centre for the high-pressure assembly. The master ram transfers the
pressure to the sample (enclosed in the high-pressure cell assembly) through a WC piston
which moves inside the WC core of the pressure vessel. A second hydraulic ram provides the
end-load pressure during an experiment to support the pressure vessel from the opposite side
of the master ram (Fig. 2.1). In general, pressurization is first performed using two hand-pumps
(one for each ram with a maximum oil pressure of 2000 bars), and then a programmed pressure

profile can be executed through a pressure controller system, which is driven by two automatic
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pumps. Some of the experiments were performed using fully manual type piston cylinder
presses, in which the pressure is generated only using the hand pumps. After compression,
electrical power is supplied via copper electrodes on the top plate and the bridge, which creates
an electrical circuit through a resistive graphite heater that generates high temperatures in the
assembly. During heating, the pressure vessel is cooled using circulating water (~5 — 8 L/min),
which stops high-temperatures building up within the concentric rings and core of the bomb
and within the pressurising oil, allowing pressures to remain stable for long durations (up to

several weeks).

Upper ram
End load Pressure

Upper ram

Top Plate Steel plug

Thermocouple . __ - u
Valves for
cooling water

Electrodes

Water in 5

Water out <«

Lower ram
Master pressure

Power supply

Hand pumps

— =

Figure 2.1: Side view of piston cylinder press (MavoPress from Max Voggenreiter
GmbH) and the components of the end-loaded set up. The copper electrodes are
connected to the “Eurotherm” power supply for heating the experiments. The water in
and out is connected to a central cooling water supply which circulates around the stack
of metal cylinders and sample-containing bomb during the heating period of
experiments for cooling.
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The high-pressure assembly (Fig. 2.2) is placed inside the cylindrical cavity within the tungsten
carbide core of the pressure vessel (Fig. 2.1). A steel plug with an outer pyrophyllite sleeve is
inserted within the carbide core (on top of the assembly) to prevent the assembly from being
extruded upon pressurizing. The high-pressure assembly used for the experiments described in
this thesis was made out of an outer NaCl sleeve, inner polycrystalline MgO sleeve and a
stepped graphite resistance heater (referred to as an “NaCl+MgO” assembly, Fig. 2.2). The
sample capsule placed at the centre of the assembly surrounded by an MgO sleeve and two
MgO plugs on both sides. The electrical connection to the graphite heater is maintained through
the steel plug on the top and a graphite and steel disk at the bottom of the assembly. The
experimental temperature is monitored using a thermocouple (S type in this study — Pt/Pteo-
Rhio), inserted axially such that the welded junction is in close contact with the top of the
capsule. Even though the primary load applied is uniaxial, the sample capsule is pressurized
quasi-hydrostatically once the pressure-medium materials of the assembly are heated up.
Calculation of the pressure (P) of piston cylinder experiments is based on the relationship
between applied force (F) and area (A), i.e., P = F/A, and could be determined based on the
surface area of the piston. The pressure experienced by the sample, however, depends on the
extent to which force is lost due to frictional sliding of the piston and within the assembly parts.
This requires a “friction correction” to be made which varies for different cell assemblies but

is determined through pressure calibration experiments.

NaCl
MgO
Steel

plug
16.5 mm

Graphite

Pyrophyllite

IEEEENE

Sample in
Pt capsule

Thermocouple

Sample Assembly
35 mm

e« Steel disk and piston ring

12.7 mm (1/2")

Figure 2.2: A schematic diagram of the high-pressure cell assembly and base plug on
top used in piston cylinder experiments. Type S (Pt/Pt—-Rh) thermocouple inserted
axially was employed for the temperature measurements.
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2.2.2  Multi-anvil apparatus

The multi-anvil apparatus is capable of generating pressures and temperatures corresponding
to the conditions up to the top of Earth’s lower mantle (~25 GPa, 2500 K), while maintaining
a relatively large sample volume of the order of ~10 mm3. A multi-anvil press consists of
hydraulically driven ram that compresses two opposing guide blocks, each containing three
hardened steel primary stage anvils. The outer anvils are shaped to compress a cubic array of
eight second stage tungsten-carbide (WC) anvils, resulting in a so called 6-8 type multi-anvil
apparatus. Each second stage anvil has a corner truncation such that when the eight cubes are
assembled into a larger single cube, an octahedral shaped cavity is created at the centre. An
octahedral high-pressure ceramic cell assembly is placed in this cavity, containing the sample
separated from a resistance heater by further ceramic parts. Recent technical advances have
allowed pressures up to 50 GPa to be reached by using sintered diamond cubes as second stage
anvils and boron-doped diamond as a heater material (Xie et al., 2021). Experiments presented
in the following chapters of this thesis, were performed using two main types of multi-anvil,
i.e. 6-8 type and 6-6 type multi-anvil apparatuses.

2.2.2.1 The 6-8 type multi-anvil apparatus for ex situ HP-HT experiments

The 6-8 setup uses a set of 8 WC second stage cubic anvils, each with at least one triangular
corner truncation. When the 8 cubes are assembled, the corner truncations create an octahedral
chamber, in which the HP sample assembly is placed. Pyrophyllite gaskets are glued along the
sides of the WC cube truncations to confine the HP chamber in which the cell assembly is
placed. A set of eight WC cubes with the octahedral HP cell in the centre is placed in the lower
of two steel guide blocks, each containing three outer hardened steal anvils that together form
a cubic chamber. One of the guide blocks is fixed, while the other is moved using a hydraulic
ram. The sizes of the octahedral cell assembly and the truncation edge length (TEL) of the WC
anvils controls the pressure generation on the sample (placed in the centre of the octahedron)
for a given uniaxial load generated by the hydraulic powered guide blocks. The 6-8 type multi-

anvil setup is sketched in Figure 2.3 and further details can be found in Rubie (1999).
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Pyrophyllite Uniaxial load
gaskets
up to 5000 tonnes
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cubic WC-anvils |\/\}

Set of eight

Figure 2.3: The 6-8 type multi-anvil apparatus (modified after Rubie, 1999). TC—
thermocouple, WC - tungsten carbide.

The octahedral shaped high-pressure sample cell assembly is made out of Cr.O3-doped MgO
(pressure medium). The pressure medium contains about 5 % of Cr.Oz that lowers the thermal
conductivity of MgO. Figure 2.4 shows a cross-section through the 18/11 (i.e., 18 mm edge
length of the octahedra and 11 mm truncation edge length of the WC anvils) assembly. Prior
to the experiments, assembly parts made of MgO and LaCrOs were baked at 1000°C for a few
hours to remove water and organic binders. The octahedron contains a cylindrical hole (6.8
mm in diameter — 18/11 assembly) in which a furnace surrounded by a thermally insulating
ZrO; sleeve is place. A resistive heater made of LaCrO3z (for experiments above ~8 GPa) or
graphite (for experiments below ~8 GPa) is employed, separated into three stepped cylindrical
parts, with different wall thicknesses, designed to minimize the thermal gradient over the
sample. The upper heater component encloses an MgO tube that serves to accommodate the
thermocouple, while a solid MgO cylinder is inserted inside the bottom section of the heater.
The middle part of the stepped heater accommodates the sample capsule inside a thin MgO
sleeve and has a thicker wall in order to create a smaller axial thermal gradient. The starting
materials used in each experiment and the sample environment (including the type of furnace,
capsule material, type of the thermocouple, etc.) will be described in detail in the relevant
chapters. Two disks made of either molybdenum (with LaCrO3 heater) or graphite (with

graphite heater) are placed both on the top and bottom of the octahedron assembly to ensure
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optimal electrical connection between the resistive heater and the truncated faces of the WC
cubes during the experiment. To monitor the temperature during the experiments, a
thermocouple is placed on the top of the sample capsule. Thermocouples made of Wgy7Re3 and
W7sRezs alloy wires (type D), with a crossed junction at one end of a four-hole dense alumina
tube were inserted vertically from the top of the cell assembly. Estimated uncertainty of the

temperature measurements is about = 50 K (Rubie, 1999).

. MgO - Crp03 doped (5%)
MgO - polycrystalline
Heater - LaCrO3/ Graphite
Dense Al203

Molybdenum/Graphite

Pyrophyllite

\:‘ Sample
. Capsule
\:‘ Zr0n

= Thermocouple

Figure 2.4: Cross-section through the 18/11 (18mm edge length of the octahedra and
11mm truncation of WC anvils — as shown in the top left corner) assembly, all other
sizes of assemblies used in the experiments follow a similar design.

The pressure calibration in the multi-anvil apparatus is performed using the known pressures
of certain mineral phase transformations. The pressure calibration curves used at the
Bayerisches Geoinstitut (BGI) are shown in Figure 2.5, where pressure (in GPa) is plotted vs.
applied force (in tonnes). Different combinations of octahedral assembly size/truncation edge
length (e.g., 18/11, 10/4 etc.) are noted next to the respective curves. Details of the various
phase transformations used for the pressure calibration can be found in Keppler and Frost
(2015).
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Figure 2.5: Pressure calibration curves used at the BGI, performed in 1200 tonne split-
sphere and 5000 tonne split-cylinder multi-anvil presses (modified after Keppler and
Frost, 2015). Major phase transformations used for the calibrations are shown at the
right side of the figure, and the additional details and references can be found in Keppler
and Frost (2015).

2.2.2.2 The 6-6 type MA apparatus for in situ HP-HT experiments

A similar 6-6 type multi-anvil device to that installed at the Bayerisches Geoinstitut exists at

the PLANET beamline of the J-PARC spallation neutron diffraction source, for in situ neutron

powder diffraction measurements. The system consists of six independently movable rams

attached directly to square-faceted hardened steel first-stage anvils. Within the cubic cavity

created as the 6 first-stage anvils are advanced, sits a second stage of 6 inner steel-supported

WC anvils, which also have square-shaped facets that compress a cubic high-pressure cell

assembly. The high-pressure cubic cell assembly is made of polycrystalline Cr.Os-doped MgO,
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which serves as a quasi-hydrostatic pressure medium, at high-temperature. Capsules made of
NaCl were used (further discussed in Chapter 6), which is well known for efficiently sealing
hydrogen at high P and T (Fukai et al., 2003; Machida et al., 2014; Sakamaki et al., 2009;
Shibazaki et al., 2011). The dry powders of the sample and the deuterium source are pressed to
dense pellets using pellet presses of appropriate sizes (3 or 4 mm in diameter), without any
binding agent. Inside the NaCl capsules, pellets of the sample are placed in the centre with the
deuterium source on the top and the bottom. The capsule with an NaCl lid is enclosed within a
cylindrical graphite sleeve. The graphite sleeve with lids of graphite on the top and bottom
serves as a box resistance heater and is placed inside a cylindrical hole drilled at the centre of
the cubic pressure transmitting medium. End caps, made out of ZrO, (0Z8C) wrapped with
molybdenum foil (for electrical conduction), are then placed in contact with both sides of the
graphite resistance heater. Cubes with edge lengths (CEL) of 15.0 mm and 10.5 mm (Fig. 2.6)
were used for experiments at P < 7 GPa and P > 7 GPa respectively. The MgO cube was
truncated along the edges (“edge-cut”) in order to fit perfectly inside the second stage anvils.
Pyrophyllite gaskets were glued along the edges of the second stage anvils using “Cemedine
CA-141 Photo Glue”. This glue may contain a small amount of hydrogen, and therefore, very
small amounts were used and placed only at the edge of the truncations. The gaskets were
baked at 750 °C, for a minimum of 30 minutes before the experiment to remove the moisture,
chemically bonded water (as stoichiometric OH groups) and organic impurities. The cell
assembly was compressed between six tungsten carbide second stage anvils (TEL — truncation
edge length = 10 mm with CEL 15 assembly, and 7 mm with CEL 10.5 assembly), using six
independently operated rams attached to the first-stage anvils, where each can apply a force of

up to 500 tonnes.
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Figure 2.6: Cross-sections through the high-pressure cell assemblies; TEL 10 cell
(CEL 15.0 mm) used for experiments at P <7 GPa and the TEL 7 cell (CEL 10.5 mm)
used for the experiments at P > 7 GPa. The deuterium source, is placed on the top and
bottom of the sample pellet inside the NaCl capsule. Pyrophyllite gaskets are baked at
750 °C at least for 30 minutes before the experiments in order to remove the moisture
and organic impurities.

Figure 2.7 shows a sketch of the cubic MgO cell assembly placed at the centre of the first stage
anvils surrounded by the independently movable rams of the apparatus. A frame made of
aluminium (alignment frame) facilitates the alignment of the second-stage-anvils imposes
symmetrical movement (each anvil moves perpendicular to the six faces of the MgO cube)
during the initial sample compression, while maintaining small spaces between anvils (anvil
gap) to provide sufficient room for compression. These anvil gaps provide an additional
important advantage of using 6-6 type apparatus for in situ neutron diffraction experiments
(will be described in the next section), where the neutron beam needs a sufficient access to
travel from the neutron source through the sample and then to the detector in time-of-flight
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powder neutron diffraction measurements. Further details concerning the beamline setup and

in situ measurements are described in Chapter 6 and in the following section.
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Figure 2.7: The six-ram multi-anvil system with a 6-6 type cell assembly. The sketches
are show a side view of the second stage anvils made of tungsten carbide with Ni binder
(TMSO05 from FUJILLOY - https://www.fujidie.co.jp/) with the cubic high-pressure
cell assembly sits in the middle (top left), and a section view from the top of the six-
ram press. The first stage anvils are attached on the top of each ram, and are made of
tungsten carbide with a Co binder (F10 from FUJILLOY - https://www.fujidie.co.jp/)
surrounded by tool steal retainment rings.

2.2.3 High-pressure and high-temperature in situ neutron diffraction
experiments at the J-PARC PLANET beamline

Neutron diffraction is the only tool capable of resolving the crystallographic position of

hydrogen and other light elements in the frameworks of heavier atoms. Due to the

comparatively weak interaction of neutrons with matter and the low flux of neutron sources

compared to X-rays, neutron diffraction measurements require relatively large sample
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volumes. If measurements are to be performed at high-pressures, this requires the use of large

volume presses such as the multi-anvil apparatus described in the previous section.

Neutrons are uncharged subatomic particles which make up approximately 50% of the mass of
an atom, in a proportion which gradually increases with atomic number. Although they have a
mass of 1.0087 atomic mass units, i.e. slightly greater than a proton, they exhibit wave-like
behaviour, with wavelengths that can be similar to the interatomic distances in condensed
matter. This allows neutron diffraction to be used to investigate atomic structures of condensed
matter. Free neutrons were first produced through fission reactions inside a nuclear reactor.
Later spallation sources were developed from which higher neutron fluxes can be obtained. At
a spallation source, neutrons are emitted when an accelerated high energy proton beam (~3
GeV) hits a high-density metal target. Mercury is often the metal of choice as its liquid state
allows more effective cooling. The free neutrons produced by both reactor and spallation
sources have Kkinetic energies in the MeV range, which need to be lowered, often referred to as
“cooled”, in order for the wavelengths to approach those of interatomic distances. This is done
by passing the beam through a moderator, such as D20 or H>O, at near room temperature. The
resulting “thermal” neutron spectrum has energies of the order of 0.025 eV, and a wavelength
distribution in the range 0.3-6 A. The initial proton accelerator can be pulsed, which allows the
target to cool but more importantly creates a neutron beam with the same pulse rate, generally
in the range 10-50 Hz, which facilitates neutron time of flight measurements, as discussed later.
As neutrons cannot be easily focused, different instruments at neutron facilities are generally
arranged radially around the moderator. The neutrons travel to the instrument along a neutron
guide, which reduces the loss of neutrons by allowing small angle reflections (Abele et al.,
2006).

Although the principal of neutron diffraction is similar to when X-rays are used, the difference
arises in the way that neutrons interact with condensed matter. While X-rays are scattered
through interactions with the electron cloud of an atom, neutrons interact with the atomic
nucleus. The extent of X-ray scattering is proportional to the number of electrons in the electron
cloud, which means the scattering factor increases uniformly with increasing atomic number
(Fig. 2.8-a). Consequently, X-rays are not very sensitive to the presence of light elements such
as hydrogen and do not differentiate well between elements of similar atomic number. The
strength of neutron scattering, characterised by the neutron scattering length, b measured in

femtometres, or using the equivalent scattering cross section, ¢ measured in barns (1 barn =
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102* cm?), shows a seemingly random variation with atomic number and can vary strongly
even between isotopes of the same element (Fig. 2.8-b). A large difference exists, for example,
between the scattering lengths of hydrogen (-3.74 fm) and deuterium (+6.67 fm). The negative
scattering amplitude of hydrogen contributes to strong incoherent scattering in hydrogen-rich
materials, which leads to a large isotropic background in neutron diffraction data. This can be
overcome by substituting hydrogen for deuterium, for which the coherent scattering cross
section, which gives rise to Bragg diffraction, dominates over the incoherent. Neutrons not
only have the advantage of being scattered quite strongly by light elements, but they also have
large penetration depths for certain materials, which is a useful property when studying samples

that are confined in order to reach high pressure and temperature conditions.
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Figure 2.8: (a) Variation of scattering power expressed as bound coherent scattering
length for neutrons (in left-axis) and as mean atomic X-ray scattering factor (in the
right-axis) as a function of the atomic number. (b) Representation of the relative total
scattering cross sections of selected elements and isotopes for neutrons and X-rays.
Hydrogen has large scattering power for neutrons (Neumann 2006; Courtesy of
Muhammad Arif, NIST)

Neutron detection is made challenging by the fact that they do not directly ionize materials and
free neutron beams have low intensities, compared to X-rays. Neutron detectors generally
employ 3He in a cell filled with another gas, such as Ar, and with a cathode, often as the wall
of the cell, and an anode at the centre. Neutrons are absorbed in a nuclear reaction i.e. n + He
=H + 3H + 0.77 MeV, which causes ionization of the gas and a current to flow between the

electrodes. It is also possible to create position sensitive detectors that determine the position
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along the detector tube’s length where the reaction occurs and current flows between the

electrodes.
As in an x-ray diffraction measurement, the Bragg equation,
Zdhkl Sln(@) =1 (22)

can be used to determine djy;, the d-spacing of a crystallographic reflection with a given hkl
Miller indices, either by fixing the wavelength A in a monochromatic measurement and
measuring 6, half the angle between the incident and diffracted beam, or by using a white
neutron beam comprised of a collection of energies i.e. wavelengths, and determining A of a
diffracted beam at a fixed diffraction angle. For high pressure LVP measurements angular
access to diffracted neutrons from the sample is limited and angle dispersive measurements
would be challenging, also for the detector array. Neutron diffraction energy dispersive
measurements are, therefore, performed utilising the time of flight technique (TOF). The
relationship between wavelength A of a neutron and its momentum can be described by the de

Broglie equation,

A =— (2.3)

where, h is Planck’s constant (6.626x10-34Js) and m is the mass of the neutron (1.675x10727kg).
Thus, the velocity, v, of the neutron is inversely proportional to its wavelength. If a white
neutron beam is pulsed, then over a fixed path length, L, from the moderator to the detector
and over one cycle, neutrons with different A and therefore different v will arrive at different

times t, and A can be determined from,

Combining with the Bragg equation,
A= ‘ = 2d sinf 2.5
sin (2.5)

shows that d-spacing can be determined as a function of time at fixed or known values of 6.
TOF powder diffraction patterns are plotted with time on the x-axis, which is directly

proportional to the d-spacing. This is different from energy dispersive or angle-dispersive x-
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ray diffraction methods, where d-spacing is inversely proportional to the relevant x-axis of

energy(keV) or angle (26).

The powder neutron diffraction experiments presented in chapter 6 were performed at the
Materials and Life science experimental Facility (MLF), J-PARC, Japan. The PLANET
beamline (BL 11) is equipped with a six-ram multi-anvil press, capable of performing
experiment up to ~15 GPa pressure and temperatures up to 2000 K. Another main advantages
of using 6-6 multi-anvil system for in situ experiments at synchrotron facilities (J-PARC in this
study) is that the six-axis set-up (Fig. 2.9) can maintain wide windows between anvils allowing
the collimator devices to be positioned close to the sample. This is particularly useful in neutron
diffraction experiments, since the intensity of neutron sources are relatively weak (compared
to X-ray), and therefore wide detector windows and large sample sizes are essential. The six-
ram multi-anvil press (ATSUHIME) installed at BL-11 (Sano-Furukawa et al., 2014) provides
an excellent set-up for high P, T neutron diffraction experiments. Large sample sizes can be
accommodated (up to ~ 60 mm?®) in the high-pressure assemblies used, and the neutron
diffraction data are collected with a 90-degree geometry between the incident beam and two
vertical detector arrays on each side for the diffracted signal (Fig. 2.9-c). The detector arrays
are position sensitive in the horizontal direction, so that neutrons collected at known angles a

few degrees either side of the 90-degree geometry can also be integrated into the measurements.
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Figure 2.9: Six-ram multi-anvil system with a 6-6 type cell assembly. (a) A view from
the side of the second stage anvils with the cubic HP cell assembly placed at the center.
Pyrophyllite gaskets are glued along the truncations of each second-stage anvil (b) A
close up view of the HP cell assembly. (c) A view from the top of the six-ram press
installed in BL11 at J-PARC, Japan (modified after Sano-Furukawa et al., 2014). The
90-degree geometry between incoming and diffracted beams through the sample is
shown, with the beam path between the anvil gaps of the 6-6 two stage anvil
configuration indicated. As the detectors are position sensitive in this plane, diffracted
neutrons from a few degrees either side of the 90-degree geometry can be integrated
into the diffraction measurement. A frame made of aluminium (alignment frame - blue
colour) aligns the second-stage-anvils to impose an initial spacing and symmetrical
movement (each anvil moves perpendicular to the six faces of the MgO cube) during
initial sample compression.
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The powder TOF neutron diffraction patterns collected at HP-HT conditions were analysed
using the Rietveld refinement method in order to determine the position of deuterium in the

crystal structure examined.
2.2.4 Rietveld refinements of time-of-Flight (TOF) neutron diffraction data

A time-of-flight (TOF) powder neutron diffraction pattern comprises intensity data as a
function of time (proportional to lattice plane d-spacing), that reveals a series of
crystallographic reflections (diffraction peaks) with particular intensities. Information on the
symmetry of the crystal structure and unit-cell parameters are encoded in the diffraction peak
positions. The peak intensities encode information on the atom positions, site occupancies and
thermal parameters, although they can also be influenced by preferred orientation within the
sample. Peak widths are influenced by factors such as defects within the structure, lattice
strains, grain sizes and instrumental characteristics. Peak overlaps due to multiple phases can
result in certain reflections being obscured or hidden, which causes a reduction in information
if the pattern is analysed by examining individual peaks in turn. In 1969 Hugo Rietveld
introduced a new method to overcome this problem, which is known as the Rietveld structure
refinement method (Rietveld, 1969). The basic concept is to model a calculated powder
diffraction pattern that includes contributions from each phase present along with a background
function and then to minimize the misfit between this model and the actual pattern by refining
properties of the crystal structure. The powder pattern for each phase is described by a set of
parameters, the most important being the crystal symmetry, unit cell parameters, atomic
positions and occupancies and instrumental characteristics. Further factors such as the effect
of a preferred orientation of the powdered sample on the intensities of reflections can also be
included in the model and in fact should be tested in any model. The set of defined parameters
are refined using a least-squares method until the calculated pattern intensities match those of
the experimentally obtained diffraction pattern. When the calculated and experimental patterns
agree satisfactorily, the structure is considered to be refined. The goodness of the fit between
calculated and experimental diffraction patterns is evaluated using reduced chi square %2 or
“goodness of the fit” which is defined by the minimization function,

M

2
X =— (2.6)
Nobs - Nvar
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where M is sum of the components of the minimization function (M = f;, >, My,), Nobs is the
total number of observations in all histograms and Nvar is the number of variables in the least-

squares refinement (Larson & Dreele, 2004).

Another way of examining the quality of a least squares refinement is by determining residual
functions which cover the entire pattern, defined as,

Ry= Y llo =1l / Y I, 2.7)

pr = \/Z W(Io - IC)Z/Z ng (2.8)

and,

where I, is the observed intensity and I is the calculated intensity and w are weights which are

derived from an error propagation during the refinement (Larson & Dreele, 2004).
2.3 Analytical techniques

High pressure and temperature experiments produce relatively small samples of the order of a
millimetre and individual crystals often of the order of micrometres. Microbeam analysis
techniques are therefore required to characterise the mineralogy and chemistry. The following
are short descriptions of the techniques used in the course of this thesis. More details can be
found in the respective chapters.

2.3.1 Scanning Electron Microscope

Scanning electron microscopy (SEM) is an instrument which can produce magnified, high
spatial resolution images by scanning the surface of a sample with an electron beam.
Observation of the experimental run products was performed using a conventional field-
emission scanning electron microscope, Zeiss LEO 1530 FE-SEM for high resolution imaging,
identification of mineral phases and semi-quantitative chemical analyses of the polished
sections of the high-P-T experimental run products. The typical SEM spatial resolution is ~10
nm in topographic mode, and up to 100 nm in compositional mode (Reed, 2005). To prevent
electrical charging, a conductive sample surface was made by coating a thin layer of carbon

with ~12 nm thickness.

Electrons are produced by an electron gun, normally a heated tungsten filament, and are

accelerated down a column towards an anode by a potential difference in the range 10-30 kV.
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The electron beam is focused on the sample surface by passing through a series of lenses and
apertures. The entire column and the sample chamber are evacuated and kept under high-
vacuum (vacuum pressure below 10 mbar/10® atm) to prevent deterioration of the filament
and to avoid interaction of the electron beam with other particles. Electromagnetic condenser
lenses are used to focus and shape the electron beam and a final scanning coil is used to deflect
the beam so that it can be scanned over a two-dimensional area. As a result of interaction of
the incident electron with the sample (interaction volume), different types of signals arising
from either electrons or X-rays are emitted (Fig. 2.10). Secondary electrons (SE), are ejected
when the incident beam ionizes atoms in the sample. SE are of low energy and need to be
accelerated before they can be detected with a scintillator coupled to a photomultiplier placed
at a low angle to the sample. Variations in the topography of the sample modify the number of
ejected secondary electrons and therefore, details of the sample topology can be obtained.
Backscattered electrons (BSE) are higher energy electrons produced when the incident beam
is reflected or back-scattered through elastic interaction with the atoms in the sample. They
are detected by either solid state or scintillation detectors placed above the sample. The number
of back-scattered electrons produced is controlled by the atomic number of atoms in the sample
such that heavy atoms produce more flux and appear brighter on the electron image produced.
Thus, the variation of BSE contrast in the sample image produced can be used to investigate

the compositional variation within the sample.
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Figure 2.10: Incident electron beam and sample interactions in electron microscopy
instruments.
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Electrons of sample atoms can be removed through ionisation when the incident electron beam
hits the sample. When the created vacancy is refilled by an electron in the outer shells of the
same atom, the energy difference is released as a characteristic X-ray. The distinctive X-ray
spectrum, containing lines characteristic to each element present in the sample, can be collected
using an energy dispersive X-ray spectrometer (EDS), which provides qualitative, and semi-
quantitative chemical analyses. For more precise quantitative chemical composition analyses,
the electron probe micro analyser (EPMA) is used and basic instrumentation of which is closely
related to the SEM.

2.3.2 Electron Probe Micro Analysis

The electron probe micro analyser (EPMA) is a commonly used technique for chemical
composition analyses of micron-sized areas. The main components of the electron microprobe
are shown in Figure 2.11. The electron gun and the alignment components of the electron beam
are similar to that of the SEM. As described for the SEM, when incident electrons eject
electrons from target atoms, characteristic X-rays with energies unique to the particular element
are produced as electrons fall back from higher energy levels to fill the vacancies. A
quantitative measurement of the proportion of a particular element present can be made by
determining the intensity of a particular characteristic X-ray energy. A wavelength-dispersive
spectrometer (WDS) is used for this purpose, which is comprised of two main components, the
diffracting crystal and the X-ray detector. The diffracting crystal distinguishes X-rays with a
specific wavelength when Bragg’s law is satisfied and the resulting diffraction intensities are
measured at a specific angle by the detector. The sample i.e. the X-ray source, the diffracting
crystal and the detector lie on the circumference of an imaginary circle (Rowland circle). The
crystal is curved with the same circumference and moving the crystal and the detector along
the same Rowland circle ensures the same focusing geometry at the detector. Due to special
limitations of the geometry, the full range of wavelength cannot be covered by a single
diffracting crystal. Therefore, multiple diffracting crystals with differing d-spacings, e.g., LiF
(lithium fluoride — 2d=4.026 A), PET (pentaerythritol — 2d=8.742 A) or TAP (thallium acid
phthalate — 2d=25.9 A), are employed in several spectrometers that can operate in parallel. This
has the further benefit that the intensities of different X-ray wavelengths, corresponding to

different chemical elements, can be analysed simultaneously. The analyses presented in this
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thesis were performed using the Jeol JXA 8200 equipped with 5-wavelength dispersive

spectrometers (channels).
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Figure 2.11: Configuration of an electron microprobe (source: UCLA.org). As shown
in the inset, constructive interference in the diffracting crystal occurs at a determined
20 angle, when X-rays with a particular wavelength satisfy Bragg’s law.

As explained in the previous section (2.3.1), the X-ray spectrum containing characteristic lines
for all elements present in the sample can be identified qualitatively from their wavelength. In
order to make accurate quantitative measurements, the intensities of the emitted X-rays are
compared with those emitted from standard reference materials containing known

concentrations of the chemical element in question.
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The main concept behind the EPMA is based on the X-ray intensity ratio of a given element

between the sample and the standard, which is called the “K ratio”.

Isample

_ M
M = Jstandard (2.9)

M
where, K is the “K ratio” for element M and | is the X-ray intensity. The concept was first
introduced by Raimond Castaing in 1951 and to a first approximation the composition C of

element M of the unknown sample can be defined as,

sample
sample _ 'M standard
Cu ~ Jstandard X Cy (2.10)
M
sample _ standard
CSAmPIe o Ky X Ci) (2.11)

Under this approximation, if we consider that the C32"4ard = 1, in the case of a pure element
standard, the unknown sample concentration should be equal to the K ratio. But in reality, there
is a difference between actual composition and the K ratio. This deviation is dependent on the
sample matrix and therefore, a correction needs to be added to the raw X-ray intensity data
which referred as the “matrix correction”. The matrix corrections include, Z — atomic number
effects, A — absorption effects, and F — fluorescence effects, and are collectively referred to as
a ZAF correction (equation 2.12). Sometime later, the Phi-rho-Z correction was introduced, in

which the Z and A are merged into one correction.

ZAFsample
sample __ M standard
CM =AM ZAFAS/Itandard X Cy (2.12)

The correction is dependent on the proportions of each element and results in a shift in the
concentration ratios that accounts for the different matrix effects. Therefore, technically the
matrix correction cannot be calculated until the true composition is known, which itself
depends on the true correction factors. The routine starts with a first approximation that the
relative intensities measured are equal to the apparent mass concentrations. From this
composition a set of ZAF correction factors are then calculated, which are then used to further
re-calculate the concentrations. This iterative process terminates, when there is no further

significant improvement in the concentrations.
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This process is performed for all the elements until convergence is achieved. In general, the
iteration is terminated either after ten-cycles or until the calculation error is reduced to within
0.001mass% (Jeol instrument manual, 2001). In order to obtain accurate, quantitative data,
some further critical aspects need to be fulfilled, e.g. both the samples and standards need to
be polished smoothly and have a similar thicknesses of carbon coating applied. The sample and
standard material raw data (counts) must also be acquired in the same instrument and with the
same operating conditions (acceleration voltage and beam current). Quality control of the
obtained chemical compositions can be evaluated by analysing secondary standards in each
session. This is particularly important for the analysis of light elements such as oxygen, where
the oxygen-free background levels are checked by analysing secondary, oxygen-free standards.

More details will be discussed about the oxygen analyses in its relevant chapter.
2.3.3 Transmission Electron Microscope

The transmission electron microscope (TEM) uses a beam of electrons transmitted through a
thinned sample (< 200 nm) to form an image at the sub-micrometre scale. An electron beam is
produced from a high energy electron gun, which operates with a potential difference typically
in the range 300 — 400 kV. The main imaging components of the TEM are contained inside a
vertical column under vacuum, with the electron gun at the top of the column. The electron
beam is accelerated and focused on the sample through a system of condenser and objective
lenses. Underneath the sample there are objective and imaging lenses together with a set up to
record and view images including a fluorescent screen and CCD camera. Through different
types of interaction between the electron beam and the sample, different applications of
imaging, spectroscopy and electron diffraction can be performed to gather morphological,
compositional and crystallographic information on the sample.

For phase identification of the experiments presented in the chapter 5 we used, bright field
TEM images, high-angle annular dark field (HAADF) scanning TEM images, selected area
electron diffraction (SAED), and energy dispersive X-ray (EDX) element maps, using a 200
kV analytical transmission electron microscope (ATEM, FEI Titan G2 80-200 S/TEM)
equipped with an energy-dispersive X-ray spectrometer (EDXS, Bruker QUANTAX silicon
drift detector).

Bright field images are the most commonly used in the TEM. The difference between dark and

bright field images are based on the selection of electrons which are used to produce the image.
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Depending on the inhomogeneities within the sample some areas may absorb or scatter incident
electrons (e.g., crystalline materials), while other areas transmit the electrons (e.g., amorphous
materials). In bright field image mode, an aperture is positioned in the back focal plane of the
objective lens which allows only the direct beam to pass through. The sample-beam interaction
results weakening of the direct beam, which lead to the formation of bright field image. The
main contribution factors for the image formation are, the mass-thickness and diffraction
contrast, where thick areas, heavy atom enriched areas and crystalline areas appear with dark
contrast. In contrast, in the dark field images, the direct electrons are blocked while one or more
diffracted beams are allowed to pass the aperture. Therefore, the crystalline features of the
sample that scatter the beam can be observed in the resulting dark field image such as, crystal
defects, stacking faults, dislocations etc. In the proximity of defects, certain lattice planes bend
and can be made to satisfy the Bragg diffraction conditions by tilting the single crystal sample
to an angle where undeformed lattice planes do not diffract, this causes an increase in the

locally diffracted beam intensity, that illuminates the defect in the dark field image.

High-angle scattered electrons are used for HAADF scanning images, where the scattered
angles are higher than the diffraction maxima and the angular range is ~50-200 mrad
(Goodhew, 2001). These electrons are scattered elastically (no detectable energy change),
mainly by interaction with atomic nuclei i.e. Rutherford scattering. Due to the low probability
of electrons being scattered to a high-angle, the number of electrons is low. Nonetheless, the
main advantage of this method of imaging is that the scattered electrons are strongly dependant
on the atomic number of the nuclei and less sensitive to structure and orientation. Therefore,
the local variation of HAADF intensity reflects changes in chemical composition, where the
intensity is directly related to the average atomic number at the level of pixel resolution of the

image.

Selected area electron diffraction (SAED) provides information about the structure of a
restricted illuminated region of a sample being analysed. The spatial distribution of the
electrons scattered by the sample lattice forms an electron diffraction pattern. Using a selected
area diffraction (SAD) aperture to define the area from which the diffraction pattern is
collected, typically 0.5-1 um, phase identification can be performed based on the diffraction
pattern. A single crystal will show a discrete set of diffraction spots in an SAED pattern, created
through Bragg diffraction from atomic planes parallel to the incident electron beam, from

which the symmetry and spacing of the particular lattice planes can be determined. A

45



Methods

polycrystalline sample produces numerous small spots making up rings. Any amorphous

materials where there is no order of atoms would result in diffuse rings.

Energy dispersive X-ray (EDX) element maps is one of the useful tools for phase identification
specially when combined with high resolution capability in the TEM. The highly energetic
electron-sample interaction results in the emission of characteristic X-rays, as described in
section 2.3.1. Measuring the energy (wavelength) of each characteristic X-ray is used to
identify the elements present and the semi-quantitative information on the proportions of
elements can be obtained from the intensities. EDX analyses at the qualitative level can be used
to create an elemental distribution. EDX analyses have limitations in the detection of light

elements, peak separation and peak to background ratio detection (Goodhew et al., 2001).
2.3.4 Mossbauer spectroscopy

Maossbauer spectroscopy is used in numerous fields to provide information on the chemical,
structural and magnetic environments of specific isotopes in materials and is widely used to
determine the oxidation and spin state of Fe. In the work presented within the chapter 5,
Maossbauer spectroscopy was used to determine the phase proportions in an experimental

sample containing quenched FeS melt and magnetite.

Maossbauer spectroscopy uses the recoil-free emission and absorption of gamma (y) radiation
by nuclei in a solid matrix (Mossbauer effect), which was first discovered by Rudolf Méssbauer
(Mdssbauer, 1958). A typical Mdssbauer spectrometer consists of a source, absorber and a
detector (Fig. 2.12). The current set up at BGI employs monochromatic y radiation with an
energy of 14.41 keV from a radioactive *’Co point source with a half-life of 270 days
(McCammon et al., 1997, 1998) and a specific activity of >2000 mCi/cm?.
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Figure 2.12: Schematic diagram of a Mdssbauer spectrometer. Source: McCammon
(2004).
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By moving the source relative to the sample/absorber at different velocities, the energy of the
monochromatic radiation is varied through the Doppler effect. The y rays that pass through the
sample without interacting are recorded by the detector as a count rate as a function of source
velocity (mm/sec). The y-rays are absorbed at velocities corresponding to resonant energy
levels of the sample and are re-emitted in different directions so that they are not recorded by
the detector. The resulting spectrum consists of dips in the counts, at specific energies that were
absorbed. The subsequent spectrum as a function of energy (source velocity in mm/sec) can be

used to probe hyperfine interactions in >’Fe.

The hyperfine interactions between nuclei and electrons, and also magnetic fields, lead to sets
of peaks (actually minima) in the Mdssbauer spectrum, characteristics of which are sensitive
to the electronic environment of the Fe nuclei in the sample investigated, i.e. number of
electrons, coordinating anions and the symmetry of the site. The spectrum is deconvoluted by
fitting sets of peaks, where each set corresponds to an iron nucleus in a specific environment.
Characteristics of these peaks define three types of hyperfine parameters. The isomer or centre
shift is a shift of the peak energy absorbed, relative to alpha-iron, and is sensitive to s electron
density in the sample. It assumes values in well-defined ranges as a result of the coordination,
valence state, and spin state of iron. Ferric iron has a lower isomer shift than ferrous iron due
to the former having a greater s-electron density at the nucleus. The quadrupole splitting is a
split of a single peak into a doublet, and reflects an asymmetry of valence electron charge
distribution, as well as non-cubic symmetry in a crystalline lattice (McCammon, 2004). It is
also sensitive to valence state, spin state, site symmetry, and coordination. Magnetic hyperfine
splitting occurs due to interaction between the nucleus and either an external or internal
magnetic field, which causes the nuclear energy levels to split into a sextet due to the so-called
Zeeman-effect. Fitting a spectrum involves its deconvolution into its component Lorentzian
doublets and sextets, which are each then assigned to iron in different oxidation and
coordination states depending on their determined hyperfine parameters. In general, the relative
site populations within a spectrum are determined by calculating ratios of respective peak areas.
However, some correction may apply based on the influence of line shape, thickness effects

and differing recoil-free fractions on relative areas (McCammon, 2004).

In this work, the resulting Mdssbauer spectrum of an experimental sample consisting of FeS
and magnetite were both fitted using two magnetic sextets. The intensity ratio of the two sextets

was then used to calculate the abundance of iron in each phase. The fitting and analysis of the
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collected Mdssbauer spectra were performed using the MossA software package (Prescher et
al., 2012).

2.3.5 Laser ablation inductively coupled plasma mass spectrometer (LA-ICP-
MS)

The combination of laser ablation (LA) with an inductively coupled plasma mass spectrometer
(ICP-MS) has been commonly used to perform major and trace multi-element analyses,
including the determination of isotopic ratios, on solid or liquid materials with a high spatial
resolution. A typical LA-ICP-MS system consists of three main components as illustrated in
the Figure 2.13. The following description is relevant to the system installed at the BGI, which
was used to perform the major and minor element analyses of experimental products, as
described in Chapter 4 of this thesis.

During laser ablation analyses, a sample is placed in the ablation cell and a very small portion
is vaporized using a pulsed high-energy laser beam. The laser ablation component of the device
comprises a Coherent GeolasPro (USA) system equipped with an argon fluoride (ArF) excimer
laser. The use of a shorter (193 nm) wavelength ultra-violet laser results in less thermal
alteration of the sample and produces small particles (< 1um) during the ablation process. The
laser beam is shaped using optical lenses to have a “flat-top”-type homogeneous energy
distribution, for more controlled ablation of the sample and correspondingly less elemental
fractionation. The final size of the laser beam, which corresponds to the pit-size within the
analysed sample, is controlled by a mask, which can be varied from 5 um to 200 pm in
diameter. The pulsed laser beam is focused on the sample through a modified petrographic
microscope, which is also used to observe the sample. The sample can be monitored using a
CCD (charge-coupled device) camera mounted on the microscope that can be used to precisely
position the laser spot. The ablation behaviour (amount of material removed) depends on the
energy of the laser, which can be regulated, and the nature of the sample analysed. The aerosol,
which contains a mixture of excited atoms, ions, molecules and solid particles, is transported
by helium gas flow (0.4 I/min) to the plasma of the ICP-MS. A small amount of Hz (5 ml/min)
is also added after the sample chamber to increase the signal sensitivity. The argon plasma
torch is produced through inductive coupling. A high frequency electric current passed through
an induction coil causes sustained ionization of argon gas passing through the coil due to
collision excitation by argon ions and electrons accelerated by the varying magnetic field. The

aerosol is ionized by the plasma at temperatures of up to 6000 K (Todoli, 2019). The ions are
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electrostatically directed into a mass analyser, where they are separated according to their
mass-to-charge (m/z) ratio and subsequently sent to a detector. The use of a helium and argon
mixture (Ar is added after the ablation cell — see Figure 2.13) to carry the aerosol to the ICP,
enhances the sensitivity and increases intensity and stability (Gunther & Heinrich, 1999).

ICP MS
I N I I 3 _ Spectra Computer .. I
Monitor B R Snedd =~ """ 2 i
CCD camera ‘l PR il 2% [T l. /
. g % H, /;r Plasma oYY " -
Mask j‘ . +
" / Mirror b
193 nm ArF Excimer laser o S Quadrupole mass analyzer
Objective lc&s “ - — :
Light sourcev | ¢ — I {,a p
Helium =5~ ——{- - ol ! = - Detector
un s .
Sample Ablation cell and stage '
A4 ;

3l Polarized light source

Figure 2.13: Main components of the laser ablation system combined with a
quadrupole ICP-MS (modified after Abduriyim & Kitawaki, 2006). The laser beam is
focused on the solid sample inside the ablation cell and the laser ablated aerosol is
transported to the ICP-MS by a carrier gas (He). The aerosol is ionized in the ICP and
the resulting ions are separated in the mass spectrometer according to their mass-to-
charge ratio. The quadrupole mass analyser allows only specific isotopes to reach the
detector depending on the applied voltage.

The laser ablation system at the BGI is attached to a Perkin EImer ELAN DRC-e quadrupole
ICP-MS (Canada). This most commonly used quadrupole mass analyser in ICP-MS systems,
consists of four parallel metal rods set-up in a square. Each opposite pair of rods is supplied
with both AC (alternating current) and DC (direct current) electrical potentials. By applying a
certain combination of AC and DC potential values, only selected ions with a characteristic
m/z ratio are allowed to pass through the rods to the detector. By regulating different
combinations of AC, DC voltages, one can detect an array of different ions sequentially. In
general, during an analysis of a sample, first the background is measured for about 30s - 40s

and then sequential measurements of different isotopes are carried out.

The resulting spectrum, consisting of relative intensities of various isotopes, only provides a
semi quantitative chemical analysis. A calibration must be carried out in order to obtain
accurate chemical data. This is achieved firstly, by using an external standard of known

composition. Measured signals for all elements of interest in the sample are compared with the
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signals from the standard material, which contains independently determined concentrations of
the same elements. In general, the use of external standards with a similar matrix to the analysed
sample gives the best results, but in practice it is often not possible to find matrix matched
standards for all the analysed samples (Abduriyim & Kitawaki, 2006). One of the most widely
used external standard materials are NIST (National Institute of Standards and Technology)
glasses, which have been used successfully for analysing major and trace elements in silicates
and carbonates. There are other standards such as USGS GSE-1G, GeoReM
(http://georem.mpch-mainz.gwdg.de/) that are also frequently used for analysis of geological

materials. Commonly analysed isotopes include ‘Li, 1B, 2C, 2®Na, * Mg, ?’Al, 2°Si, ¥s;j, 3p,
35C|, 39 K, 43C8., 49Ti, 53Cf, 55Mn, 57Fe, 59C0, 62Ni, 65CU, 662”, 85Rb, 888[’, 89Y, QOZr' 133CS, 13783.,
139 a, 19Ce, 1'Gd, °Lu, 2%8PDb, 232Th, and 28U, for which dwell times (the period of time over
which the signal of each isotope is accumulated) of 10-20 ms are used. The two main
interferences in ICP-MS analyses are caused by 1) formation of doubly-charged ions and 2)
formation of polyatomic compounds after the ICP, most notably oxides. To monitor the
abundances of these species, the formation rate of ThO and the doubly—charged “*Ca ions are
routinely quantified at 0.5-1.5 % and 0.15-0.30 % respectively, based on measurements on
NIST SRM 610 glass (Jochum et al., 2011). The second step in obtaining the concentration of
the analysed elements from the obtained isotope ratios, is to use an internal standard i.e. an
element in the sample for which the absolute concentration is known independently. That
concentration can be determined either by another analytical method, or by compositional
constraints from the sample, e.g. in the case of silicates by summing up all the major + minor
element oxides to 100 wt. %. In addition to the commonly used internal standard method, a
new quantification method has been developed based on the carbon signal produced during the
laser ablation of epoxy resin added to the sample before the analysis. Details of this new

approach are described in the chapter 4.
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Chapter 3
Thesis Synopsis

This chapter provide a brief overview of key findings in the projects presented in chapter 4, 5
and 6, following the scientific questions outlined in the introduction. Chapter 4 has been
published as Abeykoon and Audétat (2022), and chapter 5 is under review for publication as
Abeykoon et al. Chapter 5 of this thesis has been prepared for publication as Abeykoon et al.

3.1 Single-crystal diamond trap technique

The diamond trap (DT) method is a commonly used method to study the compositions fluids
or small degree partial melts in high P-T piston-cylinder experiments (Kessel et al., 2004;
Kushiro & Hirose, 1992; Ryabchikov et al., 1989; Tiraboschi et al., 2018). In the classical
diamond trap method, fluid infiltrates into the pore space of a layer of diamond powder at high
P-T, and it is assumed that any material present in this pore space after the quenching at the
end of the experiments was dissolved in the fluid. The diamond trap is analyzed by LA-ICP-
MS, typically by slowly moving the laser beam over the frozen sample. The signals are
relatively constant for some elements, but highly variable for some other elements. Recently,
significant discrepancies between mineral solubilities determined in classical DT experiments
versus weight-loss experiments have been reported (Rustioni et al., 2021) (more details in the
chapter 4). Therefore, an alternative experimental method, employing a single-crystal diamond
trap (SCDT), was developed to quantify the composition of high P-T fluids. In the SCDT
method the high P-T fluids are trapped in laser-drilled holes within single-crystal diamond
plates and later analysed by LA-ICP-MS. In contrast to the classical DT method, where the
fluid resides in a large, open network, in the SCDT technique the fluid is trapped in isolated
and well-defined holes (Fig. 3.1-b). This permits a more rigorous testing of the data
reproducibility and, therefore, to identify whether material was dissolved and re-precipitated
during the high-P-T experiments. The experiments were prepared using two synthetic diamond
plates placed on top of each other, such that the holes that were drilled into one of the plates
were covered by the other plate. The whole stack was then loaded into a small Pt capsule, which

subsequently was closed by welding. After tightly shrinking the Pt capsule around the
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diamonds, and one end of the capsule was cut off with a razor blade to render the diamonds
accessible to the fluid. This small, diamond-containing Pt capsule was then loaded together
with H2O and crushed minerals into a larger Pt capsule and then sealed (Fig. 3.1-a). The high
P—T mineral solubility experiments were conducted in a piston-cylinder apparatus at 1.0 GPa
and 700-900 °C in the quartz—H»0 and olivine—enstatite—H.O systems. After the experiments
the SCDT capsules were cut open at room temperatures using a razor blade, and the diamond
plate in which the aqueous solution is trapped within the holes was recovered. The solution in
the holes was allowed to evaporate, and then the solid residue was melted with a small amount
of added Li2B4O7 powder inside an 1 atm box furnace at 1000 °C for 10 min. This step was
necessary to melt the precipitates within the holes and quench them in to a homogeneous glass,
in order to obtain smooth LA-ICP-MS signals and minimizing element fractionation during
analysis. Due to this melting procedure a partial loss of the internal standard elements (Rb, Cs)
occurs, which are normally used for quantification of the LA-ICP-MS signals. We thus
developed a new quantification procedure that does not require the use of any internal standard
in the fluid but instead uses the carbon signal produced by epoxy filled into the holes before
LA-ICP-MS analysis (Fig. 3.1-c).

Testing of this new method was performed using room P-T test experiments, by 1) filling the
holes in the diamond plate with epoxy resins doped with known concentrations of chemicals,
and 2) by filling the holes with known amounts of minerals that were subsequently melted.
Tests were also performed through mineral solubility experiments at 1.0 GPa and 700-900 °C
in the quartz—H»0 and olivine—enstatite—H»O systems. These two systems were selected owing
to the availability of reliable reference data based on weight-loss experiments (Manning, 1994;
Newton & Manning, 2002). A total of 15 experiments, i.e., room P-T tests using fine grained
Al;O3, TiO,, BaCOs, CaF», garnet, epidote, tourmaline, and high P-T runs in quartz—H;O;
olivine—enstatite—-H.O systems, conducted using the SCDT method resulted measured
concentrations agree within 1-21% (avg. 13%) with the reference values. In contrast, four
mineral solubility experiments that were performed at identical conditions with the classical
diamond trap method returned concentrations that deviated by 7-56% (avg. 28%) from the

reference values.
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Figure 3.1: The single-crystal diamond trap technique. (a) Schematic drawing of the
capsule setup, showing the inner capsule (SCDT) sitting on a bead of crushed minerals
inside a fluid-filled Pt capsule. (b) Photomicrographs of laser-drilled holes in the
diamond plates — from right to left: empty hole before the experiment, after a high P—
T quartz solubility experiment, containing precipitated SiO2 and after filling with epoxy
resin, ready to be analysed with LA-ICP-MS. (c) LA-ICP-MS signals of three
different holes containing on average 12.0 + 1.6 wt. % of SiO, from a quartz + water
experiment at 1.0 GPa, 900 °C. Shaded areas show the signal integration intervals of
each hole.

A test performed by Rustioni et al. (2021) with an albite-doped classical diamond trap revealed
strong element fractionation during the laser-ablation of the diamond + albite + ice/liquid H>O
mixture, resulting in a SiO2/Al>03 ratio that deviated by a factor of two compared to the albite
starting material. A similar test performed using the new SCDT method (albite powder filled
in to holes in diamonds, melted and analysed) show that the fractionation effect during LA-
ICP-MS analyses is minimized (improved ablation behaviour compared to the classical DT
method) indicated by the SiO>, Na-O and Al>O3 concentrations that agree within 2% with those
of the albite starting material. However, the same test shows a gain of about 3.8 wt. % KO,
which may indicate a possible mobility of alkalies during the melting step in the SCDT
approach. On the other hand, the new method can be used at very high fluid/solid ratios, which

promotes the growth of large crystals that are needed to measure fluid—mineral partition
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coefficients for highly incompatible trace elements. Overall, we show that the new SCDT

method is a viable alternative to the classical diamond trap technique.

3.2 Oxygen contents of sulphide melts in the Earth’s upper mantle

The most common type of inclusion found in diamonds are Fe and Ni-rich sulphides (Pearson
et al., 1998; Richardson et al., 2004; Sharp, 1966), which are also found as accessory phases in
most upper mantle rocks (Alard et al., 2011; Aulbach et al., 2004b; Delpech et al., 2012). Some
naturally occurring sulphide assemblages have oxygen contents that likely originated as a
component dissolved in a sulphide melt (Bulanova et al., 1996; Davies et al., 1999; Davies et
al., 2004b; Jacob et al., 2016). To determine what factors may control the O contents of
sulphide melts in the upper mantle, and particularly under conditions where lithospheric
diamonds may form, high-pressure (3 — 13 GPa) and high-temperature (1300 — 1819 °C)
experiments were performed on sulphide melts in equilibrium with peridotite assemblages in
mainly graphite capsules. In some experiments, 1-5 wt. % of Ir was added to allow the oxygen
fugacity to be directly calculated using Fe-Ir alloy in run products. In most experiments
carbonates (1-10 wt. %) were added as a flux to aid in the attainment of equilibrium between
mineral phases and the sulphide melt. This also enabled oxygen fugacities to be estimated from
the CO> contents of the resulting melts in equilibrium with the graphite capsules (Stagno et al.,
2010). The FeO concentration in the silicate portion and the Ni concentration in the sulphide
melt (added as either Ni metal or NiS) were varied. Factors were examined such as pressure,
temperature, oxygen fugacity, silicate iron oxide content, sulphide Ni content and
metal/sulphur ratio, to see how they influence the sulphide O contents and a preliminary model
for describing sulphide melt O contents in equilibrium with upper mantle peridotite
assemblages was formulated. Phases in the recovered experiments were analysed using the

electron probe micro-analyser.

Sulphide melt O concentrations in the recovered experiments were in the range 0.2 to 3.7 wt.
%, which is in qualitative agreement with the range reported for some sulphide inclusion
assemblages in diamonds (Davies et al. 1999; 2004). The coexisting silicate assemblage
comprised mainly olivine and orthopyroxene crystals with olivine Fe/(Fe+Mg) ratios in the
range 0.04 - 0.25 depending on the FeO concentration of the starting material. The measured
O contents do not correlate with foz, over the range from 1.8 to 4.0 log units below the FMQ
buffer, which is a plausible range of conditions for diamond formation in the subcratonic

lithosphere (Stagno et al., 2013). Ni-free experiments indicate that the sulphur to metal cation
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ratio does not affect the sulphide melt O content. The presence of Ni in the sulphide appears to
lower the O content, although all Ni-bearing experiments, including those in the literature, also
have lower sulphur/metal ratios, which makes it hard to distinguish the effect of Ni alone on
the O content of the melt and thus creates some uncertainty. The results show that the main
factors controlling the sulphide melt O contents in addition to Ni are the FeO content of

coexisting silicates, temperature and pressure.
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Figure 3.2: Calculated standard state Gibbs free energy, AG°, of experiments plotted
as a function of the temperature. The lines show the T dependency of the
thermodynamic model at 3 and 11 GPa. The uncertainties are calculated from the 1o
errors on the sulphide FeO mole fraction determinations.

A preliminary thermodynamic model was developed based on the exchange of FeO between
olivine, orthopyroxene and sulphide melt; Fe.SiOa4 (olivine) = FeSiOs (orthopyroxene) + FeO
(sulphide). The calculated standard state Gibbs free energy, AG°, for this equilibrium shows a
clear correlation with temperature and also pressure (Fig. 3.2). The observed decrease in the
sulphide melt O content in Ni-bearing experiments was accounted for by considering a non-

ideal FeO—NiS interaction parameter in the thermodynamic model.

Using this model, the O content of a sulphide melt in equilibrium with a typical peridotite
assemblage is calculated, along a mantle adiabat between 100 and 200 km depth, to be in the

range 0.4-0.6 wt. %. This relatively small variation in O content is mainly caused by changes

55



Thesis Synopsis

in the NiS content of the sulphide melt due to pressure-dependent changes in partitioning with
the silicate assemblage (Zhang et al., 2018). The variation in the O content of the sulphide melt
can be used as a geothermometer and using the thermodynamic model the experimental
temperatures are reproduced to be within 74 K for Ni-free experiments and within 135 K for
Ni- bearing samples. Using reported O contents of sulphide inclusions in diamonds from the
Lac de Gras kimberlite field in the central Canadian Slave Craton (Davies et al., 1999; Davies
et al., 2004b), a plausible average entrapment temperature of 1318+48 °C is calculated for
peridotite affinity sulphides, which is in excellent agreement with the upper limit of
temperature (1300 °C) calculated using garnet — clinopyroxene inclusions from the same
diamonds (Davies et al. 2004). However, some of the peridotitic inclusions with high O
concentrations, and also high Ni and Co contents, i.e. Ni/(Fe+Ni+Co0)>0.6, result in
unrealistically high calculated temperatures. This may be due to the sulphides having
fractionally crystallised from melts that were no longer in equilibrium with mantle peridotite.
However, clarifying the O contents of high Ni-bearing sulphides which do not also have low

sulphur/metal ratios would help to clarify this.

Temperatures for eclogitic sulphide inclusions also found in diamonds from the same locality
(Davies et al., 1999; Davies et al., 2004b) were calculated by using the same thermodynamic
relation but determining fictive olivine and orthopyroxene iron contents from a typical eclogitic
garnet iron content using published Fe-Mg partitioning data. These calculations give calculated
entrapment temperatures of, 978 50 °C, which is far below the sulphide solidus temperature.
It is possible that other components such as Hz or H20 may have lowered the sulphide solidus
or that these inclusions were in equilibrium with assemblages with lower iron contents, i.e.

more similar to peridotites, that would yield temperatures above the sulphide solidus.

Although the temperatures calculated for some sulphide assemblages from diamonds appear
reasonable, this could simply be a coincidence and the inclusions themselves may contain O as
a result of post entrapment (epigenetic) alteration or the O analyses might not be representative
of the entire inclusion as a result of a heterogeneous distribution of phases. Although the
estimation of temperatures from sulphide inclusion O contents is shown to be promising, the
most important future direction would be to study more closely sulphide inclusions in
diamonds, to determine if the O contents are produced through post entrapment alteration and
to obtain O analyses that are clearly representative of the entire inclusion. Mdssbauer

spectroscopy is shown to be a useful non-destructive method for making qualitative
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determinations of the O content of sulphide inclusions, by determining the magnetite/iron

sulphide ratio, potentially while they are still trapped inside the host diamonds.

3.3 Deuterium content and site occupancy in iron sulphide at high-
P-T

Previous high P and T experimental studies have indicated that iron sulphide minerals and
melts may contain significant amounts of hydrogen (Piet et al., 2021; Shibazaki et al., 2011).
As sulphides are accessory minerals in the upper mantle and the main inclusion found in
diamonds, their capacity to host hydrogen may have an influence on their stability and
thermodynamic properties, in addition to them being a potential host for hydrogen in the
interior. As sulphide melts were likely involved in the formation of planetary cores, it would
also be important to study whether hydrogen partitioned into such core-forming melts. Similar
to many metal hydrides (Antonov et al., 1998; Fukai & Suzuki, 1986; lizuka-Oku et al., 2017;
Okuchi, 1997), however, hydrogen is likely lost from sulphide minerals and melts during
quenching and can most likely not be recovered to ambient conditions for analysis.
Measurements made at high pressures and temperatures are therefore necessary for determining

sulphide hydrogen contents.

In situ time-of-flight (TOF) neutron powder diffraction measurements were performed to study
the solubility of deuterium in FeS from 2.3 — 11.4 GPa, and temperatures from 787 — 1300 K.
Deuterium solubility should be the same as hydrogen and was employed as a proxy to reduce
the background in the neutron diffraction data, caused by incoherent scattering of hydrogen.
Experiments were performed using a multi-anvil apparatus installed at the PLANET beamline
of the J-PARC spallation neutron source. Compressed powders of FeS were employed,

sandwiched between pellets of a ND3BD3z, which releases D2 on heating.

Time of flight neutron diffraction measurements were collected for up to 19 hours at high
temperatures and pressures on the NiAs-structured Fe-xS pyrrhotite polytype, referred to as
FeS V (Urakawa et al., 2004). Unit-cell volumes measured for quenched FeS V during
decompression to room pressure show an anomalous increase starting at approximately 6.5
GPa. This behaviour is likely due to a pressure-induced iron spin transition, i.e., from low-spin
to high-spin on decompression (Kobayashi et al., 1997; Kusaba et al., 1998; Rueff et al., 1999;
Urakawa et al., 2004).
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The powder diffraction data were analysed by Rietveld refinement using the FeS V structural
model (Brand & Briest, 1965; Shibazaki et al., 2011) with Fe at the 2a {0, 0,0} and S at the 2c
{1/3,2/3,1/4} Wyckoff positions of the P6s/mmc space group. Significant discrepancies
were found between the observed high pressure and temperature patterns and those calculated
with this model. A difference Fourier map was then generated that showed nuclear densities at
two positions, that after refinement could be identified as the 6h: {0.46(2),0.54(2),3/4} and
4f: {1/3,2/3,0.03(3)} Wyckoff positions (Fig. 3.3). The partial deuterium occupancy in both
sites could be refined with the latter showing a greater occupancy.

Figure 3.3: Final structural model of deuterated FeS V (P6s/mmc, Z=2) at 6.9 GPa and
960 K. The dashed lines mark the unit-cell of FeS V, and section view along the c-axis
and the a-axis of the structure are shown in the left side.

Expansion of the unit cell parameter of FeS V at 6.9 GPa and 960 K due to the incorporation
of deuterium was monitored in a series of diffraction measurements and occurred over five
hours. The extent of the unit cell expansion was confirmed by a deuterium-free experiment at
nearly the same conditions that showed no comparable expansion. The difference in unit-cell
volumes at these conditions is approximately 4.3% and the unit-cell volume expansion per
deuterium atom, AV(D), is 1.53+0.16 A%, which is smaller compared to that previously reported
for Fe-metal hydrides at similar conditions (2.21+0.04 A>~Machida et al., 2014). Our structural
model shows that both deuterium positions are much closer to the S atoms than to the Fe atoms,
which implies that S and D may be covalently bonded. If this is the case, it might explain the

smaller AV(D) value compared to Fe-metal hydrides. Previously reported hydrogen contents
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in FeS V, by Shibazaki et al. (2011) by means of X-ray diffraction volume relations are likely
underestimated, due to the use of a AV(H) value estimated from results on hydrogenated Fe-
metal phases. However, the general trend of increasing D occupancy with pressure observed
by Shibazaki et al. (2011) agrees with the present study.

Refinements of all diffraction patterns collected indicate that the D content in FeS V increases
with both pressure and temperature. The total deuterium content, X in FeSDXx, increases from
0.148(10) at 2.3 GPa and 787 K to 1.25(5) at 9.7 GPa and 1300 K. A comparison between
FeSDx and FeHx/FeDx shows that there is a general agreement in the magnitude of H/D
occupancy with increasing pressure. The deuterium dissolved in FeS V at high-temperature is
mainly lost during temperature quenching at high-pressure, as indicated by the decrease in unit-
cell volumes of the quenched experiments.

A parallel multi-anvil experiment was conducted to determine the oxygen fugacity of samples
exposed to the D> fluid produced by the breakdown of ND3BDs. In this experiment the FeS
sample was replaced by a sample comprised of Feo2Mgo.sO plus Fe-metal. From the extent of
reduction of the oxide an oxygen fugacity of 1.2 = 0.2 log units below the iron wistite (IW)
oxygen buffer was calculated. This is much higher than would be expected for a O-H fluid
dominated by H: if ideal mixing of Ho—H20 is assumed. However, a recent high pressure and
temperature study (Bali et al., 2013) shows that non-ideal mixing can create immiscible H> and
H>O-rich fluids and if non-ideal mixing terms compatible with this previous study are assumed

it is shown to be plausible to have a D, dominated fluid at IW-1.2 log units.

The experimentally determined deuterium contents in FeS V are fitted to a thermodynamic
model assuming deuterium fugacities calculated for H. using the equation of state of
Belonoshko & Saxena (1991), which allows the results to be extrapolated to different pressures,
temperatures and oxygen fugacities. Although the model is somewhat simplified, it confirms
that FeS V deuterium contents should drop to low levels on temperature quenching at high-
pressure. It can also be used to show that at oxygen fugacities compatible with the base of the
cratonic lithosphere, where diamond formation occurs, FeS V, which forms the main type of
inclusion in diamonds, could contain significant amounts of hydrogen, in the range 1700-2700
ppm. It is proposed that loss of hydrogen from diamond hosted FeS V during decompression,
could play a role in the development of the rosette like fracture systems often observed around
sulphide inclusions in diamonds (Harris, 1972). Based on an average mantle sulphur content

of 400 ppm (Gehlen, 1992), then at the base of the cratonic lithosphere a bulk mantle H. content
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of 2-3 ppm could be hosted by mantle sulphides, at typical mantle oxygen fugacities for this
depth. At greater depths lower oxygen fugacities and melting of FeS V may lead to higher
hydrogen contents in sulphides.
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Abstract

In view of recently reported discrepancies in mineral solubility results obtained with the
classical diamond trap method, an alternative approach to quantify the composition of high P—
T fluids was developed. In this approach the high P-T fluids are trapped in laser-drilled holes
within single-crystal diamond plates and subsequently analyzed by LA-ICP-MS using the
same pit size as the one that was used to drill the holes, which allows more rigorous testing of
the data reproducibility than in the case of the classical diamond trap, where the fluid resides
in a large, open network. To reduce the spikiness of the LA-ICP-MS signals and minimize
element fractionation, the aqueous solution within the holes was allowed to evaporate, and the
solid residue was melted to a glass. Because this results in the partial loss of the internal
standard elements that are usually used for quantifying the LA-ICP—-MS signals we developed
a new quantification procedure that works without any internal standard in the fluid but instead
uses the carbon signal produced by the epoxy that was filled into the holes after melting the
precipitates. The new method was first tested on holes filled with epoxy resins doped with
known amounts of chemicals, then on holes filled with known amounts of minerals that were
subsequently melted, and finally on real high P-T mineral solubility experiments at 1.0 GPa

and 700-900 °C in the quartz—H>O and olivine—enstatite—H>O systems, for which reliable
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reference data exist. In all 15 experiments the measured concentrations agree within 1-21%
(avg. 13%) with the reference values. In contrast, four mineral solubility experiments that were
performed at identical conditions with the classical diamond trap method returned
concentrations that deviated by 7-56% (avg. 28%) from the reference value. Furthermore, a
strong fractionation effect that has been observed during the ablation of albite + H>O in a
classical diamond trap is efficiently prevented in our single-crystal diamond trap (SCDT)
approach. On the downside, we observe significant mobility of alkalies during the melting step

in our approach.

4.1 Introduction

Various experimental techniques have been used to study the composition of aqueous fluids at
>1 GPa and >500 °C, including: (1) measuring the weight of single crystals before and after the
experiment (e.g., quartz solubility in H.O; Manning 1994), (ii) constraining the fluid
composition via phase relations (e.g., enstatite—forsterite—H.O system; Zhang and Frantz
2000), (i) in-situ observation of dissolving minerals in the hydrothermal diamond anvil cell
(e.g., rutile solubility in water; Audétat and Keppler 2005), (iv) trapping fluids in the form of
synthetic fluid inclusions and subsequently analyzing them by laser ablation—inductively
coupled plasma—mass spectrometry (LA-ICP—-MS), which allows only elements that are not
abundant in the host mineral to be quantified (e.g., Spandler et al. 2007), (v) in-situ
synchrotron—radiation XRF in the hydrothermal diamond anvil cell (e.g., Schmidt et al. 2007),
and (vi) the diamond trap method (e.g., Kessel et al. 2004). Of those, the diamond trap method
(in the following called "classical diamond trap method") is the most versatile method, because
it can be applied in compositionally complex systems, has virtually no limitation with respect
to accessible P—T conditions, and has also very little limitation with respect to the type and
concentration of measurable elements. The diamond trap method was originally developed by
Ryabchikov et al. (1989) and was subsequently modified and improved by Kushiro and Hirose
(1992), Baker and Stolper (1994), Stalder et al. (2001) and Kessel et al. (2004). This method
employs a layer of diamond powder in the experimental capsule, into which fluids/melts
infiltrate during the experiment and precipitate dissolved solids during quenching. The
diamond layer can subsequently be analyzed by bulk techniques, or—-more commonly-by
means of in situ LA-ICP-MS analysis. The latter approach has been substantially improved
by introducing the “freezing technique" (Kessel et al. 2004), in which the sample capsule is

kept frozen during the opening and the subsequent analysis by LA-ICP—MS. This approach

77



Chapter 4

avoids spatial fractionation of elements that remain dissolved in the fluid after quenching, such
as Cs that is commonly used as internal standard for LA-ICP—MS signal quantification.

A basic assumption behind the diamond trap experiments is that everything analyzed within
the diamond trap was dissolved in the fluid at the time of quenching and was in equilibrium
with the solid assemblage/mineral. However, this assumption may not always be valid. For
example, if the solid starting material is added in the form of a silicate glass, then the aqueous
solution will likely get supersaturated during heating and precipitate crystalline phases that
may remain in the system during the whole experiment. This phenomenon was documented by
in-situ observation of the dissolution of a piece of andesitic glass in water during heating in a
diamond anvil cell (Keppler 2017). Minerals that precipitate within the diamond trap during
this process will be misinterpreted as dissolved fluid components. Minerals can also form
within the diamond trap in response to temperature gradients if the temperature of the diamond
trap is lower than that of the surrounding material. High field strength elements (HFSE; Nb,
Ta, Zr, Hf, Ti) oxides such as rutile and zircon appear to be particularly sensitive to this effect
(Tropper and Manning 2005; Bernini et al. 2013; Rustioni et al. 2021).

Commonly, the LA-ICP—MS signal obtained during slow movement of a laser beam of 50-80
pm size over a frozen diamond trap is relatively constant for some elements, but highly variable
for some other elements, such as high field strength elements, for example. The frequency of
the signal peaks of the latter elements suggests that local accumulations occur at the scale of
100-200 um, which is relatively large compared to the grain size of the diamond trap (15-25
pm). This observation raises the question whether these local accumulations represent de-
localized solute precipitates that formed during the quench, or whether they reflect material
that precipitated already during the run and thus should not be included in the signal interval.
Another potential problem of the classical diamond trap method is elemental fractionation
during LA-ICP-MS analysis. Rustioni et al. (2021) analyzed a frozen diamond trap that
contained small albite grains and H2O (and was pressurized, but was never heated) and obtained
SiO2/Al>03 ratios that were about twice as high as the theoretical value of albite. In contrast,
analyses on a larger piece of the same albite starting material that was analyzed on the same
day with the same laser settings returned the correct SiO2/Al>Oz ratio. This suggests that in
certain mineral-fluid systems severe element fractionation may occur during LA-ICP—-MS

analysis.

We are aware of only three studies that performed accuracy tests on the diamond trap technique.

Aerts et al. (2010) report an accuracy of 3% and a precision of 5% based on a single quartz
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solubility experiment in H20 performed at 0.88 GPa and 700 °C, using the solubility data of
Manning (1994) as reference. Tiraboschi et al. (2018) report an accuracy of 5% for a single
forsterite+enstatite solubility experiment in H2O conducted at 1.0 GPa and 800 °C, using the
solubility data of Newton and Manning (2002) as reference. In contrast, in a more extensive
test series based on the solubilities of quartz, forsterite+enstatite, corundum, rutile in H2O, and
supercritical H.O—albite fluids at 700-800 °C and 1.0-2.0 GPa, Rustioni et al. (2021) found
deviations from reference values ranging from 3% to more than a factor of two, even among
identical experiments. The reason for the large discrepancies in some experiments is not clear,
but the data suggest that the accuracy of the method can vary dramatically from experiment to
experiment, and potentially also from laboratory to laboratory, if, e.g., the temperature
distribution or pressure correction in piston cylinder experiments varies. Therefore, it is

important to test alternative approaches that may lead to more reproducible results.

Here we present a new method that aims at minimizing the potential problem of mineral
precipitation within the diamond trap during the experiment by trapping the high P-T fluid in
pre-drilled holes in single diamond crystals, which allows more rigorous testing of the
reproducibility of the results than analyzing small parts of the open pore network in a classical
diamond trap. Furthermore, with the new method we try to reduce elemental fractionation
effects arising from the ablation of spatially unconfined liquid+solid mixtures by letting the

liquid to evaporate from the pre-drilled holes and then melting the residue to a glass.

4.2 Methods

For our single-crystal diamond trap (SCDT) method we used polished, synthetic diamond
plates of about 2.5 mm side length and 0.8-1.0 mm height purchased from Chenguang
Machinery & Electric Equipment Co. Ltd., China (~10 € per piece). Two such diamond plates
were used in each experiment. Into one of them we drilled 9-16 holes (80 um diameter; 50—70
um depth) using a 193 nm ArF Excimer laser that provides a fluence of ~25 J/cm? at the sample
surface (Fig. 4.1a). The two diamond plates were then placed on top of each other such that the
holes that were drilled into one of the plates were covered by the other plate, and the whole
stack was then loaded into a small Pt capsule of 3.5 mm O.D., 3.2 mm I.D. and 5.4 mm length.
The Pt capsule was then welded shut, placed into a cold-seal pressure vessel filled with H2O,
and then pressurized to 0.15-0.20 GPa, such that the Pt capsule shrunk tightly around the
diamond plates (Fig. 4.1b). This step is necessary to keep the diamonds tightly together during
the subsequent high P-T experiment. After removing the capsule from the vessel it was dried,
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and then one end of the capsule was cut off with a razor blade to render the diamonds accessible
to the fluid. This small, diamond-containing Pt capsule was then loaded together with H.O and
crushed minerals (63-160 um fraction) into a larger Pt capsule of 5.0 mm O.D., 4.6 mm I.D.
and 10 mm length that was sealed using the method described in Audétat and Bali (2010) (Fig.
4.1b, c). In a few classical diamond trap experiments that were conducted for comparison
purpose, the same mineral starting materials were loaded together with a central layer of
diamond powder (1:1 ratio of 10-20 um and 40-60 pm grain size) and aqueous solution
containing 200 pg/g of Cs and Rb into Pt capsules of the same size. The fluid was added to
these capsules in several steps following the approach of Rustioni et al. (2021). Finished
capsules were checked for leaks by measuring their weights before and after placing them for
2-3 hours in a drying oven at 150 °C.

Figure 4.1: (a) Photomicrographs of an undrilled (left) and a drilled (right) diamond
plate. The holes measure ~80 um in diameter and are ~50—70 um deep; (b) sealed and
shrunk inner capsule (left); one-side cut-open inner capsule (middle); and an inner
capsule sitting inside a platinum outer capsule before filling with fluid; (c) a schematic
drawing of the capsule setup, showing the cut-open inner capsule sitting on a bead of
crushed minerals. The Pt disk was used to seal the fully fluid-filled Pt capsule of 5.0
mm diameter and 10.0 mm height.
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4.2.1 Piston cylinder experiments

High pressure and high-temperature experiments were conducted in an end-loaded piston
cylinder apparatus using % inch NaCI-MgO assemblies with a stepped graphite furnace. A
constant friction correction of 0.12 GPa was applied based on calibrations involving the quartz-
coesite transition at 790 °C and 2.93 GPa and the densities of synthetic fluid inclusions trapped
800 °C and 0.37-9.58 GPa in quartz and corundum single crystals. Temperatures were
measured using type S (Pt/Pt—Rh) thermocouples. After pressurization close to the target value,
the sample was heated at a rate of 100 °C/min to the target temperature. In a final step, pressure
was raised to the target temperature (i.e., hot piston in). Run durations varied depending on the
studied system (Table 4.1), and the experiments were quenched by switching off the electrical
power, which resulted in quenching to below 200 °C within 4-6 seconds. Once the sample had
cooled to room temperature, the remaining pressure was released within 15-30 min. The
recovered capsules were checked for leaks by visual observation under the binocular and by
checking their weights in intervals of several minutes. About one out of six capsules leaked
during the experiment. Intact capsules were immediately opened and prepared in the case of
the SCDT experiments, whereas in the case of the classical diamond trap experiments they
were kept in a freezer at -20 °C until the day of the LA-ICP-MS analysis.

4.2.2 Capsule opening and sample preparation

SCDT capsules were cut open at room temperatures using a razor blade. Once opened, part of
the liquid residing in the capsule was sucked up with a pipette. The inner capsule was then
removed, and the diamond stack was recovered by cutting off some Pt wrapped around them,
while the two diamonds remained contacting each other. Special care was taken to keep the
diamonds wetted by liquid at all times, including the stage at which the upper diamond was
slid off the lower, drilled diamond, as otherwise part of the liquid within the holes is dragged
out by surface tension forces during the separation of the diamonds. Permanent wetting was
achieved by adding liquid from the pipette. After separating the diamonds, excess liquid on the
lower, drilled diamond plate was quickly scratched off with a clean razor blade, and the holes
were allowed to dry. In some cases, the surface was once more cleaned with the razor blade
after drying. Attempts to directly fill the holes with epoxy and subsequently analyze them by
LA-ICP-MS were not successful, because (i) the precipitates within the holes are commonly
loose and ablate very fast, which leads to very spiky signals, and (ii) because elements, such as

Rb and Cs, which we wanted to use as internal standard, dissolved into the epoxy. As described
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further below, we thus completely refrained from using an internal standard and quantified the
analyses based on the carbon signal of the epoxy filling instead.

To solve the problem with the spiky signals we developed a way to melt the precipitates within
the holes and to quench them to a glass without losing too many elements through vaporization.
For this purpose, a high-purity, MnO-containing Li2B4O- glass was prepared. Addition of MnO
was necessary, because pure LioB4O7 glass is difficult to ablate with the laser. One gram of
Li2B4O7 (Alfa Aesar, 99.998 % purity) was thus mixed with 2 wt. % MnO (Alfa Aesar, 99.99%
purity) and melted at 1200 °C for 12 minutes in a crimped Pt capsule. The capsule was then
quenched in distilled water and the recovered glass was finely ground in an agate mortar. To
add small amounts of this glass to each hole in the SCDT without losing solid precipitates, the
fine glass powder was mixed into a ~2:1 acetone—ethanol solution. One drop of this suspension
was then placed onto the drilled diamond plate and allowed to dry, resulting in a fine layer of
precipitated glass powder evenly spread across the entire surface. Glass powder that
precipitated between the holes was then cleaned away using a razor blade. Subsequently, the
diamond was covered with a small piece of gold foil (0.2 mm thickness) that was held in place
and slightly pushed down with the help of two SiO- glass cylinders that fit neatly into a sintered
Al>O3 tube. The whole setup was then heated for 10 min at 1000 °C inside an 1 atm box furnace.
As a result, the precipitates within the holes in the diamond melted and formed a thin glass
layer (Fig. 4.2c). Finally, the holes were filled with epoxy resin (EPOFIX resin mixed with
hardener from Struers GmbH, Germany; making sure that no air bubbles were trapped), and
excess epoxy was cut away using a razor blade before the epoxy reached full hardness (Fig.
4.2d).
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Figure 4.2: Photomicrographs of laser-drilled holes in the diamond plates: (a) empty
hole before the experiment; (b) after a high P-T quartz solubility experiment,
containing precipitated SiO»; (c) after adding Li2B4O7 powder and melting at 1000 °C;
(d) after filling with epoxy resin, ready to be analyzed with LA-ICP—MS. The diameter
of each hole is 80 um. Images a and d were taken in reflected light; images b and c in
transmitted light.
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Table 4.1: Summary of experiments and obtained results

Reference

Result

Refe- Density value if with 100 Density % corrected  corrected %
. P Dyra- Ayerage rence .OT solventwas  wt. % C as Of . less result result devi
Experiment o tion Li,B4O7 Reference  original . - precipit  volu 1 3rd .
(GPa) (°C) value H,0 with internal . . . . atio
(h) (wt. %) solvent 3 ate me of iteration iteration
(wt. %) (glem?) 1.0 g/cm standard (glem®)  epoxy  (wt. %) (wt. %) n
(wt. %) (wt. %) ' '
BaCO3 in epoxy? 0 0.35 weigh-in 1.15 0.40 04+0.1 4.3 0.1 0.40 0.40+0.05 -1
Al,O3 in epoxy? 0 0.47 " 1.15 0.54 04+0.1 4.0 0.2 0.44 0.44+0.04 -19
Al,O3 in epoxy? 0 5.30 " 1.15 6.05 50104 4.0 1.7 4.92 4.92+0.33  -19
TiOzin epoxy? 0 2.10 " 1.15 2.41 22+0.3 4.0 0.7 2.22 2.22+0.28 -8
TiO2in epoxy? 0 0.32 " 1.15 0.37 04+01 4.0 0.1 0.40 0.40+0.09 9
TiOz in epoxy? 0 0.48 " 1.15 0.55 06+0.1 4.0 0.2 0.60 0.60+0.12 9
CaF; in epoxy? 0 0.52 " 1.15 0.60 0.6+0.2 3.2 0.3 0.62 0.62+0.16 3
Epidote in CrystalBond® 52 17.0 " 1.31 21.18 23.1+53 2.6 14.6 19.7 20.1+£5.3 -5
Garnet in CrystalBond® 2.3 18.5 " 1.31 22.92 21.0+21 4.1 8.0 19.3 19.4+2.1 -15
Tourmaline in CrystalBonad® 3.9 17.0 " 1.31 21.16 199+23 3.2 104 17.8 18.0£2.3 -15
Epidote in CrystalBond® 6.0 17.0 " 1.31 21.18 204+25 2.6 14.1 15.6 179417  -16
SCDT - Quartz solubility in Manning
water — SA24 1.0 800 3 0 7.0 (1994) 0.89 6.3 70+13 2.2 4.2 6.7 6.7£1.3 8
SCDT - Quarz solubility in - ,  g55 5 5.0 12.6 " 0.85 10.8 134+19 22 109 119 12016 11
water — SA39
SCDT - Forsterite + Enstatite Newton &
solubility in water — SA31 1.0 800 5 0.7 1.8 Manning 0.89 1.6 20+0.2 2.2 1.6 1.9 1.9+0.2 21
(2002)
SCDT - Forsterite + Enstatite )y g9 4 15.9 3.1 " 0.85 26 26+08 22 89 23 23:0.7 11
solubility in water — SA36
DT — Quartz solubility in Manning
water — SA40 1.0 900 5 0 12.6 (1994) - - - - - - 5.540.7 -56
DT — Quartz solubility in "
water — SA41 1.0 800 7 0 7.0 - - - - - - 5.61£0.5 -20
DT — Forsterite + Enstatite Newton &
solubility in water — SA42 1.0 900 8 0 3.1 Manning - - - - - - 3.3+0.7 7
(2002)
DT - Forsterite + Enstatite "
solubility in water — SA43 1.0 800 10 0 1.8 - - - - - - 1.3+0.2 -31
SCDT - Eclogite + H,0 2.8 700 15 0 - - - - - - - - - -

A fictive carbon content of 15 wt. % in the calcite was used for all quantifications, DT classical diamond trap experiments, SCDT Single-crystal diamond trap experiments
a Carefully weighed amounts of fine-grained chemicals were mixed into epoxy and filled into the holes. ® Carefully weighed amounts of pigments were mixed into molten
Crystalbond 509. After the mixture was filled into the holes, the Crystalbond was dissolved away in a 2:1 acetone:ethanol mixture.
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4.2.3 Preparation of test samples

To calibrate the new quantification approach based on the carbon signal of the epoxy and to
test the analytical accuracy of the SCDT method we prepared test samples with known amounts
of chemicals or minerals that were placed into the drilled holes in the diamonds. For this
purpose, fine-grained Al;O3 (< 3 um), TiO2 (<1 pum), BaCOsz (<5 um) and CaF, (<2 um)
chemicals were carefully mixed into epoxy resin in weight proportions of 0.32-5.3 wt. % and
filled into the holes. Excess epoxy was cut away using a razor blade. The LA-ICP-MS data
were used to calibrate the standardless quantification via the carbon signal (see below). To test
the validity of the entire experimental approach including the partial melting step with the
added Li2B4O7 it was necessary to add known amounts of solids into the holes without
simultaneously adding epoxy. This was achieved by mixing relatively coarse-grained garnet
(~5 pm), epidote (~5 um) and tourmaline (~5 um) pigments (Enogu mineral pigments series
from Kremer Pigments, Aichstetten, Germany) into molten Crystalbond 509, which, after
filling the mixture into the holes and cutting excess material away with a razor blade, was
subsequently dissolved away using a 2:1 acetone—ethanol solution. The holes were then doped
with MnO-bearing Li2B4Oy7 as described above and melted at 1000 ° C. Finally, the holes were
filled with epoxy, and LA-ICP-MS analysis were performed after the epoxy had hardened
overnight. The purity of the MnO-doped Li.B4O- and the epoxy was checked by LA-ICP—-MS
analyses. The MnO-doped Li2B4O7 contains 0.37+0.03 wt. % SiO (probably from grinding
and mixing the two components in an agate mortar) but otherwise is very pure (supplementary
Table A.1.1), and also the epoxy is very pure (supplementary Table A.1.2). The concentrations
and detection limits listed in supplementary Table A.1.1 are representative of the detection
limits that can be reached in the analyses of real experimental run products (i.e., less than a few
Hg/g for most trace elements). The small amount of SiO present in the lithium tetraborate does
not significantly affect the calculated solute contents, because even at an extraordinarily high
Li.B4Oy7 : solute SiO> weight ratio of five it causes only a (5/6*0.0037)/(1/6*1.0) = 1.85 %
increase in the calculated SiO content of a SiO>—dominated fluid.

4.2.4 LA-ICP-MS analyses

Initially we performed the experiments with Rb- and Cs-doped solutions, with the aim to use
these elements as internal standard for quantifying the LA-ICP-MS analyses. A test

experiment performed at ambient conditions by filling the holes with a 5 wt. % NaxSiO3
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solution doped with 100 pg/g each of Rb and Cs, returned reproducible and accurate results
(4.9 £ 0.1% relative) for all elements. However, subsequent high P—T experiments performed
on model systems (solubility of quartz or enstatite+olivine in H2O, and supercritical HO-albite
fluids) with Rb- and Cs-doped aqueous solutions were plagued by poor reproducibility and in
average either too high or too low values, which seemed to be at least partly due to problems
with the internal standard. Opening the capsules in frozen state and then allowing the ice within
the laser holes to melt and slowly dry out in a controlled fashion did not solve the problem.
Rather, tests with simple NaCl-KCI-Rb-Cs—Ba-B-Pb solutions (element concentrations
ranging from 1 wt.% to 200 pg/g) revealed that freezing amplified the problem, probably
because a part of the solution did not freeze and thus remained mobile at the temperature of -
20 to -30 °C prevailing in the freezing chamber. Another big problem was the very short, spiky
nature of the LA-ICP-MS signals.

To overcome these issues, we started to fill the holes with epoxy resin after they dried out. This
increased the length of the LA-ICP-MS signals, but it did not solve the problems with the
spiky nature of the signals and the internal standard. During these tests it was observed that the
ablation of epoxy produces a much higher carbon signal than the ablation of diamond (because
the ablation rate in epoxy is much faster), which opens up the possibility to use the epoxy filling
instead of a fluid component as the internal standard. However, such an approach is
fundamentally different from the normal way of using internal standards: the carbon signal of
the epoxy can only be used to quantify the weight of the precipitates relative to the weight of
the epoxy that fills out the rest of the hole. To transform this value into the amount of solids
dissolved within the fluid, it is thus necessary to make corrections for the density difference

between epoxy and fluid, and for the space occupied by the precipitates + Li-B4O7 (see below).

In the case of the few comparison runs performed with the classical diamond trap technique
the capsules were first dropped into liquid nitrogen before opening them longitudinally with a
sturdy razor blade in an opening device that had a temperature of ca. -30 to -60 °C . One half
of the frozen capsule was then quickly transferred to a LA-ICP—MS sample chamber that was
cooled to ca. -30 °C (according to tests with H>O—ethanol solutions) by means of a Peltier
cooling element to keep the sample frozen also during the measurement (Kessel et al. 2004,
Aerts et al. 2010). In those experiments, the Cs concentration in the starting solution was used
as the internal standard for calculating absolute element concentrations, accounting for the
lowering of the original concentration due to the dissolution of solids.

86



Chapter 4

The LA-ICP-MS analyses were performed with a 193 nm ArF Excimer laser (GeolasPro
system; Coherent; USA) attached to a quadrupole mass spectrometer (Elan DRC-e; Perkin
Elmer; Canada). To increase the length of the LA-ICP—MS signals the epoxy-filled holes were
ablated with a lower repetition rate (5 Hz) and a lower energy (40-65 mJ) than the external
standards (10 Hz, 90-110 mJ). For ablating the epoxy-filled holes in the diamonds we used the
same laser diameter (80 um) as the one that had previously been used to drill the holes. The
sample chamber was flushed with He gas at a rate of 0.4 I/min, to which 5 ml/min H2 was added
on the way to the ICP—-MS. The latter was tuned to a ThO production rate of 0.5-1.5% and a
production rate of doubly—charged “*Ca ions of 0.15-0.30 based on measurements on NIST
SRM 610 glass. Analyzed isotopes include "Li, !B, 1C, 2Na, ®Mg, ?'Al, #Si, *°Si, 3P, **Cl,
39K, 43C&, 49Ti, 53CI’, 55Mn, 57Fe, 59CO, 62Ni, 65CU, 66Zn’ 85Rb, 88Sr’ 89Y, QOZr' 133CS, 13788., 139La,
140Ce, 'Gd, ™Lu, 2%8Pb, 2%2Th, and 2%U, using dwell times of 10-20 ms. For external
standardization we used either NIST SRM 610 (Jochum et al. 2011) or USGS GSE-1G as
reference material (for the latter we used the GeoReM preferred values of 7/2018), plus a
natural calcite crystal from Iceland as a calibrant for the carbon signal. Signal integration, spike
removal, and numerical calculations were done using two in-house Excel spreadsheets. The
quantification spreadsheet allows two external standards to be used simultaneously. As internal
standard we used in a first stage the carbon signal of the ablated epoxy. Attempts to dope the
epoxy with trace elements and use one of these elements as internal standard failed, because
we did not manage to manufacture epoxy in which the trace elements are homogeneously
distributed at the micrometer scale. Due to the different ablation behavior of epoxy relative to
minerals, it is not possible to take the actual carbon content of the epoxy as internal standard.
Instead, we used a fictive carbon concentration of 100 wt.% and changed via the "goal seek™
analysis tool in Excel the carbon content of the calcite until the best average result was obtained
for the experiments in which the holes were filled with known amounts of Al,O3, TiO2, BaCOs
and CaF» using very fine-grained mixtures in epoxy. The same could have been done using the
correct carbon concentration for calcite and finding via the goal seek function a fictive carbon
concentration in the epoxy, but for the calculations the former approach is more practical. In
either case, the fictive carbon value that is found via the goal seek function likely depends on
ICP-MS instrument and laser ablation settings and thus has to be calibrated for each laboratory
individually based on test samples as described above. However, it does not seem to be
necessary to re-calibrate the fictive carbon in each analytical session, as test samples analyzed
on 15 different measuring days spread over a 5 months period using a constant fictive carbon

value for the calcite (15 wt. % in our case) returned consistent results.
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Another important difference to the normal way of internal standardization is that corrections
need to be made to account for the difference in the density of epoxy vs. the density of the
medium in which the solutes were dissolved or immersed originally. For example, if, e.g., SiO>
was originally dissolved in a high P-T H2O fluid with a density of 0.89 g/cm?, and the holes
are then filled with pure epoxy with a density of 1.15 g/cm?, then a correction of (1.15/0.89)—
1.0 = +29% has to be applied to the concentration values determined based on epoxy. Because
we used calibrants with various densities (epoxy with 1.15 g/cm?®, Crystalbond 509 with 1.31
g/cm3, and aqueous solutions with 0.85-0.89 g/cm®) we decided to normalize all concentrations
to a solvent density of 1.00 g/cm? before determining the fictive carbon concentration of the
calcite (Table 4.1). This means that for any new solubility measurement the results are first
obtained for an assumed solvent density of 1.0 g/cm?®, and then a correction needs to be applied

to account for the actual solvent density.
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Figure 4.3: LA-ICP-MS signals of SCDT analyses; (a) signal of three different holes
containing 18.0+2.3 wt. % of tourmaline pigment; (b) three analyzed holes of the quartz
+ water experiment at 1.0 GPa, 900 °C containing in average 12.0+1.6 wt. % of SiOx.
The shaded areas show the signal integration intervals of each hole.

A last issue concerns the difference between the density of the solvent vs. the density of the

bulk fluid (i.e., solvent + solute). At solute contents of less than a few weight percent the

difference between the two values is negligible, but at higher solute content it becomes

significant, such that an additional correction is required. A visual way to deal with this issue
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is to think in terms of space occupied by the precipitated solutes (plus added Li,B4O7) vs. space
occupied by the remaining solvent (now filled with epoxy). If, e.g., one-third of the hole is
filled with precipitates (plus added Li>B4Oy) instead of with epoxy, then the result calculated
on the basis of an internal carbon concentration of 100 wt.% will turn out 33% too high. If the
density of the epoxy, the weight percentage of the precipitates and the average density of the

latter are known, then the amount of overestimation equals to:

% overestimation

wt. % solute wt. % added Ll'23407] y [ density of epoxy ] x 100
100/density of epoxy

= [density of precipitates T density of Li,B,0,
However, the weight percentage of solute is what we are actually looking for, hence the correct
value can only be found iteratively. In the first step, it is assumed that the entire hole is filled
with epoxy, which gives a certain weight percent solute. That value is then used to calculate a
corrected weight percent value, which is then used to calculate a further refined value. After
three iterations a stable result (<1% difference relative to the previous iteration) value is
obtained even for high solute contents of 20-30 wt. %. It should be stressed that the magnitude
of this final correction procedure is small: for 10 wt. % solute it amounts to <6% (the exact
value depending on the fluid density, and thus on the P—T conditions), i.e., the value of 10 wt.
% needs to be correct down to 9.4 wt. % at most. An Excel spreadsheet with the full calculation

details of experiment SA31 is provided in the electronic supplementary material.

4.3 Results

Representative LA—ICP—MS signals obtained from SCDT experiments are shown in Fig. 4.3.
Figure 4.3a shows the signals of three holes analyzed from a test experiment performed with
17 wt. % tourmaline pigment, whereas Fig. 4.3b shows the signals of three holes analyzed from
a quartz solubility experiment in water at 1.0 GPa, 900 °C (the reference solubility value for
the latter experiment is 12.6 wt. % SiO2; Manning 1994). The net carbon signal obtained from
the ablation of epoxy is about 6 times higher than the net signal obtained during the ablation of
diamond, hence even if part of the chosen signal interval extends into the diamond domain
(Fig. 4.3a) the bulk of the net carbon signal is still heavily dominated by the epoxy. The reason
why the signal of the melted solids within the holes commonly extends beyond the signal of

the epoxy is that the glass tends to accumulate at the bottom of the hole.
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After calibrating the new method based on holes filled with epoxy that was doped with known
amounts of chemicals (Al20s, TiOz, BaCOs, CaFz), the sample melting procedure with the
added MnO-doped Li>B4O7 was tested with a series of experiments in which known amounts
of mineral pigments (garnet, epidote, tourmaline) were filled into the holes with the help of
Crystalbond 509 that was subsequently dissolved away. The expected values (calculated from
the weights of pigments mixed into Crystalbond) for the garnet, epidote, tourmaline tests are
22.9, 21.2 and 21.2 wt. %, respectively, and the obtained results agree with these reference
values within 5-16 %. In addition, the measured compositions of the melted minerals agree
well (within 1 wt. % absolute) with those obtained through LA-ICP—MS analysis of densely
pressed pellets produced from the same pigment powders, except for the Al.O3 content of the
tourmaline, which turned out 7 wt. % too high, and the K>O content of one of the two tests
performed with epidote, which was 2 wt. % too high (supplementary Table A.1.3). Whereas
the reason for the higher Al>O3 content of the melted tourmaline is not clear, gains of KO
during the melting procedure were relatively common and appear to have been caused by

contamination of the furnace or some other parts of the melting assembly (see below).

A more detailed check for potential losses or gains of elements during the melting procedure
was performed by loading small amounts of crushed GSE-1G reference glass plus Mn-doped
Li-B4O7 at a weight ratio of ca. 2:1 into the laser-drilled holes in a diamond, melting them in
the usual manner (i.e., at 1000 °C; with the holes covered by an Au foil), and then filling the
remaining space of the holes with epoxy before the LA-ICP-MS analysis. The results
(supplementary Table A.1.4) reveal that most of the major and minor element concentrations
remained unmodified, except for Na2O and K-O, which experienced gains of 50 % and 130 %,
respectively (1.8 wt. % Na>O and 3.4 wt. % K20 on an absolute basis). The results with respect
to changes in trace element concentrations are varied: six out of 19 analyzed trace changed by
less than 10%; nine elements decreased by 10-25%; and Cs, Cu, Ag and Cd decreased by 35
to >147% (supplementary Table A.1.4).

A final test to investigate potential losses or gains of elements during the melting procedure
was performed by adding variable amounts of albite powder into the holes (the exact amounts
being unknown, but visually estimated to be in the range of 1-20 wt. %) and melting them as
described above. The LA-ICP-MS analyses revealed SiO2, Na;O and Al,O3 concentrations
that agree within 2% with those of the starting material, but about 3.8 wt. % K>O were gained
(supplementary Table A.1.3). Remember that a similar test performed on an albite-doped

classical diamond trap returned a SiO2/Al,O3 concentration ratio that was wrong by a factor of
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two (Rustioni et al. 2021), apparently due to element fractionation occurring during the ablation
of the diamond + albite + ice/liquid H.O mixture (Rustioni et al. 2021). The present test thus
suggests that the SCDT method greatly helps to reduce fractionation effects occurring during
the LA-ICP-MS analysis of classical diamond traps, but alkalies may be significantly gained

(or lost) during the melting procedure.

Finally, the experiments were expanded to real solubility measurements at high pressure and
temperature in the well-studied H.O-SiO, and H.O-enstatite—olivine systems, for which
reliable reference data exist (Manning 1994; Newton and Manning 2002). A summary of all
the previously described tests and the high P, T runs is provided in Table 4.1 and Fig. 4.4. With
regard to quartz solubility in water we performed two SCDT experiments at 1.0 GPa pressure
and 800 °C and 900 °C, respectively, plus two classical diamond trap experiments at the same
conditions for comparison. Previous experimental studies returned consistent results within this
range of P—T conditions (Anderson and Burnham 1965, Fournier and Potter 1982, Manning
1994), allowing us to use these data as a reference. Our experiments at 800 °C and 900 °C
agree with the reference values within +8% and +11%, respectively. The same experiments
performed using the classical diamond trap method show 20% deviation at 800 °C and 56%
deviation at 900 °C. Aerts et al. (2010) report only -3% deviation for a classical diamond trap
experiment performed at 0.88 GPa and 700 °C, whereas Rustioni et al. (2021) performed two
experiments (also using the classical approach) at 1.0 GPa and 800 °C and found +3%
discrepancy in one of them, and -40% discrepancy in the other. The reason for the large
discrepancies in some of these experiments is not clear. If it was due to erroneous temperature
reading due to thermal gradients between thermocouple and sample, then these gradients would
have to be nearly 100 °C, which seems unlikely (see below). Run duration should not have
been the problem either, as our SCDT experiments were run only for 2—3 hours and returned
already good agreement, whereas our classical diamond trap experiments were run for 5-7
hours, and those of Rustioni et al. (2021) for 16-18 hours. One potential explanation would be
preferential loss of H.O during the experiment, which would lead to an increase in the Cs
concentration in the remaining fluid and thus in an underestimation of the SiO> solubility.
Another potential explanation is that during the opening of the frozen diamond trap some Cs-

rich, residual solution was expelled onto the diamond trap surface.
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Figure 4.4: Comparison between measured weight percentages and reference values
for tests and experiments conducted with the SCDT method (blue diamonds) versus
experiments conducted with silicate materials using the classical diamond trap method
(red circles and triangles). The black line represents the 1:1 line, i.e., perfect agreement
between measured and reference values.

The solubility of SiO; in the forsterite—enstatite—water system was measured at 1.0 GPa and
800 t0 900 °C. Our SCDT results agree with the Newton and Manning (2002) data within +21%
at 800 °C, and within -11% at 900 °C. In comparison, the results of our classical DT
experiments agree with the literature values within -31% at 800 °C, and within +7% at 900 °C.
A classical diamond experiment performed by Rustioni et al. (2021) at 1.0 GPa and 800 °C
resulted in 47% underestimation of the SiO. solubility, whereas Tiraboschi et al. (2018)
obtained an agreement within +5% at the same conditions. Again, run time is unlikely to be
responsible for the discrepancies, as our SCDT experiments were run for 4-5 hours, whereas
our classical diamond trap experiments were run for 8-10 hours, that of Rustioni et al. (2021)
for 20 hours, and that of Tiraboschi et al. (2018) for ~48 hours. Considering all experiments
and test runs, the new SCDT method produced results that deviate maximal 21% from the
reference values (average deviation 13%), whereas identical experiments using the classical
diamond trap method deviate by up to 56 % (average deviation 28%; Fig. 4.5). The large
negative deviations of some classical diamond trap experiments are unlikely to be caused by

short run times, because other classical diamond trap experiments of similar duration returned
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correct results and because the SCDT experiments lasted only half as long. We tried to avoid
unnecessarily long experimental run times, because this promotes the dissolution and re-
precipitation of minerals in thermal gradients and thus may cause positive deviations from
reference values. One advantage of the new SCDT method over the classical diamond trap
method is that it allows use of very high fluid/solid ratios. This facilitates the growth of large
crystals during the experiments and thus the determination of fluid—mineral partition
coefficients of trace elements. For example, we conducted a SCDT experiment with a crushed
eclogite as starting material and recovered large crystals of pyroxene, garnet and mica after a
run duration of only 15 hours (supplementary Figure A.1.1).
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Figure 4.5: Relative deviation (in %) of the measured weight percentages from the
reference values as a function of the absolute weight percentages. Blue diamonds
denote the SCDT method, whereas red circles and triangles denote the classical
diamond trap method.

4.4 Discussion

According to the results presented above the new SCDT method provides more reliable mineral
solubility data at high P—T conditions than corresponding data obtained with the classical
diamond trap technique in our lab. However, as with any experimental or analytical technique,
the results can be affected by a number of sources of uncertainty. In decreasing order of

estimated relevance these are: (1) temperature differences between the thermocouple and the
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diamond trap; (2) loss or addition of material from/to the holes during sample preparation after
the experiments; (3) fractionation effects during LA—ICP—MS analysis; (4) gains or losses of
alkalies during the melting procedure, (5) wrong assumptions made in the quantification
approach (e.g., regarding the density of the precipitates); and (6) day—to—day variations in the

sensitivity of the carbon relative to other elements.

Recent experiments to quantify temperature gradients within Pt capsules of piston cylinder
experiments revealed that with the standard 1/2" assemblies used at BGI (a talc-pyrex-
crushable Al,Oz assembly and a MgO—NaCl assembly; the latter being used in the present
study) temperature gradients between thermocouple and the center of the Pt capsule can easily
reach +50 °C, depending on how the graphite heater deforms during initial pressurization
(Audétat et al. 2020). A temperature offset of +50 °C at our experimental conditions results in
a Si0O2 solubility difference of £0.5 wt. % in the forsterite—enstatite—H>O system, and +1-3 wit.
% in the quartz—H>O system, corresponding to errors of 28 % and 14-43 %, respectively.

Loss or addition of material from/to the holes during sample preparation can occur due to shaky
hands. In addition, excess minerals may form within some holes due to dissolution—
reprecipitation in response to temperature gradients, or due to metastability effects during
heating (Keppler, 2017). However, in contrast to the classical diamond trap method, these
effects can be readily noticed in SCDT experiments by anomalous results obtained from certain
holes. Indeed, in five of our fifteen SCDT experiments some holes were strongly anomalous
and thus were not considered in the calculation of the average (see the calculations of
experiment SA31 in the supplementary material as an example). This is perhaps the biggest
advantage of the SCDT method over the classical approach, as each sample volume is clearly
defined, whereas in the classical approach it is up to the user how to choose the integration

intervals.

Our tests with mineral pigments and albite added to unheated single-crystal diamond traps
suggest that fractionation effects during laser ablation are small. In particular, the test with the
albite revealed an agreement with the theoretical values within 6%, which is a major
improvement compared to a similar test performed by Rustioni et al. (2021) with the classical
diamond trap, in which a discrepancy of a factor of two was noticed. The analyses of garnet,
epidote, tourmaline albite and silicate glass powders that were filled into the holes in the
diamond and subsequently melted in the presence of lithium tetraborate revealed SiO2, Al>Og,

MgO, FeOxot and TiO2 concentrations that generally agree within 1 wt. % with the compositions
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of the starting materials, except for Na,O and K>O, which in some tests were gained in
appreciable amounts (supplementary Tables A.1.3 and A.1.4).

The standardless quantification approach requires input of the density of the precipitates within
the holes after the experiment, and that of the solvent at run conditions. The former can only
be estimated. In our high P—T runs the bulk of dissolved matter was dominated by SiO». For
simplicity we thus assumed that the precipitates after the experiment consist of SiO> glass, and
that the density of SiO- dissolved in the fluid was the same as that of SiO> glass (although the
latter is not perfectly true, e.g., Hunt and Manning 2012). In this case the density of the solvent
corresponds to the density of H.O, which was calculated based on Saul and Wagner (1987).
Since the amount of dissolved matter in our high P—T runs was relatively low (<12 wt. %) the
calculated concentrations are rather insensitive to the assumptions regarding the density of the
precipitates and the density of dissolved matter in the fluid: changing the value by 30% causes
the calculated concentration of dissolved matter to change by only 2-3%. Finally, since the
standardless quantification is based on the carbon signal, which shows a high background value
(Fig. 4.3), day-to—day or within—day variations in the sensitivity of carbon relative to other
elements may represent another source of uncertainty. However, within 15 measuring days
spread out over 5 months we did not notice any systematic shift in the fictive carbon value of
the calcite that was required to obtain optimal agreement between measured concentration
values and the reference values. We thus believe that variations in the sensitivity of carbon do
not represent a large source of uncertainty in the SCDT approach, at least if the ICP—MS is

used in a similar fashion as in the current study.

4.5 Conclusions

Our newly developed SCDT method for studying fluid compositions in high-P and high-T
experiments offers the following advantages over the classical diamond trap approach:

* The use of spatially separated holes to retain the high-pressure fluids during quench allows a
more reliable testing of the reproducibility of solubility data. Outliers caused by growth of
minerals within certain holes during the run, or gain/loss of mineral precipitates during the
sample preparation can be readily identified and be excluded from the data set.

* At least in the present study the SCDT method produced better reproducible and more
accurate results than the classical diamond trap approach.

* Less element fractionation (i.e., test with albite)
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* No freezing stage is necessary to analyze the diamond trap.
* The method can (but does not necessarily have to) be used with very high fluid/solid ratios,
which promotes the growth of large crystals that are required to determine fluid—mineral

partition coefficients for mineral-incompatible trace elements.

The main disadvantages of the SCDT method are the following:

* Both the sample preparation before the experiments (drilling of diamonds; preparation of
inner capsules) and the sample preparation after the experiments (addition of Li2B4O7;
melting; filling of the residual space with epoxy) is more time consuming and requires clean,
careful handling without shaky hands.

» Compared to the classical diamond trap approach also the quantification procedure of the
LA-ICP-MS signals is more difficult and time consuming. On the other hand, the fact that
no internal standard in the fluid is necessary may prove helpful in experiments in which none
of the available elements behaves incompatibly enough to be used as internal standard.

* Alkalies may be gained or lost during the melting step.

» Finally, one needs to purchase single-crystal diamond plates. However, they cost only 10-20
€ each, depending where one buys them.

Overall, we believe that the SCDT method is a viable alternative to the classical diamond trap

method and provides reliable mineral solubility data in high P—T fluids.
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Abstract

To determine the factors that control the oxygen content of sulphide melt in the upper mantle,
sulphides were equilibrated with mantle peridotite assemblages, with varying FeO and NiO
contents, between 3 and 13 GPa and 1300 to 1819 °C. Carbonates were added as a flux and
oxygen fugacities were estimated for most of the experiments. Sulphide melt oxygen
concentrations were found to be in the range 0.2 to 3.7 wt. %, coexisting with silicate
assemblages with olivine Fe/(Fe+Mg) ratios between 0.04 and 0.25. Except in Ni-bearing
experiments, variations in the sulphur/metal cation ratio did not affect the sulphide melt oxygen
contents, which also appeared to be independent of oxygen fugacity. The silicate FeO contents,
temperature and pressure were found to be the main controls on oxygen contents. Nickel lowers
the oxygen content, although all Ni-bearing experiments produced sulphides with lower
sulphur/metal ratios, making it difficult to categorically separate the effect of Ni alone. A

preliminary geothermometer expression was developed based on the oxygen content of the
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sulphide melts and the iron oxide concentrations of coexisting olivine and orthopyroxene. With
this expression the experimental temperatures are reproduced to within 74 K for Ni-free
experiments and within 135 K for Ni- bearing samples. Using measurements of the oxygen
contents of sulphide inclusions of peridotite affinity in diamonds from the Lac de Gras
kimberlite field, a plausible average entrapment temperature of 1318+48 °C is calculated.
Mantle peridotite assemblages would be expected to contain sulphide melts with approximately

0.4 — 0.6 wt. % oxygen along a typical mantle adiabat down to 200 km depth.
5.1 Introduction

Base metal, iron-nickel sulphides are found as accessory phases in most upper-mantle rocks
and also form the most common inclusions in diamonds (Pearson et al., 1998; Richardson et
al., 2004; W. E. Sharp, 1966). Sulphides exert an important control over the distribution of
highly siderophile elements in the mantle (Kiseeva et al., 2017; Pearson et al., 1998; Z. Zhang
et al., 2018), are commonly employed in geochronology due to their high Re and Pb contents
(Harvey et al., 2016a; Pearson et al., 1999; Rudnick et al., 1993; Smit et al., 2016; Wiggers de
Vries et al., 2013), and are also, used to estimate mantle sulphur fugacities (Eggler & Lorand,
1993). Along a typical adiabat, mantle sulphides should remain molten, or at least partially
molten, up to pressures of 8 GPa, i.e. approximately up to 250 km depth (Bockrath et al., 2004;
Z. Zhang & Hirschmann, 2016). Some mantle sulphides found as inclusions in xenoliths have
textures consistent with them being molten at some point (e.g. Aulbach et al. 2004; Harvey et
al. 2016). Upon cooling, however, they undergo a relatively complex crystallisation process.
This starts with the crystallisation of (Fe Ni)1-x)S monosulphide solid solution (MSS) and ends,
after a series of crystallisation and exsolution reactions, with the formation of pentlandite
((Fe,Ni)eSs), chalcopyrite (CuFeS2) and pyrrhotite (Fe1-xS) (Bulanova et al., 1996; Harvey et
al., 2016a; Holwell & Mcdonald, 2010). It is often assumed that sulphide inclusions in diamond
were trapped as MSS, from which a similar sulphide assemblage forms through solid state
exsolution during cooling (L. A. Taylor & Liu, 2009). Geothermometry estimates for cratonic
geotherms and diamond formation yield temperatures mainly below the solidus of MSS (Shirey
et al., 2013; Z. Zhang & Hirschmann, 2016). The common occurrence of sulphide inclusions
in diamond, however, has led many researchers to propose a link between sulphide melts and
diamond formation, either through the provision of a carbon-saturated source or by acting as a
reducing agent for carbonate melts (Bulanova, 1995; Gunn & Luth, 2006; Palyanov et al., 2007;
Shushkanova & Litvin, 2008). Furthermore, some cratonic lithosphere regions appear to
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encompass conditions where sulphide melts would be stable (Ashchepkov et al., 2010; Shirey
et al., 2013; Z. Zhang & Hirschmann, 2016) and more Fe-metal-rich sulphide-bearing melts
certainly appear to have played a role in the formation of some sublithospheric diamonds (E.
E. Smith et al., 2016). The extent to which other components, such as Cu, O or H, may lower

MSS melting temperatures is also unclear.

One potential indicator for the initial entrapment of sulphide melt is the presence of magnetite
in recovered sulphide assemblages (Bulanova et al., 1996), which is an indicator of dissolved
O in sulphide melt. While oxygen appears to be slightly soluble in MSS at high temperatures,
concentrations are relatively low (<0.4 wt. % O) in comparison to sulphide melts (Graham et
al., 1987; Graham & McKenzie, 1987; Z. Zhang & Hirschmann, 2016). The 1 bar Fe-FeO-FeS
ternary eutectic melt, for example, contains approximately 7.5 wt. % oxygen and is essentially
a binary composition of 62 mol % FeS and 38 mol % FeO, with a melting temperature of 915
°C, i.e. approximately 270 °C lower than the FeS liquidus (Naldrett, 1969). In equilibrium with
silicate melts, sulphide liquid oxygen contents have been reported from approximately 1 to
over 10 wt. % (Boujibar et al., 2019; Brenan, 2015; Doyle & Naldrett, 1987; Terasaki et al.,
2005; Wendlandt, 1982). A number of factors are likely important in controlling sulphide liquid
oxygen contents such as pressure, temperature, foz, fs; and Ni contents (Doyle & Naldrett,
1987; Fonseca et al., 2008; Wendlandt, 1982). As yet, however, no model exists for
determining the O contents of sulphide melts in equilibrium with mantle assemblages. The O
content may be an important factor controlling the mobility and geochemistry of sulphides.
Oxygen exerts the main influence on the dihedral angle between sulphide melts and olivine,
such that high O-bearing melts may potentially form interconnected networks (Gaetani and
Grove 1999; Terasaki et al. 2005; Zhang et al. 2018). Kiseeva and Wood (2015) showed that
sulphide melt O contents also control the partitioning of many chalcophile elements with

coexisting silicate melts.

Although rarely reported, O contents of sulphide melts hosted by olivine xenocrysts range up
to approximately 16 wt. %, with samples showing O concentrations higher than around 4 wt.
% generally also showing signs of alteration (Alard et al., 2011; Aulbach et al., 2004b; Delpech
et al., 2012). Olivine is unlikely to be an inert container with respect to sulphide O contents,
however, which may well reequilibrate during ascent to the surface and cooling. Diamonds, on
the other hand, should provide a more unreactive host, as long as they remain crack-free.
Oxygen concentrations of sulphide inclusions in diamonds are rarely measured, however, either

because studies focus more on the sulphide trace element concentrations, or radiogenic

102



Chapter 5

isotopes, or because analyzing the bulk composition is challenging, due to the initially
homogeneous sulphides recrystallizing into the previously described phases on cooling
(McDonald et al., 2017). The presence of magnetite in diamond sulphide inclusion assemblages
has been reported, however, (Bulanova et al., 1996; Jacob et al., 2016) and measurements of
the bulk oxygen contents do exist. Davies et al. (1999, 2004) measured oxygen concentrations
in the range of 0.2 — 12 wt. % for sulphide diamond inclusions of both peridotitic and eclogitic
associations. Sulphide inclusion Ni contents are used to characterize this association as either
peridotite (>12 wt. % Ni), pyroxenitic (8—-12 wt. % Ni) or eclogitic (< 8 wt. % Ni) (Aulbach et
al., 2009; Deines & Harris, 1995; Yefimova et al., 1983). On the other hand, Bulanova et al.
(1996) found magnetite to be rare in sulphide inclusions within a suite of Yakutian diamonds
and, in what can be viewed as a cautionary note, observed that assemblages that did contain

magnetite appeared to be associated with cracks, implying an epigenetic origin.

In an attempt to clarify what factors may control the O contents of sulphide assemblages in the
mantle, and particularly under conditions where lithospheric diamonds may form, we have
performed high-pressure and high-temperature experiments on sulphide melts in equilibrium
with a peridotite assemblage. We examine how factors such as pressure, temperature, oxygen
fugacity, silicate iron oxide content, sulphide Ni content and metal/sulphur ratio influence the
O contents and, with the aid of further studies from the literature, we propose a preliminary
model for describing sulphide oxygen contents in mantle peridotite assemblages. Finally, we
also demonstrate that Mdssbauer spectroscopy could be used as a non-destructive method to
determine the O content of sulphide inclusions in diamonds, potentially while the inclusions
are still hosted in the diamonds (McCammon et al., 1997, 1998).

5.2 Methods

Starting materials were prepared using reagent-grade oxide and carbonate powders. The silicate
bulk composition employed is close to KLB-1 peridotite (Davis et al., 2009), but the FeO
content was varied between 8.1 and 17.6 wt. % (supplementary Table A.2.1). Each silicate
mixture was ground under ethanol in an agate mortar for 30—40 minutes and subsequently
reduced and decarbonated for 24 hours in a 1 atm CO:CO, gas mixing furnace using a Pt cage
at 1100 °C and an oxygen fugacity 2 log units below the Fayalite-Magnetite—Quartz buffer
(FMQ; O’Neill 1987).
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Sulphides were added to the silicate material as reagent grade FeS powder in a 30:70 weight
proportion of sulphide to silicate. In order to recreate natural sulphide inclusion compositions
Ni and Cu were added as metals (mixed with the sulphide) to some experiments. Additionally,
we added Ir metal powder as a redox sensor to calculate the oxygen fugacity of the experiments
(Stagno & Frost, 2010). In order to saturate the sulphide phase and have a coexisting Fe-Ir
alloy, the Ir content of some experiments had to be raised up to 5 wt. %. To promote equilibrium
between sulphide melt and silicate mineral phases, between 1 and 10 wt. % of either Mg(OH)>
or MgCO3z were added to most of the starting materials as a flux to stabilise the formation of a
silicate-bearing melt phase. Details of the starting mixtures employed in each experiment are
reported in Table 5.1.

Experiments were performed using a 1000 tonne and a 5000 tonne multi-anvil press. A Cr20s-
doped MgO octahedron pressure medium was used with an edge length of 18 mm. Stepped
graphite (<6 GPa) or LaCrOs (>6 GPa) resistive heaters were used inside a thermally insulating
sleeve of ZrO,. Samples were placed in a 2 mm outer and 1 mm inner diameter graphite or
single crystal MgO (above 8 GPa) capsule, with a 1.5 mm sample length, which was inserted
into the furnace inside an MgO sleeve. A type D (Wg7Res—W+7sRezs) thermocouple inserted
axially was in contact with a thin (~ 0.3 mm) MgO disk placed on the top of the sample capsule.
The MgO disk prevents damage to the soft graphite capsule by the thermocouple. The estimated
uncertainty of the temperature measurements due to the length of the sample is +50K (Rubie
1999; Hernlund et al. 2006). A sketch of the high-pressure assembly is given in the
supplementary Figure A.2.1.

Following the compression to targeted pressures between 3 and 13 GPa, samples were heated
up to target temperatures (1300 — 1819 °C) by increasing the electric power to the heater. When
using graphite capsules, experiments were first heated to 800—900 °C for 4 hours in order to
sinter the graphite capsules, before being raised to the target temperature. This step helps to
prevent the escape of sulphide melt during the experimental run. Run times of experiments at
target temperature ranged from 2-24 hours depending on the temperature. Details of the
experimental conditions are given in Table 5.1. The experiments were quenched by switching
off the electrical power to the heater and then decompressed overnight to room pressure.
Recovered samples were mounted in epoxy resin and ground and polished for chemical

analysis.
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Table 5.1: Summary of all experimental run conditions and products.

Run No. P OT Capsu_le — Startmg:.; materials tFlarere Coexisting phases °
(GPa) (°C)  material = silicate Sulphide Flux (hrs.)

H4662 3 1819%  Graphite A FeS, Ir(1) Mg(OH)»(1) 6 sul.,ol.,sil.

71761 5 17358  Graphite A FeS, Ir(1) Mg(OH)2(1) 2 sul, ol., opx., sil.

Z1775 5 1450 Graphite B FeS, Ir(2) MgCO3(10) 5 sul, ol., opx., sil.

Z1780 5 1450 Graphite B FeS, Ir(5) MgCO3(10) 5 sul., ol opx., sil., aly.

71788 5 1300 Graphite B FeS, Ir(5) MgCO3(10) 5 sul, ol opx., gt., aly.

71789 5 1600 Graphite B FeS, Ir(5) MgCO3(5) 5 sul, ol., opx., sil.

Z1793 5 15622  Graphite C FeS, Ir(5) - 5 sul., ol., opx., gt., sil., aly.

71864 5 1618*  Graphite D FeS, Ir(5) - 5 sul, ol., opx., sil., aly.

H4958 5 1600 Graphite B FeS, Mo, Cu, Ni  MgCOs(1) 5 sul,ol., cpx.

H4960 5 1480 Graphite B FeS, Mo, Cu, Ni  MgCOs(1) 5 sul., ol., cpx.

71960 5 1320 Graphite B FeS, Mo, Cu, Ni  MgCOs(1) 7 sul, ol., opx.

H5560-1 5 1500 Graphite B FeS, NiS(10) MgCOs(5) 5 sul,ol., cpx, sil.

H5560-2 5 1500 Graphite B FeS, NiS(50) MgCOs(5) 5 sul, ol., opx., sil.

H5561 5 1500 Graphite B NiS MgCOs3(5) 6 sul.,ol., opx, sil.

72207 5 1500 Graphite F FeS, NiS(50) - 24 sul., ol., opx., sil.

Z1778 7 1600 Graphite B FeS, Ir(2) MgCO3(10) 6 sul., ol., opx., sil.

71869 8 1700 Graphite C FeS, Ir(5) - 5 sul, ol sil.

71885 8 1500 Graphite B FeS, Ir(5) MgCOs(5) 5 sul,ol., opx., gt., sil.

71912 8 1300 MgO B FeS MgCO3(1) 10 sul, ol gt.

71915 11 1300 MgO B FeS MgCOs(1) 24 sul,ol, gt.

71999 13 1520 MgO E FeS, Ni - 12 sul., ol., cpx.

A, B, C, D - Silicate composition, modified KLB-1 after Davis et al. (2009) with variable FeO
content.

E — simplified olivine + clino-enstatite composition

F — Fe rich olivine (Mgo.7Fe0.3)2Si04 + 5 % SiO; starting mixture

Full details of A, B, C, D, E and F compositions are given in the supplementary Table A.2.1.
Numbers within brackets are added amounts (in wt. %) of Mg(OH). and MgCOs flux in
silicates, and Ir, NiS in FeS. Amount of added metals are ~1 wt. % of Mo, ~3 wt. % of Cu and
~20 wt. % of Ni in sulphide.

@ Temperatures were determined using olivine-melt-thermometer (Putirka, 2008; Putirka et al.,
2007) due to issues with thermocouple measurements during experiments.

b Sulphide melt-sul., olivine—ol., spinel-sp., clinopyroxene—cpx., orthopyroxene—opx., garnet—
gt., ferropericlase—fp., silicate melt-sil., Fe-Ir alloy-aly.

Chemical analyses were performed with a JEOL JXA 8200 electron probe micro analyser
(EPMA) in wavelength dispersive X-ray spectroscopy (WDS) mode. For silicate phases a 15
kV accelerating voltage and 15 nA probe current was employed. Sulphides and Ir-Fe alloy were
analysed with a 20 kV acceleration voltage and 20 nA probe current. Oxygen in the sulphides
was measured using a LDE 1 (Ka) crystal in the WD spectrometer. Counting times were 20 s
for major elements and 60 s for minor elements, with half of each counting time used for the

respective backgrounds. We used a focused electron beam to analyse the mineral phases, and
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a defocused beam with a diameter of 10 —30 pum for the sulphide and silicate melt, which
commonly show a spatially inhomogeneous quench texture. The beam diameter was varied for
different samples depending on the size of the quench textures. Standards employed were
natural silicate minerals and oxides for silicate analyses and pure metals and sulphides for
sulphide and alloy phases (supplementary Table A.2.2). In order to check the oxygen-free
background level, we performed analyses of freshly polished oxygen-free standards of FeSo,
pyrrhotite, Fe metal and FeSi alloy, following the methodology of Fonseca et al. (2008). In
contrast to Fonseca et al. (2008), however, we found background oxygen levels of 0.06 + 0.04
wt. % and so applied no correction to the oxygen analyses to account for an apparent oxygen
contribution from the background. We also analysed a series of secondary standards during
each session in order to ensure internal consistency. Matrix corrections were performed using
the “@p-z”” method for silicates, whereas the “ZAF” method was used for sulphide melt and

alloy phases.

A Mdssbauer spectroscopy measurement was performed on a mass of quenched sulphide melt
with a diameter of approximately 200 um separated from sample Z1778 (7 GPa, 1600 °C). The
biggest sulphide mass in the sample (approximately 200 um diameter) was liberated from the
rest of the silicate assemblage and mounted in epoxy resin. The separated sulphide was then
parallel polished to create a section that was approximately 100 um thick. A 25 pum thick Ta
foil was placed over the section with the sample exposed through a 200 um diameter hole. The
Ta foil absorbs more than 99% of the 14.4 keVV gamma rays, which acts as a collimator. A point
source Mossbauer spectrometer (McCammon et al. 1997; 1998) (specific activity >2000

mCi/cm?) was employed with a collection time of just over 6 days.

Transmission electron microscopy (TEM) measurements were also performed on a quenched
sulphide melt sample synthesized at 3 GPa and 1400 °C using similar methods as described
above (Sample number VV1045; Armstrong 2018). A thick section (~30 um) of the sample was
glued onto a 3 mm sized Mo grid and subsequently thinned to electron transparency using Ar
ion milling. The sample was observed in a 200 kV analytical transmission electron microscope
(ATEM, FEI Titan G2 80-200 S/TEM) equipped with an energy-dispersive X-ray spectrometer
(EDXS, Bruker QUANTAX silicon drift detector). For phase identification, selected area
electron diffraction (SAED), bright field TEM images, high angle annular dark field (HAADF)

scanning TEM images, and EDX element maps were obtained.
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5.3 Results

The experimental run products consisted of silicate mineral phases, mainly olivine and
orthopyroxene, quenched silicate melt and quenched sulphide melt. In some experiments an
Fe-Ir alloy was also present. A complete list of phases in each experiment is given in Table 5.1.
Olivine Fe/(Fe+Mpg) ratios (X2.) vary between the experiments from approximately 0.04 to
0.25. The iron contents of coexisting orthopyroxene are in excellent agreement with the

predictions of previous models (Von Seckendorff and O’Neill 1993), with the olivine -

orthopyroxene Fe-Mg exchange coefficient (K,° "9 = [X2} XyP*1/[Xp0™ XG4 1) showing
very little variation with either pressure or temperature over the conditions of this study.
Proportions of silicate melt fractions varied with temperature and with the amount of flux added
to the experiments. In most samples, silicate melt accumulated in the upper section of the
capsule but as shown in Figure 5.1-a, the capsule length was <1.5 mm so thermal gradients

were likely to be <50 °C (Hernlund et al., 2006; Rubie, 1999).

Quenched sulphides generally formed rounded melt globules, which become more irregular in
shape when surrounded by silicate minerals (Fig. 5.1-c). Quenched sulphide melts viewed in
backscattered electron images (Fig. 5.1-b) are heterogenous and contain regularly spaced
regions of a lighter grey, often elongated, sulphide phase separated by dark grey interstitial
oxygen-rich material. If sufficient Ir was added to the experiments an additional Fe-Ir alloy
phase formed, which can be distinguished from quenched alloy originally dissolved in the
sulphide melt because it forms euhedral crystals with sizes up to 30 um (Fig. 5.1-a). This alloy
phase was, nonetheless, generally always found in contact with blobs of sulphide melt (Fig.
5.1-a). To capture the average composition of the heterogeneously quenched sulphide melt
globules, they were analysed with a defocused beam, generally of 10-20 um diameter. By using
a defocused beam, average compositions of the quenched melts were obtained, with the choice
of beam diameter (10-20 um) depending on the grain size of the quenched crystals within the
sulphides. The same method was applied to the silicate melt analyses, where in some cases the
beam diameter was increased up to 30 um. Sulphide blobs smaller than 10 um were avoided
because they could potentially have re-equilibrated with surrounding silicates during
quenching (O’Neill et al., 1998). The standard deviation (1o) reported for each sulphide melt
composition is determined from the average of at least 14 but up to 69 individual melt analyses
(supplementary Table A.2.4). Carbon contents in sulphide melt have been measured by Zhang

and Hirschmann (2012) from experiments performed under similar conditions. They reported
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negligible C concentrations for sulphide melts with S contents >20 wt. %. Sulphur contents in
the present study were above 30 wt. %, so that the sulphide melts should not contain C, as

reflected by overall good totals of EPMA analyses.

20 pm

Figure 5.1: (a) Sample, Z1780 (5 GPa, 1450 °C), in a graphite capsule containing
sulphide melt globules within both quenched silicate melt and crystals of a subsolidus
peridotite assemblage. Ir-Fe alloy redox sensor is also present in some sulphide melts.
This is a composite of two back scattered electron images with different brightness and
contrast settings to show the textural characteristics of both silicate and sulphide
phases. (b) A quenched sulphide globule showing a typical quench texture with
crystallized sulphide (light grey), an interstitial oxygen-rich phase (dark grey), and
quenched Fe-Ir alloy (white). (c) Silicate grains of olivine and orthopyroxene
coexisting with quenched sulphide melt.

Sulphide melting relations are in good agreement with those of Zhang and Hirschmann (2016).
Experiments 21912 and Z1915 at 8 and 11 GPa and 1300 °C are likely subsolidus but their
oxygen contents actually agree with the resulting temperature trend. As shown in Figure 5.2,
the variation in excess O and S in the sulphide melts from this study, determined as the mole
fractions of S+O-M, where M is the total mole fraction of metal atoms, varied from 0.03 to
0.12, which is a similar range to that found in many sulphide inclusions in diamonds (Davies
et al. 1999; 2004). The highest sulphide oxygen concentration corresponds to 3.7 wt. % in
sample Z1864 from 5 GPa and 1618 °C. When the O/(O+S) ratio is examined, along with
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numerous other high-pressure studies from the literature, which also contained either
coexisting olivine or silicate melts, there appears to be no clear dependence of O content on
the excess anion content. Although some relationship probably exists, as seen in room pressure
studies (Fonseca et al., 2008; Kress, 1997) it appears not to be a dominant factor at least for
S+0-M>0. Although possibly arising from incomplete data coverage, it does appear that metal-
rich samples have generally lower O contents and certainly the Ni-bearing samples appear to
have consistently lower O contents, aside from a few outliers. Some of the Ni-bearing samples
extend to metal-rich values as a result of adding Ni to the experiments as metal rather than NisS.
This raises some uncertainty as to whether the low O contents may be related to high metal or
high Ni contents.

4 This study - 3 GPa A Kiseeva and Wood (2015) - 1.5 GPa
0.3 4 # This study - 5 GPa A Kiseeva and Wood (2015) - 1.5 GPa (Ni)
This study - 7-8 GPa © Kiseeva and Wood (2013) - 1.5 GPa
 Thisstudy - 11 GPa O Kiseeva and Wood (2013) - 1.5 GPa (Ni)
# This study - 5-13 GPa (Ni) O Terasaki et al. (2005) - 5-8 GPa
v Brenan (2015) - 0.9 GPa O Zhangetal. (2018) - 2 GPa
— 0.2 v Brenan (2015)- 1.5 GPa (Ni) O Zhanget al. (2018) - 2 GPa (Ni)
)
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Figure 5.2: The variation of excess anions (mole fractions of sulphur + oxygen — metal)
as a function of the normalized O content (expressed as oxygen/total anions) in
sulphide. This study filled symbols and literature data open symbols. Green symbols
(both open and filled) are Ni-bearing samples. Individual error bars are shown only for
this study, with a typical uncertainty for literature data indicated.

The use of graphite capsules and the presence of carbonate-bearing melts in many of the

experiments constrains the experimental oxygen fugacities to be below the enstatite-magnesite-
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olivine-diamond (EMOD) buffer, defined by the equilibrium MgSiO3 + MgCO3 = M@>SiO4 +
C + O). Dilution of the carbonate component of the melt by silicate components lowers the
fo, below EMOD. Using the expression given by Stagno and Frost (2010) the fo, can be
estimated from the melt CO> content (supplementary Table A.2.3), which can, in turn, be
approximated from the deficit in EPMA analysis totals (e.g. Stagno and Frost 2010). In four
experiments sufficient Ir was added to saturate the sulphide phase and force the existence of an
Ir-dominated alloy. The Fe content of this alloy is then sensitive to the oxygen fugacity
(Woodland & O’Neill, 1997), which can be accurately calculated using the equilibrium
2Fe>Si04 = 2FeSiOz+ 2Fe + Oz and employing thermodynamic data given in Stagno and Frost
(2010). All values are calculated relative to the FMQ buffer (Ballhaus et al., 1991) in order to

remove P and T effects.

Table 5.2: Summary of experimental results

A D R R A
H4662 3 1819 0.058(3) 0.06 0.08(1) 0.007(5) -4.0(4)
Z1761 5 1735 0.071(5) 0.067(4) 0.07(1) 0.008(4) -3.9(2)
Z1775 5 1450 0.11(1) 0.11(1)  0.09(2) 0.15(3) -2.3(1)
71780 5 1450 0.11(1) 0.11(1) 0.08(2) 0.14(3) 0.07(2) -2.0(3) -2.7(1)
71788 5 1300 0.14(2) 0.13(1) 0.07(2) 0.14(3) -1.8(1)

71789 5 1600 0.09(1) 0.08(1) 0.07(1) 0.04(1) -3.1(1)
Z1793 5 1562 0.19(3) 0.17(2) 0.19(5) 0.23(6) 0.05(2) -2.3(2) -2.9(2)
71864 5 1618 0.19(3) 0.17(2) 0.21(5) 0.30(9) 0.01(1) -2.9(3)  -3.5(4)
H4958 5 1600 0.13(1) 0.12 0.04(1)  0.36(4)

H4960 5 1480 0.17(2) 0.12(1) 0.03(1) 0.41(3)

Z1960 5 1320 0.14(2) 0.13(1) 0.04(1) 0.33(2)

H5560-1 5 1500 0.064(4) 0.17(4) 0.03(1)  0.14(1) 0.07(4) -2.7(3)
H5560-2 5 1500  0.059(4) 0.054(4) 0.02(1) 0.53(5) 0.08(1) -2.7(1)
H5561 5 1500 0.07(1) 0.065(4) 0.018(3) 0.73(5) 0.06(1) -2.8(1)
22207 5 1500 0.25(4) 0.21(3) 0.09(2) 0.36(4) 0.04(2) -3.0(3)
Z1778 7 1600 0.10(1) 0.09(1) 0.09(3) 0.09(3) -2.9(1)
71869 8 1700 0.07(1) 0.07 0.07(3) 0.08(1) -3.2(1)
71885 8 1500 0.10(1) 0.09(1) 0.07(1) 0.11(3) -2.7(1)
71912 8 1300 0.05(1) 0.05 0.017(2)

71915 11 1300 0.03(1) 0.03 0.01(1)

71999 13 1520 0.06(1) 0.06(1) 0.03(2)  0.26(1)

Notes. X8 and XE" are the molar Fe/(Fe+Mg) ratios of olivine and enstatite (enstatite values without

uncertainties are estimated); X355 and X5 are mole fractions of FeO and NiS in sulphide melt. Xl?ely

is the molar Fe/(Fe+Ir) ratio of Ir-Fe alloy. Xé‘(let is the mole fraction of CO; in the silicate melt

determined from the deficit in EPMA analysis totals. AFMQ is oxygen fugacity relative to the Fayalite—
Magnetite—Quartz buffer (O’Neill 1987) calculated using, A, Fe-Ir alloy and B, the concentration of
CO; in the silicate-carbonate melt (Stagno & Frost, 2010).
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It is interesting to note that in comparison to room pressure experiments (Fonseca et al., 2011),
much greater sulphide Ir contents are required to reach Ir-alloy saturation at 5 GPa. The
solubility of Ir in room pressure sulphide melt has been shown to depend on temperature,
sulphur fugacity and sulphide oxygen content but values are reported to be less than ~1 wt. %
at temperatures up to 1400 °C (Fonseca et al. 2011). At 5 GPa, however, our experiments show
that sulphide Ir concentrations varied between 3.8 and 19.9 wt. % at Ir-alloy saturation, which
implies an important role of pressure on the exsolution of noble metal alloys from sulphides.
The main cause of the Ir variation in the sulphide melt at these high-pressure conditions appears
to be an inverse relationship with the sulphide oxygen content, which varied between 3.7 and
1.1 wt. %. This is a similar but stronger oxygen relationship to that found at room pressure
(Fonseca et al., 2011). The mole fractions of Ir in the sulphide melt are still only ~ 0.05 at
maximum, however, and there is no indication that this Ir concentration significantly influences

the sulphide oxygen contents.

Oxygen fugacities calculated with both methods are reported in Table 5.2 and shown in Figure
5.3-a. Where both methods can be employed the carbonate-graphite equilibrium gives values
which are consistently around 0.6 log units lower, which probably reflects inaccuracies in the
CO2 concentration estimated using the EMPA totals due to the presence of absorbed water and
defects (Hughes et al., 2019). The experimental oxygen fugacities range from approximately
1.8 to 4.0 log units below the FMQ buffer, which is similar to the range obtained for the
majority of peridotite xenoliths from the subcratonic lithospheric mantle (Stagno et al., 2013)
and most likely covers the range relevant to diamond formation in the upper mantle. Within
this range, which spans over 3 log units together with the results of Brenan (2015), there is no
obvious dependence with the sulphide oxygen content. In contrast Kress (1997) and Fonseca
et al. (2008) found sulphide oxygen contents to increase quite strongly with log fo, at room
pressure conditions. In fact, the expression derived by Fonseca et al. (2008) for 1 bar sulphide
melt oxygen contents, predicts an order of magnitude increase in oxygen over an equivalent
range of fo., at constant fs; and temperature, as shown in Figure 5.3-a for a log fs> of -2 and a
temperature of 1500 °C. A possible explanation is that the effect of fo is subtler at high pressure
conditions and not apparent in Figure 5.3-a due to the fact that the data are not collected at
either constant fs; or temperature. Furthermore, as the foz in this study is in most instances
governed by the coexistence of graphite and carbonate-bearing melt, higher temperatures result
in generally lower foz, as the melt carbonate component becomes diluted. Consequently, it is

possible that effects of increasing temperature and decreasing fo> on the sulphide oxygen
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contents cancel out to a certain extent, although the same effect is likely to occur in the mantle
to some extent as volatile contents will always be diluted by silicate components at higher
temperatures. The main factor apparently governing the oxygen contents of the two samples

displaying the highest contents in Figure 5.3-a, however, is the FeO content of coexisting

olivine.
0.20 0.25
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Figure 5.3: (a) Experimental oxygen contents (mole fraction) in sulphide melts as a
function of oxygen fugacity normalized to the FMQ buffer. Experimental conditions —
this study P = 3-8 GPa, T = 1300-1819 °C; Brenan (2015) P = 0.9-0.5 GPa, T = 1200-
1300 °C. The curve is calculated from the 1 atmosphere oxygen equation of Fonseca et
al. (2008) at a constant log fsz of -2 and at 1500 °C. (b) Experimental sulphide oxygen
contents as a function of olivine molar Fe/(Fe+Mg) ratio. Uncertainties indicated are
lo.

A correlation between the O content of sulphide melts and the FeO concentration in coexisting
silicate melts has been previously reported (Boujibar et al., 2019; Kiseeva & Wood, 2013a,
2015). A broadly similar relationship can be observed in the results of this study when sulphide
O contents are plotted as a function of the iron content of coexisting olivine, as shown in Figure
5.3-b. The increase in Fe/(Fe+Mg) ratio from approximately 0.03 to 0.25 results in a clear
increase in the mole fraction of O in the sulphide melt from near zero to approximately 0.1.
The experiments of Terasaki et al. (2005), which were performed up to an Fe/(Fe+Mg) ratio of
over 0.5 are generally consistent with this trend. Nonetheless, for a given olivine Fe content
there is still a considerable scatter in sulphide oxygen contents at least between 3 and 11 GPa.
As will be seen, most of this variation can be explained by changing temperature. Previous

experimental studies have proposed that the presence of Ni reduces the O content of sulphide
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melts at otherwise comparable conditions (Boujibar et al., 2019; Fonseca et al., 2008; Kiseeva
& Wood, 2015), this is also apparent in the current results, as discussed later. As peridotitic
sulphide inclusions in natural diamonds have Ni contents in the range 12 to 60 wt. %, this effect

is important.

Analysing the O content of diamond sulphide inclusions is inherently problematic due to
potential heterogeneity in the distribution of oxides throughout the assemblage. One way
around this would be to first rehomogenise the inclusions at high-temperature before break-out
and analysis, following the procedure of McDonald et al. (2017). Another possibility would be
to find a technique that allows the mineral proportions in the sulphide assemblage to be

determined, ideally in a non-destructive manner before the diamond is even opened.

In order to test such a possibility a Mdssbauer spectroscopy measurement was performed on a
globule of quenched sulphide with a diameter of approximately 200 um separated from the
silicate melt of sample Z1778 (7 GPa, 1600 °C). The resulting spectrum of the Ni-free sulphide
assemblage is dominated by a magnetic sextet signal from FeS, but a signal from magnetite is
also clearly distinguishable (Fig. 5.4-a), from which a sample magnetite content of 8 + 2 wt. %
can be determined from the intensity ratios. This corresponds to an O content of 2.28 + 0.55
wt. % which is within the error of the average EPMA measurement for this sample of 1.70 +
0.49 wt. % (i.e. 6.16 = 1.78 wt. % magnetite). The EPMA O value is an average of multiple
analyses (30 points) distributed in several sulphide globules, whereas the Mdssbauer
measurement is from only a single globule. Thus, a level of inhomogeneity in the O
concentration contributes to this mismatch. In order to confirm that O is only hosted by
magnetite a TEM analysis was performed on another quenched sulphide assemblage, this time
Ni-bearing, produced in a similar experiment (V1045) conducted at 3 GPa, 1400 °C
(Armstrong, 2018). Selected area electron diffraction (SAED) and bright field imaging (Fig.
5.4-b), as well as high angle annular dark field imaging, and element maps (supplementary Fig.
A.2.2) show that O is indeed hosted by quenched magnetite, which is closely associated with
Fe-Ni alloy and surrounded by FeS. It is quite likely that the alloy and magnetite form from an
(Fe,Ni)O component during quenching. In a Mdssbauer spectrum metal alloy would contribute
to the sextet from FeS (e.g., Lehlooh and Mahmood 2002) and would not interfere with the two

outer lines of the magnetite sextet (e.g., Lyubutin et al. 2009).
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Figure 5.4: (a) Mdssbauer spectrum collected for sample Z1778 (Ni free). The sextet
in green is FeS and in blue is magnetite. (b) Bright field TEM image of a quenched
sulphide melt assemblage (V1045) containing magnetite and Fe-Ni alloy. Inset in b is
a selected area electron diffraction (SAED) pattern of magnetite.

Thus, Mdossbauer measurements provide an effective and non-destructive method for
determining the O concentration of sulphide assemblages. Although the current Mdssbauer
estimate has a large uncertainty, this could be reduced by using Synchrotron Mdssbauer Source
(SMS) spectroscopy, which has a much higher source flux (Potapkin et al., 2012; Riffer &
Chumakov, 1996). A high brilliance, small divergence beam would allow sulphide inclusions
as small as 1 um to be analysed for their magnetite, and therefore O, content while potentially
still trapped in the diamonds. Although concentrations of other elements such as Ni and Cu
would have to be determined independently, most likely through a chemical analysis of the
exposed inclusion. Such a study would provide an estimate of the variability in oxygen contents

among diamond sulphide inclusions.

5.4 Discussion

5.4.1 Thermodynamic model

In agreement with the results of Kiseeva and Wood (2015), an important control over the
sulphide oxygen contents in our experiments comes from the FeO content of coexisting

silicates. Given that at least at graphite saturation there does not appear to be a significant effect
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of oxygen fugacity, it seems appropriate to describe the variation in sulphide oxygen content
with the equilibrium:

Fe,Si0, FeSiO; FeO (5.1)
olivine ~ orthopyroxene sulphide melt :
and the corresponding FeQ distribution coefficient, Kp:
XSul . XOPX
b= ZFeO TFe (5.2)

(2’
where X4 is the mole fraction of FeO in the sulphide melt and XoP* and X§! are the molar
Fe/(Fe + Mg) ratios of orthopyroxene and olivine, respectively. The sulphide is described as
a mixture of the components FeS, FeS, and FeO, in addition to Fe and NiS and other minor
metal sulphides when necessary.

Figure 5.5 shows the dependence of Kp with temperature for the experiments in this study, with
potentially a minor dependence also on pressure. Ni-bearing data show a greater variability due
to the differences in Ni concentration. There are no previous experimental studies that we are
aware of, that report sulphide oxygen contents and coexisting olivine and orthopyroxene
compositions. However, both Terasaki et al. (2005) and Zhang et al. (2018) report sulphide
oxygen contents coexisting with olivine and using the relationship between olivine and
orthopyroxene Fe-Mg partitioning, we can estimate fictive orthopyroxene compositions. We
do this also for a few experiments performed in this study where melting resulted in the loss of
orthopyroxene from the solid assemblage. The study of Terasaki et al. (2005) was also
performed using graphite capsules and for the study of Zhang et al. (2018) we only plot data
where graphite capsules were employed, as it is possible that different oxygen dependencies
occur at significantly higher fo,. This compositional range, however, is at least consistent with
most sulphide inclusions reported for lithospheric diamonds (Davies et al. 1999; 2004).
Although most of the data from Terasaki et al. (2005) are in good agreement with the trend
from this study, even though they cover very large ranges of olivine Fe content, one data point
is an outlier and the data of Zhang et al. (2018) from measurements at 2 GPa are also in poor
agreement. It is difficult to understand how this variation arises, although one possibility might
be that it is difficult to achieve an equilibrium oxygen concentration in the sulphide in the

absence of a silicate-bearing melt phase in the experiments of Zhang et al. (2018).
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Figure 5.5: Distribution coefficient (Kp) dependence on experimental temperature.
The Kp of FeO between the sulphide and silicate assemblage, calculated using equation
5.2, corelates positively with temperature. Literature data from experiments performed
in graphite capsules.

We can describe the experimental Kp with a simple thermodynamic model where,

Sul . Opx
YFeo YFesio,

Ol

AG(yqq) = AH® — TAS® + AV(P — 1) = —RTInKp — RT In
YFe,sio,

(5.3)

where ys2b is the activity coefficient for FeO in the sulphide melt and AH®, AS° and AV are
the enthalpy, entropy, and volume changes, respectively, of the pure end members in
equilibrium 5.1. We assume a symmetric mixing model for both olivine and enstatite solid-

solutions, e.g.,
2
RT In VP = WPy (1 — Xp2™) (5.4)

where WOIC_’X is a Margules interaction parameter. We find good agreement to the Fe-M
Fe—Mg g p g g g

partitioning data between olivine and orthopyroxene with interaction parameters for the two
phases of 2000 and 1000 J/mol, respectively, on a single site basis (supplementary Fig. A.2.3).

116



Chapter 5

The Fe-Mg partitioning data are in very good agreement with previous work (von Seckendorff
and O’Neill 1993).

We examined different models for y§%. Initially the effect of Ni was ignored and a simple

binary mixing model was used that assumed the sulphide melt was simply a mixture of FeO
and FeS i.e.,

RT In YFSelg = Fség—Fes(l _ngg) : (5.5)

The value of Wi% .. was obtained by performing a least-squares fit to the Ni-free
experimental data of this study, while simultaneously fitting AH°, AS° and AV in equation 5.3.
No improvement in the quality of the fit was obtained by considering the presence of an FeS»
component in the liquid and extending the mixing model to that of a symmetric ternary. To

include the effects of Ni, however, a symmetric ternary model was employed i.e.,

Sul _ 14/Sul Sul \2 Sul Sul}2 Sul \ ySul
RT InYiso = Wreo—res(1 — Xp60) + Wreo-nis(XRis) + (1 — X3e0)XRis ¥
(WES _pes + Winb_nis — Wins_nis) (5.6)

where the first term is taken from the fit of equation 5.5. Ni-bearing data where S+O-M was
significantly below zero were not included in the fitting to ensure that we only consider the
effect of Ni, rather than the S/M ratio, which limited the Ni-bearing data to only four data points
(H5560-1, H5560-2, H5561 and Z1999). The Ni data were then fitted to obtain W% _ges.

Attempts to fit Wi _y;s always returned a value of zero. Figure 5.6 shows the value of AG°
calculated for each experimental data point using equation (5.3) and the terms given in Table
5.3. The resulting fitting of these data using the values of AH°, AS° and AV given in Table
5.3 is shown calculated at 3 and 11 GPa in Figure 5.6.

Table 5.3: Thermodynamic model parameters

Parameter Value

Weol g 1.0 + 0.3 kJ/mol
Win-mg 2.0 0.2 kd/mol

AH -37.4 + 8.3 kd/mol
AS -25.08 £ 1.4 J/mol/K
AV -0.51 +0.02 kJ/GPa

WSS ces 14+4Kk)
Wl s 2.8+0.3kJ
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Although the majority of the Ni-bearing data were not used in the fitting due to the data
extending to values of S+O-M that were significantly less than zero, in Figure 5.7-a, it can be
seen that when the resulting model is compared with these data and with those from the study
of Zhang et al. (2018), there is a generally good agreement. However, it should be noted that
here again there are multiple outliers, which are in poor agreement with the model and for

which no explanation can be currently found.
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Figure 5.6: Calculated AGg,, 4y of all experiments plotted as a function of the

temperature. The lines show the P and T dependent fit of equation 5.3. Uncertainties

calculated from the 1o errors on the X534 determinations.

By substituting equations 5.2 and 5.6 into equation 5.3 and rearranging, we can obtain an

expression for the temperature in terms of pressure, X8), Xor™ Xsiband XN i.e.,

0 0 ] 112 Sul sul}2
T = Weeomg(1 = Xge )? + Wigo—res(1 — XRe0) ™ + Wreo—nis(Xiis
1 1 1 1 1 1\2
+ (1 — X350) Xnis ( Wiso_res + Wino-nis) — 2Wie-mg(1 — X5e)” — AH®

— AV * P}/{—AS° — 8.314In (X5 Xpr*/ (Xen)?)} (5.7)

where T is in K and P in GPa. For convenience Xo"* can be replaced by (0.0039+0.8833X2)).

In Figure 5.7-b the temperature calculated using this equation is compared to the experimental
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temperatures. For the Ni-free experiments the largest deviation between the model and the
experiments is 74 K, while for the Ni-bearing samples the highest deviation among the low
S+0-M samples is 135 K, although this sample is from the highest pressure investigated of 13
GPa. The largest uncertainty arises from the sulphide oxygen contents, with typical
uncertainties of approximately 80 K. However, when sulphide oxygen contents drop below 1
Wt. %, i.e. X510 < 0.05, which corresponds to samples with low olivine Fe content (Fe/[Fe+Mg]
<0.05), uncertainties start to rise and approach 300 K as O contents reach approximately 0.2
Wt %, i.e. X540~ 0.01. Much of the variation in the oxygen standard deviation arises from the
inhomogeneity of the oxygen distribution in the samples, which is an inevitable consequence
of analysing samples that crystallise on quenching. Uncertainties arising from the olivine or
enstatite chemical compositions are small and at most 20 K and similar to assuming a pressure

uncertainty of 1 GPa.

3.0 2300
¢ This study - 5 GPa a ¢ 3GPa
+ This study - 5-13 GPa 200 * 5GPa
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Figure 5.7: (a) Distribution coefficients (Ko — equation 5.2) as a function of Ni mole
fraction in sulphide melt. Diamonds with red outline indicate data from this study
between 5 and 13 GPa, 1400-1600 °C, that were used in the fitting procedure due to
having S+O-M greater than or close to zero. Other Ni-bearing data with S+O-M<0 are
shown in green. Small black squares are from Zhang et al. (2018) experiments at 2 GPa
and 1400 °C. The black curve is calculated from the model at 5 GPa and 1500 °C.
Uncertainties reported are 2c. (b) Comparison between the experimental temperatures
and those calculated using equation 5.7. Only Ni-bearing data where S+O-M close to
0 are plotted. Uncertainties are propagated from the errors on the sulphide melt FeO
contents.

The effect of Ni introduces a large uncertainty because only data points with quite low Ni
contents have S+O-M values close to or above zero. This appears to be also the case for the
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majority of literature data, as shown in Figure 5.2, i.e. whenever Ni is added to such
experiments, the excess metal cation content increases. This seems to have little to do with the
way Ni is added to the experiments as we also added Ni as NiS. Although the model reproduces
the O concentrations of samples with higher Ni contents, there is considerable scatter and some
uncertainty remains as to whether the Ni or the excess metal cation content controls the O
concentration. Sulphides in diamond inclusions do not show the same relationship between Ni
and excess metal content as seen in the experiments (Davies et al. 1999; 2004). If we make the
rather extreme alternative assumption that Ni does not affect the O content at all for samples
with S+O-M>0, then for a sulphide with Ni/(Ni+Fe) ratio of 0.5 the temperature calculated
with equation 5.7 would change by approximately 250 K.

5.4.2 The variation in oxygen content of sulphide melts in the mantle

We can use our model to calculate the O concentration that we expect for a sulphide melt in
equilibrium with peridotite along a typical mantle adiabat within the top 200 km of the mantle.
The main factor affecting the change in O content with depth is the sulphide Ni concentration,
which can be determined from the sulphide-olivine Fe-Ni exchange experiments of Zhang et
al. (2018). Zhang et al. (2018) propose a series of equations to describe this exchange, which
results in the mantle sulphide Ni/(Ni+Fe) ratio reaching a maximum of approximately 0.65 at
a depth of around 100 km and then subsequently decreasing to a value of approximately 0.3 at
around 180 km. Zhang et al. (2018) proposed that the Ni/(Ni+Fe) ratio decreases as a result of

a decrease in the fo, of the mantle and approaches 0.3 as the mantle fo. approaches AFMQ-3.

Figure 5.8 shows the sulphide O concentrations in wt. % calculated for a bulk silicate Earth
composition (McDonough & Sun, 1995) along a 1320 °C mantle adiabat, using the mantle
oxygen fugacity profile of Stagno et al. (2013), which results in a mantle fo, of AFMQ -3 at
approximately 230 km. The curvature results purely from the change in sulphide Ni
concentration and although it might appear that the O content would rise further, beyond this
depth the metal cation content of the sulphide is likely to increase as the mantle fo. is projected
to drop further (Z. Zhang et al., 2018) and the O model developed here may no longer be valid.
For comparison, the dotted line in Figure 5.8 shows the O content if the Ni effect is ignored,
which provides a prudent estimate of the uncertainty. Over this depth interval, typical peridotite
rocks would not be expected to contain sulphides with oxygen contents greater than

approximately 0.5+£0.3 wt. %. At depths shallower than 100 km, graphite is likely exhausted
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from a typical mantle assemblage (Stagno et al., 2013) and our model may also not hold at the
resulting higher oxygen fugacities, potentially explaining higher oxygen contents in sulphide
melts found inside olivines from some mantle xenoliths (Aulbach et al., 2004b). Although the
variation in sulphide oxygen contents throughout this depth range is small, the results of
Kiseeva and Wood (2015) imply that even this change would have a significant effect on the
partitioning between sulphide and silicate melts of elements with high charges in the silicates
such as Ga and Ge.
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0.8 froemerme
S
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Figure 5.8: Variation in sulphide melt oxygen contents in equilibrium with mantle
peridotite. Depth variation is mainly due to changing Ni concentrations in sulphide
(dashed curve) due to partitioning with olivine. The dotted curve shows the same
calculation if the Ni in sulphide is ignored. The calculation is made along a 1320 °C
mantle adiabat, with the mantle fo, decreasing with depth to reach FMQ -3 at
approximately 230 km depth (Stagno et al. 2013). In the shaded area (<100 km depth)
graphite may no longer be stable (Stagno et al. 2013) and the higher oxygen fugacities
could lead to higher oxygen concentrations in sulphide melts.

5.4.3 The interpretation of oxygen contents of natural sulphide assemblages

Although the experiments in this study were performed principally to determine the factors

important in controlling mantle sulphide O contents, we can use the model described above to
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interpret variations in sulphide O contents reported for natural samples. The best measurements
of mantle sulphide O contents should come from inclusions in diamond, which are not only
chemically isolated but also have an upper-limiting constraint on the oxygen fugacity imposed
by carbon saturation, as in our experiments. Unfortunately, analyses of such inclusions rarely
include O contents, and in some instances do not even report sulphur contents, which are
instead often determined by stoichiometry (Aulbach et al., 2009; Westerlund et al., 2006).
Many studies simply dissolve sulphides broken out of diamonds in order to perform Re-Os age
determinations. Nevertheless, a few sulphide inclusion O contents have been reported from
diamonds recovered from the Lac de Gras kimberlite field (central Canadian Slave Craton;
Davies et al. 1999; 2004). Oxygen contents range from 0.27 to 12 wt. % in these sulphides,
which have been divided into both peridotitic and eclogitic parageneses, based on their Ni

contents.

There are significant uncertainties in using published sulphide inclusion O concentrations. It
cannot be determined, for example, whether cracks have exposed the inclusions to post
entrapment alteration. Furthermore, the assemblage may have been coarse grained, making a
determination of the average composition difficult, as surfaces may not represent bulk
compositions. Taken at face value, however, the published O concentrations are those expected
for sulphide liquids rather than MSS. The range is also consistent, in a qualitative fashion, with
our experimentally produced sulphide melts, apart from two samples with oxygen contents
above 4 wt. %, which may well have been oxidized post entrapment (Aulbach et al., 2004b).
In order to apply our model to the peridotitic samples of Davies et al. (1999; 2004) we assume
the sulphides were in equilibrium with mantle rocks of a particular olivine Fe content, adding
further uncertainty. Olivine inclusions are also found in the diamonds studied by Davies et al.
(1999, 2004), with Fe contents of X% = 0.075+0.01. This quite narrow range is in good
agreement with measurements made on mantle xenoliths from the central Slave Craton
(Kopylova & Caro, 2004) and corresponds to a temperature uncertainty from equation 5.7 of
100 K.

As shown in Figure 5.9 many high Ni peridotite-associated inclusions (NiS > 0.6) give
calculated temperatures at 6 GPa, which are unrealistically high. However, based on the
expected Ni-Fe exchange coefficient between olivine and sulphide melt (Z. Zhang et al., 2018)
these sulphides have Ni concentrations too high to be in equilibrium with typical peridotitic

olivines, such as those found as inclusions in the same diamonds or in xenoliths from the Slave
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craton lithosphere. The high Co contents (up to 14.7 wt. %) of several of these inclusions also
imply dis-equilibrium with typical mantle assemblages. If the O concentrations are reliable,
then the anomalously high temperatures calculated were in equilibrium with mantle rocks
enriched in both Ni and Fe. No experiments performed have accessed the compositions and
conditions required to produce the simultaneously high Ni and O contents of these samples and
contrary to Ni-rich experiments, the inclusions all have positive values of S+O-M. The

inclusions may, therefore, have fractionally crystallized from sulphides that were far from
equilibrium with mantle silicates.
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Figure 5.9: Equilibration temperatures calculated (equation 5.7) from oxygen
concentrations reported in natural sulphide inclusions in diamonds from the Slave
Craton, Canada (Davies et al. 1999; 2004) as a function of (a) oxygen concentration
and (b) mole fraction of NiS, in sulphide inclusions.

Five peridotitic sulphide inclusions reported by Davies et al. (1999; 2004) do have Ni contents
close to what would be expected for typical mantle, however, (Zhang et al. 2018) and although
one of these gives an anomalously high temperature (1825 °C), the other four give a narrow
range of temperatures with an average of 1318+48 °C. This is plausible for lithospheric
diamond formation (Nimis, 2002; Stachel & Harris, 2009), is above the nominal FeS solidus
(Z. Zhang & Hirschmann, 2016), and also agrees with the upper temperature limit obtained by
Davies et al. (2004), using garnet-clinopyroxene inclusions in the same diamonds, which yield
temperatures between 1040 and 1300 °C (Ellis & Green, 1979).

Half of the sulphide inclusions reported by Davies et al. (1999; 2004) are of eclogitic
paragenesis and experiments in eclogitic compositions would be required to interpret the O

contents of these samples. However, although our model cannot be applied directly to such
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assemblages, we can very tentatively calculate fictive olivine and opx iron contents using a
model for olivine-garnet Fe-Mg exchange (O’Neill & Wood, 1979) and then apply our model.
Eclogitic garnet inclusions from the same diamonds have an average Fe/(Fe+Mg+Ca) ratio of
0.30 £ 0.04, from which an equivalent olivine Fe/(Fe+Mg) ratio of approximately 0.20 + 0.08
can be calculated, depending on temperature. When this fictive assemblage of olivine and opx
is combined with the O contents of the eclogitic sulphide inclusions, a narrow range of
entrapment temperatures is calculated, 978 +50 °C, which is close to the minimum temperature
of entrapment of 1040 °C determined by Davies et al. (2004) using garnet-clinopyroxene
inclusion pairs. This temperature is, however, below the FeS solidus and would require an
additional sulphide component, such as H.O or H. (Shibazaki et al., 2011; Wykes &
Mavrogenes, 2005), to further depress the melting temperature. To get temperatures compatible
with the FeS solidus would require the silicate assemblage to have an FeO content similar to

peridotitic values.
5.5 Summary and Conclusions

In order to understand the factors that control the O concentration of sulphide melts in the upper
mantle, sulphide liquids were experimentally equilibrated with mantle peridotite assemblages
with varying FeO and NiO contents at P, T conditions between 3 and 13 GPa and from 1300
to 1819 °C, mainly in graphite capsules. Carbonates were added as a flux, which allowed
oxygen fugacities to be estimated from the concentration of CO; in the resulting carbonate-
silicate melts in equilibrium with graphite (Stagno et al. 2010). In some experiments, an
additional saturating Ir-Fe alloy was added to provide fo, determinations from the proportion
of iron in the alloy. Sulphide O contents varied from 0.2 to 3.7 wt. %, which is in qualitative
agreement with the range reported for some sulphide inclusion assemblages in diamonds
(Davies et al. 1999; 2004). The resulting silicate assemblage comprised mainly olivine and
orthopyroxene with olivine Fe/(Fe+Mg) in the range 0.04-0.25. Neither variation in the sulphur
to metal ratio nor foz, over a range from 1.8 to 4.0 log units below the FMQ buffer, appear to
influence the sulphide melt O content. Rather, the FeO content of coexisting silicates and the
temperature and pressure appear to be the main controlling factors. Further experiments show
that Ni appears to lower the oxygen content of sulphide melts, although all Ni-bearing
experiments, and those in the literature, also show a decrease in the sulphur/metal ratio as Ni

is added that is hard to separate from the effect of Ni alone and thus causes some uncertainty.
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A thermodynamic model was developed based on the exchange of FeO between olivine,
orthopyroxene and sulphide melt (equilibrium 5.1). The calculated standard state Gibbs free
energy AG° for equilibrium (5.1) shows a clear correlation with temperature and pressure. The
decrease in O with sulphide Ni content is accounted for through the inclusion of a non-ideal
FeO-NiS interaction parameter. The resulting relationship reproduces the experimental
temperatures +74 K for Ni-free experiments and +135 K for Ni- bearing samples. The increased
uncertainty for the Ni-bearing data may be an indication that other factors such as the
sulphur/metal ratio may also influence the O content. Applying this model, the expected O
contents of sulphide melts in equilibrium with typical peridotite along a mantle adiabat between
100 and 200 km depth is determined to be in the range 0.4-0.6 wt. %.

Temperatures can be estimated for a series of peridotitic sulphide inclusions in diamonds from
the Lac de Gras kimberlite field (Davies et al., 1999, 2004), from their O contents using our
thermodynamic model. It is assumed that the inclusions were in equilibrium with a silicate
assemblage with an olivine Fe/(Fe+Mg) ratio of 0.075+0.01, which is the average value of
olivine inclusions found in the same diamonds and is typical for these xenoliths (Davies et al.
1999, 2004; Kopylova and Caro 2004). A group of peridotitic inclusions with NiS mole
fractions < 0.6, give plausible temperatures (1318+48 °C) for lithospheric diamond formation.
Unrealistically high temperatures are found for other inclusions, however, which have NiS
mole fractions >0.6, which is higher than expected for sulphides in equilibrium with peridotites
with typical mantle Ni concentrations (Zhang et al. 2018). These sulphides have much higher
than expected O contents and may have equilibrated with silicates with very high Ni and Fe
contents or fractionally crystallised from sulphide melts that were no longer in equilibrium with

mantle silicates.

Temperatures for eclogitic sulphide inclusions in diamonds from the same locality were
calculated by using Fe-Mg partitioning data to calculate fictive olivine and orthopyroxene iron
contents assuming a typical eclogitic garnet iron content. These calculations result in
entrapment temperatures, 978 £50 °C, far below the sulphide solidus temperature, although
other components such as Hz or H2O may have lowered the sulphide solidus or these inclusions
were in equilibrium with assemblages with lower iron contents, i.e. more similar to peridotites,

that would yield temperatures above the sulphide solidus.

The model produced here is preliminary and further work is required to ensure that the effect
of Ni on the O contents has been suitably described, for which it would be necessary to produce
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Ni-bearing sulphide assemblages that do not also have low sulphur/metal ratios. Although the
temperatures calculated for some sulphide assemblages from diamonds appear reasonable, this
could simply be a coincidence and the inclusions themselves may contain O as a result of post
entrapment (epigenetic) alteration or the O analyses might not be representative of the entire
inclusion as a result of a heterogeneous distribution of phases. Therefore, perhaps the most
important further step would be to study sulphide inclusions to determine whether the O
contents are epigenetic, to examine if they are captured melts or fractionally crystallised
products from melts and to obtain representative O analyses. Mdssbauer spectroscopy is shown
to be a useful non-destructive method to determine the O content in sulphide inclusions.
Synchrotron source Mossbauer spectroscopy, in particular, could be used to obtain at least a
first approximation of O contents for many sulphide inclusions, potentially while they are still

trapped inside the host.
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Abstract

We have performed in situ time-of-flight neutron diffraction experiments to examine the uptake
of deuterium in iron monosulphide at pressures up to 11.4 GPa and temperatures to 1300 K,
using a multi-anvil device installed at a spallation neutron source. A D> fluid was formed in
the experiments through the decomposition of ND3BDs3, resulting in an oxygen fugacity,
measured in parallel experiments, of approximately 1.2 log units below the iron-wistite buffer.
Deuterium positions and site occupancies were determined for the pyrrhotite polytype, referred
to as FeS V, at high pressure and temperature conditions using Rietveld refinements of the
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powder diffraction patterns. Our structural model indicates that two normally unoccupied sites
in the P63/mmc FeS V structure, at Wyckoff positions 6h and 4f, are partially occupied by D
atoms, with the latter being more dominant. The total D site occupancy (x) in FeSDx increases
with both pressure and temperature over the experimental conditions explored, from 0.148(10)
at 2.3 GPa and 787 K to 1.25(5) at 9.7 GPa and 1300 K. The unit-cell volume expansion per
deuterium atom is found to be 1.53 + 0.16 A% at 6.9 GPa and 960 K, which is smaller than has
been determined for deuteration of metallic iron phases at similar conditions. The variation in
unit-cell volume indicates that most deuterium is lost from FeS V upon temperature quenching
at high-pressures. By fitting the obtained FeS V deuterium site occupancies to a
thermodynamic model, estimates for the hydrogen contents of iron monosulphide at conditions
and oxygen fugacities consistent with the base of the cratonic lithosphere can be made that are
in the range 17002700 ppm.

6.1 Introduction

Iron-nickel-rich mono-sulphides are found as accessory minerals in almost all mantle rocks
and sulphide melts were also an important core-forming component during planetary
differentiation (Harvey et al., 2016b; O’Neill, 1991; Rubie et al., 2016). Based on the
depression of the FeS melting point, and in situ X-ray diffraction measurements of the unit-cell
volume of FeS mineral phases, it has been proposed that iron sulphide minerals and melts can
both dissolve a significant concentration of hydrogen (Piet et al., 2021; Shibazaki et al., 2011).
This might be relevant to a number of planetary scenarios. Recent analyses of InSight seismic
measurements, for example, are consistent with a lower than expected density for the Martian
core (Stahler et al., 2021), too low, in fact, to be explained by the presence of sulphur as the
only light alloying element, due to its limited cosmochemical abundance. This raises the
possibility that hydrogen may also be present in a sulphur-rich Martian core. The highly
siderophile element concentration of the Earth’s mantle has been proposed to have also been
established, in part, through the late stage separation of iron sulphide-rich melt to the core
(Kiseeva & Wood, 2013b; Laurenz et al., 2016; O’Neill, 1991; Rubie et al., 2016; Wood &
Halliday, 2005). If this melt were also to have removed hydrogen from an initially slightly
water-bearing magma ocean, this might potentially explain how the Earth’s mantle became
more oxidised towards the end of core formation (Delano, 2001; Kasting, 1993), through the
reaction (Ringwood, 1977; Z. D. Sharp et al., 2013),
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H20 + ZFeO = Fe203 + HZ (61)

Furthermore, iron sulphide minerals and melts might be important hosts for hydrogen in the
mantles of the Earth and other planetary bodies. To clarify these possibilities, it is necessary to
examine how hydrogen partitions between sulphides and silicate phases under different mantle

conditions, and most importantly under different oxygen fugacities.

A critical obstacle in the study of hydrogen in high pressure and temperature fractionation
processes, is that melt and mineral phases do not necessarily preserve hydrogen in quenched
products recovered for analysis at ambient conditions. Mantle partial melt compositions, for
example, can no longer be quenched to glasses in conventional high-pressure experiments
performed above 3 GPa (Bondar et al., 2021; Tenner et al., 2009). This makes the analysis of
hydrogen species unreliable because the quenched crystallised products do not necessarily
retain the volatile inventory of the melt, either because the solubility is lower in the products
or due to kinetic limitations causing fluid formation during quenching. This is compounded in
studies on the behaviour of hydrogen during core formation processes, because metallic iron-
rich melts not only crystallise on quenching but hydrogen is also lost from the quenched metal
and hydride phases during recovery to room pressure (Antonov et al., 1998; Fukai & Suzuki,
1986; lizuka-Oku et al., 2017; Okuchi, 1997). Sulphide minerals and melts are likely similar
in this respect and may not preserve their high pressure and temperature hydrogen contents
upon recovery to room temperature, at least above an as yet undetermined threshold.

There are several approaches that have been used to address the problem of hydrogen loss from
metallic melts. Recent metal-silicate melt hydrogen partitioning experiments were performed
with low bulk hydrogen contents (< 1000 wt. ppm H2), assuming that the recovered quench-
crystallised products retained hydrogen to ambient conditions, as a result of the concentrations
being below the threshold where hydrogen would be lost from the products (Clesi et al., 2018;
Malavergne et al., 2019). This may well be the case, but would be more convincing if the
retention threshold were known and could be demonstrated to reproducibly preserve the melt
concentration. Another possibility is to rapidly decompress and then quench hydrogen-bearing
iron-liquids and estimate the initial hydrogen concentrations from the volume of the exsolved
bubble network (Okuchi, 1997). This method suffers some uncertainties that are hard to gauge,
such as those arising from the exact conditions, and therefore gas volume, at which exsolution
occurs or the possibility of hydrogen loss without bubble formation. A final possibility is to

qguench metallic liquids at high-pressures and determine the hydrogen contents through in situ
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methods before the pressure is removed (Tagawa et al., 2021). Such measurements use X-ray
diffraction to estimate the metal hydrogen contents from the expansion in the unit cell volume,
compared to hydrogen-free samples. Because hydrogen is essentially invisible to X-rays, this
requires a calibration, using an independent method, for the effect of hydrogen on the unit cell

volume of the solid phase in question.

From this discussion it is clear that a first step in understanding the hydrogen contents of metal
and sulphide liquids is to be able to determine the hydrogen contents of sub-solidus phases.
This is also required for the thermodynamic treatment of the effect of hydrogen on melting and
provides information on the potential storage of hydrogen by such phases in planetary mantles
and inner cores. In this study in situ time-of-flight (TOF) neutron powder diffraction
measurements have been performed on samples of NiAs-type FexS, (i.e. the FeS V structure
as defined by Urakawa et al., 2004), at pressures between 2.3 and 11.4 GPa and temperature
up to 1300 K, in order to quantify the position and solubility of deuterium in the crystal
structure. NiAs-type Feu-xS, a polytype of pyrrhotite, remains the subsolidus mono-sulphide
phase in the Fe-S system, throughout conditions of the upper mantle and transition zone
(Shibazaki et al., 2011; Urakawa et al., 2004). The experiments are performed in a multi-anvil
press installed at the J-PARC spallation neutron source in Japan. Atomic positions and site
occupancies of deuterium in the FeS V structure are determined through Rietveld structure

refinements.
6.2 Methods

6.2.1 Sample assemblage

High pressure and temperature experiments were performed using two cubic assemblies with
(cubic) edge lengths (CEL) of 15.0 mm and 10.5 mm, for experiments at P <7 GPa and P > 7
GPa, respectively. The starting material was a cold pressed cylindrical pellet of FeS powder
(99.9% pure troilite — from “Chempur”) with a height of either 5 or 4 mm depending on the
size of assembly used. This was placed between two deuterated ammonia borane (ND3BD3)
pellets, either 1.0 or 0.7-mm thick, and loaded into a NaCl capsule, with an inner diameter of
either 3 or 4 mm. The capsule was closed with a 1 mm thick disk of NaCl. The NaCl was also
used for in situ pressure measurements. The pellets of ND3BD3s undergo thermal decomposition
into BN and D2 upon heating above approximately 600 — 800 K at high-pressure (Nyin et al.,
2009). Deuterium has a much higher scattering length/power (bound coherent scattering length
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= 6.67 fm) than hydrogen (-3.74 fm), and smaller incoherent scattering (Dawidowski et al.,
2013; Sears, 1992), resulting in a better signal to noise ratio in the collected diffraction patterns.
At the same time, it is expected that D and H have similar solubilities in the FeS structure.
NaCl is known to be an effective material for confining hydrogen at high P and T (Fukai et al.,
2003; Machida et al., 2014; Sakamaki et al., 2009; Shibazaki et al., 2011). The capsules were
placed inside a cylindrical graphite heater with graphite lids on the top and bottom which in
turn was inserted inside a cylindrical hole drilled at the centre of a Cr.O3 doped MgO cube that
served as a pressure transmitting medium. End caps, made out of ZrO> wrapped with
molybdenum foil (for electrical conduction), were then placed in contact with both sides of the
graphite resistance heater. The 15.0 mm and 10.5 mm CEL assemblies were compressed to
target pressure between six tungsten carbide secondary anvils, with square truncations of edge
lengths (TEL) 10 and 7 mm respectively. A diagram of the TEL 10 high-pressure cell assembly

is shown in supplementary Figure A.3.1.
6.2.2 High-pressure neutron diffraction

High pressure and temperature time of flight neutron diffraction measurements were performed
at the PLANET beamline (BL11) at the Material and Life Sciences Experimental Facility
(MLF) in J-PARC, Japan (Hattori et al., 2015). The measurements were carried out using a
six-ram multi-anvil high-pressure apparatus (ATSUHIME), where the rams are aligned along
three perpendicular compression axes. Each of the six rams is capable of applying a load of
5000 kKN (Sano-Furukawa et al., 2014) and is attached to an outer first-stage square faceted
anvil. The rams are advanced simultaneously and compress an inner set of six square faceted
second-stage tungsten carbide anvils, each inside a steal retaining ring. The second stage anvils
are centered and initially held in place by an aluminium guide frame (see lizuka-Oku et al.,
2017 supplementary information). To eliminate neutron scattering from the assembly materials
surrounding the sample, a set of incident slits and two sets of receiving radial collimators (each
aligned with the 90 degree diffraction geometry) are placed as close as possible to the gaps
between the second stage anvils (Hattori et al., 2015). The radial collimators are aligned so that
only neutrons diffracted within the sample region that are perpendicular to the incident beam
can reach the detectors. The slit size/beam sizes are chosen based on the assembly size and
pressure and are reported in Table 6.1. Diffracted neutrons were collected using two detector
banks, 1.5 m from the beam axis, comprised of 160 individual *He position-sensitive detectors
(Hattori et al., 2015).
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A diffraction measurement was taken before compression of each experiment for 10 minutes
to confirm that the incident neutron beam was aligned over the sample. Another diffraction
pattern was collected after compression to the target pressure to i) adjust any misalignment of
the sample with respect to the neutron beam due to the compression of the whole assembly, ii)
obtain diffraction from the NaCl pressure standard and iii) identify whether any phase
transitions had occurred in the FeS sample during cold compression. Once the target pressure
was reached, the sample was heated to the target temperature (Table 6.1) by supplying
electrical power to the heater and using a previously calibrated power-temperature relation
(supplementary Fig. A.3.2). This calibration has been performed with a similar experimental
set up but employing a Pt-Pt 13% Rh thermocouple (error £50 K; Ikuta et al., 2019). A total
of six experiments were performed with pressures ranging from 2.3 to 11.4 GPa and
temperatures between 787 and 1300 K (Table 6.1). Diffraction patterns were collected for up
to 19 hrs and were monitored during this time every 30—60 minutes. The long collection times
were required to obtain a good signal to noise ratio, especially at higher pressures where the

sample and incident beam size are smaller.
6.2.3 Powder diffraction analysis

Intensity and background corrections were performed for all the diffraction profiles using the
diffraction patterns of vanadium pellets and empty sample assemblies collected at the same
conditions as those used for our measurements (see details in Hattori et al., 2015). A full profile
analysis of the collected diffraction patterns was performed using the GSAS/EXPGUI software
package (Larson & Von Dreele, 2004; Toby, 2001). Different FeS polymorphs (Table 6.1)
were identified in the patterns collected during compression and decompression (Fig. 6.1).
Moreover, cubic boron nitride (c BN) is present in the diffraction patterns collected after
cooling in the two experiments at the highest pressures. This compound is produced after the
decomposition of NDsBDs to BN + D; at high-temperature, and the stability of cubic BN phase
is consistent with the existing phase diagram (Solozhenko et al., 1999). Due to the smaller
sample size of these two experiments, the top and the bottom of the sample, where the ND3BD3
pellet products resided, are also inside the neutron beam. Magnetite (FesO4) was observed in
the experiment conducted without deuterium (blank experiment), likely due to the more
oxidizing conditions compared to the deuterated experiments. At the target P, T conditions
(Table 6.1), we observed the presence of FeS V, in agreement with previously reported phase
diagrams (Fei et al., 1998; Kusaba et al., 1998; Shibazaki et al., 2011; Urakawa et al., 2004)
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(Fig. 6.1). Also, the phases identified during the heating and cooling path agree with existing
phase boundaries (Fig. 6.1). Rietveld refinements of the neutron diffraction patterns acquired
at the highest P and T conditions of each experiment were performed to give insight into the
deuterium position and occupancy inside the FeS V structure (as described in detail in the result

section).

Pressures were determined from the unit-cell volume of NaCl obtained from the full profile
analysis of the diffraction patterns. The equation of state of NaCl-B1 from Dorogokupets and
Dewaele (2007) was used. Uncertainties in the pressure for each experiment were estimated

using the error propagation equation explained in the supplementary Text A.3.1.
6.2.4 Chemical analyses

Three of the recovered experimental samples, A524, A526 and A527, were mounted in epoxy
resin then sectioned and polished for chemical analysis with a JOEL JXA 8200 electron probe
micro analyser in wavelength dispersive mode. The sulphide assemblage was analysed with a
focused electron beam using a 20 kV acceleration voltage and 20 nA probe current. Oxygen in
the sulphides was also measured using an LDE 1 (ka) crystal (Laurenz et al., 2016; Mann et
al., 2012). Counting times were 20 s for sulphur and iron and 60 s for oxygen, with half of each
counting time used for the respective backgrounds. Standards employed were FeS; for iron and
sulphur and Fe;O3 for oxygen. Matrix corrections were performed using the “ZAF” method.
The resulting analyses yielded an average composition of 37.29(0.19) % S, 61.85(0.23) % Fe
and 0.46(0.41) % O, with no significant difference between the samples. Ignoring the minor

oxygen content, this gives the sulphide stoichiometry Feo.963(6)S.
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Table 6.1: Summary of the conditions at which the neutron diffraction experiments were
performed and the run products obtained during compression and heating.

Run# TEL/CEL Heater Slitsize Starting Max. P Max. T Ma>'<. Identified phases on
(mm) material WxH materials (GPa) (K) duration heating/cooling path
(mm) (hrs.)
A524-1  10/15 graphite 2x5 FeS+ND3BDs; 2.3(2) 787 8 FeS 12, 1V, V

A524-2  10/15  graphitt 2x5 FeS+NDsBDs 2.7(2) 940 8  FeSI%IVeV

A526  10/15  graphitt 2x4 FeS+NDs:BD: 6.9(4) 960 16 FeSIb, IV, V

A593  7/10.5  graphite 2x4 FeS+NDsBD; 9.7(4) 1300 19  FeSIII3 V +cBNP
A527  7/105 TiC 2x4 FeS+NDsBDs 11.4(55) 1250 3  FeSV+cBN®

A595  7/105  graphitt 2x4  FeS 7.3(4) 960 11 FeSII% V + FesO4 + Mo

Some NaCl capsule material was identified in all the experiments

A524-1 and A524-2 are two data points collected for the same experiment at different P, T conditions (first high T
measurement).

TEL - truncation edge length, CEL - cube edge length.

At the P and T conditions reported for each experiment, the sample is FeS V phase. The other phases reported were
either, 2 in the diffraction patterns acquired during compression (before heating), and ? in the diffraction patterns
acquired during cooling or decompression.

Neutron beam dimensions (slit sizes) are given as width (W) x height (H).

6.3 Results

6.3.1 Compressibility of the FeS V phase

During cold compression followed by heating, we observed four different high P and high T
polymorphs of the Feo9sS sample, described here using the following structure designations
(Table 6.1, Fig. 6.1): FeS | (hexagonal - V3a, 2c), FeS 11l (monoclinic), FeS IV (hexagonal 2a,
c) and FeS V NiAs-type structure (a, ¢), where a and c are the unit-cell dimensions of the NiAs-
type structure used to describe the FeS polymorphs (Kusaba et al., 2000; Urakawa et al., 2004).
The FeS Il (MnP-type orthorhombic) that has been reported between approximately 3.4 and
6.7 GPa at room temperature (Fei et al., 1995), was not detected during our measurements.
After quenching, the high-pressure FeS V phase was preserved in most of the experiments and,
therefore, its compressibility behaviour could be studied at room temperature during
decompression (Table A.3.1, Fig. 6.2). In one run (#A526), we observed that FeS V
transformed to FeS IV and then FeS I upon cooling and decompression. The reason for the
back-transformation in this run might be due to the slower quench rate across the phase
boundary; i.e., after data collection at 6.9 GPa and 960 K, the temperature was decreased to
450 K, resulting in the pressure dropping to 5.8 GPa due to thermal pressure effects. A similar

back-transformation has previously been observed by Kusaba et al. (2000).
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Figure 6.1: Observed high P, T polymorphs of FeS in this study (FeS I — triangles, FeS
Il —squares, FeS IV — diamonds and FeS V — circles) are shown on the existing phase
diagram, where the solid lines show the phase boundaries from Urakawa et al. (2004).
The dashed line shows the melting curve of FeSHx determined by Shibazaki et al.
(2011). Filled circles (in the FeS V stability region) indicate the conditions where
Rietveld refinements were performed to determine the deuterium site occupancy in FeS
V. Open symbols indicate conditions where shorter diffraction measurements were
performed for phase identification only. The FeS Il (MnP-type orthorhombic) phase
reported by Fei et al. (1995), is not shown here as it was not detected during our
measurements. The unit-cell parameters of all observed phases are reported in the
supplementary Table A.3.3.

The unit-cell volumes measured for FeS V during decompression and normalized with respect

to the room-pressure volume, Vo (60.08(1) A% - measured in this study), show an anomalous

increase starting from approximately 6.5 GPa (Fig. 6.2). This behaviour is likely due to a

pressure-induced high-spin to low-spin phase transition, which must start around room-

pressure but appears to be completed above 6.5 GPa. Such a transition has been observed by

means of X-ray emission spectroscopy on a FeS troilite sample (Rueff et al., 1999). These

authors reported the disappearance of the low-energy satellite in the Fe K/ emission spectrum

of FeS above 6.3 GPa. Changes in the electronic state of Fe in FeS at the same pressures were
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also reported in a high-pressure Mdssbauer spectroscopy study (Kobayashi et al., 1997). Since
Rueff et al. (1999) compressed troilite at room temperature, we may expect that the FeS sample
had transformed to the FeS Il orthorhombic structure above 3.4 GPa (Fei et al., 1995) and
therefore, the spin transition observed at 6.3 GPa may have occurred in the same phase. The
low-spin state of FeS was then observed up to 11.5 GPa in the same study (Rueff et al., 1999),
i.e., in the stability field of the FeS Il monoclinic polymorph (Nelmes et al., 1999). The
pressure interval of the high-spin to low-spin transition observed from the X-ray emission
spectra is very similar to the pressure at which, the anomalous change in the volume of FeS V
is observed in this study (Fig. 6.2). This implies that the local environment of the Fe atoms in
the different FeS polymorphs is very similar, causing the high-spin to low-spin electronic
transition to occur over a similar pressure interval, which is seemingly independent from the
precise structure topology. The interval between room pressure and 6.5 GPa can, therefore, be
thought of as a region in which the Fe atoms in the FeS V structure have both high-spin and
low-spin configurations. The anomalous decrease in volume is likely due to the change in the
electronic state of an increasing number of Fe atoms. The same, seemingly anomalous volume
behaviour, is observed in high pressure and temperature data for FeS IV and FeS V reported in
the literature (Kusaba et al., 1998; Urakawa et al., 2004) (Fig. 6.2). These results in fact indicate
that the completion of the high-spin to low-spin transition occurs at higher pressures as the
temperature increases. At 1200 K, for example, the spin transition appears to be completed
only above 11 GPa. Therefore, we can expect that at the target P and T of our experiments
(Table 6.1), the electronic state of Fe in the FeS V analysed consists of a mixture of high- and

low-spin states.

Due to the limited pressure range investigated in this study above 6.5 GPa, it is not possible for
us to determine the room temperature equation of state of FeS V in the low-spin state. However,
our data are in good agreement with the equation of state reported by Urakawa et al. (2004) for
the low-spin FeS V structure (note that in the original paper the low-spin state of FeS V was
referred to as the high-pressure phase, HPP, whereas the high-spin state was referred to as the

low-pressure phase, LPP).
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Figure 6.2: Unit-cell volumes (expressed as V/Vo) of FeS V during decompression at
room-temperature in this study (filled black circles) are compared with isothermal
compression curves (dashed lines) of low-spin, i.e. HPP, FeS V at 1200 K and 300 K
(extrapolated), caluclated using the equation of state reported by Urakawa et al. (2004).
The high P and T data of FeS 1V and FeS V from previous studies (Kusaba et al., 1998;
Urakawa et al., 2004) are also shown in coloured symbols. The inflection points at the
FeS V-LPP to FeS V-HPP transition is moving to higher pressures with increasing
temperature. The data plotted here in this study are given in supplementary Table A.3.1.

6.3.2 Deuterium incorporation in the FeS V structure

With the increasing temperature at high-pressure, the deuterium released from the ammonia
borane (NDsBD3) pellets is expected to be incorporated into the FeS V structure and it should
be possible to detect its presence from the collected time-of-flight powder neutron diffraction
patterns. Rietveld refinement of the diffraction pattern collected for 16 h at 6.9(4) GPa and 960
K (A526, Table 6.1) was performed using the structural model of FeS V (Brand & Briest, 1965;
Shibazaki et al., 2011) with Fe at the 2a {0,0,0} and S at the 2c {1/3,2/3,1/4} Wyckoff
positions of the P6s/mmc space group. The occupancies of the two atoms were fixed to the
values obtained from the chemical analysis, i.e., full occupancy for the S site and 0.963
occupancy for the Fe site. The isotropic displacement parameters of both atoms were free to

143



Chapter 6

vary. All reflections in this diffraction pattern belonged either to the FeS V phase or to the
NaCl capsule/pressure standard. No new diffraction lines were observed, indicating that the
deuterium atoms randomly occupy the interstitial sites of the FeS V structure. The same
observation was made by Shibazaki et al. (2011), who studied the hydrogenation of FeS V up
to 16.5 GPa and 1723 K and did not report any change in symmetry for this compound based
on powder X-ray diffraction patterns. Structural refinement of the FeS V phase in sample A526
shows a large discrepancy between the observed and the calculated diffraction pattern
(supplementary Fig. A.3.4-a). A difference Fourier (‘DELF’) map was then generated and
nuclear densities at the 6h {x, 2x,1/4} and 12k {x, 2x, z} Wyckoff positions of the P6s/mmc
space group were observed (supplementary Fig. A.3.3). Deuterium atoms were then added to
the model at the two positions taken from the DELF map with a starting occupancy of 0.01.
Rietveld refinements were then performed by either refining the deuterium atoms positions +
occupancy or their isotropic displacement parameter (constrained to be equal to each other).
During such refinements, the 6h position was found to be very stable, while atoms in the 12k
equivalent positions became progressively closer to each other, suggesting a large dynamic
disorder of the deuterium atom around an average atomic position, which can be described as
a 4f {1/3,2/3, z} Wyckoff position. By substituting the 4f position as the second deuterium
atom site it was possible to refine all atomic coordinates and isotropic displacements
parameters, Uiso, (with the D atoms being constrained to have the same Uiso) as well as the
occupancies of the deuterium atoms at the two sites. The resulting final refinement
(supplementary Fig. A.3.4-b) shows a substantial improvement in the fit compared to the
previous dry model (supplementary Fig. A.3.4-a), as reflected by the improvement of the
“weighted R factor” (WRp) by 52.5% to a final value of 3.3% and of the Chi-square (%) by
36.3% to a final value of 3.4. The calculated total deuterium occupancy per formula unit
(FeSDx) is 0.74(2) which equals to 1.71(8) wt.% of D. Our final structural model for deuterated
FeS V (see deposited CIF, Table 6.2 and Fig. 6.3) is significantly different from what was
proposed by Shibazaki et al. (2011) for hydrated FeS V based on first principle calculations.
These authors suggested that octahedral interstitial sites are the most stable positions for the
hydrogen atoms, whereas our results show that deuterium is instead partially occupying either
a tetrahedral void (D—4f) or a position within the same layer defined by the S atoms (D-6h)
(Fig. 6.3). Both deuterium positions are much closer to the S atoms than to the Fe atoms, with
the shortest S---(D—4f) distance equal to 1.22(1) A and S---(D-6h) distance equal to 1.23(1) A
versus the shortest Fe- --(D—4f) distance of 2.207 A and Fe---(D—6h) distance of 1.965 A. These
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short distances suggest that there may be a covalent bond between the S and D atoms as bond
lengths in D2S compounds are about 1.30 to 1.35 A (Cockcroft & Fitch, 1990).
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Figure 6.3: Final structural model of deuterated FeS V (P6s/mmc, Z=2) at 6.9 GPa and
960 K. Refined occupancies of D are shown in red (for 6h) and blue (for 4f) as a
percentage of each interstitial site. The atomic coordinates for the different atoms are:
Fe: {0,0,0}; S: {1/3,2/3,1/4}; D-6h:{0,46(2),0.54(2),3/4}; and D-4f:
{1/3,2/3,0.03(3)}. The dashed lines mark the unit-cell of FeS V, and the shaded
polyhedrons are made with Fe as the centre of the octahedron. Section view along the
c-axis and the a-axis of the structure are shown in the left side.

This final deuterated model was then used to refine the other diffraction patterns collected for
at least 3 hours and up to 19 hours at the different P and T conditions (Table 6.1). The positions
of the deuterium atoms were fixed to those obtained from the refinement at 6.9(4) GPa and 960
K to reduce the large correlations between deuterium positions, occupancies and displacement
parameters, as this was the highest quality pattern due to having the largest sample size and a
long collection time. The isotropic displacement parameters were constrained to be equal for
the two deuterium positions. The diffraction pattern at 11.4(5) GPa and 1250 K was collected
only for three hours due to the occurrence of a blowout, therefore, the signal to noise ratio was
not sufficient for the refinement of all parameters. For this diffraction pattern, the isotropic
displacement parameter was fixed to 0.5, i.e., the same value obtained in the refinements of the
diffraction pattern collected at 9.7(4) GPa and at a similar temperature. Cubic-boron nitride (c-
BN) is present in the experiments at 9.7(4) GPa and 11.4(4) (Table 6.1) due to the use of a
smaller sample and assembly. Obtained “weighted R factor” (WRp) ranged between 3.2% and
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5.0% and Chi-square (%) values ranged between 1.3 and 6. Details of the structural refinements
are reported in Table 6.2, whereas examples of the refined diffraction patterns are reported in
Figure 6.4. The displacement parameters of deuterium appear to be correlated with temperature
and are quite large for the highest-pressure experiments conducted at 1250 K and 1300 K,

suggesting a large dynamic disorder of the deuterium atoms.
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Figure 6.4: Rietveld refinements of neutron diffraction patterns at 2.7(2) GPa, 6.9(4)
GPa and 9.7(4) GPa. Residuals to the fit are shown at the bottom of the figure in
corresponding colours for each diffraction pattern. Cubic BN is identified in the
diffraction pattern at 9.7(4) GPa, in addition to the FeS V and NaCl phases.

6.3.3 Volume variation due to deuteration

At a given pressure and temperature, the unit-cell volume of FeS V increases because of the
incorporation of deuterium into the crystal structure. For example, at 6.9(4) GPa and 960 K,
we observed a gradual increase of the unit-cell volume of FeS V over a period of 6 hours, until

it became virtually constant (filled diamond symbols in Fig. 6.5). To clarify that the cause of
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the unit-cell volume increase was purely due to deuteration, a second blank experiment was
performed using an identical set-up but without the deuterium source; the conditions of this
blank experiment were 7.3(4) GPa and 960 K. In contrast to the deuterated experiment, after a
small volume expansion likely due to thermal adjustment of the cell assembly, there was no
volumetric expansion observed over a period of 11 hrs (empty diamond symbols in Fig. 6.5).
This verifies that the volume expansion (approximately 4.3%) observed in the deuterated
experiment is a result of increasing deuterium. After 6 hours, the deuterated FeS V structure
appears to have reached equilibrium, with a total occupancy of deuterium Xp=0.74(2)
determined from Rietveld refinements (Table 6.2). The small difference in pressure between
the non-deuterated (7.3+0.4 GPa) and deuterated (6.9+0.4 GPa) experiments is within the
uncertainties and would produce no significant contribution to this volume difference, thus the
difference in unit-cell volumes is mainly due to deuteration. The unit-cell volume expansion
per one deuterium atom, AV(D), in the FeS V structure (Z=2) can be calculated as 1.53+0.16
A% at 6.9 GPa, 960 K. This value is smaller compared to that proposed for Fe-metal
hydrogenation (2.21 + 0.04 A% — Machida et al., 2014; 2.22 + 0.36 A% Ikuta et al., 2019). This
is most likely because for Fe-metal, hydrogen occupies octahedral interstitial sites within layers
that are not occupied by Fe, whereas for FeS V hydrogen occupies sites in layers that are also

occupied by Fe and S.
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Figure 6.5: The unit-cell volumes of deuterated (filled diamonds—A526) and non-
deuterated (empty diamonds—A595) FeS V plotted as a function of data collection time.
The first hour of data collection was observed with higher (15-20 min.) time resolution.
The dashed line indicates the unit-cell volume of FeS V once the dissolution of D>
appears to be completed (55.376+0.002 A%), obtained by fitting the diffraction data
collected during the last 10 hrs of heating. The average unit-cell volume of FeS V in
non-deuterated experiment is 53.111+0.005 A3, Larger errors in the last three data
points of A526 are caused by interruptions in the neutron source during the last 3 hours.
The data plotted here are given in supplementary Table A.3.2.

The rate of deuterium uptake into the FeS V structure can be broken into three phases (Fig. 6.5)
based on the unit-cell volume expansion rate of the experiment A526 at 6.9(4) GPa, 960 K.
The first phase is completed within the time taken to heat to target temperature (approximately
15 minutes) and perform the first measurement (1 hour). Here, there is already a significant D
content, which approaches Xp = 0.4 for a FeSDx stoichiometry, calculated using unit-cell
volume expansion per deuterium atom (1.53 A%). Next, the rate of uptake decreases
significantly over the next 5-6 hours until a virtually constant D occupancy (Xp = 0.74) is
reached (Fig. 6.5).

In comparison with the 960 K experiment (A526), we observed faster deuterium equilibration

in experiments at higher temperature (e.g. 1300 K — A593; supplementary Fig. A.3.5). The



Chapter 6

total D content was obtained independently using the Rietveld refinement of the diffraction
pattern, indicating a total deuterium content of 2.85 wt. %, which corresponds to the occupancy
of 1.25(5) in FeSDx stoichiometry.

Table 6.2. Results of Rietveld structure refinements of FeS V

Unit-cell parameters of

Experimental condition
perimental conditions deuterated FeS V

Deuterium occupancies

Run # Vnaol (A% a(A) c(A) V(A%  6hsite  4fsite xapfu  Uiso

-
(GPa) _(K)
A524-1 2.3(2) 787 173.24(5) 3.4873(1) 5.7114(2) 60.151(2) 0.030(8) 0.029(9) 0.148(10) 0.24 (8)
A524-2 2.7(2) 940 173.36(11) 3.4908(1) 5.7168(2) 60.329(2) 0.036(10) 0.037(12) 0.182(11) 0.27 (9)
A526  6.9(4) 960 155.2(5) 3.3914(1) 5.5594(2) 55.376(2) 0.14(2) 0.16(2) 0.74(2)  0.38(6)
A593  9.7(4) 1300 149.51(3) 3.3667(1) 5.5259(3) 54.243(3) 0.17(3) 0.37(8) 1.25(5) 0.49 (8)

A527  11.4(5) 1250 144.90(4) 3.3367(1) 5.4696(3) 52.739(3) 0.13(2) 0.25(3) 0.89(3) 0.5*

Note: Uncertainties on temperature are + 50 K, all other uncertainties are given in parentheses. Isotropic atomic
displacement parameters (Uiso) are constrained to be equal in both deuterium occupied interstitial sites. * Not
refined.

6.4 Discussion

6.4.1 P-T behaviour of the FeS V deuterium content and comparison with
previous studies

By comparing the determined deuterium contents in the experiments at 2.7 and 6.9 GPa, at
940-960 K (A524-2 and A526), it appears that there is a clear increase in deuterium with
increasing pressure (Fig. 6.7). The effect of temperature within the range of our experiments
(787 — 1300 K) is harder to gauge, although with the exception of the experiment at 11.4 GPa,
the results are consistent with an increase in deuterium with temperature. The experiment at
11.4 GPa (A527, Table 6.1), was interrupted by a blowout after the first three hours of heating,
which might explain the seemingly lower than expected deuterium content as a result of the
sample not fully equilibrating with D2. The diffraction pattern is also of poorer quality than the
others due to the use of a smaller sample and the short collection time. Comparing the volumes
of the recovered samples, however, in Figure 6.6 indicates that deuterium is lost from the FeS
V sample, or strongly reduced, as the temperature is quenched at high-pressures. Although the
room temperature volume versus pressure curve is complicated by the change in iron spin state,
it would appear that the temperature quenched samples all follow a very similar decompression

curve, with the non-deuterated sample also falling, on this curve, albeit slightly on the lower
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side. This implies that the majority of the deuterium is lost from the sample during temperature

quenching, implying quite a strong temperature dependence to the deuterium content.
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Figure 6.6: Absolute unit-cell volumes of experiments in this study plotted as a
function of pressure. Open symbols indicate non-deuterated (yellow triangle) or
quenched experiments from different conditions. Filled diamonds are deuterated
experiments with colours representing the temperatures. Solid line shows the
decompression trend and not a fit. The dashed line is an extrapolation of the Urakawa
et al. (2004) equation-of-state of FeS V-HPP at 300 K. Arrows indicate the change in
pressure as the samples were quenched to room temperature.

In the study of Shibazaki et al. (2011), FeS V hydrogen contents in an H> fluid, produced by

thermal decomposition of LiAIH4, were determined based on the increase in the unit-cell

volume, assuming volume changes on hydrogenation based on dhcp—FeHx measurements

Badding et al. (1991). It should be noted that such a comparison between hydrogen-bearing

and hydrogen-free FeS V unit cell volumes is complicated by the presence of the high-spin to

low-spin iron transition, which prevents the application of a simple hydrogen-free FeS V

equation of state over most of the conditions studied (Figure 6.2). Never the less, the hydrogen

contents reported for solidus conditions by Shibazaki et al. (2011) are proposed to increase

sharply between 2 and 3 GPa, from Xy = 0.02 to 0.2. They then increase to values of 0.4 by

approximately 16.5 GPa. The results of our study, however, indicate, as Shibazaki et al. (2011)
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also suspected, that volume changes on hydrogenation from FeHx measurements are larger than
for FeS V, implying that the Xu concentrations are underestimated and may well be consistent

with our study.

lizuka-Oku et al. (2021) used neutron diffraction experiments on a multi-phase system
containing Fe, S, MgSiOs and D0, to study the uptake of deuterium by Fe-metal and FeS over
similar conditions to those in our study. They concluded that the deuterium content in FeS is
negligible. However, they proposed that the presence of only small amounts of FeS (added as
~5-10 % of S powder into Fe metal powder) reduced the extent of deuteration in coexisting Fe
metal (the major phase in their system). The low FeS V deuterium contents, reported in this
previous study, may result from potentially higher oxygen fugacities in the experiments,
resulting from adding a D>O source rather than D>, resulting in a lower deuterium fugacities
(fo2). Additionally, the FeS V peaks appear to be not as strong or as well resolved as in our
study, due to the patterns being dominated by fcc-Fe metal, which causes multiple peak-

overlaps with FeS V, particularly at lower d-spacing.

Although the NiAs-structure of FeS V (Urakawa et al., 2004) is, in principle, the same as that
of dhcp FeHx, the accommodation of H is quite different, because in FeHx hydrogen is on
octahedral interstitial sites, which in FeS V host the S. The hydrogenation/deuteration of
different iron-metal structures has been extensively examined, however, at high pressures and
temperatures using neutron diffraction experiments (lizuka-Oku et al., 2017; Ikuta et al., 2019;
Machida et al., 2014, 2019), and the H/D site occupancies obtained are compared with our
values for FeS V in Figure 6.7. Although the measurements are performed at different
temperatures, there is a general agreement in the magnitude of H/D occupancy with increasing
pressure. There is also no obvious difference between studies using H or D. Although in detail
there are likely to be differences in H/D accommodation due to the different structures involved
and for FeS due to the high-spin low-spin transition, the general increase in pressure implies

that this may be at least partly coupled to an increase in hydrogen or deuterium fugacity.
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Figure 6.7: Total site occupancy of D/H in FeS V (red diamonds) as a function of
pressure. Previous study data on iron hydride/deuteride are shown in triangles. The
occupancy of the experiment at 11.4(5) GPa in this study (shaded red diamond symbol—
#A527) may be underestimated because of not being fully equilibrated. The blue
shaded line shows the increase in hydrogen occupancy with increasing pressure

proposed by Shibazaki et al. (2011) using unit-cell volume relations.

6.4.2 The oxygen fugacity of the measurements and the nature of the

coexisting fluid phase

Before considering the relationship between deuterium incorporation in FeS V and the

deuterium fugacity, a further issue to consider is the experimental fo, and the composition of

the coexisting fluid. The foz should be controlled through the formation of a D»-rich fluid from

the breakdown of ND3BDs3, because no other fo, buffering assemblage was employed. To

examine the likely fo> conditions during the neutron diffraction measurements, a separate

experiment was performed that replicated the sample environment of the in situ experiments

but replaced the sample itself with a ferropericlase-based sliding redox sensor assemblage (J.

R. Taylor et al., 1992). A 2.0 mm outer and 1.0 mm inner diameter NaCl capsule with a total

sample length of 2.5 mm, was filled with two layers of deuterated ammonia borane, each of
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~1.2 mm thickness, which were separated by a ~0.1 mm thick layer of Feo2MgosO
ferropericlase, mixed with 2 wt. % of pure iron metal. The capsule was closed by a 0.5 mm
thick NaCl lid. The experiment was performed using a 5000 t Kawai-type multi-anvil press
installed at the Bayerisches Geoinstitut (Frost et al., 2004) using a 18/11 set up (18 mm edge
length octahedral assembly with 11 mm truncations of secondary stage tungsten carbide cubes).
A stepped graphite resistive heater was used with a thermally insulating ZrO; sleeve. The
temperature was monitored using a type D (We7Res—W+7sRezs) thermocouple inserted axially
touching a very thin (<0.2 mm) MgO disk (to prevent any damage from thermocouple to the
capsule) placed on top of the capsule. The redox sensor and ammonia borane layers were
equilibrated at 1300 °C and 8 GPa for 2 hours. The recovered sensor was examined using the
electron probe micro analyser and was comprised of ferropericlase with the composition
Feo.13Mgoe7O, in addition to iron metal and brucite. The fo. can be calculated using the
equilibrium between the iron metal and ferropericlase FeO component and using
thermodynamic properties given in (Stagno et al., 2011). This gives a value of 1.2 £ 0.2 log
units below the iron wastite (IW) oxygen buffer. It is possible to make a simple calculation for
the Ha content of an O—H fluid at these conditions, which should not be significantly different
to D2 (Tkacz & Litwiniuk, 2002), using the equilibrium,

1

and values for the equilibrium coefficient K from Holland & Powell (2011), where,

szo
=—% (6.3)
fu,.(fo,)
Assuming ideal mixing in the Ho—H.O fluid then,
sz = PT'XHZ' Q)Hz (64)

where Pr is the total pressure, Xy, the mole fraction and @y, is the fugacity coefficient of pure
H>, determined here using the equations of state of Belonoshko & Saxena (1991). A similar
expression can be written for H.O and when this and equation (6.4) are substituted into equation
(6.3) and the constraint that Xy, = 1- Xy,0 is applied, then the combined expression can be

solved to give Xy, as a function of f,. This is shown by the black curve in Figure 6.8, which

indicates that at the experimental conditions and AIW -1.2, the fluid is calculated to be only 36
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mol % H. The relatively high fo,obtained in the experiments is, therefore, apparently

inconsistent with a Do-dominated fluid, which should only comprise more than 90 % of the

fluid at AIW -4.

1.0

0.9 +

0.8

0.7 H

0.6

0.5 4

0.4

Mole fraction of H,

0.3 4

0.2 1

0.1

Ideal mixing
Non-ideal mixing
-------------- 15 kJ/mol

25 kJ/mol

35 kJ/mol
——45kJ/mol

8 GPa, 1300 °C

5 4

log fo, (AIW)

Figure 6.8: The proportion of Hz in an H>—H20 fluid as a function of oxygen fugacity
relative to the iron-wastite oxygen buffer (AIW), calculated for the indicated pressure
and temperature condition. The calculation uses the equation of state of Belonoshko &
Saxena (1991), assuming both ideal mixing of H, and H-O in the fluid (solid black
curve) and for a series of non-ideal mixing Margules interaction parameters. As non-
ideality increases, a back bend in the proportion of Hz occurs, which indicates regions
where immiscible Hz and H2O-rich fluids coexist at the same oxygen fugacity. For an
interaction parameter of 45 kJ/mol this coexistence occurs at an oxygen fugacity
consistent with the experimentally measure value. The vertical red dotted line indicates
the coexisting immiscible fluid compositions for this oxygen fugacity.

It is unlikely that adsorbed H>O would be sufficient to dominate over the significant amount of

stoichiometric D that would be released by ND3BDs3, and it is more likely that the assumption

of H—H>0 ideal mixing in the calculation is incorrect. Evidence for this comes from the recent

observation of H—H>O immiscibility (Bali et al., 2013), where separate, nearly pure, Hz and

H-0 fluids were found to coexist at conditions of IW. The critical temperature for closure of

this solvus was found to increase quite strongly between 1.5 and 2.7 GPa, from approximately

800 to 1000 °C. Some idea of the consequences of H>—H>O non-ideal mixing can be obtained
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by including a further activity coefficient, y; 2 "2°

2

, In equation 6.4, which can in turn be

described using a Margules interaction parameter, W, i.e.,
- 2
RTIny;2™"2° = Wy, _u,0(1 — Xu,) (6.5)

where R is the gas constant and T is temperature. As shown in Figure 6.8, increasing non-
ideality reduces the range of fo, over which H>O-rich fluids reduce to Ho-rich fluids. An Ho-
dominated fluid can be stabilised at an fo, of AIW -1.2, coexisting with an immiscible H20O
dominated fluid, if the interaction parameter is approximately 45 kJ/mol. This is slightly larger
than the value required to explain the observations of Bali et al. (2013) between 1 and 3 GPa,
but the value should increase with pressure in line with the increase in the critical temperature.
This indicates that the fo, determined in this study upon D2 release is quite consistent with the
observations of H.O—H immiscibility of Bali et al. (2013). In detail, the non-ideal interaction
parameter may be asymmetric and require a more complex P and T fitting. This should not,
however, change the main implications from Figure 6.8, that H-dominted fluids can be stable
at higher fo, than might be expected and that because the transition between H.O and H:
dominated fluids occurs over a smaller fo, range, the mole fraction of H: in fluids at higher
oxygen fugacities is most likely lower than would be expected if ideal mixing is assumed.

6.4.3 A model for the deuterium content of FeS V and extrapolation to mantle
conditions

As there are two FeS molecules in the FeS V unit-cell, then there are two 4f deuterium sites
and three 6h sites that could potentially be occupied for the FeS stoichiometry. However, the
two sets of three 6h sites in each unit cell are unlikely to be all deuterated at the same time, due
to their close proximity, therefore, it seems more reasonable to assume only two of these sites
can be deuterated in any unit-cell. For FeS this means a total possible occupancy of three
deuterium atoms (one in the 6h position and two in the 4f position), i.e. a fictive fully deuterated
endmember of FeSDs. Assuming that the ND3BD3 source produces a pure D> fluid, which the

calculations in the previous section seem to support, then the deuteration can be considered as,
3
FeSﬂg + EDZ = FeSD3 (66)

where [] indicates the vacant interstitial sites. If for simplicity we assume disorder over all three
sites, then we can relate the concentration of deuterium, to the deuterium fugacity and the

standard state Gibbs free energy change, AG?, of reaction (6.6) through,
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aFeSD, —AG°
In 3 = (67)
aFeS[5.[fD,] /2 RT

Assuming ideal mixing of D in the FeS V structure, the activities are given by,

Xp1?
aFeSD; = [?] (6.8)

and

3 an (6.9)

aFeSll; = [ 3

where Xp is the deuterium site occupancy per FeS formula unit, given in Table 6.2. The
experimental data can then be fitted by taking hydrogen fugacities from Belonoshko & Saxena
(1991), and fitting AG°as AH® — TAS® + PAV°. If the anomalous 11.4 GPa data is removed,
the fitting parameters are AH°=64.8 + 13 kJ/mol, AS°=-154 + 19 J/(mol.K) and AV °=0.66 +
0.11 J/bar. Given that four data points are being fit with three parameters it is perhaps not
surprising that the fit is very good and the largest residual in Xp, is only 0.04. The AV° is larger
than the value of 0.3 J/bar that can be estimated from the volume change on deuteration, AV(D),
determined in this study, however, and if the AV °is fixed at 0.3 J/bar, the largest Xp residual
increases to 0.22. It may not be reasonable to assume ideal mixing of D in the vacant site,
however, and if we choose a single site Margules mixing parameter for D on the vacant site of
-1.2 kJ/mol then fitting parameters can be obtained that give a AV° that is in reasonable
agreement, i.e. AH®=112 + 17 kJ/mol, AS°=-145 + 14 J/(mol.K) and AV°=0.35 + 0.14 J/bar.
Although these models are almost certainly over simplified and would require far more data to
become robust, they do allow a basic qualitative exploration of how D/H uptake in FeS V is
likely to change under different conditions. Firstly, both models predict that if equilibrium is
maintained, the D content should drop to low levels on quenching to room temperature at high

pressure, in agreement with the quenched FeS V unit cell volumes shown in Figure 6.6.

Secondly, by considering that,

fHy = P.@y, Xp,.vp2 20 (6.10)

2

as in equation 4, but adding a further activity coefficient to describe non-ideal mixing between
H>0 and H: as defined in equation 6.5 and consistent with the observations of Bali et al. (2013),

then the effect of lower Hy, fugacities, can be explored on the equilibrium FeS V hydrogen
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contents. As Fe-Ni-rich monosulphides are the dominant inclusion found in diamonds, the
relevant conditions to explore this relationship are those at which diamonds exist in the
subcratonic lithospheric mantle. For a typical cratonic geotherm, with temperatures of 1300
°C at 6.5 GPa i.e. approximately 200 km depth, then FeS V would be subsolidus (Z. Zhang &
Hirschmann, 2016) and in a pure H: fluid the two models predict an FeS Xy of 0.8-0.87, which
is equivalent to approximately 1 wt. % hydrogen in the structure. However, diamond bearing
peridotite mantle xenoliths at these conditions record typical values of fo,, relative to the
fayalite-magnetite-quartz oxygen buffer (FMQ), of AFMQ -3 = 1 or AIW +1.8. As carbon at
these conditions is mainly in the form of diamond (Shirey et al., 2013), an O-H mixing

calculation similar to that described in section 6.4.2. at AFMQ of -3, predicts a H> fluid activity
(i.e. XHZ.yP}I{ZZ_Hzo) of 0.02, which results in a predicted FeS Xy of 0.15-0.24 or 1700-2700

ppm hydrogen in the structure, depending on which FeS V fitting model is used. The hydrogen
content would be half this value at AFMQ of -2. Of course, hydrogen activities may have been
much lower than this during diamond formation and FeS inclusion capture, depending on the
nature of the medium from which they are formed. This relatively simple calculation, however,
appears to indicate that significant hydrogen contents could be accommodated by FeS
inclusions in diamonds. If such diamonds were then brought to the surface, the reduction in
temperature and pressure would cause the FeS inclusions to exsolve Hz, the analysis of which
might give the false impression that the inclusions were captured at very reducing conditions.
A further possibility is that this loss of hydrogen from the inclusions upon decompression, may
cause hydrogen embrittlement of the diamond, as often encountered in diamond anvil cell
experiments on hydrogen (Eremets & Trojan, 2009), which may then play a role in the
development of the rosette like fracture systems often observed around sulphide inclusions in
diamonds (Harris, 1972). This may also be promoted by the strong volume expansion that

would occur due to the FeS V iron spin transition, as indicated in Figure 6.6.

It is also possible to estimate how much hydrogen could be stored in FeS monosulphide phases
within the bulk mantle rocks at the base of the cratonic lithosphere. If these rocks contain on
average approximately 400 ppm sulphur (Gehlen, 1992) accommodated at these conditions in
FeS V, then provided that the rocks were in equilibrium with an O—H fluid at AFMQ = -3, this
equates to 2-3 ppm H; hosted by sulphides in the bulk rock, which is equivalent to 16-26 ppm
H20. This value would decrease at higher oxygen fugacities and at shallower depths in the

cratonic lithosphere. At greater depths the oxygen fugacity of the mantle is expected to decrease
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and the FeS V phase would also become molten which might both promote higher hydrogen

contents in the sulphide phase, although this remains to be experimentally tested.

6.5 Summary

Time-of-flight powder neutron diffraction measurements at pressures up to 11.4 GPa and
temperatures to 1300 K were performed to study the solubility of deuterium in the NiAs-
structured FeS V polytype of pyrrhotite. Thermal decomposition of ND3BD3 was used to create
a D2 dominated fluid in the multi-anvil experiments. Rietveld structure refinements indicated
the partial occupancy of deuterium on two normally unoccupied sites in the structure at
Wyckoff positions 6h: {0.46(2),0.54(2),3/4} and 4f: {1/3,2/3,0.03(3)} at high pressure

and temperature conditions, with the latter being more dominant.

The incorporation of deuterium in the crystal structure increases the unit-cell volume of FeS V
by 4.3% at 6.9 GPa and 960 K and the unit-cell volume expansion per deuterium atom, AV(D),
is 1.53+0.16 A3, This is smaller compared to that previously reported for the hydrogenation of
Fe-metal phases at similar conditions (2.21+0.04 A®— Machida et al., 2014). The structural
model indicates that both deuterium sites are closer to the S atoms than to the Fe atoms, such
that S and D may be covalently bonded, which may explain the smaller AV(D) value compared
to Fe-metal phases. Previously reported hydrogen contents in FeS V, by means of X-ray
diffraction volume relations are likely underestimated, due to the use of a AV(H) value
estimated from results on hydrogenated Fe-metal phases (Shibazaki et al., 2011). The
deuterium dissolved in FeS V at high-temperature is mainly lost during temperature quenching

at high-pressure, as indicated by the decrease in unit-cell volumes of the quenched experiments.

Refinements of all diffraction patterns collected indicate that the D content in FeS V increases
with both pressure and temperature. The total deuterium content, X in FeSDx, increases from
0.148(10) at 2.3 GPa and 787 K to 1.25(5) at 9.7 GPa and 1300 K. A comparison between
FeSDx and FeHx/FeDx measurements at similar conditions shows that there is a general

similarity in the magnitude of H/D occupancy with increasing pressure.

A parallel multi-anvil experiment was conducted to determine the oxygen fugacity of samples
exposed to the D fluid produced by the breakdown of ND3BDs3, indicating an oxygen fugacity
of 1.2 £ 0.2 log units below the iron wistite (IW) oxygen buffer. This is much higher than

would be expected for an O-H fluid dominated by H if ideal mixing of H>—H>O is assumed. It
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is consistent, however, with the degree of non-ideal mixing implied by the recent observation
of immiscibility between Hz and H>O-rich fluids (Bali et al., 2013).

The D> solubilites are fitted to a thermodynamic model which confirms that FeS V hydrogen
contents should drop to low levels on temperature quenching at high-pressure. The model is
extrapolated to the lower H fugacities consistent with the higher oxygen fugacities at the base
of the cratonic lithosphere. At these conditions FeS V could still contain significant amounts
of hydrogen, in the range 1700-2700 ppm. Loss of hydrogen from diamond hosted FeS V
during decompression, could play a role in the development of the rosette like fracture systems
often observed around sulphide inclusions in diamonds (Harris, 1972). Based on an average
mantle sulphur content of 400 ppm (Gehlen, 1992), then at the base of the cratonic lithosphere
a bulk mantle H> content of 2-3 ppm could be hosted by mantle sulphides. At greater depths
lower oxygen fugacities and melting of FeS V may lead to higher hydrogen contents in

sulphides.

Finally, it may be possible to study the partitioning of deuterium between sulphide melts and
silicate melts and minerals at high pressure and temperature conditions, by quenching the
sulphide melts to temperatures where the deuterium content of the crystallised FeS V
assemblage is still below the D2 solubility. The deuterium contents in the quenched FeS V
assemblage would then be determined using the same type of in situ neutron diffraction

measurement, whereas the silicates would be recovered to room pressure for analysis.
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Appendix A
Appendix A.1

The single-crystal diamond trap (SCDT): a new method
to determine the composition of high-P—T fluids

Supplementary Figures and Tables

Figure A.1.1 — Minerals recovered from the SCDT eclogite experiment
Table A.1.1 — LA-ICP-MS analyses of the MnO-doped Li.B4O

Table A.1.2 — LA-ICP-MS analyses of the epoxy

Table A.1.3 — Composition of minerals before and after melting

Table A.1.4 — LA-ICP-MS analyses of the volatility test with GSE-1G glass

Supplementary Figure A.1.1: Minerals recovered from the SCDT eclogite experiment

Supplementary Figure A.1.1: Mineral grains recovered from an experiment
conducted with eclogitic starting material at 2.8 GPa and 700 °C for 15 hrs. a) Pyroxene
crystal with an old core and new overgrowth. b) Garnet crystal with new overgrowth
on the surface; c) Newly formed mica crystal.
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Supplementary Table A.1.1: LA-ICP-MS analyses of major and trace element concentrations
in the MnO-doped Li2B4O7

Element/oxide Measured value Unit
Li.O 229+0.1 wt. %
B203 74.3+0.1 wt. %
MnO 2.38 £ 0.04 wt. %
SiO2 0.37 £ 0.03 wt. %
K20 <0.039 wt. %
CaO <0.82 wt. %
FeOtot <0.023 wt. %
Al 36.1+3.4 Ho/g
Ti 19.7+7.3 Ma/g
Na 8.8+4.3 Ho/g
Mg 6.9+16 Ho/g
Sr 05%0.1 Ho/g
Pb 05%0.2 Ho/g
Zr 05%0.1 Mo/g
Nb 0.3x£0.2 Ma/g
Cs <0.2 Ma/g
U <04 Ma/g
La <04 Ha/g
Th <05 Ha/g
Rb <05 Ha/g
Y <0.6 Ha/g
W <0.8 Ma/g
Ag <12 Ma/g
Co <14 Mo/g
Ba <15 Ma/g
Mo <22 Ma/g
As <23 Ha/g
Cd <24 Ha/g
Cu <26 Ha/g
Sn <6.1 Ha/g
Cr <317 Ma/g
Se <895 Ma/g
P <205 Ma/g
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Supplementary Table A.1.2: LA-ICP-MS analyses of the epoxy

Element/oxide Epoxy Unit
CaOo <0.14 wt. %
SiO» <0.10 wt. %
Al 3406 Mo/g
Na 21+1.1 Mo/g
Fe <35.83 Ha/g
K <28.44 Ha/g
Ti <2.85 Ha/g
Mg <0.71 Ho/g
Pb <0.03 Hg/g
La <0.04 Ha/g
U <0.04 Hg/g
Th <0.05 Ha/g
Sr <0.06 Ha/g
Nb <0.06 Ha/g
Ag <0.07 Ha/g
TI <0.08 Ha/g
Cs <0.08 Hg/g
Y <0.08 Hg/g
Zr <0.08 Ha/g
Rb <0.10 Hg/g
Co <0.12 Hg/g
Cu <0.17 Ha/g
wW <0.21 Ho/g
Mo <0.22 pa/g
Ba <0.33 Ma/g
B <0.42 Hg/g
As <0.69 Hg/g
Cd <0.92 Hg/g
Sn <0.93 Hg/g
Mn <1.33 Ma/g
Li <2.59 Ma/g
Se <6.48 Ha/g
P <15.19 Ho/g
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Supplementary Table A.1.3: Composition of minerals before and after melting them in the presence of lithium tetraborate

Oxide (Wt%) Garnet Garnet Epidote Epidote Epidote  Tourmaline Tourmaline Albite Albite
pellet SCDT pellet SCDT-1 SCDT-2 pellet SCDT crystal SCDT
Na2O 0.0+0.0 0.7+0.2 3.2+0.0 3.1+0.5 3.0+0.3 2.3+0.0 2.440.1 11.540.1 11.6£1.0
MgO 2.6+0.0 2.840.3 1.8+0.2 1.6+0.5 1.8+0.4 2.3+0.0 2.8+0.0 <0.0 <0.0
Al203 18.4+0.1 19.3+1.6 12.8+0.4 12.9+1.6 12.3+0.7 31.9+0.1 38.6+1.4 19.440.3 19.1+0.7
SiO2 42.7£0.1 42.7 63.6+0.1 63.6 63.6 40.0£0.0 40.0 69.1+0.2 69.1
K20 0.0£0.0 1.4+0.2 2.7+0.1 3.2+0.6 4.6+0.9 0.1+0.0 0.8+0.1 0.2+0.0 4.0+1.2
CaOo 0.7x0.0 1.1+£1.6 9.8+0.1 9.6x1.7 11.1+0.6 0.2+0.0 1.2+0.4 <0.4 <6.1
TiO; 0.2£0.0 0.240.1 0.8+£0.0 0.84£0.3 0.8+0.3 0.2£0.0 0.3£0.0 <0.0 <0.0
FeOrot 34.7£0.1 33.4+3.2 5.2+0.2 4.6+0.9 5.2+0.5 11.4+0.0 12.3+0.1 <0.0 0.3+0.2

All these tests were performed by filling small amounts of mineral powders into laser-drilled holes within diamonds, subsequently melting them
in the presence of MnO-doped Li2B4O7, filling the remaining space of the holes with epoxy, and ultimately analyzing the entire holes with LA-
ICP-MS. The reference values were obtained by LA-ICP-MS analysis of densely pressed powder pellets, except for the albite, where larger piece
of the same starting material was used.
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Supplementary Table A.1.4: LA-ICP-MS analyses of major and trace elements of the
volatility test with GSE-1G glass

Element/oxide Unit Reference value Measured DE\(/(; ;lon
SiO» wt. % 53.7 53.7+0.0 int. std.
MgO wt. % 3.5 35+£0.1 -1
Al203 wt. % 13.0 128+£0.5 -2
Ca0O wt. % 7.4 7.7+£0.8 +4
TiO2 wt. % 0.1 0.1+£0.0 -4
FeOtot wt. % 12.7 13.9+£0.9 +10
Na.O wt. % 3.9 57+0.6 +47
K20 wt. % 2.6 6.0£0.6 +130
Pb Ha/g 378 396 + 100 +5
As uo/g 260 264 £ 16 +1
Ba uo/g 427 417 + 44 -2
Sr Ma/g 447 428 + 35 -4
Co Ha/g 380 357 £ 39 -6
Sn Ma/g 280 254 £ 18 -9
Zr Ma/g 410 359+ 35 -12
Nb Ha/g 420 357+ 22 -15
Rb Ha/g 356 301+ 60 -15
La Hg/g 392 328 £ 22 -16
Y Hg/g 410 340+ 32 -17
Mo Hg/g 390 316 + 39 -19
U Hg/g 420 321+ 16 -24
Th Hg/g 380 291 + 22 -24
w Hg/g 430 324 +24 -25
Cs Hg/g 310 200 + 48 -35
Cu Hg/g 380 114+ 74 -70
Ag ua/g 200 <26 >-113
Cd ua/g 160 <76 >-147

Volatility test for SCDT method, performed by filling GSE-1G powder and MnO-doped
Li.B4O7 powder at a ~2:1 weight ratio into laser-drilled holes within the diamond, subsequently
melting the mixture at 1000 °C for 10 minutes, and then filling the remaining space with epoxy

resin before the LA-ICP-MS analysis.
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Appendix A.2

An experimental investigation of factors controlling the
oxygen content of sulphide melts in the Earth’s mantle

Supplementary Figures and Tables

Figure A.2.1 — Cross-section view of high-pressure multi-anvil cell assembly

Figure A.2.2 — (a) TEM high angle annular dark field (HAADF) image (b) EDX element map
Figure A.2.3 — Fe-Mg exchange between coexisting olivine and orthopyroxenes

Table A.2.1 — Compositions of starting silicate mixtures used in the experiments

Table A.2.2 — Summary of EPMA standards and secondary standards used for the analyses
Table A.2.3 — Summary of silicate crystals and melt composition analysis by EPMA *

Table A.2.4 — Summary of sulphide analysis by EPMA *

* Available as electronic materials at: https://doi.org/10.6084/m9.figshare.21253536.v1
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Supplementary Figure A.2.1: Cross-section through the octahedron cell assembly
with an edge length of 18 mm, used for high-P-T multi-anvil experiments. The
truncation edge length of WC cubes used were 11 mm.

171


https://doi.org/10.6084/m9.figshare.21253536.v1

Appendix A.2

[a]

RT InK

FeNi alloy

Supplementary Figure A.2.2: (a) High angle annular dark field (HAADF) scanning
TEM image of the sulphide assemblage showing the atomic number (Z) contrast of
different phases (sample V1045; 1400 °C). (b) EDX element map of area (dashed
square in the image) showing the presence of different compositions
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Supplementary Figure A.2.3: Fe-Mg exchange between coexisting olivine and
orthopyroxenes. (a) The exchange coefficient (Kp) expressed as RT In Kp as a function
of Fe content (molar Fe/(Fe+Mg)) of olivine. Calculated fit through the experimental
data is shown as the black line at 5 GPa, 1800 K. The scatter is partly due to the
variation of the temperature. (b) Fe content (Fe/(Fe+Mg)) in coexisting orthopyroxene
and olivine crystals. The black line through the data is calculated using free energy of
endmembers and is not a linear fit to the data points. Uncertainties are 1o standard

deviation.
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Supplementary Table A.2.1: Compositions of starting silicate mixtures used in the

experiments.

wt. %

oxide A B C D E F
SiO2 44.05 43.20 41.29 39.47 48.70 40.61
TiO: 0.11 0.11 0.10 0.10 -

Al203 3.45 3.38 3.23 3.09 -

Cr203 0.31 0.31 0.29 0.28 -

FeO 8.06 9.83 13.81 17.61 3.97 25.72
MnO 0.12 0.12 0.11 0.11 -

MgO 38.82 38.07 36.39 34.79  46.03 33.67
CaO 3.02 2.96 2.83 2.70 1.32

Na2O 0.29 0.29 0.28 0.26 -

K20 0.02 0.02 0.02 0.02 -

V205 1.76 1.72 1.65 1.58 -

Total 100.00 100.00  100.00  100.00 100.00 100.00

A, B, C, D — Modified KLB 1 composition after Davis et al. (2009). The total
FeO ranges from 8.06 — 17.61 wt. %.
E — simplified olivine + clino-enstatite mixture
F — Fe rich olivine (Mgo.7Feo.3)2SiO4 + 5 % SiO; starting mixture
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Supplementary Table A.2.2: EPMA standards and secondary standards used for the

analyses of experimental silicate and sulphide run products

Silicates analysis Standard Crystal X-ray Counting times (S)
(oxides) line peak background
SiO; Olivine/Andradite TAP Ka 20 10
TiO2 MnTiO3 LIF Ka 60 30
AlzO3 Spinel TAP Ka 20 10
Cr03 Cr03 LIFH Ka 60 30
FeO Olivine LIF/LIFH Ka 20 10
MnO MnTiO3 LIF Ka 60 30
MgO Enstatite/Olivine  TAP Ka 20 10
CaOo Andradite PETJ Ka 20 10
Na20O Albite TAP Ka 10 5
K20 Orthoclase PETJ Ka 10 5
V205 V metal LIFH Ka 60 30

Sulphide/alloy

analysis (elements)
Fe FeS>/Fe metal LIF/LIFH Ka 20 10
S FeS: PETJ Ka 20 10
@) Fe203 LDE1 Ka 60 30
Ir Ir metal LIF/LIFH La 20 10
Ni Ni metal LIFH Ka 20 10
\Y V metal LIFH Ka 20 10
Cu Cu metal LIFH Ka 20 10
Mo Mo metal LIFH Ka 20 10
Cr Cr203 LIFH Ka 60 30
Si FeSi alloy TAP Ka 60 30

Secondary standards measured for background oxygen levels
Fe metal
FeSi alloy
FeS;
Pyrrhotite

All analyses were performed using JEOL JXA 8200 electron probe micro analyser in
Bayerisches Geoinstitut, Bayreuth, Germany. Matrix corrections method for silicates is “@p-z”

and for sulphide/alloy is “ZAF” method.
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Appendix A.3

Deuterium content and site occupancy in iron sulphide at
high pressure and temperature using in situ neutron
diffraction experiments

Supplementary Text, Figures and tables

Text A.3.1 — Error propagation of experimental pressure

Figure A.3.1 — High pressure cell assembly

Figure A.3.2 — Power vs. temperature calibration curves

Figure A.3.3 — positive nuclear densities observed in difference Fourier map of FeS V

Figure A.3.4 — Results of refinned diffraction patterns showing dry (a) and final deuterated
(b) models

Figure A.3.5 — Overview of the unit-cell volume expansion of FeS V of each experiment

Table A.3.1 — Unit-cell parameters upon room temperature decompression of quenched FeS
V phase

Table A.3.2 — Unit-cell parameters of deuterated (A526) and blank (A595) experiments
Table A.3.3 — Unit-cell parameters of identified high P, T polymorphs of FeS
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Text A.3.1: Calculating the uncertainties of experimental pressure

The uncertainties in pressure were estimated using the following error propagation equation,
combining both unit-cell volume and temperature errors (50 °C) on the NaCl-B1 equation of

state reported by Dorogokupets and Dewaele (2007).

0, PV + PV. 2 o PT + PT_ 2
Uncertainty of P = \/{—V X M} + {_T % (Pmax mln)}

|4 2 T 2

where gy, is the error of unit-cell volume, PY,, and PY,,, are pressures calculated at V + o, and
V — oy respectively, o is the error on temperature (+50 °C), P%.. and PL. are pressures

calculated at T + o and T — o respectively.
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Figure A.3.1: A cross-section through the high pressure cell assembly of TEL 10 cell
(cube edge length is 15.0 mm) used for experiments at P <7 GPa. The TEL 7 cell used
for the experiments at P > 7 GPa has the same design with a cube edge length of 10.5
mm. The deuterium source, ND3BDs pellets, are placed on the top and bottom of the
troilite sample pellet in a NaCl capsule.
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Figure A.3.2: Measured temperatures employing Pt-Pt 13% Rh thermocouples as a
function of electrical power (W) in four different calibration experiments. These
power-temperature calibrations were later used for determining the required electrical
power to reach target temperatures during the in situ experiments.

Figure A.3.3: The structure model of the FeS V (P6a/mmc, Z=2) at 6.9 GPa, 960 K
showing the 6h (light blue) and 12k (light grey) Wyckoff positions, where positive
nuclear densities were observed in the difference Fourier map (DELF).

177



Appendix A.3
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Figure A.3.4: Neutron diffraction - Rietveld structure refinement of NiAs-type FeSV
structure (hexagonal-P6s/mmc, Z=2) of run number A526 (data file #61306) at 6.9
GPa, 960 K. Two different models represent; a refinement with no D in the structure—
dry model (residuals are observed), b final structural model implies two interstitial sites
- 6h and 4f (3m), are partially occupied by deuterium. The weighted R factor (wRp) of
the final model in panel “b” is 3.26 %, which is an 52.5 % improvement compared to

the dry model in panel “a”.

178



Appendix A.3

6.5

Unit-cell volume (A%)
H

60.08

60.04

60,4

546

2 Py 2
H H

Unit-cell volume (A%)

536

9.7(4) GPa, 1300 K

11.4(5) GPa, 1250 K

7.4(4) GPa, 960 K

z.
2 . L-1--L]
ECE i ER L
———————————————— z [ L
] g =S4 )
" - ~ 602 = M
v A0524-1 A0524-2 : A0526
HPN061287 HPNO061283 43 3 HPN061306
2.3(2) GPa, 787K 2.7(2) GPa, 940 K i 6.9(4) GPa, 960 K
T T T T T T 0.1 T T T T 340 T T T T T T T
0 1 2 3 4 5 6 7 8 9 0 3 4 5 6 8 0 4 6 8§ 10 12 14 16 18
Tlme (hrs.) Tlme (hrs.) Tlme (hrs.)
d 30 D6TF
5344
529
iR SUNE R - Zs I
:Ff""‘.’_”-’+*_* - A SV R P
|- - 2 = L4
L] s |\ ___ EETE T
— — -
1 B 5274 " B .
'E' g s284 |
A0593 526 i A0527 . A0595
HPN071410 HPNO061318 5269 HPNO071450

T T
4 6

T
8

T T T T
10 12 14 16 18

Tlme (hrs.)

20

T T
1 2 3

TIme (hrs.)

4

T T T
4 6 8 10

I'lme (hrs.)

Figure A.3.5: The unit-cell volume expansion of FeS V over the run duration of each
experiment. The dashed lines represent the unit-cell volumes obtained (see table 2) by
fitting the diffraction patterns excluding the first 1-5 hrs. The experiment A527 (panel-
e) was terminated before the equilibration (only ~3 hrs.). Panels a and b represent the
same experiment (A524) where two diffraction data collections were done at 940 K
and 787 K. Panel-f shows the blank experiment. Note that all experiments (except the
blank run without deuterium source) show a slight continuous increase of unit-cell
volume until the end of data collection. This is more prominent in panel-a (with a short-
range y-axis) because the data collection (T = 787 K) was done after the first stage of
unit-cell volume increase is completed at a higher temperature (940 K in panel-b).
Uncertainty of temperatures can be up to ~50 °C.
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Table A.3.1: Unit-cell parameters of quenched FeS V phase upon room temperature

decompression (data plotted in the Figure 6.2) — experiment A527

St P y . Unit-cell parameters of FeS V VIVo
ata (GPa) Nacl (A°) 2 ) ¢ (A) v (A9 Vo= 62.3081(6)
61332  0.3(3) 177.52(4) 3.4527(2) 5.8229(7) 60.117(8) 1.00
61331 0.7(4) 174.52(5) 3.4469(3) 5.8073(8) 59.755(9) 0.99
61330 1.7(3) 168.86(5) 3.4291(3) 5.7734(9) 58.790(9) 0.98
61329 3.0(3) 162.83(4) 3.3969(5) 5.7114(14) 57.075(14) 0.95
61328  4.3(3) 157.33(6) 3.3648(5) 5.6411(13) 55.312(13) 0.92
61327  6.6(3) 150.24(5) 3.3187(5) 5.4453(14) 51.938(14) 0.86
61326 7.6(2)  147.47(4) 3.2970(4) 5.3596(12) 50.454(11) 0.84
61325 8.2(2) 145.88(5) 3.2881(4) 5.3420(13) 50.016(12) 0.83
61324 8.6(2) 144.95(3) 3.2816(3) 5.3327(9) 49.734(8) 0.83
61323  8.4(4) 145.39(7) 3.2822(7) 5.3393(19) 49.814(18) 0.83
61322 8.3(3) 145.79(4) 3.2831(5) 5.3494(15) 49.934(13) 0.83
61321 8.0(4) 146.45(5) 3.2883(5) 5.3444(15) 50.045(15) 0.83
61320 7.8(4) 146.91(6) 3.2926(5) 5.3659(14) 50.378(12) 0.84

Table A.3.2: Unit-cell parameters of one-hour data slices in deuterated experiment — A526
(6.9(4) GPa, 960 K) and blank experiment — A595 (7.3(4) GPa, 960 K). these data correspond

with the Figure 6.5.

Unit cell parameters of FeS V

2;::(; Deuterated i(g 2e é;ment (Run Blank experiment (Run# A595)
a(A) c (A) V(A% a(A) c (A) Vv (A%
1 3.3703(2) 5.5121(5) 54.223(5) 3.3463(4) 5.4591(11) 52.941(10)
2 3.3745(2) 5.5208(4) 54.445(4) 3.3496(4) 5.4652(13) 53.102(12)
3 3.3791(1) 5.5316(3) 54.699(3) 3.3493(4) 5.4680(13) 53.121(12)
4 3.3824(1) 5.5415(4) 54.905(4) 3.3494(4) 5.4661(13) 53.107(12)
5 3.3888(1) 5.5548(3) 55.243(3) 3.3477(4) 5.4684(13) 53.075(12)
6 3.3897(1) 5.5569(4) 55.294(3) 3.3490(4) 5.4676(13) 53.109(12)
7 3.3901(1) 5.5577(4) 55.316(3) 3.3489(4) 5.4676(13) 53.105(12)
8 3.3906(1) 5.5581(4) 55.337(3) 3.3492(4) 5.4648(13) 53.088(12)
9 3.3912(1) 5.5589(3) 55.365(3) 3.3492(4) 5.4689(13) 53.127(12)
10 3.3916(1) 5.5602(3) 55.389(3) 3.3490(4) 5.4682(13) 53.112(12)
11 3.3920(1) 5.5605(3) 55.405(3) 3.3484(4) 5.4679(13) 53.092(12)
12 3.3924(1) 5.5605(3) 55.418(3)
13 3.3924(1) 5.5607(3) 55.422(3)
14 3.3925(3) 5.5607(9) 55.423(8)
15 3.3932(2) 5.5630(5) 55.471(5)
16 3.3935(3) 5.5616(7) 55.467(7)
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Table A.3.3. Unit-cell parameters of identified high-P-T polymorphs of FeS. These data
correspond to the points plotted in the FeS phase diagram (Figure 6.1)

Run#  Datat P T  VnNac Phase Unit-cell parameters
GPa) (K) (A3 a A b h cA 2eS) B

AO524 61278 00() 298 179.65(8) FeS| 5.09684(3) 59684(3) 11.7577(14) 362.72(4)

A0526 61313 0.2(3) 298 177.83(6) FeS| 5.9679(8) 59679(8) 11.749(2) 362.39(7)

AO524 61289 17(3) 550 172.72(5) FeSV 3.4676(1) 3.4676(1) 5.7376(3) 59.749(3)

A0526 61312 18(3) 298 168.05(4) FeS| 5.9246(5) 5.9246(5) 11.3858(16) 346.11(5)

AO526 61311 2.8(2) 298 163.47(4) FeSIV 6.7801(5) 6.7801(5) 5.7388(13) 228.47(5)

AO524 61278 3.0(3) 298 162.72(5) FeSIV 6.7531(7) 6.7531(7) 5.7187(17) 225.86(7)

A0524 61280 3.1(4) 600 16598(7) FeSV 3.4182(8) 3.4182(8) 5545(2)  56.107(19)

AO524 61281 3.2(4) 787 167.97(6) FeSV 3.4478(4) 3.4478(4) 5.6260(11) 57.919(11)

A0526 61310 38(2) 298 159.32(3) FeSIV 6.7354(5) 6.7354(5) 5.7273(9) 225.01(4)

A0526 61309 48(2) 298 155.60(3) FeSIV 6.6954(5) 6.6954(5) 5.7108(10) 221.71(4)

A0526 61308 5.5(2) 298 153.38(3) FeSIV 6.6724(4) 6.6724(4) 5.7061(10) 220.01(4)

A0526 61307 58(7) 447 153.70(4) FeSIV 6.6902(6) 6.6902(6) 5.6939(15) 220.71(6)

AO595 71449 7.4(2) 298 148.11(4) FeSIll 8.0332(16) 5.5402(12) 6.2530(10) 277.99(8) 92.651(18)
AO593 71409 9.3(2) 298 143.47(5) FeSIll 8.0064(13) 55021(13) 6.1742(12) 271.60(6) 93.052(12)
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