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Summary

Summary

The experiments in this study were performed to examine the effect of volatile components on

the melting of mantle rocks at conditions of the deep upper mantle (~180-400 km).

Chemical compositions, including H2O contents, of hydrous melts, compatible with those that
would form by small degree melting of an upper mantle peridotite at 180 km depth and near
adiabatic temperatures, were determined using a series of iterative crystallization experiments.
Experiments were performed in a multianvil apparatus at 6 GPa and 1400 °C employing a
hydrous, natural mantle peridotite, which was equilibrated with a large volume of hydrous melt.
The melt composition was iterated in a series of experiments until it was in equilibrium with a
complete peridotite assemblage with mineral compositions close to those encountered in a sub
solidus experiment at the same conditions. The H>O content of the melt could be accurately
determined through a mass balance calculation as a result of the large volume of melt
employed. The hydrous melt compositions, when compared on a volatile free basis, are found
to be similar to group Il kimberlites. A model is proposed, whereby group 1l kimberlites form
from cratonic lithosphere that has been previously melted but then metasomatised resulting in
the addition of ~1.7 wt % phlogopite to the rock. Parameters in the model are constrained
through the mineral melt partition coefficients of both H.O and K20, which imply melting at
near adiabatic temperatures. The H2O concentrations of mineral phases within the peridotite
assemblages were also measured using an ion probe and elastic recoil detection analysis. Using
the known melt H,O contents mineral-melt partition coefficients for olivine, clinopyroxene,
orthopyroxene and garnet were determined. Using these results the on set and extent of melting
at conditions equivalent to 180 km below a mid ocean ridge was examined as a function of
bulk mantle H20 concentration. The results indicate that current estimates for the H.O content
of the depleted mantle (50-200 ppm H20) are insufficient to induce mantle melting at these
conditions, which requires ~700 ppm wt H20 to produce 0.1 % melting and 1600 ppm for 1 %
melting. However, melting can occur at these conditions within the mantle source of ocean
island basalts, which is estimated to contain up to 900 ppm wt H.O. If adiabatic temperatures
are 200 °C higher within such plume related sources, melt fractions of over 1 % can be reached
at 180 km depth. In addition, based on inter-mineral H20 partitioning a model that predicts the
distribution of H>O between peridotite mineral phases as a function of depth at H.O
undersaturated conditions is presented. The model indicates that for a fixed mantle H.O content

of 200 ppm wt, the olivine H.O content will increase with depth solely due to changes in inter-
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phase partitioning and mineral modes. The results of this model provide an explanation for the

reduction in seismic anisotropy observed at depths >200 km.

Further experiments were conducted at 6 and 13 GPa in the simplified systems MgSiOs-H20
and MgSiOs-H20 to determine the effect of H.O on melting point depression. Melting phase
relations were examined using a simple thermodynamic model that supports the almost
complete dissociation of H,O to OH™ bonded to melt silicate components at these conditions,
although results for forsterite at 13 GPa are inconclusive due to uncertainties in the dry melting
temperature. This simple model is unsuccessful in predicting the depression of melting
temperature due to H20 for peridotite melts, however, indicating that hydrous melting models
in simple systems provide little guidance as to the behavior of H.O in natural melt
compositions. In addition, H>O partition coefficients were determined as a function of
temperature for end member forsterite and enstatite at 6 and 13 GPa. Very little temperature

dependence to the partition coefficients was observed except for forsterite at 13 GPa.

Experiments performed in the MgO-SiO2-H.O-CO- system at 13 GPa were used to investigate
the effect of CO> on the mineral-melt H.O partition coefficient. It was found that a melt
CO2/(CO2+H20) (weight) ratio of 0.3 causes the forsterite H>O partition coefficient to decrease
by 50 % compared to the CO»-free partition coefficient, due to a significant drop in the
measured forsterite H.O content. This effect decreases with increasing temperature and must
be caused by strong interaction between COz and HO in hydrous melts. The results imply that
at the base of the upper mantle H.0-CO- bearing melts can form at adiabatic conditions if as
little as 250 ppm wt of H20 is present in the bulk mantle. This dramatic effect of CO> on the
mineral-melt partitioning of H.O may explain seismic observations interpreted to be caused by

the presence of melt at the base of the upper mantle.



Zusammenfassung

Zusammenfassung

Die Experimente in dieser Arbeit wurden durchgefihrt, um den Effekt von volatilen
Komponenten auf das Schmelzen von Mantelgesteinen unter den Bedingungen des tiefen

oberen Erdmantels (150-400 km Tiefe) zu untersuchen.

Mithilfe einer Reihe von iterativen Kristallisationsexperimenten wurde die chemische
Zusammensetzung einschliesslich des H20-Gehalts von solchen wasserigen Schmelzen
bestimmt, die vergleichbar mit Schmelzen sind, welche sich bei geringem
Aufschmelzungsgrad eines Peridotits im oberen Erdmantel bei ca. 180 km Tiefe und quasi
adiabatischen Temperaturen bilden. Die Experimente wurden in einer Vielstempelpresse bei 6
GPa und 1400 °C mit einem wasserhaltigen, nattirlichen Mantelperidotit durchgefihrt, der sich
im Gleichgewicht mit einem grossen Volumen von wasseriger Schmelze befand. Die
Schmelzzusammensetzung wurde in einer Serie von Experimenten iterativ verfeinert, bis sie
sich im Gleichgewicht mit einem kompletten Peridotit-Mineralbestand befand, wobei der
Mineralchemismus dem eines experimentell unter sub-solidus Bedingungen equilibrierten
Peridotits  entsprach. Der  Wassergehalt der Schmelze konnte durch eine
Massenbilanzierungsberechnung genau bestimmt werden, da sich das Gestein mit einem
grossen Volumen von Schmelze im Gleichgewicht befand. Die Zusammensetzungen der
wasserigen Schmelzen sind dhnlich zu denen von Kimberliten der Gruppe Il, wenn man sie
unter Nichtberlcksichtigung der flichtigen Elemente vergleicht. Es wird ein Modell
vorgeschlagen, in dem sich Kimberlite der Gruppe Il in kratonischer Lithosphere bilden, die
vorher teilweise aufgeschmolzen war, aber dann metasomatisch tberpréagt wurde, so dass als
Resultat dem Gestein 1.7 Gew.% Phlogopit hinzugefiigt wurden. Die Parameter des Modells
sind durch die Verteilungskoeffizienten zwischen Mineralen und Schmelze von H.O und K20
bedingt, was auf ein Aufschmelzen unter adiabatischen Bedingungen schliessen lasst. Die
H.O-Gehalte der Mineralphasen innerhalb der Peridotite wurden mit der lonensonde und
elastische Ruckstreudetektionsanalyse gemessen. Mithilfe der bekannten H,O-Gehalte wurden
die Verteilungskoeffizienten zwischen Schmelze und Olivin, Klinopyroxen, Orthopyroxen und
Granat bestimmt. Mit diesen Ergebnissen wurde dann die Inizierung und das Ausmass der
Schmelzbildung bei Bedingungen von 180 km Tiefe unter einem mittelozeanischen Riicken als
Funktion des H2O-Gehalts des Gesamtmantelgesteins untersucht. Die Resultate deuten darauf
hin, dass die gegenwértigen Abschétzungen fur den H.O-Gehalt des verarmten Mantels (50-

200 ppm Gew. H20) nicht ausreichend sind um Schmelzbildung unter diesen Bedingungen zu
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induzieren, die ~700 ppm Gew. H.O fiir 0.1 % Schmelze, bzw. 1600 ppm Gew. H,O fur 1 %
Schmelze erfordert. Unter diesen Bedingungen kann jedoch Aufschmelzung in dem Mantel-
Entstehungsbereich von Ozeaninsel-Basalten (OIB) induziert werden, fiir den Wassergehalte
von ca. 900 ppm Gew. H20 abgeschétzt werden. Falls die adiabatischen Temperaturen in
diesen Bereichen 200 °C hoher sind, kénnen Aufschmelzungsgrade von 1 % in einer Tiefe von
180 km erreicht werden. Dartiberhinaus wird auf Basis der Verteilung von H,O zwischen den
Mineralen ein Modell prasentiert, das die Verteilung von H.O zwischen den Peridotit-
Mineralphasen als Funktion der Tiefe bei H.O-unterséttigten Bedingungen vorhersagt. Das
Modell sagt ausserdem voraus, dass bei einem konstanten H.O-Gehalt des Mantels von 200
ppm Gew. der Anstieg des H.O-Gehalts von Olivin mit der Tiefe nur durch die Anderungen
der Verteilungskoeffizienten und der Mineralkomponenten bestimmt wird. Die Ergebnisse
dieses Modells liefern daher auch eine mogliche Erklarung fur die Reduzierung der

seismischen Anisotropie des Erdmantels, die bei Tiefen >200 km beobachtet wird.

Weitere Experimente wurden bei 6 und 13 GPa in den vereinfachten Systemen Mg.SiO4-H,O
und MgSiOs-H20 durchgefiihrt, um den Einfluss von H2O auf die Schmelzpunkterniedrigung
zu  bestimmen.  Schmelzphasenbeziehungen  wurden  mithilfe eines einfachen
thermodynamischen Modells untersucht, das die fast vollstdndige Dissoziierung von H2O zu
dem bei diesen Bedingungen an Komponenten der Silikatschmelze gebundenem OH"
beinhaltet, wobei die Resultate fur Forsterit bei 13 GPa aufgrund der Unsicherheiten bei der
wasserfreien Schmelztemperatur nicht schliissig sind. Dieses einfache Modell kann allerdings
die Schmelzpunkterniedrigung durch H.O fir peridotitische Schmelzen nicht erklaren, was
darauf hindeutet, dass Modelle fir Schmelzbildung unter Wassereinfluss in einfachen
Systemen nur wenige Hinweise auf das Verhalten von HxO in natirlichen
Schmelzzusammensetzungen geben. Darlberhinaus wurden H2O Verteilungskoeffizienten als
Funktion der Temperatur fir die Endgliedzusammensetzungen Forsterit und Enstatit bei 6 und
13 GPa bestimmt. Dabei war die Temperaturabhangigkeit der Verteilungskoeffizienten — mit

Ausnahme von Forsterit bei 13 GPa — nur sehr gering.

Um den Einfluss von CO; auf den H2O Verteilungskoeffizienten zwischen Mineralen und
Schmelze zu bestimmen, wurden Experimente im System MgO-SiO.-H>0-CO; bei 13 GPa
durchgefiihrt. Es wurde festgestellt, dass bei einem Gewichtsverhéltnis CO2/(CO.+H20) von
0.3 der H.0 Verteilungskoeffizient von Forsterit um 50 % gegenuber dem CO2-freien

Verteilungskoeffizient reduziert ist, wie es durch einen signifikant geringeren H.0-Gehalt von
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Forsterit in diesem Fall dokumentiert wird. Dieser Effekt veringert sich mit ansteigender
Temperatur und muss durch die starke Wechselwirkung von H2O und CO> in wéasserigen
Schmelzen verursacht sein. Die Ergebnisse implizieren auch, dass sich an der Basis des oberen
Erdmantels H20-COz-haltige Schmelzen unter adiabatischen Bedingungen bilden kdnnen,
wenn so geringe Wassergehalte wie 250 ppm Gew. H20 im Mantel vorhanden sind. Dieser
dramatische Einfluss von CO auf die Verteilungskoeffizienten von H>O zwischen
Mineralphasen und Schmelze kdnnte auch seismische Beobachtungen erklaren, die als das

Auftreten von Schmelzen an der Basis des oberen Erdmantels interpretiert werden.






1. Introduction

1. Introduction

1.1 A small blue dot

Hydrogen is the most abundant element in the universe, comprising 73 % of the Sun and, based
on the compositions of their atmospheres, between 80-90 % of the giant planets. Hydrogen and
volatile elements in general are clearly not evenly distributed throughout the solar system,
however. The most abundant element on Earth, for example, is Fe (32 % by mass), followed
by oxygen (30 %), silicon (15 %) and magnesium (14 %), with the volatiles elements H and C
having estimated concentrations of <1000 ppm (McDonough, 2001). The dichotomy in volatile
distribution in the solar system is considered to arise from partial condensation from the solar
nebula where temperatures decreased radially with distance from the Sun (Lewis, 2004). In the
outer solar system complete condensation could occur, however, temperatures in the inner solar

system were too high for highly volatile elements to condense (Fig. 1.1).
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Fig. 1.1: Equilibrium condensation of elements from the solar nebula as a function of nebula temperature.
(Modified after Lewis, 2004).
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Solar winds eventually dispersed the remaining nebula leaving the inner solar system depleted
in volatile elements, with the magnitude of the depletion increasing with decreasing
condensation temperature. It is postulated that the so called snow line, where H2O condensed
to form ice was at the outer edge of what is now the asteroid belt at ~5 AU (Mumma et al.,
2003). Most astrophysical models for terrestrial planet accretion indicate that initial accretion
occurred from a local radial “feeding zone”, whereas later accretion involved material mixing
from increasing radial distance due to an increase in orbital eccentricity caused by gravitational
interactions (Rubie et al., 2010). The most likely origin for volatiles on Earth, therefore, would
be as a result of this later mixing of more volatile-rich material from nearer to the asteroid belt
(Marty, 2012).

Earth is the “blue planet” with approximately 71 % of its surface covered by liquid water.
Surface water makes Earth unique among the terrestrial planets i.e. a habitable planet capable
of supporting life. This unique habitat is underlined in one of the most distant photographs of
the Earth, which was taken by the Cassini spacecraft on 19" July 2013 as it orbits Saturn 898
million miles away (Fig. 1.2). The Earth appears as a faint blue dot in an otherwise inhospitable

solar system.

Fig. 1.2: The Blue dot Earth (above arrow) seen from Saturn by the Cassini spacecraft on 19" July 2013. (Modified
photo from NASA/JPL-Caltech/Space Science Institute).
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Even if liquid water covers almost three quarters of the surface, its mass is only a small portion
of our planet. In fact, the Earth’s surface water amounts to ~1.4 x 10% kg, which is only 0.023
% of the mass of the Earth (~ 6 x 10%* kg). Other surface water reservoirs, such as ground water,
glaciers, permafrost, lakes etc., make up only a fraction of this total surface water
(Shiklomanov, 1993). However, the Earth’s hydrosphere and water cycle are essential to life
and H>O vapor also makes the most direct contribution to the Greenhouse effect. Similar
arguments can be made for CO». Although they make up only tiny proportions of the bulk

Earth, H20 and CO: are by far the most important chemical components to life.

Gas giants possess primary atmospheres that formed directly from the gas of the accretion disc.
Terrestrial planets, on the other hand, and particularly Earth are considered to have secondary
atmospheres that degassed from the mantle via volcanic eruptions (e.g. Rubey, 1951). Models
suggest that the atmosphere and hydrosphere out-gassed at a very early stage in Earth’s history,
however, this degassing has continued to the present day although at a considerably slower rate
(e.g. Alléegre et al., 1986-87). Table 1.1 shows typical gas compositions from volcanoes in

different tectonic settings (Symonds et al., 1994).

Table 1.1. Volcanic gas compositions in vol %. (Source: Symonds et. al., 1994)

Volcano Kilauae Summit Erta’ Ale Momotombo
Tectonic Setting Hot Spot Rift Subduction Zone
H.0 37.1 77.2 97.1
CO; 48.9 11.3 1.44
SO, 11.8 8.34 0.50
H: 0.49 1.39 0.70
CO 1.51 0.44 0.01
H.S 0.04 0.68 0.23
HCI 0.08 0.42 2.89
HF 0.26

H-.O dominates in most volcanic gasses, followed by COzand then SOz (Anderson, 1975). H20
in particular dominates in subduction zone volcanoes, which is likely related to H.O being
subducted back into the mantle at these convergent plate boundaries. H2O in subduction zone

magmas contributes to the generally highly explosive nature of these volcanic eruptions.
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The Earth’s interior is, therefore, also a reservoir for volatile elements that have degassed to
the surface over Earth’s history. Although likely only present in small amounts, volatiles can
have important influences on the physical and chemical properties of the Earth’s interior. The
Earth, for example, appears to be also unique in the solar system in respect of have plate
tectonic processes. It has been suggested that the presence of H defects in minerals of the
mantle may influence mantle rheology and the nature of plate tectonic processes (Hirth and
Kohlstedt, 2003). In order to understand the role that volatiles play in the Earth’s interior both
currently and throughout Earth’s history, it is essential to understand their geochemical

behaviour and distribution inside the Earth.

1.2 The volatile content of the Earth’s mantle

The Earth’s bulk volatile inventory could potentially be estimated from evaluations of the
volatile contents of chondritic meteorites, considered to be representative of the material from
which terrestrial planets formed. While quite accurate estimates can likely be made in this way
for the bulk Earth concentrations of refractory elements, such as rare earth elements, which
condense at high temperatures, estimates are highly uncertain for volatile elements. This is
because volatiles are strongly depleted relative to chondrites in the Earth. However the
concentration of some volatile elements in the Earth such as Ar, that have radiogenically
produced isotopes, can be approximated from their isotopic ratios. By assuming that the initial
bulk Earth depletion in Ar was similar to other volatile elements, concentrations of volatiles in
the Earth can be estimated. In this way Marty (2012) determined that the Earth’s interior may
host 1000-3000 ppm H,O and up to 500 ppm C.

The most direct estimates for the H20 content of the Earth’s upper mantle come from estimates
of the pre-eruptive volatile contents of mid ocean ridge basalts (MORBS). Volatile solubility
in magmas decreases as magmas rise to the surface causing degassing. The initial pre-eruptive
volatile content can only be determined from melts that preserve these volatiles, either because
they are trapped as bubbles in the rapidly quenched glass, the so called popping rocks (e.g.
Javoy and Pineau, 1991), or because the melts are trapped at higher pressures as inclusions in
crystallizing minerals (Saal et al., 2002). The mantle concentration of volatile components is
then normally determined by comparison with a trace element that is considered to behave
similarly to the volatile during mantle melting. The concentrations of these non-volatile trace

elements can be better constrained in the mantle because they can be considered to have near

10
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chondritic ratios with other well determined mantle trace elements. In Fig 1.3, H.O/Ce and
CO2/Nb ratios for MORB melt inclusions were plotted by Saal et al. (2002) as a function of
melt Na2O content.
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Fig. 1.3: Ratios of volatile components and trace elements in olivine melt inclusions as a function of Na,O content
of hosting lavas. As these ratios do not change over large concentrations of Na,O, which is a proxy for the degree
of fractionation or partial melting, they likely behave similarly during these processes. (Modified after Saal et al.
(2002).

As NaxO is varying between magmas as a result of the degree of melting and fractional
crystallization, the fact that these ratios remain relatively constant must imply similar behaviour
of each of the two components during melting and later evolution of the magma. From these
ratios it is therefore possible to determine the mantle ratio of these components and from an
estimate of the absolute concentration of the normalizing element in the mantle source, the
mantle volatile content can be determined. Such determinations are given in Table 1.2 for H,O
and COx.

Table 1.2: water content of MORBSs and OIBs mantle source region

MORBs
source sample H,O (ppmwt)  CO, (ppm wt)
Michael (1988) basalt glasses 140-350
Dixon et al., (2002) basalt glasses 100-400
Saal et al., (2002) melt inclusions in olivine 142+85 72+19
Simons et al., (2002) basalt glasses 54-120
Workman and Hart (2005) basalt glasses 70-160 36+12
OIBs
source sample H,O (ppmwt)  CO, (ppm wt)
Dixon et al., (1997) basalt glasses 525+75 1300800
Dixon et al., (2002) basalt glasses 750
Nichols et al., (2002) basalt glasses 620-920
Simons et al., (2002) basalt glasses 750
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For the depleted MORB source most estimates range up to 150 ppm of H.O and 70 ppm CO..
Higher H20 values reported by Michael (1998) and Dixon et al., (2002) in Table 1.2 are from
enriched MORB sources. Ocean island basalts (OIB) are considered to be formed by melting
of mantle plumes that originate from an enriched source that resides at greater depth within the
mantle than the MORB source. OIBs are richer in volatiles with estimated H20 contents as

high as 750 ppm wt i.e. ~ 4 times typical depleted MORB values.

1.3 Earth’s deep water cycle

At divergent plate boundaries asthenospheric mantle up wells to fill space left by the separating
lithospheric plates. As the asthenosphere rises decompression causes it to melt and produce
MORB:s that pave the oceans floor and are volumetrically the most important igneous rock on
the planet. During this process volatiles from the mantle degas to fill surface reservoirs such as
the hydrosphere and atmosphere. These surface reservoirs were most likely originally formed
in a similar fashion although early degassing would have been more rapid due to the higher

temperature of the Earth’s interior.

During cooling of the oceanic crust circulation of sea water into the lithosphere occurs as
implied by the formation of secondary minerals such as serpentine and talc. One manifestation
of this hydrothermal circulation process is the hydrothermal chimneys known as “black
smokers” that are present along mid ocean ridges. They emit clouds of precipitating metals and
sulphides that were initially dissolved in hydrothermal fluids at higher temperatures within the
crust. Long residence of the oceanic lithosphere under the ocean causes significant amounts of
hydrous alteration of the crust, and carbonate minerals can also be precipitated in these
alteration processes. Alteration can penetrate deep into the lithosphere as a result of deep faults
formed particularly at the so called outer rise in front of a subduction zone, where the slab starts
to bend before subducting. In addition, sediments rich in clay minerals and carbonate are
deposited on the sea floor. Ultimately the oceanic lithosphere cools with time, becoming denser
than the underlying asthenosphere. At this point it dips back into the interior at a subduction
zones. As a consequence of this process, volatile components in the lithosphere are recycled
into the mantle (Fig. 1.4).
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Fig. 1.4: Earth’s deep water cycle. At subduction zones, the oceanic lithosphere is recycled into the Earth’s
interior. The oceanic sediments, crust and underlying peridotite forming the subducting slab contain H,O which
is in part released to the above mantle wedge triggering melting processes and in part transported to depth. Out
gassing processes mainly at spreading centers return H.O to the hydrosphere. (Modified after Riipke et al., 2006)

The subducting slab comprises portions of mantle peridotite, oceanic basaltic crust and
sediments all of which can contain volatile elements emplaced at the surface. As the slab
undergoes prograde metamorphism, hydrous and carbonate minerals breakdown and release
fluids into the overlying mantle (Peacok, 1990). H.O present in the porous sediments escapes
at shallow depths while with increasing depths it is released by the breakdown of minerals such
as serpentine (see e.g. Ripke et al., 2004). These fluids rise into the overlying mantle wedge
and are responsible for the high degrees of melting that occur beneath island arc volcanoes and
for the metasomatic component obvious in island arc magmas (Tatsumi et al., 1986; Kushiro,
1987). However, it is likely that not all volatiles in the slab are released into the overlying
mantle and recycled back to the surface on a short timescale. As shown in Fig 1.5, models for
old extensively hydrated slabs, which are initially cold and subduct quickly, imply that
temperatures are low enough for significant amounts of H2O to be subducted into the deep
mantle (Hacker, 2008), therefore replenishing a certain proportion of the H.O lost due to
volcanism at mid ocean ridges. Volatiles within the mantle are therefore likely to be circulated
by plate tectonic processes with recycled volatiles from the surface possibly mixing in the
interior with primordial volatiles still present in the Earth since its formation. The mobility of
these volatiles in the interior will be controlled by the forms in which volatiles are present in

the mantle under different conditions.
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Fig. 1.5: Estimates for losses in H,O from the subducting lithosphere for a cold rapidly subducting slab. The slab
is considered to comprise 3 components: sediments, basaltic crust and underlying mantle. Each portion has an
initial estimated H,O content based on deep sea drilling samples. Using a thermal model for the subduction zone
and phase equilibrium estimates for the dehydration of minerals, the proportion of H,O lost from the slab is
determined. Most H.O is lost as pore fluid expelled at shallow depths (46 %). 19 % H,O is then lost due to
dehydration of minerals at pressures less than 4 GPa, however 35 % of the H,O in the slab, mainly in the mantle
component, is estimated to be subducted to greater depths. (Modified after Hacker, 2008).

1.4 The speciation of H,O in the Earth’s mantle

The speciation of H,O in the mantle depends on the amounts of H2O present and the pressure
and temperature conditions considered. Volatiles are incompatible components and partition
strongly into silicate melts at conditions where melts form in the shallow mantle (e.g. Michael,
1988). If sufficient volatiles are present in the mantle they can induce the existence of melts at
conditions below the dry solidus (e.g. Asimow and Langmuir, 2003). At lower temperatures if
large proportions of volatiles are present such as in subduction zones, volatiles can be present
as supercritical fluids. At relatively low temperatures in subduction zones or in the lithospheric
mantle H.O can also be hosted within hydrous minerals such as serpentine, amphiboles and
phlogopite. In subduction zones the thermal path followed by the slab will determine the depth
of slab dehydration. Serpentine (antigorite) that forms for example in the mantle portions of
hydrated slabs breaks down when temperatures increase above 700 °C (Bose and Ganguly,
1995). However, if subduction temperatures are low enough it has been predicted than
serpentine in some slabs may avoid dehydration and transport H2O into the deeper mantle (Bose

and Ganguly, 1995; Hacker 2008). At pressures greater than 6 GPa further dense hydrous
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magnesium silicate phases have been formed in experiments at temperatures generally less than
1000 °C (Fig 1.6).
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Fig. 1.6: Pressure-temperature diagram showing the principal hydrous and anhydrous phases in subduction zones.
Thermal profiles of a hot and cold slab are shown. (Modified after Mainprice and Ildefonse, 2009).

These phases may transport H2O within the slab to deeper conditions, however, their presence
is still debated and these phases have never been found naturally (Othani, 2005; Frost, 2006).
Fluid released due to dehydration or decarbonation of minerals in slabs will rise into the
overlying mantle wedge. As temperatures are higher in the mantle wedge fluid saturated

melting is predicted to ultimately occur due to this influx of fluid (Grove et al., 2006).

Water can also exist in Earth’s mantle as hydroxyl defects, in so called nominally anhydrous
minerals (NAMs), where the H* cation is not a major structural component as in hydrous
minerals. Fourier transform infra red spectroscopy (FTIR) is generally used to examine the
H.O contents of these minerals. Bell and Rossman (1992) analyzed more than 200 minerals
from a worldwide collection of peridotite xenoliths and measured substantial amounts of H>O.
Olivine and garnet were found to contain up to 50 ppm wt H2O with the most hydrous NAMs
being pyroxenes that were found to often contain up to 200-500 ppm wt. Some of the highest
H.O contents have been measured in natural omphacite and clinopyroxene crystals found in
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eclogitic xenoliths (Skogby et al., 1990; Bell and Rossman 1992) which contain up to 1000
ppm H20. Following these discoveries extensive experimental work was performed to
understand the solubility of H.O in these minerals. These early experiments were generally
performed at low temperatures (<1200 °C) on single mineral phases in equilibrium with H20
fluids (Keppler and Bolfan-Casanova, 2006). Figure 1.7 shows experimentally determined H,O

contents in olivine at 1100 °C measured in various studies.

29 - EXPERIMENTAL ll NATURAL
3 @
4 - —0—
" 4] e
- 2 o HO =
A
& g |gb GRS
g 8 5] g 5 —0— E
o u] o %
= | | —&—— i
" 6 "
B Kohlstedt et al. (1996)
124 | B Smyth et al. (2006) EEE
= 7-4®—<
14 T T T T T T T T
0 1000 2000 3000 4000 5000 6000 0 50 100
H,O in olivine (ppm wt) H,O in olivine (ppm wt)

Fig. 1.7: (Left) The H,O solubility in olivine measured as a function of pressure at 1100 °C. Values by Kohlstedt
et al. (1996) have been corrected based on the FTIR calibration of Bell et al. (2003). (Right) Olivine H,O contents
measured in mantle xenolits from the Kaapvaal craton and plotted as a function of equilibration depth, where 7
GPa is approximately 200 km (Modified after Peslier et al., 2010).

The H20 content increases with pressure. In simple terms the dissolution of a pure H20 fluid

in mineral phases can be described as:

H,O + 0% = 20H

fluid mineral mineral
where OZ is an initially un-protonated oxygen site in the mineral structure. Taking the standard

state to be pure H2O at 1 bar and the temperature of interest, the equilibrium constant for this

reaction can be written as:

[a,, 1’

K =——om-
szo‘[aOz—]

where @, - is, for example, the activity of the OH" in the mineral and fHZo is the fugacity of
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pure H20. Because the activity a@ .- should remain constantand @ o< XOH, , then the mole

0%
fraction (er) of dissolved HO in the mineral should be proportional to / f,, , - This is the

case when OH defects in the mineral are isolated hydroxide groups. However, the solubility of
H20 in the minerals becomes proportional to f,, , and szo2 if the defects correspond to OH-

pairs or four protons [(OH)a], respectively. The type of substitution depends on the mineral (for

a review see Keppler and Bolfan-Casanova, 2006). The H2O content of olivine therefore
increases with pressure, as seen in Fig. 1.7 because fHZO increases. In Fig. 1.7 measurements

of natural olivine samples from mantle xenoliths are also shown as a function of depth.
Concentrations are generally below those determined experimentally and some of the lowest
values are from the highest pressures, which is in contrast to experimental measurements. In
the experiments, however, the equilibrium fluid phase is relatively pure H2O (although even at
1100 °C there will be silicate material dissolved in the fluid). The main difference between
natural and experimental samples is that in the mantle volatile bearing liquid phases, whose
presence can be inferred from their metosomatic effects (Erlank et al. 1987; Peslier et al., 2010),
are most likely not pure H2O. There are two possible reasons for this. Either H2O fluids in the
mantle are diluted by other volatile components to make, for example, a mixed H.0-CO- fluid
phase, or temperatures at which the minerals equilibrated were such that silicate melting
occurred. Figure 1.8 shows measurements by Férot and Bolfan-Casanova (2012) for olivine

H.O contents as a function of temperature at 7.5 GPa.
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Fig. 1.8: Olivine H,O concentrations as a function of temperature in two systems (MgO-FeO-SiO,-H.0+Al;03)

at 7.5 GPa. The formation of silicate melts at temperatures above 1200 °C leads to a lowering of the olivine H.O
content as H,O is diluted by the silicate melt. (Modified after Férot and Bolfan-Casanova, 2012).

17



1. Introduction

As temperatures increase melting occurs above 1200 °C. Although the H>O content of the

silicate melt is still relatively high, it is much lower than a fluid once temperatures rise above

the eutectic and rather than the H20 content being controlled only by szO it will depend on

melt elt melt

a,, which will equate to XZO “Vio " Juo if the standard state is pure H2O at 1 bar and T.

The concentration of H2O in the mineral phase is therefore also a function of the amount of

H-O in the melt phase, i.e. X:"Z’ . In order to predict H20 contents of mineral phases coexisting

with melts it is important to also determine the amount, or activity, of H>O in the melt phase.

Rather than the solubility being the controlling factor as for fluids, when melts are the

coexisting phase the partitioning of H.O between minerals and melts (DZ‘Z’ "'y becomes the

determinant factor in mineral H>O contents. This requires the ability to measure the H.O
content of the silicate melts and in order to construct models for the H>O contents of phase in
the mantle it is important to be able to describe melt H>O contents as a function of P, T and
bulk composition. As shown in Fig 1.8 different chemical systems, with or without Al, result

in different equilibrium olivine H20 contents. This could potentially arise from two effects.

melt

Either the presence of Al2Os in the melt lowers @, = or a small amount of Al in olivine

influences the energetics of protonation. Although the second possibility is not necessarily the
case, the mechanism by which minerals are protonated will have a strong influence on their
H.O contents. For most minerals the particular oxygen site protonated is unclear and multiple
sites are probably involved (e.g. Smyth et al., 2006; Umemoto et al., 2011 for olivine). FTIR
only provides some constraints and neutron diffraction, the only absolute method for
determining H sites, cannot be performed on samples with such low total H contents. However,
in most instances the protonation site is not as important as the substitution mechanism that
charge balances the addition of H*. In garnet minerals it has been well recognized that a
hydrogarnet mechanism can occur where Si is replaced by 4H* cations (Ackermann et al.,
1983). It has been proposed that in olivine, FTIR bands can be placed in two groups with one
group corresponding to a Si defect mechanism, i.e. related to 4H* and the other to the creation
of a Mg?* defect balancing 2H*. Smyth et al., (2006) performed single crystal X-ray diffraction
on forsterite containing almost 1 wt % H,O and found the structure to be consistent with Mg?*
vacancies. For pyroxenes a strong dependence of the H.O content on Al implies the substation

mechanism:
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HY + AR* o Si*

(Rauch and Keppler, 2002). Due to the sensitivity of some minerals to the concentrations of
such charge balancing components, significant changes in mineral H.O contents can potentially
occur with changes in mineral chemistry as a function of P, T or degree of melting (Mierdel et
al., 2007).

1.5 Carbon in the Earth’s mantle

While H20 dissolves to appreciable amounts in peridotitic NAMs, C dissolves to a very limited
extent in mantle minerals, reaching ~10 ppm wt at the bottom of the upper mantle (Shcheka et
al., 2006). Graphite and diamond are observed in mantle-derived rocks, but C can also be
present at depth in the oxidized state as carbonate minerals or melts or as a CO2 component of
a fluid phase. If COz is present in mantle fluids the activity of H.O will be lowered causing the

H.O contents of coexisting minerals to drop.

Whether C exists in oxidized, e.g. carbonate, or reduced, e.g. diamond, forms will depend on
the oxygen fugacity (f02) which was recently investigated by Stagno et al. (2010, 2012). These
experiments indicate that with increasing pressure the fo of the mantle will decrease and
carbonates minerals and melts should be reduced to either graphite or diamond at depths >100
km. Oxygen fugacities of the cratonic lithospheric mantle indicate conditions mainly in the
diamond or graphite stability field and consistent with coexisting fluids which have a low CO»

concentration (Stagno et al. 2012).

Kimberlite magmas are, however, proposed to have high CO2 concentrations (e.g. Wyllie,
1980) and their source which is at depths >180 km, must therefore be sufficiently oxidized for

the particular CO. component to be stable.

1.6 Evidence for melts/fluids in the deep mantle

Magmas erupted at the surface provide evidence for the presence of volatiles in the mantle.
Mantle xenoliths are proof of the presence of volatiles in the mantle as they contain minerals
with dissolved H20 contents, diamonds and carbonates. In addition, however, xenoliths contain
evidence for the passage of melts or fluids deep within the mantle that causes mantle

metasomatism, i.e. the addition of incompatible elements to a mineral assemblage often causing
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the formation of new minerals. Metasomatism is caused by the passage of fluids and melts and
is evident in the cratonic lithosphere even at depths >100 km (Erlank et al., 1987; Kopylova
and Russel, 2000; van Achterbergh et al., 2001), conditions where it could not have been caused
by the passage of dry melts. The chemical nature of metasomatism implies that the melts or
fluids were able to concentrate large amounts of incompatible elements, which can only occur
if melt or fluid fractions were small. Erlank et al. (1987) described a series of progressively
metasomatised assemblages as a result of metasomatic interaction of a fluid/melt phase with
garnet peridotite. The lowest grade of metasomatism added the hydrous mineral phlogopite
(KMgzAISi3010(OH)2) to the rock, which then becomes a garnet phlogopite peridotite. The
process adds H20 and KO to the rock but lowers the amount of Al.O3. The next state is the
loss of garnet from the rock due to conversion to phlogopite and loss of Al, which then becomes
a phlogopite peridotite. In the final stage the potassium rich amphibole K-richterite
(KCaNaMgsSigO22(0OH).) is also formed producing a phlogopite K-richterite peridotite. This
metasomatic sequence underlines the frequently encountered relationship between both H.O
and K because both are likely incompatible during melting or the release of fluids. High
pressure hydrous fluid/melts therefore crystallize K-rich hydrous minerals, which also have a
higher thermal stability than other hydrous phases. This relationship between K and H.O can
be seen in mantle basaltic melt compositions (Michael, 1988), which implies that such
metasomatism may have affected large portions of the mantle at some point. The presence of
H20 bearing melts in the upper mantle is also implied by the occurrence of xenoliths with
olivine-free lithologies containing considerable amounts of H20, such as MARID rocks (Fig.
1.9).

Fig. 1.9: A MARID nodule from a kimberlite. MARID rocks are comprised of mica-amphibole-rutile-ilmenite-
diopside and are thought to be cumulates crystallized from H,O rich magmas (Konzett et al., 1997) at depths >100
km in the cratonic lithosphere. Black line is 1 cm long. (Modified photo from J. Konzett).
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These exotic rocks are named from the phase assemblage mica-amphibole-rutile-ilmenite-
diopside that forms them (Dawson and Smith, 1977). The origin of such rocks has been
experimentally determined to be as deep as 100 km (Kushiro and Erlank, 1970; Konzett et al.
1997) and the occurrence of H.O-bearing minerals in them suggests the presence of
considerable amounts of H2O in their source melt at depth. Further evidence for the presence
of deep mantle melting comes from the existence of kimberlites, magmas which originate at
depths >180 km. To form at such great depths kimberlites must have had an initial high volatile
content. The pre-eruptive volatile content of these magmas is hard to assess, however, as they
are almost totally degassed. The composition of kimberlitic magmas is also hard to determine
as they are generally a mixture of xenoliths, xenocrysts and crystals that crystallized from the
magmas (Mitchell, 1986). As shown in Fig. 1.10, the origin of the different crystals can often
not be unambiguously identified.

xeno-
crystal

matrix

Fig. 1.10: A transmitted light microscope image of a kimberlite rock in crossed polars. The field of view is 2 cm
across and dominated by phenocrysts of forsterite and smaller phlogopite and garnet. The fine matrix is composed
of serpentine, calcite, phlogopite and opaques. (Modified photo from the Imperial College London Rock Library).

Kimberlites are also extensively altered by the circulation of gasses during cooling of the rocks,
which results in the formation of secondary minerals such as serpentine and calcite, which also
underlines the volatile nature of the original magma (Fig. 1.10). Estimates of primary
kimberlite compositions including volatile contents are highly uncertain. Table 1.3 shows

compositions recently estimated by Sparks et al., (2009).
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Table 1.3: Estimated primary kimberlite compositions. (Source: Sparks et al., 2009)

Untijiesberg Le Roex et al. Wesselton Group Il

(2003) Orangeite
SiO; 29.56 36.28 36.28 36.3

TiO, 3.82 0.9 0.90 1

Al;03 2.74 0.92 0.92 3.2
Fe203 11.24 1.15 1.15 NA
FeO 9.22 9.22 4.20 7.6
MnO 0.22 0.21 0.21 0.2
MgO 30.8 34.52 34.52 29.7
Ca0 17.73 14.65 14.65 6.0
Na,O 0.07 0.4 0.40 0.1
K20 1.35 0.34 0.34 3.2
P20s 2.21 1.4 1.40 11
CO; 8.63 12.12 4.13 3.6
H20 4.92 10.35 5.67 6.8

Kimberlites are generally divided into two groups. Group | kimberlites are characterized by
higher TiO2, CaO and CO- contents, while group Il kimberlites, that are also called orangeites,
have higher SiO; and K>O contents. Group Il kimberlites are mica rich and are considered to
have been more H>O rich magmas. Extremely enriched trace element signatures imply a
previously metasomatised source (Becker and Le Roex, 2005). In order to understand the origin
of kimberlites melting experiments have been performed on various compositions at pressures
>6 GPa (Edgar et al., 1988; Edgar and Charbonneau, 1993; Girnis et al., 1995, 2011; Ulmer
and Sweeney, 2002; Sokol et al., 2013). A major problem in the determination of the origin of
such melts, however, is the poorly constrained initial volatile content and the difficulty in
determining melt volatile contents at high pressures. Kimberlite melting attests to the existence
of high volatile concentrations in the Earth’s deep interior and their origin is a key issue in the

understanding of volatile behavior in the mantle.

1.7 H;0 effect on melting processes

1.7.1 The effects of H2O on peridotite melting temperatures

H.O lowers the melting temperature of silicate rocks as does CO> and other volatiles (e.g.
Kushiro et al., 1968; Mysen and Boettcher, 1975). The apparently large influence of H20 on
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silicate melting arises mainly from the low molecular mass, which means that a relatively small
weight fraction equates to a large mole fraction, and from the relatively high incompatibility
of H20 during melting. Figure 1.11 shows estimates for the effect of H.O on the melting of
peridotite mantle by Hirschmann (2006).
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Fig. 1.11: The depression of the dry peridotite solidus as a function of bulk H,O content. During decompression
up welling asthenospheric mantle follows an adiabatic pressure-temperature path. If the mantle is dry the mantle
will start to melt at 2 GPa, i.e. 60 km, whereas if it were to contain 1000 ppm H20 it would melt at 4.3 GPa, that
is 120 km. Plumes may be 200°C hotter and therefore a plume containing 1000 ppm H,O would potentially start
to melt around 8 GPa (= 240 km). (Modified after Hirschmann, 2006).

Dry mantle will commence melting at 60 km but if the mantle were to contain 1000 ppm of
H-O it would melt at 120 km. The onset of hydrous melting will be controlled by two factors.
Firstly, the partition coefficients of H.O between mineral and melt phases. In the case where
H.O exceeds the storage capacity of a mantle peridotite, the higher these coefficients are the
more H2O is required in the mantle before these phases are saturated at a given pressure along
the adiabat and melting can commence. The onset of melting is aided by the fact that the main
mineral in the mantle, olivine, has an H2O partition coefficient that decreases with decreasing
pressure. Secondly, the occurrence and proportion of melt at any pressure will depend on the
H>O content of the melt. Melt H>O contents will vary as a function of pressure, temperature
and degree of melting. As the dry solidus increases steeply with pressure more H.O is required

in the melt to depress the melting temperature to the adiabat. As the melt is only stable as a
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result of the presence of H,O, the amount of melt formed at a given P and T will be a function
of the total H2O in the system (Hirschmann et al., 2009). If the amount of H2O increases, the
melt fraction will increase at a given P and T but the melt H.O content will remain relatively
unchanged except in the concentration of other highly incompatible elements. With increasing
temperature the amount of H2O required to stabilize the melt will decrease. As a result the H.O
content of coexisting minerals will decrease assuming that the H.O mineral melt partition

coefficients remain approximately constant. In summary, it is clear that the ability to describe

D,Ti“o’me” and melt H,O contents as a function of P and T are integral to the understanding of

mineral H>O contents in the mantle. In addition, these parameters control the proportion of melt
formed in the mantle with depth. Currently there are no constraints on the amount of H,O
required to stabilize melts at pressures above 3 GPa. This means, for example, that estimates
for the pre-eruptive volatile content of H.O rich magmas such as group Il kimberlites is also

unknown.

Fig. 1.11 demonstrates how the presence of H2O in the mantle can extend the region of melting
beneath mid ocean ridges, creating relatively small degree melts that can still have important
implications for mantle geochemistry and geophysics. These melts can contribute to the heat
transfer between mantle and surface, the redistribution of volatiles during melting can influence
mantle properties such as rheology and electrical conductivity and they cause extraction of
volatiles from larger volumes of the mantle compared to those from which the main phase of
mantle melting occurs, at depths < 60 km. In addition, because small degree melts extract
highly incompatible elements from the mantle they cause high levels of chemical fractionation
(Wyllie, 1977; Eggler, 1978; Falloon and Green, 1989; Stolper and Newman, 1994; Gaetani
and Grove, 1998; Wyllie and Ryabchikov, 2000; Asimow and Langmuir, 2003). In order to
understanding the cycling of volatiles in the Earth’s interior, accurate investigations of the
effects that water and other volatiles have on mineral phases and melting processes, at mantle

conditions, are essential.

1.7.2 The effects of H2O on melting in simple systems

H.O depresses the silicate solidus but deriving thermodynamic relationships to describe this
depression is extremely complex in natural chemical systems due to the high number of
potentially influential components. H2O rich melts of mantle peridotite do not quench to glasses

above 3 GPa so the original H2O content is very difficult to determine. Some idea of the effects
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of H20 on melting can be gained by studying simplified chemical systems (e.g. Inoue, 1994).
Thermodynamic description of simplified systems can provide some insight into the
microscopic behavior of H20 in silicate melts (Silver and Stolper, 1985), which can potentially
guide more complex models. In Fig 1.12 (left) the phase relations of Mg2SiO4 melting in the
presence of H.O are shown after the experiments of Hodges (1974).

10
2000 |- ‘ i
liquid 8 F
o ‘\ —SE
= I . ©
© 1800 F liquid+fluid o i
s [N 8¢
o B \ cryoscopic g B
@ fo\ M o, =
o x calculation @ 4tk
£ 1600 §iquiq o
~ o
fo+fluid 2r
1400 experimental data from Hodges (1974) L
1 1 1 1 1 1 1 1 1 0 1 1 i 1 : 1
0 20 40 60 80 100 1000 1200 1400 1600 1800 2000
fo wt% H,0 H,0 Temperature (C)

Fig. 1.12: (Left) Melting phase relations of Mg.SiO. as a function of H,O content at 1 GPa. (Modified after
Hirschmann, 2006 and Hodges, 1974). (Right) Phase relations of H,O saturated phases in the system MgO-
SiO,-H,0. H,0 saturated melting curves for forsterite and enstatite are shown. (Modified after Ellis and Wyllie,
1979).

The liquidus temperature of forsterite is depressed as the proportion of H.O in the melt
increases. Ultimately a fluid saturated eutectic is reached where forsterite and melt coexist with
fluid. The highest melt H20 content is reached at this point of fluid saturation and it is ~17 wt
% H.0 at 1 GPa. The fluid phase is also predicted to contain a proportion of dissolved silicate
(<5 wt %). Fig. 1.12 (right) shows estimate for the temperature of the H.O saturated melting
point of Mg2SiO4 proposed by Ellis and Wyllie (1979). This is seen to decrease to 1250 °C
with increasing pressure to 7 GPa as a result of the increasing solubility of H2O in the melt.
The cryoscopic melting equation can in principle be used to describe the melting depression

due to the presence of H20, i.e.:

where Xféz is the mole fraction of M@.SiO4 in the melt, Ame is the enthalpy of fusion for

end member Mg,SiO4 and Tim is the dry melting temperature of forsterite. 4, H =Tm- A S

s fus
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where the entropy of fusion A, .S has been determined at 1 bar to be ~52.7 JK'mol™

(Navrotsky et al. 1989). If the melt is considered to be a simple mixture of Mg.SiO4 molecules
and H20, the cryoscopic approximation results in the red dashed curve in Fig. 1.12
(Hirschamann, 2006), which is a poor fit to the data. There are instead a number of variables
that must be considered in developing a suitable melting model. Mixing may not involve
Mg2SiOg units, for example, but could be equally considered to arise from mixing of MgSio.s0:
molecules with H20. However, as pointed out by Silver and Stolper (1984), H2O in the melt

will likely dissociate and react with oxygen from the silicate forming the equilibrium,
H.0 + 0% =20H

where the O% atoms are not associated with H and therefore describe the activity of the silicate
component in the melt, which is an ideal mixture of all 3 components. The silicate activity will
depend, therefore, on the number of oxygens in the silicate on which protonation can potentially
occur and the degree of dissociation of H2O, which can be described with an equilibrium

constant K i.e.:

(X H%O) (X 05’ )

The attraction of this treatment is that spectroscopic evidence for the magnitude of K, the
equilibrium constant, can be potentially gained from analysis of silicate melt glasses through
FTIR (Zotov and Keppler, 1998). In situ studies in the diamond anvil cell indicate that there
are significant differences between H>O speciation in glasses and melts (Shen and Keppler,
1995). These in situ analyses, however, provide independent justification and constraints for
the model of Silver and Stolper (1984) such as a determination for the temperature dependence
of K. Results from the studies of Zotov and Keppler (1998) and Shen and Keppler (1995) are
displayed in Fig. 1.13.
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Fig. 1.13: (Left) The variation with total H,O content of the concentrations of OH groups and H.O molecules in
hydrous Na;SisOy glasses (Source: Zotov and Keppler, 1998). (Right) In situ measurements of the speciation of
8.1 wt % H0 in hydrous sodium aluminosilicate glass (Modified after Shen and Keppler, 1995).

From studies of simplified silicate-H.O systems at high pressure, general models for the effect
of H2O on silicate melting can be developed and potentially extended into more complex
systems. By combining such models with mineral melt H20 partition coefficients, a complete

description of the distribution of H.O between mantle phases could be obtained.

1.8 Geophysical effects of H20 in the mantle

The presence of H20 in minerals and melts in the mantle can influence a range of geophysical
properties. H defects in minerals are thought to influence electrical conductivity of the mantle
(for a review, see Yoshino and Katsura, 2013). H defects also influence elastic properties of
minerals, lowering their seismic velocities (e.g. Jacobsen et al., 2008). This may explain
regions of low seismic velocity detected in the mantle although these regions might also arise
due to the formation of small degree volatile bearing melts (e.g. Tauzin et al., 2010). The
presence of H defects in minerals also influences their rheological properties potentially
lowering the viscosity of the mantle as the H>O content increases (Hirth and Kohlstedt, 1996;
Karato and Jung, 1998). This, for example, has been argued to explain the difference in
viscosity between the lithosphere and asthenosphere, with the lithosphere being mainly dry due
to melting. However, Mierdel et al. (2007) have also pointed out that changes in the solubility
of H2O in orthopyroxene as a result of a decrease in the Al content with depth might cause

exsolution of H,O and mechanical weakening of the asthenosphere due to partial melting.
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Karato and Jung (2003) performed deformation experiments to determine the lattice preferred

orientation fabric developed in olivine as a function of various parameters (Fig. 1.14).
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Fig. 1.14: Dominant olivine slip systems as a function of deviatoric stress and water content. (Modified after
Karato et al., 2008).

When deformation occurs through dislocation creep, the alignment of olivine aggregates
relative to an applied horizontal shear stress will depend on the dominate slip system of the
active dislocations. Karato and Jung (2003) found that this dominant slip direction depends
strongly on the concentration of dissolved H defects in olivine. For reasonable ranges of mantle
H.O contents the dominant fabric varies from A to E to C-type. For each fabric a different
orientation of olivine mineral grains is expected relative to the shear direction. Because olivine
elastic properties are anisotropic this will cause variations in the seismic anisotropy of the
mantle due to the H,O concentration. Karato and Jung (2003) used this experimental
observation to explain differences in shear wave splitting of seismic waves in the mantle above
subduction zones and were able to interpret the observations in terms of variations in stress,
H>O content and flow direction of the mantle. Because these variations in fabric depend so
strongly on mantle H>O content, they are perhaps one of the most sensitive remote indicators

of the concentration of water in the mantle.
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1.9 Aims of the thesis

Against the background outlined above this thesis is aimed at determining the interaction
between silicate minerals and volatile-bearing melts at depths corresponding to the Earth’s
deep upper mantle (>100 km). The major aims of this thesis are focused on the role that H2O,
the major volatile in the Earth, has on melting processes at upper mantle conditions and a

number of issues were explored following different approaches:

1. Firstly, the aim was to determine the chemical composition of hydrous melts in
equilibrium with upper mantle peridotite at depths in the mantle where deep melts such
as kimberlites originate (=180 km) and where incipient melting may occur beneath mid
ocean ridges. The challenge in this investigation was to determine the H>O content of
melts that are in equilibrium with mantle peridotite assemblages, which is made
difficult because melts do not quench to glasses that can be directly analyzed for H,O
at these conditions. Using this data models for the depression of melting due to H,O
can be tested or developed. An additional aim was to examine if there was an effect of

H.O on the composition of silicate melts in peridotitic systems.

2. A second aim was to determine the H2O contents of upper mantle NAMs in peridotite
assemblages in equilibrium with hydrous melts. Using these results the H>O storage
capacity in the mantle can be assessed and partition coefficients for HO between
mantle peridotite minerals and small degree melts can be determined. With the data
gathered in this study, hydrous melting proportions in the Earth’s mantle can be

quantitatively addressed as can the partitioning of H20 between mantle minerals.

3. A third aim was to develop a predictive and quantitative model for the effect of
pressure on the depression of melting in silicates systems due to H>O. This was to be
achieved by studying melting phase relations in simplified Mg.SiO4-H20 and MgSiOz-
H.O systems at conditions of the deeper upper mantle (6 and 13 GPa). Thermodynamic
calculations based on such data allow models to be developed for the effect of water on

melting processes through the entire upper mantle pressure range.

4. A final aim was to determine how CO, effects melting phase relations and mineral-

melt H.O partitioning in simplified chemical systems at deep upper mantle conditions.
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In this study the variation of mineral/melt partition coefficients of H2O with

temperature is also addressed.
Details of how these 4 issues were addressed with regards to the specific scientific background,

the adopted methodologies, results and implications are reported below in the individual
Chapters 3 to 6.
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2. Methods

Experimental and analytical techniques employed during the course of this thesis are described
in this Chapter. Additional details regarding these techniques and the conditions of individual
experiments relevant to each particular study are reported separately as part of the following

Chapters.

2.1 Sample synthesis at high pressure and temperature

High pressure (HP) and high temperature (HT) experiments were performed using a multianvil
apparatus in order to equilibrate samples at upper mantle conditions. A multianvil apparatus
comprises a hydraulic press that is capable of generating pressures corresponding to those in
the lower mantle, ~25 GPa and up to 3000 K. High pressures are generated by focusing the
load from the hydraulic press onto a sample within a pressure medium via two-stages of anvils.
First, a hydraulic piston compresses 2 sets of hardened tool steel anvils each comprised of 3

segments mounted into opposing guide blocks, as shown in Fig. 2.1.

tungsten carbide
cubes

L
2 @ Pedia
<& °

guide block

hydraulic pressure

Fig. 2.1: lllustration of the multianvil apparatus with the 8 tungsten carbide cubes and the pressure media.

The steel anvils are shaped to compress a cubic chamber in which 8 cubes made of tungsten
carbide are inserted, forming a second-stage system of anvils. Each of the 8 cubes has at least
one corner truncation, such that when all 8 cubes are assembled an octahedral chamber is
formed at the center of the anvils. An octahedral shaped pressure medium containing the

sample inside a furnace is placed in this cavity. A schematic figure of a multianvil apparatus is
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shown in Fig. 2.1 and further details regarding the history and development of the multianvil
presses can be found in Keppler and Frost (2005) and Ito (2007).

The octahedral edge length (OEL) of the pressure medium and the truncation edge length (TEL)
of the tungsten carbide cubes have different sizes depending on the pressure range under
investigation. In the experiments described here tungsten carbide anvils with 15 and 11 mm
TEL were used with pressure media with 25 and 18 mm OEL. The OEL/TEL ratio, i.e. 25/15
and 18/11, governs the size of the sample and the pressure that can be achieved in a particular
experiment. The pressure media was a Cr.0Os-doped (5 wt%), MgO octahedron which had a
hole drilled through two opposing faces. In the hole, a ZrO: sleeve was inserted as a thermal
insulator. In 18 mm assemblies used above 10 GPa the ZrO; sleeve was shortened and at the
top and bottom two softer MgO rings were placed to compensate for the incompressibility of
ZrOz within the MgO pressure media. Inside this sleeve, a stepped graphite or LaCrOs
resistance heater, depending on the target P and T of the experiment, was placed. The sample,
contained in a noble metal capsule (e.g. Pt or alloys such as Pt/Rh or Au/Pd) was enclosed in
an MgO sleeve separating it from the heater. Noble metal capsules with 2 and 4 mm diameters
were used in the 25/15 and 18/11 assemblies, respectively. Two MgO spacers were placed at
the top and bottom of the MgO sleeve containing the capsule. The temperature during the
experiment was controlled by a type D thermocouple (WssRe-Was%Re) that was placed in a 4-
hole, hard Al,Os3 cylinder inserted in a hole drilled through one of the MgO spacers. The
thermocouple junction was separated from the top of the capsule by a thin (0.25 mm thick)
MgO disk or Re foil depending on the experiment (see next chapters). A cross section of an
octahedral assembly is shown in Fig. 2.2.

MgQO + 5 wt % Cr,0O,
Mo

ALO,

LaCrQO,

MgQ

ZrQ,

Sample

Pyrophyllite

I HOREROR0

W/Re thermocouple

Fig. 2.2: Cross section of a 25/15 octahedron employed in the multianvil apparatus at 13 GPa.
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Multianvil presses with maximum loads of 500, 1200 and 5000 tonnes installed at the
Bayerisches Geoinstitut (BGI) were used to generate pressures up to 13 GPa, i.e. the depth
corresponding to the base of the upper mantle. Pressure calibrations for these devices are
described in Frost et al. (2004) and Keppler and Frost (2005). Pressure calibrations for both

assemblies employed in this study are shown in Fig. 2.3.
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Fig. 2.3: Pressure calibration curves obtained at high temperature for 25/15 and 18/11 assemblies in the 1000 and
5000 t multianvil press. (Source: Frost et al., 2004).

The calibration of Frost et al. (2004) was confirmed by performing some further experiments

at the temperature of interest (see e.g. Chapter 3 for details).

2.2 Sample characterization

2.2.1 Scanning electron microscopy
Scanning electron microscopy (SEM) measurements were performed on most of the

experimental charges in order to identify mineral phases and to determine semi-quantitatively
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the mineral compositions. Samples were mounted in epoxy and polished on one side to a
surface finish of ~1 micron. Samples were then coated with ~10 nm of carbon. In a scanning
electron microscope, electrons are generated from an electron gun and are focused and
collimated on the sample using a number of magnetic lenses and apertures. Images are obtained
by scanning an electron beam on the polished sample surface. When the electrons hit the sample
surface they interact with the atoms of the target material producing different types of
secondary emissions. Secondary electrons (SE), for example, have low energy and are emitted
from a very thin layer at the sample surface. Their intensity consequently depends on the
surface features of the sample and therefore they provide images with important topographic
information. Backscattered electrons (BSE) have higher energy than SE and are produced by
elastic interactions between the electrons and the atoms of the sample. BSE images are strongly
dependent on the atomic number of the target sample and are, therefore, useful in that they
provide a sample image with brightness that is a function of atomic mass. An example of a
BSE image of a typical experiment taken at the SEM is shown in Fig. 2.4.

EHT =20.00 kv Mag= 497 X Signal A=RBSD
WD =13.0 mm Photo No. = 1314

Fig. 2.4: BSE image taken at the SEM and showing crystals of orthopyroxene (dark), clinopyroxene (light) and
garnet (grey with round shape and high relief) at the bottom of the capsule. These crystals segregated from the
melt which quenched to form the fibrous crystals at the top of the image.

Even though the SEM is optimized for imaging analyses, it is also equipped with an x-ray
spectrometer that can be used to determine qualitative chemical compositions of mineral
phases. When the electrons of the focused beam hit the sample they can remove electrons from
the inner shells. As a consequence, electrons from the outer shell fill the vacancy formed by

the ejected electron in the inner shell and the energy difference is released as a characteristic
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x-ray. X-rays of all energies, distinctive for each element present in the target sample, can be
simultaneously collected in energy dispersive (ED) mode and provide qualitative, and semi-
quantitative, chemical analyses. A thorough review of the SEM technique can be found in Reed
(2005).

SEM analyses were performed in this study by means of a LEO Gemini 1530 SEM at the BGl,
which is equipped with a Schottky type electron gun. In analyses performed in this study an

accelerating voltage of 20 kV was generally employed allowing a spatial resolution of ~ 1nm.

2.2.2 Electron microprobe analyses

Electron microprobe analyses (EMPA) were conducted on all the experimental charges
produced in the multianvil experiments in order to accurately determine the chemical
composition of the product mineral phases. EMP is very similar to SEM but is used to conduct
precise quantitative analyses of major and minor components of solids instead of imaging
analyses. An electron beam is produced by a tungsten filament and is accelerated toward the
sample after being focused and collimated, similarly to the SEM (see section 2.2.1). The
characteristic x-ray photons emitted by a particular element upon the interactions between the
electron beam and the target material can be collected not only by an ED spectrometer (EDS)
but also by wavelength dispersive spectrometers (WDS). For WDS analyses, characteristic x-
rays from the sample are selected based on their wavelength using Bragg reflections from
crystals with known interplanar spacings (d). Measurements of characteristic x-ray emissions
with different wavelengths require the use of various crystals with different ¢ spacings such as
synthetic LiF, PET or TAP crystals (see e.g. Reed, 2005). Precise quantitative analyses are
made possible by comparing the intensities of the characteristic x-rays emitted by the sample
with those emitted by standards with known composition. Standards materials employed in this
study were natural or synthetic crystals (e.g. of forsterite and enstatite) and metals (e.g. Fe).
High accuracy is attained since the limit of detection of EMPA can be as low as tens-hundreds
of ppm wt. The analyses are performed under vacuum conditions of ~7 x 10°® Torr. A precise
description of EMPA is reported in Reed (2005).

In this study the chemical composition of crystalline phases was determined by means of a

JEOL JXA-8200 electron microprobe installed at the BGI which is equipped with 5 WDS. A

focused spot mode was used in order to analyze small crystals (down to 20 pm across) present
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on the surface of the polished sample and a beam of 1-2 um diameter was used. Corrections
were applied to the raw intensity values to account for electron energy loss and backscattering
in the sample volume in addition to absorption and fluorescence corrections (e.g. ZAF) in order

to reduce the analyses (see following Chapters for details).

2.2.3 Raman spectroscopy

Raman spectroscopy is a commonly used technique in chemistry and Earth Sciences since it
allows quick identification of mineral phases. Raman spectroscopy is based on the Raman
effect, which results in the inelastic scattering of light due to vibrations of molecules in an
illuminated material. Monochromatic light, normally produced by a laser in the visible range,
is focused on the area of interest. Some of the incident beam can interact with the fundamental
vibrational frequencies typical of the investigated material, and when this happens molecules
are excited from a ground state to a virtual energy state. The scattered light can therefore loose
or gain energy upon interactions with the investigated material. If a minor increment of the
vibrational energy of the molecule occurs, the incident light loses energy and this phenomenon
is referred to as Stokes Raman scattering. At the same time, if a small loss of vibrational energy
occurs, the scattered light will gain energy and this is called Anti-Stokes Raman scattering. The
Stokes and Anti-Stokes vibrational frequencies are respectively shifted to lower and higher
energies of the Rayleigh scattering i.e. light that is scattered without a change in energy. The
light scattered from the sample is collected by lenses and passed into a spectrometer. A typical
Raman spectrum plots intensity versus energy where each peak corresponds to a vibrational

frequency in the particular sample.

Analyses in this study were conducted on a number of experimental charges in order to
distinguish between different polymorphs of a characteristic mineral at a particular pressure
(e.g. forsterite and wadsleyite, see Chapters 5 and 6). Raman spectra were collected at BGI by
means of a LABRAM Raman spectrometer equipped with a microscope in order to investigate
small areas of a particular sample (several um in diameter). This Raman setup is equipped with
a He-Ne laser with 632 nm red line wavelength. Measurements were conducted in air at room
temperature, with a resolution of 1-2 cm™ and collecting 3 accumulations of 15 seconds each.
In order to identify a particular phase, the obtained spectra were compared to those reported in
the RUFF database (Downs, 2006).
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2.2.4 Laser ablation inductively coupled plasma mass spectrometry

Laser ablation inductively coupled plasma mass spectrometry (LA-ICP-MS) was also
performed on many multianvil experiments in order to obtain melt compositions from
heterogeneous assemblages of quenched crystals. This widely used technique is extremely
useful in order to determine the chemical concentration of elements and isotopes down to ppm
wt, or even ppb wt, level. A LA-ICP-MS comprises an ablating laser, a plasma generator and
a mass spectrometer. A 193 nm ArF laser beam is commonly employed, which is focused on
the sample that is contained in an air tight chamber, causing material to be ablated from the
targeted zone. The ablated material is transported by a carrier gas mixture of He with trace
amounts of H into the ICP torch that consists of 3 concentric quartz tubes. In the ICP torch,
Ar gas is energized by inductive heating using an electromagnetic coil and extremely high
temperatures (5000-7000 °C) are reached, causing the production of plasma. As a result the
atoms of the sample aerosol are first converted into a gas and then into ions by the ICP
discharge. The ions of the plasma are focused by a system of electrostatic lenses and passed
into the mass spectrometer for element characterization. For this purpose a quadrupole mass
spectrometer is normally employed, where ions are separated based on the ratio of their mass
and charge by a quadrupole mass filter. This comprises 4 rods which create an oscillating
electric field within a vacuum of approximately 1 x 10~ Torr. The electric field is adjusted such
that it allows only ions with a specific mass/charge ratio to travel to the detector at a specific
time, with all other ions being deflected and lost through rods. The electric field can be changed
at a very high rate allowing quasi simultaneous measurements of a high number of elements to
be collected in a very short period of time. A more detailed overview of LA-ICP-MS applied

to the Earth Sciences can be found for example in Sylvester (2008).

In this study, LA-ICP-MS was used to accurately determine the chemical composition of
heterogeneously quenched melts produced in some of the high pressure experiments (see Fig.
2.4). LA-ICP-MS measurements were performed at the BG1 by means of the LA-ICP-MS setup
as described above. Hydrous melts from pressures above 3 GPa quench to a mass of crystals
with different morphologies and sizes. Some of these quench crystals can be more than 100
micros in size, which means that large sample areas need to be analyzed in order to obtain
representative averages. The electron microprobe beam can be opened or scanned over a wide

area to average the composition of these regions; however the topography of the surface causes
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large uncertainties and mass balance calculations, as described in Chapter 3, result in high

residuals.

Fig. 2.4: BSE image of a polished charge containing mineral phases (at the very top) in equilibrium with a large
pool of quenched material resembling a melt phase at HP-HT. It can be seen that the melt does not quench to a
glass but instead crystallizes to form fibrous, heterogeneous crystals. The dark circles are the craters produced by
the LA-ICP-MS analyses. The bright material surrounding the experimental charge is the noble metal (Au/Pd)
capsule employed in this particular experiment.

A comparison of analyses performed on melt determined by LA-ICP-MS and EMPA from the

same experimental run is reported in Table 2.1.

Table 2.1: comparison between EMPA and LA-ICP-MS analyses

opx melt

LA-ICP-
LA-ICP- EMPA EMPA EMPA MS

EMPA MS (10 pm) (20 um) (30 um) (70 um)

SiO; 56.68 (22)* 56.30 52.25(2.97) 51.14(1.80)  46.59 (46) 42.74
Al;03 2.35(34) 2.68 6.38 (84) 7.18 (1.32) 7.52 (71) 8.38
CaO 1.27 (112) 1.40 551(2.36) 6.10(2.29) 8.70(1.02) 9.21
FeO 4.36 (21) 4.32 6.26 (83) 6.90 (53) 8.97 (1.21) 9.74
NiO 0.08 (2) 0.08 0.09 (4) 0.09(2) 0.06 (2) 0.05
MgO 34.67 (29) 34.62 27.85(2.53) 26.83(2.92) 25.40(1.13) 26.20
Na,O 0.25(2) 0.29 0.92 (30) 0.98 (49) 1.50 (36) 2.29
Cr203 0.22 (5) 0.19 0.31 (6) 0.25 (4) 0.21(2) 0.14
TiO> 0.03(2) 0.03 0.22 (16) 0.32 (16) 0.65 (15) 0.77
MnO 0.08 (3) 0.09 0.13 (5) 0.12 (5) 0.17 (3) 0.17
K20 0.01 (1) 0.00 0.08 (10) 0.09 (11) 0.23(10) 0.30
Total 100.00 100.00 100.00 100.00 100.00 100.00

*: number in parentheses are 1 standard deviations based on 10-15 analyses, in reference to the last digit
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In Table 2.1 analyses for both orthopyroxene crystals and heterogeneously quenched silicate
melts using both EMPA and LA-ICP-MS are shown. All analyses are normalized to 100 % for
comparison purposes. Very good agreement is observed between the 2 analytical techniques
when crystals of orthopyroxene are measured. Orthopyroxene crystals were measured using a
nominal 1 um spot beam for EMPA but LA-ICP-MS analyses ablated the sample over a 20-30
pm diameter region. However, very poor agreement is observed between the 2 techniques when
measurements are carried out on the heterogeneously quenched melt. Due to the large quench
crystal size the EMPA beam diameter must be increased to provide a suitable average analysis
of the melt. As the beam diameter is increased the EMPA analyses for most elements vary in
the direction of the LA-ICP-MS analyses but elements remain significantly different even at
an EMPA beam diameter of 30 um. Although analyses have been normalised to 100 % the
original microprobe totals remain around 99 % up to a beam diameter of 20 um. However for
larger beam diameters microprobe totals start to decrease and are only 94 % at 30 um. The
quality of the analyses, therefore, starts to degrade at very large beam diameters. Because the
melt being analysed in Table 2.1 comprised over 90 % of the sample, mass balance residuals
using the known bulk composition and compositions of melt and mineral phases can be used
to assess the quality of the melt analyses. Mass balance residuals are large for most elements
when EMPA melt analyses are employed. The smallest mass balance residuals were obtained

for melts analysed using LA-ICP-MS and employing the largest possible laser pits of up to 80
pm.

In general EMPA seems to overestimate SiO2 melt contents and underestimate the proportion
of alkalis in the melt. This is likely due to the topography of the surface produced during
polishing, which may preferentially pluck weaker smaller mineral phases from the surface. As
the LA-ICP-MS measurements excavate down to >30 um from the surface the analysis is more
reflective of the bulk material. An example of such a measurement is displayed in Fig. 2.4.
Quantitative LA-ICP-MS analyses were calibrated using an external NIST 610 glass standard,
employing the concentrations reported by Spandler et al. (2011) and internal standardization

was conducted by normalizing to 100 wt % the sum of the oxides.
2.2.5 Secondary ion mass spectrometry

Secondary ion mass spectrometry (SIMS) is one of the most sensitive surface analysis

techniques. It is particularly powerful for the measurements of low contents of light elements
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such as H and C in solids. A schematic representation of the ion probe employed in SIMS

measurements described here is shown in Fig. 2.5.
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Fig. 2.5: Simplified diagram of a Cameca nanoSIMS 50L employed in this study.

In a SIMS ion probe, a primary ion beam is generated by an ion gun in the primary ion column.
Different ion beams (e.g. Cs*, O°) can be used depending mainly on the elements to be
analyzed. In the primary ion column, the ion beam is accelerated and focused with a set of
lenses onto the polished surface of the sample, which is mounted into the sample holder under
an extremely high vacuum (~2 x 1071° Torr). All operations are conducted under high vacuum
in order to limit the scatter of ions by residual gas, suppress the background of the instrument
and decrease the contamination from gas species present on the sample surface. When the
focused, primary ion beam hits the sample it sputters and partially ionizes material, forming a

crater at the target area (Fig. 2.6).
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Fig. 2.6: BSE image of a polished experimental charge showing pits formed after nanoSIMS analyses on the
minerals clinopyroxene (top-left) and garnet (bottom-right). The width of the picture is approximately 250 pm.

The depth of the forming pits depends on the properties of the analyzed sample and the
conditions of current and beam size employed. In the analyses performed in this study the
sputtered regions were approximately 25x25 um? and reached a depth of few microns. A
number of neutral and charged atoms and molecules are produced upon sputtering. Secondary
ions are extracted by applying an accelerating voltage to a charged extraction plate. Depending
on the analyses, positive or negatively charged ions can be extracted from the sputtered area
and then focused by ion optics. The secondary ions are subsequently filtered according to their
nominal mass (mass/charge ratio) by the electromagnet of a mass spectrometer, and are

eventually counted by a detector (Faraday cup or by electron multipliers).

In this study, SIMS was used in order to determine the H contents of nominally anhydrous
minerals produced in the multianvil experiments. Analyses were performed at the Department
of Terrestrial Magnetism using a Cameca nanoSIMS 50L ion microprobe, optimized for high
spatial resolution, sensitivity and mass resolution. Negative ions (}2C", °F, ¥Si- and %0OH")
were collected in the analyses. *OH" signals from olivines, pyroxenes and garnets produced in
the multianvil experiments were measured, allowing the determination of their H.O contents.
SIMS is a comparative technique and reference materials are therefore needed in order to
provide quantitative analyses. Reference minerals with known H contents described by Koga
et al. (2003) were used in this regard. Individual standards of H-bearing olivine, clinopyroxene,

orthopyroxene and garnet with known concentrations of H>O (Koga et al., 2003) were
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measured at the beginning and during each session, and calibration curves were obtained by

linear fitting of the collected data (Fig. 2.7).
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Fig. 2.7: NanoSIMS calibration curves for olivine (a), orthopyroxene (b), clinopyroxene (¢) and garnet (d) from
a single nanoSIMS session. Calibrations (lines) are obtained by linear regression of the 18OH/3°Si signal obtained
by the ion probe using the known water concentrations of the standard minerals.

Using the slope of the fitted calibration curves the H2O contents of minerals were calculated

based on the measured mineral 28OH/2%Si- ratios.

In order to conduct precise quantitative determination of low amounts of H in nominally
anhydrous minerals (tens of ppm wt), paramount are the sample preparation and the standards.
In particular, polished samples require a very fine preparation (e.g. roughness of the surface
should be below £20nm) in order to obtain a low detection limits. In this study the sample
preparation procedure described by Koga et al. (2003) was adopted. To perform low-blank H
measurements, the polished samples were removed from the epoxy holders after chemical
characterization and mounted in a hole drilled on an aluminum disc filled with indium so that

H-bearing epoxy was avoided in the preparation of the samples. A detailed description of the
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sample preparation and analytical procedures adopted in this study can be found in (Koga et
al., 2003). Further information regarding the investigated samples and the conditions of the

analyses are reported in Chapters 4 and 6.

2.2.6 Elastic recoil detection analyses

Elastic recoil detection analyses (ERDA) were performed on some samples in order to provide
an independent confirmation of mineral H contents. ERDA is an ion beam technique which in
fact can provide absolute determinations of light element concentrations such as H in solids
that are independent of calibrant materials. It is a relatively uncommon technique in Earth
Sciences as it requires the use of a particle accelerator, i.e. a central large scale facility. ERDA
is performed with a *He* (3 MeV) beam, generated by a single stage Van de Graaf particle
accelerator, which is focused down to 4x4 um? on the polished surface of a sample using
quadrupole magnetic lenses. Several types of secondary emissions occur due to the interaction
of the ion beam with the sample matrix and different detectors positioned in the sample
chamber allow simultaneous measurements of these emissions during the analyses. A

simplified overview of the analyses chamber setup is displayed in Fig. 2.8.

ERDA
"\ detector

o Al filter
incident beam
>

>

He'
sample

RBS
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Fig. 2.8: Schematic representation of an ERDA analysis chamber setup with the different detectors employed.

Particle induced x-rays emission (PIXE) is a method employed for the analyses of trace
elements. This technique provides information on the absolute trace element concentration (14
< Z) based on the analysis of the X-rays emitted by the target excited by the beam. The X-rays
can be collected by a detector positioned at 45° from the incident beam as shown in Fig. 2.8
and are useful for distinguishing the area of interest within a particular sample. In addition,
Rutherford backscattered spectrometry (RBS) is also performed by means of a charged particle

annular detector. The RBS detector collects ions of the incident beam that are backscattered by
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the sample surface and is positioned at 170° with respect to the incident beam (Fig. 2.8). RBS
is used to determine the matrix composition of the analyzed area, and consequently the location
of the crystal of interest in a specific sample. Furthermore, RBS is employed as a charge
monitor of the incident beam. In fact, as a result of the tilted sample position during ERDA
analysis (see later) the total electric charge deposited on the target cannot be directly measured.
RBS is therefore employed to deduce the total number of incident particles on the target during
acquisition, which is required to allow quantification of the H content. Additionally, when the
focused beam collides with the sample surface, it interacts with H present in the sample and
causes elastic recoil, ejecting the H* from the sample matrix. These ejected particles are
collected by an ERDA detector. An aluminium filter placed in front of the detector stops
forward scattered “He* particles and allows only H* from the sample to be counted (Fig. 2.8).
Prior to the analysis of the sample H content using the ERDA configuration, the sample is
positioned perpendicular to the incident beam. In this initial configuration a number of
standards (e.g. Al203, CaCOs, Kapton polyimide) are analyzed in order to determine the RBS
solid angle. After this step, RBS, PIXE and ERDA are simultaneously performed with the
sample tilted at a grazing angle of 15° with respect to the incident beam, as shown in Fig 2.8,
in order to allow the ERDA detector to collect protons (H*) ejected from the sample. In this
configuration, the ERDA solid angle was calibrated from the analysis of Kapton in the ERDA
configuration. At these conditions, the incident beam size that is scanned over the sample
becomes ~4x16 um?, and during the analyses only a small amount of H is removed from the
surface of the sample (~ 2 um depth). The acquisition is conducted by scanning the ion beam
over a selected area of interest (a few tens of um2) in order to preserve the sample from H loss

by diffusion due to the incident beam.

Spectrometry on the forward recoil atoms allows quantitative analyses to be performed without
the use of an external standard. Initially, the PIXE, RBS and ERDA data are processed with
the RISMIN software (Daudin et al., 2003) where 2D elemental maps of the scanned area are
produced. This allows the determination of homogeneous portion of the analyses which
correspond to the crystal of interest. After the selection of the area of interest, the PIXE, RBS
and ERDA spectra corresponding to the crystal are extracted. RBS and ERDA spectra are
processed with the SIMNRA software (Mayer, 1999) in order to determine the H content of
the analyzed minerals by simulating the ERDA spectra. The simulation is conducted by
changing the concentration of H of the mineral until the produced fit matches the number of

counts that are measured by the detector.
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ERDA analyses presented here were carried out at the Pierre Slie Laboratory and a description
of the setup is reported by Khodja et al. (2001). More thorough reports regarding this analytical
technique and the determination of H in geological samples can be found for example in Bureau
et al. (2003, 2009) and Raepsaet et al (2008). Further information regarding the analyses
performed in this study can be found in Chapters 4 and 6.
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3. The composition of hydrous partial melts of garnet
peridotite at 6 GPa: implications for the origin of group II

kimberlites

3.1 Introduction

Along an average mantle adiabat dry peridotite melts at depths shallower than approximately
50 km (e.g. Asimov et al., 2004). However, there are many clear examples in nature of melts
being formed at significantly greater depths, such as kimberlites and lamproites (e.g. Moore
and Gurney, 1989; Moore et al., 1991) and melts responsible for the metasomatism apparent
in mantle xenoliths from cratonic lithosphere (Erlank et al., 1987). Evidence for deep melting
is also apparent in diamond inclusions (Walter et al., 2008), and has in some instances been
inferred from geophysical observations, both from seismic data (Song et al., 2004; Bagley
and Revenaugh, 2008) and from measurements of electrical conductivity (Evans et al., 2005).
It has, for example, been proposed that the seismic low velocity zone (LVZ) at the top of the
asthensophere may in part be explained by the presence of small degree volatile bearing
partial melts (Lambert and Wyllie, 1968; Mierdel et al., 2007; Hirschmann, 2010; Ni et al.,
2011).

H20 and CO:2 have the potential to lower the peridotite solidus to stabilize partial melts at
nominal mantle temperatures at great depths in the mantle (e.g. Kushiro et al., 1968; Mysen
and Boettcher, 1975). Beneath mid ocean ridges such volatiles may extend the on set of
partial melting to greater depths than expect for volatile free magma genesis (Plank and
Langmuir, 1992; Asimow et al., 2004). Initial volatile-bearing small degree melts are
particularly important as they may strip trace elements and volatiles from larger volumes of
mantle compared to the region from which the majority of basaltic melt is extracted (Asimow
et al., 2004). They will also influence estimates for the H>O content of the mantle which are
generally based on the H.O contents of basalts coupled with an estimate for the degree of
partial melting (e.g. Saal et al., 2002). To model the on set of melting in such a scenario and
to investigate if melts could be responsible for the LVZ, requires specific information on
several aspects of the effects of volatiles on melting. For CO2 the redox relationship with
silicate hosted ferric Fe may be a crucial factor affecting carbon participation in the initial

production of melts. It has been proposed that at depths >100 km carbon may be
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predominantly hosted as graphite and diamond and that oxidation to form carbonatite or a
silicate melt CO2 component is controlled by ferrous-ferric reduction which may occur only
at quite shallow depths (Stagno et al., 2013). In order to model H2O participation in deep
melting requires information on the compositions of small degree partial melts in addition to

the partition coefficient for H.O (Dy%"") between the coexisting nominally anhydrous

minerals and such melts (Hirschmann et al., 2009). Melt compositions, and in particular H.O

contents, are not only crucial for calculating D;”;j;”"’” but melt and residue compositions will

likely also have a direct influence over Dy, . For this reason it is important that D" is

1,0
determined for realistic melt compositions, which for deep melting scenarios requires that the
melts are in equilibrium with the nominally sub solidus peridotite assemblage. The likely low
bulk H.0O content of the mantle (e.g. Palme and O’ Neill, 2003) means that the degree of
melting caused by H.O at pressures greater than the onset of dry melting will be insufficient
to significantly perturb the major element concentration of the mantle residue. Realistic small
degree melts are likely enriched in incompatible elements such as Na, K and Ti which may

have an influence on D})"". Many determinations of D;"" have been made for melts that

are not in equilibrium with a residual peridotite assemblage (e.g. Aubaud et al., 2004) and
may therefore not be strictly applicable to modeling the onset of melting. Shifts in mineral
compositions near the solidus, particularly for clinopyroxene, may also have an important

influence on Do,

Whereas many reliable methods exist for determining mineral H.O (hydroxyl) contents, the
determination of melt H2O contents is experimentally more challenging. To date no studies
exist through which to reasonably estimate the H.O content of melts saturated by a peridotite
assemblage at pressures above 3.5 GPa. This is a major barrier to our understanding of the
effect of pressure on hydrous melting and it is mainly caused by the difficulties in performing
such experiments. One of the main problems is that at pressures above 3 GPa, melts of the
appropriate composition do not form glasses on quenching but instead form an assemblage of
quench crystals (Walter, 1998; Tenner et al., 2011). These crystal mats are difficult to analyze
in terms of major elements due to heterogeneity, large grain size and porosity but are totally
impossible to analyze in terms of H2O content using spectroscopic or ion probe techniques.
Most of the H20 from the original liquid is unlikely to be locked into the prepared surface of
the quenched sample. Some studies have attempted to provide estimates of quenched
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crystallized melt H2O contents using the deficit in electron microprobe analysis totals (e.g.
Ohtani et al., 2000) but any number of reasons might be cause for the resulting low analysis
totals such that this cannot be considered an acceptable method. The only reliable technique
for determining melt H.O contents in the absence of quenched glasses is therefore to perform
a mass balance based on analysis of major elements in the run products compared with the
original starting material. However, such a treatment also raises further problems. The
uncertainties on the concentrations determined through mass balance for a small degree melt
would be extreme and variable loss of H.O from the experimental capsules during heating
would significantly bias the result. Further more, the infiltration of carbon through metal
capsule walls that has been observed in many experiments (Brooker et al., 1998; Liu et al.,
2006; Balta et al., 2011) would invalidate the entire mass balance methodology as it can

produce an unquantifiable amount of CO> in the melt phase.

One approach to estimating melt H.O contents at high pressures and temperatures is to
develop a generalized model for the effect of H.O on suppressing the peridotite solidus
(Hirschmann et al., 2009; Hirschmann, 2010). While this is a very promising methodology it
ignores likely effects that H.O has on influencing the composition of silicate melts in
equilibrium with mantle residues. In addition, very few reliable data exist through which to
calibrate such models at pressures above 3 GPa. A large number of studies have been
performed to examine the effect of H.O on peridotite partial melting at pressures <3 GPa (e.g.
Hirose and Kawamoto, 1995; Hirose, 1997; Balta et al., 2011; Tenner et al., 2012). In the
spinel-peridotite field the overriding effect of adding H20 seems to be an apparent increase in
the melt SiO2/(MgO+FeO) ratio (Hirose and Kawamoto, 1995; Hirose, 1997; Gaetani and
Grove, 1998). A similar effect was recently reported for small degree melts of garnet
peridotite at 3 GPa (Balta et al., 2011) although at 3.5 GPa Tenner et al. (2012) report that
melt SiO./(MgO+FeO) ratios are shifted to lower values in the presence of H.O. At pressures
of 5-11 GPa Kawamoto and Holloway (1997) reported hydrous garnet peridotite melts to be
MgO-rich and low in SiO2 and Al2O:s.

In this study, we have placed constraints on the chemical composition of low degree hydrous
melts in equilibrium with a garnet peridotite assemblage at 6 GPa and 1400 °C. The principal
goal was to determine the H>O content of a melt coexisting with a residual mineral
assemblage compatible with that expected for the asthenospheric mantle at these conditions.

We use an iterative crystallization technique to identify melt compositions that are in
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equilibrium with peridotite but we employ large melt to crystal ratios to reduce mass balance
uncertainties, because this is the only way to determine the melt H,O content. To minimize
H-O loss from the experiments we employ double capsules but more importantly we employ
heating times of <1 hour, which should also aid in the minimization of carbon contamination
from the furnace. We employ a number of tests to examine the approach to equilibrium in
these experiments. Ultimately, the data collected here are used to model the effect of H>O on

melting at depths corresponding to the LVVZ and to address the origin of group Il kimberlites.

3.2 Methods

3.2.1 Experimental procedure

The experimental determination of the composition of small degree melts (where F the melt
fraction is < 0.1) in natural peridotite systems is a challenging task even in the absence of
volatiles and quench crystallization. The volume of small degree melts makes them hard to
chemically analyze and promotes melt modification through reaction with solid phases during
quenching. Two main methods have in the past been used to overcome these problems. The
first employs an initially porous diamond aggregate assemblage to extract and separate melts
from the residue (Johnson and Kushiro, 1992, Hirose and Kushiro, 1993), while in the second
so-called sandwich technique (Stolper 1980, Faloon and Green, 1987) large fractions of
proposed small degree melt compositions are equilibrated with a peridotite residue in a series

of iterative experiments (Robinson et al., 1998; Dasgupta and Hirschmann, 2007).

The first technique is not useful for H,O-bearing experiments due to the risk of contaminating
melts with CO2 or CHa. The sandwich technique is potentially more suitable, however, and
was recently employed for this purpose at 3 GPa by Balta et al. (2011). A small degree
hydrous melt would not significantly affect the major element composition of the solid
assemblage; therefore, the correct melt composition should be multiply saturated with a
peridotite mineral assemblage. The first step in a sandwich experiment study is to perform a
sub solidus or dry experiment to determine the mineral compositions of a peridotite
assemblage at a given pressure and temperature. Then an initial guess melt composition is
equilibrated with the peridotite in sub-equal proportions. If the melt is not in equilibrium with
the peridotite, solid-melt reactions will occur and the resulting melt, which should still

comprise a large and easily analyzed portion of the experimental charge, should shift in
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composition to be closer to equilibrium with the peridotite. By repeating this procedure and
using the resulting melt as the initial melt in successive experiments a stage is ultimately
reached where minimal reaction occurs between the peridotite and the multiply saturated
melt. Such a methodology is potentially very suitable for experiments performed above 3
GPa where quench crystallization means that mass balance estimates of H.O contents must
be made. Melt H2O contents are determined by assuming all H>O from the bulk composition
is in the melt and determining the melt fraction from a mass balance based on analyses of all
other oxides in the melt and mineral phases. Such a determination, however, becomes highly
inaccurate if the proportion of melt is small. Hirschmann and Dasgupta (2007) outlined a
modification of the iterative sandwich technique where instead of using the product melt
composition at the end of each experiment to determine the next melt composition, the
partition coefficients between minerals and melts are used to derive a model for the next melt
composition based on the chemical composition of the initial melt free assemblage. Such an
approach has the advantage that the iterated melt compositions converge more rapidly on the
final equilibrium melt. In the current study it was found that the accuracy of mass balance
results improved if small peridotite assemblage fractions were employed, i.e. <20 %. Under
these circumstances the method of Hirschmann and Dasgupta (2007) is particularly effective

because melt compositions would otherwise shift only gradually upon each iteration.

To provide credible estimates of melt H.O contents using mass balance requires that
experiments do not lose significant H2O during heating. Hall et al. (2004) demonstrated that
over the course of 24 hours heating at 1300 °C approximately 32 % H20O can be lost from a
basaltic melt in AugoPd2o capsules. Under such circumstances it would seem that only very
short run durations can hope to preserve H.O contents that are close to the original and in the
current study run times were of the order of 30 minutes to ensure this. In addition, several
studies have shown that carbon can diffuse into experimental capsules which should also be
minimized by short run durations. In this study a double capsule arrangement was also
employed with an outer Pt-Rh capsule and inner AusoPd2o, similar to that employed by Balta
et al. (2011) for the same purpose. While peridotite and melt compositions were placed in the
inner capsule, the outer capsule contained only the melt composition in the hope of
minimizing H20 loss in the inner capsule by maintaining a high external H2O activity and
similar fO>. However, as will be shown, H>O loss from both inner and outer capsules was
minimal during the course of the experiments and assemblages observed in both inner and

outer capsules could be used to determine multiply saturated melt compositions.
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Initial experiments indicated that the necessary short run durations prevented suitable
chemical equilibrium between sub equal proportions of melt and solid peridotite. Short run
times also prevented the conventional use of a melt layer sandwiched between layers of
peridotite because chemical equilibrium cannot be achieved upon the short run times. Instead
it was found that equilibrium could only be obtained by using < 20% peridotite and by
intimately mixing the melt and peridotite compositions. In addition the temperature of each
experiment was initially raised by 50 °C above the set point. The run temperature was then
approached by cooling over 5 minutes. In this way the entire assemblage was initially melted
and all solid phases crystallized from the melt during the cooling phase. This is therefore a
crystallization rather than a sandwich experiment. As will be seen, this also ensured the
separation of melt from crystals required in order to allow melts to be suitably analyzed and

to avoid quench modification of the solid assemblage.

The chemical analysis of the quenched silicate melt assemblage is also challenging using the
electron microprobe. The formation of large quench crystals and chemical heterogeneity on a
scale larger than 10 microns means that large microprobe beam diameters are required but the
analyzed surface is generally uneven and contains voids. In initial experiments melt analyses
performed with the electron microprobe resulted in high mass balance residuals. It was found
that melt analyses made using laser ablation inductively-coupled plasma mass spectrometry
(LA-ICP-MS) resulted in much smaller mass balance residuals. LA-ICP-MS also required

large analyzable melt pools.

3.2.2 Starting materials

The peridotite bulk composition of Jagoutz et al. (1979) was selected for the near solidus
assemblage in the experiments. This composition (PD-1, Table 3.1) is based on primitive
ultramafic nodules and is similar to pyrolite (Ringwood, 1966, 1979). In Table 3.1, the
compositions of melts that were equilibrated with this peridotite are reported. The initial melt
composition (BASD-1, Table 3.1) was prepared by examining mineral melt partition
coefficients from experiments performed between 2-3 GPa (Gaetani and Grove, 1998; Balta
et al., 2011). The subsequent melts were prepared as a result of analyzing and mass balancing

the resulting quenched melts.
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Table 3.1: Chemical composition of starting mixtures (wt %)
PD-1 BASD- BASD- BASD- BASD- BASD- BASD- BASD- BASD- BASD-
1 7 8 9 10 11 12 13 14
SiO, 4588 44.00 39.96 3786 39.78 39.97  40.77 40.77 40.16  39.88
A0z 391 15.17 5.67 521 4.84 5.45 4.60 5.13 5.40 5.64
CaO  3.39 9.93 8.01 7.57 5.36 8.18 7.78 7.90 7.95 7.80
FeO 8.12 7.81 8.28 1230 13.60 11.66 1131 9.80 9.04 8.67
NiO 0.26 0.03 0.02 0.02 0.08 0.08 0.08 0.05 0.04 0.04
MgO 37.27 1282 2330 21.77 19.43 20.64 2158 2244 2287 2342
Na,O  0.28 2.43 2.90 2.74 1.35 2.04 0.94 1.92 2.41 2.45
Cr.03 044 0.07 0.10 0.14 0.22 0.17 0.33 0.21 0.16 0.15
TiO2 0.24 0.66 0.84 1.42 3.52 0.87 111 0.97 0.90 0.89
MnO  0.14 0.11 0.15 0.14 0.23 0.16 0.21 0.18 0.16 0.16
K20 0.03 0.12 0.29 0.41 0.65 0.35 0.82 0.55 0.42 0.40
H.0 0.00 6.86 10.49 1041 1094 1045 1047 10.48 10.49  10.50

Sum 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00

All the starting mixtures were prepared by grinding previously weighed proportions of oxides
and carbonates for one hour under ethanol in an agate mortar. Mixtures were then dried,
placed in a Fe-saturated Pt crucible, and decarbonated at 1000 °C for 4-6 hours. Mixtures
were then glassed by melting in air at 1600 °C for twenty minutes and then rapidly quenching
in icy water. This step was repeated four times, grinding the quenched glass for one hour
under ethanol and drying it at every cycle to provide higher homogeneity of the mixture. The
glass was recovered from the crucible and then reduced in a 1-atmosphere furnace, at 1024 °C
and an oxygen fugacity (fO2) of 2 logs units below the quartz-fayalite-magnetite oxygen
buffer for approximately 12 hours. This process was performed twice in order to ensure a
complete reduction of the mixture. Mg(OH). and Al(OH)z were then added to the glasses to
obtain the hydrous melt compositions that had been previously weighed with an intentional
deficit of MgO and Al2O:s.

3.2.3 High pressure and high temperature experiments

High pressure (HP) and high temperature (HT) experiments were performed at 6 GPa using a
1200 tonne Kawai type multianvil apparatus installed at the Bayerisches Geoinstitut (BGI).
Tungsten carbide anvils of 15 mm truncation edge length were employed with a 25 mm edge

length Cr20s-doped octahedron. A stepped graphite furnace was employed for the
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experiments, which was surrounded inside the pressure medium by a ZrO; sleeve. A 4 mm
diameter outer Pt-Rh capsule was placed at the center of the assembly, separated by an MgO
sleeve. MgO spacers were also placed above and below the capsule. The temperature was
measured by means of Wo7Res—W?7sRezs (D type) thermocouple inserted within an alumina
sleeve and the effect of pressure on the thermocouple emf was ignored. The pressure was
calibrated using the CaGeOs garnet to perovskite phase transition (Ross et al., 1986). In a
separate experiment the temperature variation inside the Pt/Rh capsules was determined to be
within 40 °C of the thermocouple temperature using the two pyroxene thermometer
calibration of Brey et al. (1990).

An initial dry subsolidus experiment was performed with the PD-1 peridotite composition in
a graphite sleeve inserted in the Pt/Rh capsule. This experiment was equilibrated for 24
hours. Melt crystallization experiments employed double-capsules as described by Kagi et al.
(2005) and Balta et al. (2011). An inner Au/Pd capsule containing known proportions of
mantle peridotite and hydrous melt was enclosed by an outer Pt/Rh capsule containing just
hydrous melt. The inner Au/Pd capsules were pre-soaked with Fe by equilibrating with an
iron bearing silicate assemblage in a gas mixing furnace at 1100 °C and 2 log fO> below the
FMQ buffer, for approximately 1 day. After being equilibrated in the gas mixing furnace, the
capsules were recovered and cleaned with HF overnight at ~ 80 °C. After packing the
peridotite/melt mixtures in the capsule, the top of the Au/Pd capsule was welded. H20 loss
during welding was checked by weighing the capsule before and after. Once prepared, the
Au/Pd capsule was inserted in the Pt/Rh capsule along with the outer hydrous melt
composition separating the two capsules. The Pt/Rh outer capsule was then welded closed,

with the capsule weight being once again monitored for H2O loss.

Crystallization experiments were performed at 6 GPa, equivalent to ~180 km depth in the
mantle, and a nominal temperature of 1400 °C. This is the adiabatic temperature calculated by
Katsura et al. (2010) corresponding to this depth. Target pressure was reached in 4 hours with
the target temperature initially reached at a heating rate of 100 °C/min. Once at target
temperature, the experiment was further heated by 50 °C over a period of 5 minutes, then kept
at this temperature for 5 minutes, and then cooled down to target temperature over 5 minutes.
Then each experiment was kept at temperature for 30 minutes. This technique was found to
produce well equilibrated assemblages composed of large crystals (>100 um) suitable for

various mineral H2O analysis techniques (Chapter 4). The overstep of 50 °C in the
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temperature is of similar magnitude to the gradient in temperature over the capsule, which is,

therefore, a similar magnitude to the temperature uncertainty.

3.2.4 Analytical techniques

After recovery to room pressure the capsules were removed from the ceramic assembly,
mounted in epoxy resin, sectioned and polished in the absence of water. Chemical
compositions of crystalline phases were determined using a JEOL JXA-8200 electron
microprobe at the BGI. The operating conditions for chemical analyses were 15 kV
acceleration voltage and a current of 15 nA, with a counting time of 20 s on the peak position
and 10 s on each side for the background. Alkalies were measured first in the procedure, in
order to limit potential losses during the analyses. Natural and synthetic minerals were used
as standards for most elements, while metal standards were employed for Ni, Cr, Fe and Ir. A
spot beam of 1 um diameter was used in obtaining the chemical compositions of the mineral

phases. Analyses were reduced using the PRZ correction routine.

Chemical compositions of quenched melts were obtained using LA-ICP-MS installed at the
BGI, by means of a 193nm ArF Excimer laser combined with a quadrupole mass
spectrometer. Since large pools of melt can be produced with the crystallization approach
described here, up to 10 pits of ~ 80 um diameter could be ablated on a single charge,
providing accurate analyses of the dendritic quenched melt. The NIST SRM 610 glass
(Spandler et al., 2011) was used as external standard. Internal standardization was performed

by normalizing the sum of the oxides to 100 wt %.

3.3 Results

3.3.1 Subsolidus experiment

The mineral phase analyses from the subsolidus experiment performed on the peridotite

composition (PD-1, Table 3.1) are reported in Table 3.2.
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Table 3.2: Chemical composition (in wt %) and modal
abundances of mineral phases in the subsolidus run

ol cpX gt
SiO; 40.48 (33)* 54.24 (93) 42.91 (75)
AlO3 0.12 (5) 2.68 (65) 21.33(1.05)
Ca0 0.17 (2) 9.63 (48) 4.77 (37)
FeO 9.60 (15) 5.18 (11) 6.56 (15)
NiO 0.37 (6) 0.16 (7) 0.02 (2)
MgO 48.84 (24) 24.80 (63) 22.19 (24)
Na,O 0.03(2) 1.03 (7) 0.06 (4)
Cr,03 0.10 (2) 0.44 (3) 1.53 (10)
TiO, 0.05(3) 0.31 (4) 0.90 (5)
MnO 0.13(4) 0.19 (5) 0.26 (4)
K20 0.004 (3) 0.08 (2) 0.001 (1)
Total 99.99 (48) 99.33(1.00) 100.59 (23)
Mode 0.54 0.32 0.14

1. standard deviation. Analyses on approximately 20 crystals
were used for each phase.

The assemblage comprised 14 wt % garnet, 32 wt % clinopyroxene (cpx) and 54 wt %
olivine. The absence of orthopyroxene (opx) is in agreement with the results of Walter (1998)
for a similar bulk composition at 6 GPa and 1670 °C. The mineral modes are also in very
good agreement with this previous study. Balta et al. (2011) also found an orthopyroxene free
assemblage at 3 GPa and 1375 °C although Davis et al. (2011) produced an opx bearing
assemblage by equilibrating a dry peridotite at 3 GPa and 1440 °C for 1 week. Although
garnet 3+ cations sum to slightly less than 2 per 12 oxygen formula units (1.9) this is not
matched by any Si or 2+ cation excess to imply that the sample contains a significant majorite
component. The olivine Mg-number (=molar Mg/(Mg+Fe)x100) is 89.6 but as discussed later
the application of several thermometers implies imperfect Fe-Mg equilibration in the
experiment. Clinopyroxene and garnet compositions are identical within error to those
determined by Walter (1998) at 1670 °C.

3.3.2 Hydrous melt experiments

Typical hydrous melt experiments are shown in Fig. 3.1.
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Au/Pd
capsule

Au/Pd
capsule

Pt/Rh capsule

JEOL COMP  15.8kY

JEOL COMP 15

Fig. 3.1: Backscattered electrons images from selected experimental runs. Fig. 3.1a (exp. S5252, Table 3) is an
overview of the double capsule used in this study, where an outer Pt/Rh capsule contained an inner Au/Pd
capsule surrounded by melt. Crystals and large pools of quenched melt with dendritic structure can be
recognized in both inner and outer capsule. Fig. 3.1b shows the phase assemblage of the inner capsule of
experiment S5213 (Table 3) where opx (medium grey crystals) and garnet (grey crystals) formed in equilibrium
with a large amount of melt. Figures 3.1c to 3.1e present phase assemblages from experiments S5200, S5581
and S5129, respectively. In these experiments, large crystals of olivine (dark), clinopyroxene (light grey), and
garnet (medium grey) up to 200 um across were found in equilibrium with quenched crystals resembling the
melt produced at high pressure and high temperature. The black circle in Fig. 3.1e indicates a typical pit
produced after LA-ICP-MS analyses. Fig. 3.1f displays a phase assemblage of an experiment where the melt
failed to segregate from the crystalline matrix. Fig. 3.1f is an example of an experiment where incomplete melt
segregation meant it was impossible to identify quench melt from equilibrium crystals.
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In general, crystals were formed in both inner and outer capsules coexisting with large
regions of finer fibrous quenched melt crystals. In some experiments where the peridotite
portion of the initial starting mixture was > 20 wt % or the bulk H2O content was < 9 wt %,
incomplete separation of melt and minerals occurred (Fig. 3.1f). The interstitial melt creates
an extremely difficult texture to interpret on quenching because the melt crystals are
impossible to discriminate from those of the solid assemblage. Significant quench
modification of crystals also occurs. In these experiments the interstitial melts were
impossible to meaningfully analyze and the experiments were generally discarded. Only
when significantly large pools of melt separated from the solid assemblage, was the quenched
texture easy to discriminate (Fig. 3.1b-e). Such separation only occurred when melt fractions
were large but the only way found to ensure the separation always occurred was to initially
overstep the set point temperature by 50 °C. LA-ICP-MS analyses of separated melt pools
showed small standard deviations in melt analyses and the melts appear well homogenized at
the 80 micron scale of the analyses (Fig. 3.1e). In at least 6 experiments assemblages of
olivine, clinopyroxene and garnet were found in equilibrium with large pools of hydrous
melt. One experiment (S5281) was also saturated in orthopyroxene in addition to these three
phases. In a number of further experiments, however, orthopyroxene was found to replace
olivine in the assemblage and in several experiments clinopyroxene was absent. The
compositions of quenched melt and mineral phases produced in the experiments are reported
in Table 3.3. Mass balance was performed using mineral and melt analyses of 11 elements.
An additional phase composed of 100 % FeO was added to account for Fe loss (Tenner et al.,
2012). The system of equations was minimized to obtain the phase modes and the melt H.O
content. The melt was assumed to be the only H2O bearing phase. The melt composition was
normalized to 100% during the minimization. The sum of the squared residuals was generally
in the range 0.1-0.6 with Na;O being by far the main contributor to the residual. Melts with
residuals above 1 were discarded. In the majority of experiments the melt mode was above
80% such that the difference between the starting composition and the resulting melt
composition was relatively small. Fe loss in inner capsules was in the range 2-3 % of the
initial Fe content, while in the outer capsules it was up to 7 %. Similar losses of Ni were
noted, which may have also alloyed with the capsule. Large losses of K occurred in all

hydrous experiments and Na losses were observed in most of the experiments.
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3. The composition of hydrous partial melts of garnet peridotite at 6 GPa

3.3.3 Attainment of mineral-mineral and mineral melt chemical
equilibrium

The experimental run times were short to limit the loss of H20O and it is particularly important
to test that equilibrium between phases was still achieved. The crystalline phases that could
be unambiguously identified as solid before quenching were in general homogeneous in
composition (Table 3.3) and displayed no significant chemical zoning (Fig. 3.1), except
within 5 pum of the edges where some quench modification occurred in some instances. Many
crystals formed, particularly in the outer capsules, had sizes up to 200 microns (Fig. 3.1d-e).
A number of thermometers can be used to test whether equilibrium between mineral phases
was likely achieved. The Fe-Mg exchange thermometers between olivine and garnet (O’ Neill
and Wood, 1979) and garnet and clinopyroxene (Ellis and Green, 1979) were employed for
this purpose in addition to the enstatite-in-clinopyroxene thermometer of Nimis and Taylor
(2000). In experiments containing orthopyroxene the thermometers of Harley (1984) and
Brey and Kohler (1990) were also applied. In the best instances temperatures using these
thermometers showed maximum differences of <40 °C. In experiments where thermometers
indicated small ranges of temperature the average temperature was 30 °C higher than the set
point of 1400 °C, which possibly reflects the crystallization temperature during cooling from
the 50 °C initial overstep or a difference from the thermocouple temperature due to the
thermal gradient. The consistency of many experiments is a good indication that equilibrium
was reached as the O’Neill and Wood (1979) thermometer is particularly sensitive. These
tests also indicate that the thermometers operate extremely well at these conditions, which are
close to the limit in pressure for which they are generally employed on natural samples.
Ulmer and Sweeney (2002) found similar evidence for equilibrium being reached in
experiments with large volatile bearing melt fractions run for even shorter periods of time at

similar conditions.

Experiments where differences between temperatures determined using the three main
thermometers exceeded 100 °C were discarded. In many instances these were experiments
where the melt fraction was relatively small (<70 wt %) and it is likely that the entire
assemblage was not completely molten during the overstep in heating by 50 °C. This implies
that on the time scale of the experiments it is not possible to equilibrate the hydrous melt with
a solid residue, but instead equilibrium is achieved as a result of almost simultaneous

crystallization of phases from a single homogeneous melt composition. It has been postulated
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that when sufficient melting occurs in multianvil experiments, the thermal gradient generally
leads to rapid dissolution and recrystallization of mineral grains even without an initial
overstep of the temperature (Lesher and Walker, 1988). Crystallization is probably the only
way of approaching chemical equilibrium in short experiments because extremely long run
times are likely required for equilibrium to be achieved through mineral cation diffusion.
Long run times would lead to gradual H>O loss from the capsule. Fe-Mg equilibrium was
apparently not reached, for example, in the sub solidus experiment (Table 3.2), for which the
O’Neill and Wood (1979) thermometer, the most sensitive of the three, predicts a temperature
230 °C above the run temperature. Under dry conditions even run times of one day are

therefore insufficient to yield equilibrium.

The olivine/melt Fe-Mg exchange coefficient,

D]
o = Tee T oY

can be used to assess equilibrium mineral - melt equilibrium in the experiments. For
experiments in which the solid assemblage was deemed to be in equilibrium, melt Kp values
vary from 0.29 to 0.35 with the higher values corresponding to charges with greater Fe loss.
The range is shifted to slightly lower values compared to that observed by Walter (1998) at 6
GPa (0.34-0.36) at the dry solidus, with the small shift being in excellent agreement with the
effect of temperature predicted by the model of Toplis (2004). Several experiments were

excluded on the grounds that melt K, values were significantly above 0.4.

3.3.4 Oxygen fugacity in the experimental capsules
In two experiments, 3 wt % of Ir metal powder was added to the inner capsule in order to

estimate the oxygen fugacity based on the equilibrium

FesSi0s + MgeSiOs = 2MgSiOs + 2Fe + O (3.2).

olivine orthopyroxene  alloy

Fe from the silicates alloys with the Ir to produce a Fe-Ir alloy, the composition of which is
sensitive to the fO, (Woodland and O’Neill, 1997; Stagno and Frost, 2010). The fO. can be
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measured using chemical analyses of the silicate and alloy phases. In the experiments in
question olivine failed to crystallize, however, a reasonable estimate can be made of the
fictive olivine composition based on orthopyroxene and garnet compositions. The resulting
oxygen fugacities are -1.8 and -2.2 log units relative to the QFM oxygen buffer, which is
within error (~0.5 log units) identical to the fO. at which the experiment starting powders
were initially reduced at 1 atmosphere. This range of fO. is quite consistent with that
expected for the mantle at 6 GPa (Frost and McCammon, 2008; Stagno et al., 2013) and also
indicates that little oxidization of silicates has occurred during the experiment. Significant

oxidation of silicates by H.O would likely lead to Hz being lost from the capsule.

3.3.5 Loss of Hz or H20 during experiments

An important question is whether it is likely that H.O was lost from the capsules during the
experiments either as H.O or Hz. This can be assessed by examining the extent of
crystallization for a given initial bulk HO content. Whether melt successfully separates to
form a pool depends on the melt fraction, which in turn depends on the proportion of H2O in
the experimental charge. The formation of interstitial melts, where the melt did not separate
from the residue (Fig. 3.1f), occurs quite reproducibly when initial bulk H20 contents were
below 8 wt % and the melt fraction falls below 70 wt %. Whereas bulk water contents of 10.5
wt % resulted in refined melt fractions that were between 86 and 90 wt % for six individual
experiments, i.e. a reproducible and narrow range. If significant loss of H>O occurred during
the experiments we would expect to see variable amounts of crystallization and the formation

of interstitial melts.

3.4 Discussion

3.4.1 Phase relations

Starting from the initial “best guess” hydrous melt composition further melt compositions
were determined following the procedure of Hirschmann and Dasgupta (2007), whereby the
determined mineral melt partition coefficients are used to estimate successive melt
compositions. Using this procedure it was possible to arrive at melt compositions that
crystallized olivine, clinopyroxene and garnet, i.e. the assemblage observed in the subsolidus
peridotite experiment at the same conditions (Table 3.2), after only 2 further melt iterations.

Fe loss to the capsule, however, meant that in most instances the solid residues contained less
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Fe than expected from the subsolidus peridotite. The most successful, well equilibrated
experiments to crystallize the 3 phases were those where only the melt composition was

employed and approximately 10 % crystallization occurred from this melt.

Further melt compositions were then fabricated from the successful melt analyses, in order to
check that the achieved melt composition was indeed in equilibrium with peridotite (BASD-9
to 14). This resulted, however, in a number of problems. One problem, as related previously,
arose because equilibrium between melt and a solid residue could not be obtained in the short
run times, as indicted through the application of various thermometers. However, in several
experiments where either small portions of peridotite were mixed with the proposed melt
composition or the melt composition alone was crystallized, orthopyroxene replaced olivine
in the crystallizing assemblage. As shown in Fig. 3.2, melts coexisting with ol, cpx and gt
were found to have almost identical ranges of composition compared to those coexisting with
opx, cpx and gt. There appears to be no chemical component in the melt that can discriminate
between these two assemblages. Loss of H,O from the capsule does not seem to provide a
suitable explanation as the observation is consistently reproducible i.e. all melt compositions
fabricated from melts originally coexisting with the ol-bearing assemblage crystallize opx.
The only difference between melts that crystallized olivine and those crystallizing opx
appears to be the initial starting melt compositions. As shown in Fig. 3.2a, starting
compositions from which olivine bearing assemblages formed have higher (Mg+Fe)/Si ratios
than the final melts, reflecting the olivine crystallization, whereas melts where opx forms
change very little during crystallization. It is the ~ 10% crystallization of the ol-bearing
assemblage which causes a shift in the melt (Mg+Fe)/Si ratio to lower values. A plausible
explanation, therefore, is that the melts produced by crystallization of olivine during cooling
over the 50 °C interval have moved towards the opx stability field. But once the run
temperature of 1400 °C is reached there is insufficient driving force or time for olivine to
react with the melt and transform to opx. When the melt compositions are reproduced and
equilibrated at the same conditions, however, they crystallize opx. Experiment S5281
indicates that the melts are very close to compositions where all 4 minerals phases crystallize.
As a result it can be concluded that the melt composition that is saturated in the 3 mineral
phases lies somewhere between the starting compositions and the final mass balanced melt
compositions. In addition, the temperature at which the melt is multiply saturated is also

bracketed between 1400 and 1450 °C, over which the crystallization occurs.
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Fig. 3.2: Major element ratios, Al/Ca versus (Mg+Fe)/Si, of hydrous melts produced at 6 GPa and 1400°C. (a)
melts and starting compositions from this study. The grey filled circles show the starting compositions BASD-7,
-8, 12, -13 and -14 (see Table 3.1). Black filled circles are melts produced in equilibrium with olivine, cpx and
gt while black, empty circles are melts that were found in equilibrium with opx, cpx and gt (Table 3.3). The
black circle with the white cross indicates run S5281, where ol, opx, cpx and gt were produced in equilibrium
with melt. (b) Averaged initial and final melt compositions from olivine+cpx+gt (+ opx in S5281-white cross)
saturated experiments are shown by black filled circles, and are compared to data from the literature, in grey.
Grey squares are hydrous melts from Gaetani and Grove (1998) produced at 1.6-2 GPa; grey triangles are low
degree hydrous melts produced by Balta et al. (2011) at 3 GPa; the grey asterisk is a hydrous melt produced by
Tenner et al. (2012) at 3.5 GPa; grey diamonds are melts produced near the dry peridotite solidus at 6 GPa by
Walter (1998). The grey arrow indicates the evolution of the melt composition of Walter (1998) with increasing
temperature from 1710 to 1755 °C.

The differences in melt composition between the initial starting melt and the residual melt, in
equilibrium with olivine, are small. The main shifts are a decrease in MgO content by 0.8-1.8
wt % coupled with a similar magnitude increase in H2O content, while CaO also increases by

0.5-1.2 wt %. As such the bracket on the 3 phases saturated composition is relatively narrow.

65
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In fact the saturating melt composition must be close to the average of the initial and final
melts, which is plotted in Fig. 3.2b. Due to thermal gradients and the necessity for short run
times it is probably difficult to achieve a greater level of precision in the composition of

multiply saturated melt compositions in the multianvil.

3.4.2 Mineral and melt compositions

As shown in Fig. 3.2b the determined hydrous melt compositions coexisting with ol, cpx and
gt have very similar (Mg+Fe)/Si ratios to those reported by Walter (1998) close to the dry
peridotite solidus at 1700 °C, and have only slightly higher Al/Ca ratios. Na,O concentrations
are also higher in the hydrous melts but this reflects differences in the effective melt fraction
between experiments. It would seem, therefore, that other than lowering the peridotite solidus

temperature, H,O has very little discernable effect on the major element melt chemistry.

If data are compared at various pressures, then hydrous melts at 6 GPa are more Mg-rich and
have higher Al/Ca ratios than those at 1.6 and 3 GPa (Fig. 3.2b). There are, however, only
small differences with the 4 phase saturated melt reported by Tenner et al. (2012) from
experiments at 3.5 GPa and 1350 °C. This seems slightly surprising that melts shift so
dramatically in MgO content between 3 and 3.5 GPa and that melts at 3.5 GPa have much

stronger affinities with those at 6 GPa compared to 3 GPa.

The melts produced in this study are nepheline normative based on the CIPW scheme. In Fig.
3.3, however, the melt compositions are plotted on a volatile free basis in two projections
using the garnet Iherzolite normative scheme described by Kelemen et al. (1992). The first is
a projection from cpx onto olivine-opx-garnet, while the second is from opx onto olivine-cpx-
garnet. The near solidus melts of dry mantle peridotite between 3 to 7 GPa reported by
Walter (1998) are shown in addition to hydrous near solidus melts reported between 1.6 and
3.5 GPa by Gaetani and Grove (1998), Balta et al. (2011) and Tenner et al. (2012). Hydrous
melts from this study are dominantly olivine and cpx normative. Again it can be seen that
there is very little difference between where olivine and opx bearing melts from this study
plot, although results from 3 of the 5 opx bearing samples are opx normative. The hydrous
melts from this study plot close to the anhydrous near solidus melts of Walter (1998) at 6-7
GPa.
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Fig. 3.3: Normative diagram projected from cpx onto the olivine-opx-garnet surface (left) and from opx onto the
olivine-cpx-garnet surface (right), following the method of Kelemen et al. (1992). Symbols are as in Fig. 3.2.
Figures indicate the pressure in GPa of near solidus melts from the study of Walter (1998). The arrow indicates
the melt composition change from near to the solidus at 6 GPa from Walter (1998).

It can be seen that there is a consistent evolution with pressure for both hydrous and
anhydrous melts from cpx and garnet normative melts at low pressure, to dominantly olivine
and cpx normative melts at high pressure. If we consider melts crystallizing at depth in the
lithospheric mantle, for example, this would imply a shift from eclogitic vein rocks at low
pressure (<3 GPa) to wehrlite assemblages at high pressure (~6 GPa). Wehrlite xenoliths that
have been reported with equilibration pressures of approximately 6 GPa (Kopylova and Caro,

2004) could therefore have formed from the crystallization of small degree hydrous melts.

Walter (1998) provides a series of regressions in terms of melt fraction (F) for major
elements in melts produced in his nominally dry peridotite melting experiments, which can be
extrapolated to zero F. There is good agreement between these estimated zero melt fraction
values at 6 GPa compared with the compositions of hydrous melts in equilibrium with
olivine, cpx and garnet from this study when compared on a volatile free basis. In Walter
(1998) melt contents of 10 wt % CaO are predicted at zero F, where as hydrous melts from
this study are in the range 9.4-10.5 wt % on a volatile free basis. The range of MgO and
Al>O3 contents of the hydrous melts are similarly within 1 wt % of the zero F values of
Walter (1998) of approximately 6 and 24 wt % respectively. SiO, melt contents from this
study cover a relatively wide range from 44-47 wt % but the values are correlated with FeO,
which varies due to Fe loss to the metal capsule. The melt with the least Fe loss, however,
contains 13.2 wt % FeO and 43.7 wt % SiO2, which is in excellent agreement with the zero F

values of 13.4 and 44.1 wt % respectively of Walter (1998). Major element hydrous melt
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compositions are, therefore, in excellent agreement with estimates for small degree

anhydrous melt compositions.

The hydrous melt TiO2 contents vary from 1-1.5 wt %. The PD-1 bulk peridotite composition
employed in this study (Jagoutz et al., 1979) contains 0.24 wt % TiO2. Using mineral-melt
partition coefficients from this study we can estimate from the melt TiO content the effective
melt fraction relative to the proposed bulk composition, which is between 7 and 16 %. This
range is quite high but it is extremely sensitive to the TiO> content in the assumed bulk
composition. If we were to assume the depleted MORB mantle composition of Workman and
Hart (2005) that contains only 0.13 wt % TiO: then the melt compositions would be

equivalent to melt fractions between 0 and 4 %.

There is a wide variation in the Na;O and K>O contents of the hydrous melts, which vary
between 1-2.7 and 0.07-0.29 wt % respectively. These variations couple strongly with the
mass balance residuals for these elements, implying that alkalis were variably lost from the
melts. If the missing alkalis inferred from the mass balance are added back to the melt then
the Na.O melt compositions fall in the range 2.1-3.7 wt % and K>O values are in the range
0.2-0.4 wt %. The alkalis were certainly not lost during chemical analyses because very
similar concentrations can be obtained using both LA-ICP-MS and electron microprobe. The
standard deviations of melt analyses within each sample are also relatively small. A plausible
explanation is that Na,O and KO dissolved into an H2O-rich fluid which exsolves from the
melt during quench crystallization. There is no evidence for hydrous minerals in the quench
crystal assemblage, so as crystallization occurred free water, which cannot all partition into
the structure of quenched crystals, must have exsolved and separated. In experiments where
the outer capsule was pierced on recovery, water was observed to bubble out of the capsules.
This was not done to all experiments so as not to damage the crystalline assemblage in the
charge. Loss of alkalis to H>O-rich fluids that separate on quenching likely explains the

variable depletion of melts in these elements.
Fig. 3.4 shows clinopyroxene-melt partition coefficients for hydrous melts compared with dry

melts from Walter (1998) at the same pressure and hydrous melts from Balta et al. (2011) and

Tenner et al. (2012) at lower pressures.
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Fig. 3.4: Clinopyroxene-melt partition coefficients for multiply saturated hydrous melts at 6 GPa (black circles)
compared with the dry-near solidus melt of Walter (1998), and hydrous melts of Balta et al. (2011) from 3 GPa
and Tenner et al. (2012) from 3.5 GPa. Symbols for the literature data are as in Fig. 3.2.

The wide variation of Na, K and Ni partition coefficients from this study are coupled to
losses apparent in the mass balance calculations. As explained above, for Na and K a
plausible explanation is that they were mobilized in the charge in a hydrous fluid, which
exsolved and separated from the melt during quench crystallization. Ni was likely lost with
Fe due to alloying with the capsule. The partition coefficient of Ti seems to vary as a function
of pressure, as consistent values are found between this study and the dry melting study of
Walter (1998), which are higher than values for hydrous melts at lower pressures. On the
other hand partition coefficients for Ca and Cr seem to be higher in the dry study of Walter
(1998) compared to all wet melting studies regardless of pressure. For Ca this arises as a
result of higher Ca contents in cpx in wet compared to dry experiments, which is quite a well
reproduced phenomenon. The dry near solidus melt of Walter (1998) contain 9 wt % CaO
which is near identical to the hydrous melts of this study. The near solidus cpx of Walter
(1998), however, contains 7.8 wt % CaO compared to 13-15 wt % in this study. Although this
difference could be reasonably attributed to temperature differences, as can Cr partitioning
differences, the dry sub solidus cpx from this study also contained only 9.6 wt % CaO. An
identical observation was made by Balta et al. (2011) at 3 GPa when comparing wet and dry
cpxs produced at identical temperatures, which contained 17-18 wt % and 12.8 wt % CaO
respectively. Balta et al. (2011) attribute this to a contraction of the cpx stability field in the

presence of H20, however, we note that in experiments containing opx applying the Ca-Mg
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exchange thermometer (Brey and Kohler, 1990) gives reasonable estimates for the wet
samples, implying that the wet cpx stability field is unchanged with respect to opx. We
suspect that this difference between wet and dry cpx compositions arises from the difficulty
in equilibrating Ca contents of cpx and gt in dry samples and that dry cpx Ca contents are not

in equilibrium. This is probably also the case in the study of Balta et al. (2011).

Garnet-melt partition coefficients are shown in Fig. 3.5, compared to the same literature data

as described above for cpx.
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Fig. 3.5: Garnet-melt partition coefficients of eleven chemical components determined for multiply saturated
hydrous melts at 6 GPa (black circles) compared with the same data as in Fig 3.4.

The partition coefficient for Al increases with increasing pressure from 3 to 6 GPa as a
consequence of the lower melt alumina concentration at 6 GPa [5-6 wt % Al:O3 in our
experiments and 6-7 in low degree dry melts from Walter (1998)] compared to 3 GPa (~13 wt
%, Balta et al., 2011). Partition coefficients for Cr are higher than those reported close to the
dry solidus at the same pressure by Walter (1998) but similar to the wet melting values of
Balta et al. (2011) at 3 GPa, implying a reduction of the Cr partition coefficient with

increasing temperature.

3.4.3 Melt H20 concentrations and the depression of melting

In order to estimate the proportion of hydrous melt that may exist in the mantle at a given set

of conditions, information on the depression of the silicate solidus as a function of melt H.O
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content is required. Such a relationship is necessary, for example, to determine the H.O
contents required for melts to form along a mantle adiabat at a specific depth. A particularly
important aspect in this respect is that the effect of H.O on melting point depression is likely
to also be a function of silicate melt composition, and the compositions of specific
importance at depths greater than 90 km are those in equilibrium with a residual 3 phases

peridotite assemblage because the degree of melting will be small.

The chemical compositions of the melts produced in this study are very similar, when
normalized to H2O free conditions, to those analyzed close to the dry solidus at 1700 °C by
Walter (1998). The depression of melting due to H20 in the experiments from the current
study can, therefore, be estimated to be 300 °C. The corresponding melt H.O content is
bracketed between the H>O content of the 3 phase saturated starting melts, 10.5 wt%, and the
resulting mass balanced melt H,O contents 11.3-12.8 wt%. The resulting melting point
depression as a function of melt H,O content is shown in Fig. 3.6 along with data at 3.5 GPa

from the previous study of Tenner et al. (2012).
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Fig. 3.6: The melting temperature depression plotted as a function of melt H.O content for low degree hydrous
peridotite melts. Data at 3.5 GPa are from Tenner et al. (2012). Data at 6 GPa are from this study: black filled
circles indicate the H,O content of the melt starting mixtures (Table 3.1), while the black empty circles indicate
the water content of the multiply saturated (olivine bearing) melts given by mass balance calculations. The
actual melt H,O content should be bracketed by the open and filled symbols. Curves calculated from the
cryoscopic equation (eq. 3.3) are shown calculated at 3.5 and 6 GPa. The grey area indicates the temperature
depression required for hydrous peridotite melts to form over the depth interval of the seismically observed low
velocity zone, as demarcated by Hirschmann et al. (2009).
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Tenner et al. (2012) propose a simple model to describe the depression of melting due to

H.O. The model is based on the cryoscopic equation:

r iyd - R Ly melt (3:3)
[ " agie M- X OH)}

where R is the gas constant, T/ and Tz are the hydrous and dry silicate melting

temperatures at a given pressures, AS™ is the molar entropy of fusion of the silicate and

melt

XOH' is the mole fraction of dissolved OH" in the melt. Such a model is similar to that

proposed by Silver and Stolper (1985) where dissolved H2O reacts with oxygen in the melt to

establish the equilibrium,
H>O (melt) + O (melt) = 2 OH (melt) (3.4)

Tenner et al. (2012) assume, however, that full dissociation occurs to produce 20H. The mole

fraction of OH in the melt is then calculated from the melt H,O content (H20 wt %) as

o (2H,0wt%/18.015) + (100 — H,0wt %) /mol.wt g;...o

X (3.5)

The molecular weight selected for the silicate phase is potentially an adjustable term in the
model. Silver and Stolper (1985) assumed a molecular weight of the melt on a one oxygen
basis. Where as Tenner et al. (2012) fit their experimental data assuming a 3 oxygen melt
formula which gives a molar weight of 111 g/mol. Combining this value with literature data
they determine a AS/* of 44.4 J/K/mol.

Fig. 3.6 shows a comparison between this model calculated at 3.5 GPa and at 6 GPa. The
model at 6 GPa is calculated by assuming the dry melting temperature determined by Walter
(1998) and is shown to be quite consistent with the experimental bracket provided by this
study. The shaded area indicates the melting point depression required for hydrous melts to

exist along a mantle adiabat in the region of the seismic LVZ. The deepest extend of the LVZ
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is estimate at 220 km which is approximately 7.5 GPa and data in this study are therefore

consistent with melts at this depth containing 15-16 wt % H.O.

3.4.4 Low degree hydrous melts and the origin of group II kimberlites

Kimberlites are volatile rich, ultrabasic silicate magmas that as a result of their highly
enriched incompatible element contents must be produced by low degree partial melting of
sources that have most likely been previously metasomatised (e.g. Eggler, 1978, 1989;
Wyllie, 1980; Tainton and Mckenzie, 1994; Mitchell, 2004; Becker and Le Roex, 2006). The
presence in kimberlites of diamonds and xenoliths that record high equilibration pressures
implies that these magmas must originate from depths greater than 150 km and are therefore
the deepest sourced magmas (e.g. Boyd, 1973; Carswell and Gibb, 1987; Yaxley et al., 2012).
Kimberlites are subdivided into two types of rocks. Group | kimberlites appear to be more
CO2-rich and have been argued to have sub lithospheric sources (Smith, 1983). Group II
rocks, referred to as orangeites after Mitchell (1995), generally contain mica i.e. are more
H.O-rich, and have been argued to originate within the subcontinental lithosphere (Smith,
1983). In Fig. 3.7 proposed ranges in composition of these two kimberlite groups are plotted
on a volatile free basis from the compilation assembled by Becker and le Roex (2006).

Experimental studies conducted to investigate the genesis of both types of kimberlites can be
divided into two types. The first have been performed to determine conditions where
kimberlite melt compositions become multiply saturated in mantle phases (e.g. Edgar et al.,
1988; Edgar and Charbonneau, 1993; Girnis et al., 1995; Ulmer and Sweeney, 2002; Girnis et
al., 2011; Sokol et al., 2013). Such experiments must make assumptions on the likely pre-
eruptive volatile contents of kimberlites, however, and quite often come to the conclusion
that kimberlites were not saturated in all garnet-lherzolite phases. The melts produced are
naturally close to those of the kimberlite melt starting compositions because they are near
liquidus. The second type of experiments are those performed to assess if kimberlite melts
can be produced from typical mantle garnet-lherzolite rocks in the presence of different
proportions of volatiles (e.g. Canil and Scarfe, 1990; Ringwood et al., 1992; Kawamoto and
Holloway, 1997; Dalton and Presnall, 1998; Brey et al., 2008; Gudfinnsson and Presnall,
2005).
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Fig. 3.7: Chemical compositions of hydrous multiply saturated melts are compared with melt compositions
produced in previous volatile-bearing melting studies and the range of compositions estimated for natural group
I and Il kimberlites. Melts produced in this study in equilibrium with ol+cpx+garnet are indicated by filled
circles with the white cross indicating an experiment that was in addition saturated in opx. Black squares
indicate the H,O-saturated near solidus melts of Kawamoto and Holloway (1997). Black, empty triangles
indicate multiply saturated, CO2-rich melts from Brey et al. (2008). Inverse, grey triangles and grey diamonds
are composition of CO, and H,0 bearing melts from Brey et al. (2009) and Foley et al. (2009), respectively. The
cross indicates estimated dry peridotite zero melt fraction compositions at 6 GPa ~1700°C from the study of
Walter (1998). Natural kimberlite data are from the ranges reported by Becker and le Roex (2006). The darker
grey areas are for group | kimberlites, while the lighter grey areas are group Il. All compositions are plotted on a
volatile free basis.
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The melt compositions from our study can be used to make the same type of assessment
because, as outlined below, their similarity with group Il orangeites implies a possible origin
for these kimberlites from H20 induced partial melting of garnet lherzolite or garnet wehrlite

at approximately 6 GPa.

Kawamoto and Holloway (1997) performed experiments on H>O-saturated garnet-lherzolite
between 5 and 11 GPa and proposed that group Il kimberlites might originate from partial
melting of hydrated peridotite mantle at relatively low temperatures, approximately 1000 °C.
The 4-phase saturated melt compositions from 5 and 7.5 GPa and from ~1000 °C are shown
in Fig. 3.7, on a volatile free basis, and are remarkably similar to those of group I
kimberlites, although FeO contents are too high and K,O and other minor components were
not considered. Compositions of hydrous melts produced by Kawamoto and Holloway (1997)
at higher pressures, 10-11 GPa, are too high in MgO (>35 wt %) and FeO (~15-17 wt %) and
low in Al,03 and SiO, compared to natural kimberlites and are not shown. In Fig. 3.7 melts
produced in studies where peridotite has been melted in the presence of CO2 and CO2-Hz20
are also shown, normalized to volatile free compositions, in order to assess how melt
compositions are likely to shift in the presence of CO: in this pressure range. Brey et al.
(2008) investigated carbonated garnet lherzolite melting between 6-10 GPa. The 4-phase
saturated COz-rich melts of Brey et al. (2008) produced between 1400-1700 °C, (Fig. 3.7),
are SiOz and Al,O3 poor and CaO rich compared to all natural kimberlites. Brey et al. (2008)
noted that higher temperature melts approach group | kimberlites in SiO2 and CaO contents
but these melts are still too low in Al,O3 and are no longer in equilibrium with cpx. Brey et
al. (2009) performed similar experiments on melting of peridotite in the presence of H>O and
CO2 in a 3:2 molar ratio. The multiply saturated melt compositions produced between 6-10
GPa and 1300-1400 °C (Fig. 3.7) are slightly less CaO rich but have slightly more Al>Oz and
SiO2 than melts produced from CO.-peridotite systems at similar conditions. Multiply
saturated melts produced by Foley et al. (2009) from K20 enriched peridotite in the presence
of a 3:7 ratio H,O-CO, mixture between 5-6 GPa and 1180-1240 °C, however, show the
same general trend but in addition have lower MgO average contents. These melts plot very
close and in some cases within the field of group Il kimberlites for the major elements. The
effect of H2O on carbonated peridotite melts can be rationalized because H.O lowers the
silicate solidus and therefore increases the proportion of silicate melt components, i.e. SiO2

and Al2Os, in the carbonate melts, which are otherwise dominated by CaO and MgO. Adding
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H.O, therefore, has a similar effect as increasing temperature for a carbonate melt in
equilibrium with peridotite. In respect of these 4 components, much of the field of group Il
magmas can be produced by melting of garnet wehrlite or garnet Iherzolite at approximately
6 GPa and near adiabatic temperatures in the presence of H2O-CO2. Group | kimberlites can
most likely also be produced from peridotites fluxed by an even narrower range of H.O and
CO. compositions, as proposed by Sokol et al. (2013).

Although the compositions of group 1l kimberlites are consistent with H>O-rich £CO> fluxed
melting of garnet-lherzolite or wehrlite, FeO, alkalis and several other minor elements are in
poor agreement. The hydrous melt FeO contents from this study vary between 8.5 and 13.5
wt % as a result of losses of Fe due to alloying with noble metal capsules during the
experiments. Ni was similarly affected. However, it is the FeO poor melts, in equilibrium
with ~F093 olivine compositions, which show the best agreement with the natural samples.
This is consistent with an origin of group Il kimberlites in cratonic lithosphere, where such
olivine compositions are quite typical (e.g. Boyd, 1989). Low FeO contents are attributed to
an early phase of extensive melting that created the cratonic lithosphere and also raised Cr203
contents in the residue. Group | kimberlite FeO contents, on the other hand, are more
consistent with an origin in the asthenospheric mantle, where Fo89 olivine likely dominates
(e.g. Boyd, 1989).

Hydrous melt Na,O contents range from 1.5 to 4 wt %, and do not match group Il values,
which are <0.4 wt %. This most likely implies a melt depleted source, which was not re-
enriched in Na2O. High K20 contents, on the other hand, are a prominent characteristic of
group Il kimberlites, which average ~4 wt % on a volatile free basis (Becker and le Roex,
2006) but K>O concentrations in experimental melts are significantly lower, apart from in the
study of Foley et al. (2009) where a KO enriched (1.74 wt %) starting material was
employed. The high KO concentration of group Il kimberlites is a source characteristic
(Mitchell, 1995; Becker and le Roex, 2006). Using partition coefficients for K20 it is not
possible to obtain these high concentrations from typical garnet Iherzolite compositions (i.e.

Jagoutz et al., 1979), regardless of the melting fraction, as shown in Fig. 3.8.
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Fig. 3.8: Melt K;O contents as a function of the percentage of partial melting (F %) calculated for melts
produced from a natural peridotite (Jagoutz et al., 1979), a garnet peridotite (GP) and a garnet, phlogopite
peridotite (GPP) reported by Erlank et al. (1987). Values for natural group Il kimberlites proposed by Becker
and le Roex (2006) are also displayed for comparison (horizontal, grey line with shaded area representing
standard deviation). The calculations were performed for batch melting and using K partition coefficients
determined from this study.

For this calculation K partition coefficients were determined from our experiments but
corrected for the previously discussed K.O-loss from the melt using the mass balance
residuals. The resulting coefficients are in good agreement with previous studies (Chamorro
et al., 2002; Tenner et al., 2012; Suzuki et al., 2012). Metasomatic processes that lead to K>O
enrichments have been documented in peridotitic xenoliths from the sub continental
lithosphere, both from South Africa (Erlank et al., 1987) and for other cratons (Kopylova and
Russel, 2000; van Achterbergh et al., 2001). Erlank et al. (1987) identified a sequence of
progressively metasomatised assemblages from garnet peridotite (GP), progressing to garnet
phlogopite peridotite (GPP), phlogopite peridotite (PP) and finally phlogopite K-richterite
peridotite (PKP). This sequence introduces K:O and H:0 into the rock and leads to a
decrease in the Al>Os3 content. As shown in Fig. 3.8, melting of a GPP composition, which
contains initially 0.16 % KO, can produce K20 rich melts that match group Il kimberlite
magmas, if melt fractions are <3.5 % (Becker and le Roex, 2006) and average K-O values are

approached at a 0.5 % melting. GPP metasomatism can be considered as the addition of ~1.5
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wt % phlogopite (KMgsAlISizO10{OH}) to a peridotite assemblage (Erlank et al., 1987) and

as shown in Fig. 3.9 low degree melting of such a rock produces group Il type K>O contents.

wt%

v
VVVVVVVWVVVV“VVW

(I) 1 2 3 4 5
F% (weight percentage of melt)

Fig. 3.9: Melt HO and K:O contents calculated as a function of the percentage of partial melting for a mantle
peridotite (Jagoutz et al., 1979) composition enriched by adding 1.7 wt % KMgsAlSizO10{OH}, phlogopite- i.e.
similar to GPP. The calculations were performed for batch melting and using partition coefficients for K from
this study and for H,O as described in the text. The range of K;O contents for natural group Il kimberlites
reported by Becker and le Roex (2006) is indicated (horizontal line), in addition to the H,O content required to
stabilize these melts at 1400 °C and 6 GPa (horizontal line), as determined in this study. Shaded areas indicate
standard deviations of the KO (Becker and le Roex, 2006) content and a melt H>O content uncertainty of 1 wt
%.

However, we can obtain additional constraints on the melting process by also considering the
partitioning of H20, and by determining the melt fraction required to produce sufficient H.O
to stabilize melting at 1400 °C if the peridotite rock initially contained 1.7 % phlogopite. We
have calculated the partition coefficient for H.O between a mantle peridotite and low degree
melts based on melt H.O contents from this study and coexisting mineral H.O contents
measured in Chapter 4. Multiply saturated hydrous melts at 6 GPa and adiabatic temperatures
contain approximately 10-12 wt % H.O. To achieve the H.O and K->O contents of group Il
kimblerites, melt fractions of ~0.2 % are required at these conditions. In this analysis it is
assumed that phlogopite is consumed in the melting process and in fact experimental studies
indicate that phlogopite breaks down below 1300 °C at 6 GPa (Konzett and Ulmer, 1999).

Kimblerite melts produced in this way could still have equilibrated with the mantle at higher
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temperatures if the very low degree melts produced upon phlogopite breakdown did not
initially separate from the residual assemblage. This is plausible because the permeability of
the mantle would be very low for small-degree melt produced when phlogopite breaks down
(McKenzie, 1989; Tainton and McKenzie, 1994). A scenario is therefore envisaged where
heating of the lower cratonic lithosphere occurs due to rising temperatures in the underlying
asthenosphere, perhaps due to the proximity of a mantle plume. Phlogopite breaks down
(~1300 °C) as temperatures rise at the base of the lithosphere but compaction and segregation
of the kimberlite melt occurs at higher temperatures (~1400 °C). The argument for the melt
equilibrating at normal adiabatic temperatures is well founded as long as the original source
of K20 and H0 is phlogopite. If melting temperatures were lower, then melt H.O contents
have to be higher (Fig. 6). To achieve the required melt H2O content from a GPP rock at 1300
°C, the melt fraction would have to be even lower and the resulting K-O concentration of the
melt would be much higher than group Il kimberlites. Alternatively the H>O content of the
source might be increased by adding more phlogopite but this would again result in melt K,O
contents that were too high. From an analysis of the required H.O and K>O concentrations of
the group Il melts, the temperatures and phlogopite content of the rock are quite narrowly
constrained. The model breaks down if we assume H>O and KO were added to the rock in
some other fashion i.e. their ratio is not coupled by phlogopite stoichiometry. Previous
geochemical studies have also recognized, however, that the K>O/H,O ratio proposed for
enriched magma components corresponds closely to that found in phlogopite (Michael,
1988). One potential origin for this ratio and for the formation of phlogopite, would be as a
result of metasomatism by K-rich fluids rising from a subducting slab as a result of the
breakdown of the mineral phengite (Schmidt, 1996). K(AIMg)2(OH)2(SiAl)s010 phengite

preserves the same K>O/H.O ratio as phlogopite.

The presence of some CO, would act to lower the temperature required to reproduce the melt
H.O and KO contents in two ways. First it would lower the amount of H.O required to
sustain a melt at lower temperatures and secondly it would lower the activity of H20 in the
melt, forcing more HO out of the solid phases. In fact an influx of small amounts of
carbonate melt might be a potential trigger mechanism for the formation of the kimberlite
because it would lower the stability field of phlogopite (Ulmer and Sweeney, 2002;
Yamashita et al., 1995). The amount of CO2 permissible in the H.O-rich melts for them still

to be in the group Il compositional range cannot be accurately determined from existing
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studies, however, due to the difficulty in determining melt volatile contents at these

conditions.
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4. The distribution of H>O between silicate melt and
nominally anhydrous peridotite and the onset of hydrous

melting in the deep upper mantle

4.1 Introduction

H.O is apparently the most abundant volatile component in the Earth’s depleted mantle
(Marty, 2012) where it is likely present at shallow levels within silicate melts (Asimow and
Langmuir, 2003; Kawamoto and Holloway, 1997) and with increasing depth as hydrogen
defects inside the nominally anhydrous minerals (NAMSs) that comprise mantle peridotite
(e.g. Bell and Rosmann, 1992; Kolhlstedt et al., 1996; Bolfan-Casanova et al., 2000). Only in
the lithospheric mantle or in subduction zones are temperatures likely to be low enough for
H.O to be present within a fluid phase or hosted in nominally hydrous minerals such as
pargasitic amphibole or phlogopite (Frost, 2006). Although estimates for the amount of H20
in the depleted upper mantle are relatively low, i.e. 50-200 ppm (e.g. Michael, 1988; Saal et
al., 2002), even small amounts of H defects in mantle minerals can have significant effects on
transport properties such as electrical conductivity (Wang et al. 2006; Poe et al. 2010), rates
of solid state diffusion (Costa and Chakraborty, 2008) and rheological properties (Mackwell
et al., 1985; Karato et al., 1986; Hirth and Kohlstedt, 1996; Jung and Karato, 2001), although
the extent of the last two effects has been recently questioned (Fei et al., 2013). One of the
most important influences of H2O in the mantle, however, is to lower the solidus temperature
of mantle rocks (Kushiro et al., 1968; Green, 1973). For adiabatically up welling mantle, this
allows the formation of melts at greater depths than would be possible under dry conditions
(Asimow and Langmuir, 2003). This can increase the depth interval of the melting column
beneath mid ocean ridges and affect geochemical and geophysical properties, principally
through the redistribution of H.O and other incompatible trace elements (Bercovici and
Karato, 2003; Takei and Holtzman, 2009). The viscosity of mantle melts is also strongly
influenced by the presence of H.O (Lange, 1994; Giordano et al., 2008). Given the key roles
that H2O plays in the mantle it is important to be able to predict conditions were it might

induce melting below the dry solidus and its distribution between mineral and melt phases.

As described in detail by Hirschmann et al. (2009) the presence and proportion of hydrous

melt formed in the mantle at conditions below the dry peridotite solidus will be a function of
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the H>O mineral-melt partition coefficients, DQ”,L”(Q"””, and the melt H.O content. With

decreasing temperature below the dry solidus, melt HO contents must increase, leading to an
increase in the H2O concentration in the coexisting NAMSs. For a given pressure and bulk
composition the maximum storage level of H2O in NAMs can be determined from the

mineraIDQ”,iz”(’)"”” and the melt H2O content at the particular temperature. Once there is

sufficient H2O available to surpass this storage level a hydrous partial melt can form, with the
melt fraction at any temperature below the dry solidus being essentially proportional to the

amount of H20 in the system.

Many previous studies have focused on determining the solubility of H20 in NAMs in fluid
saturated experiments, where the low density fluid has an H2O activity that is near unity (e.g.
Kohlstedt et al., 1996; Bolfan-Casanova et al., 2000; Smyth et al., 2006). Due to the low H.O
contents in the bulk of the mantle, however, hydrous melting likely occurs at fluid under-
saturated conditions. In this case NAM H,O contents will be a function of the melt H.O
activity. Experiments performed in simplified chemical systems (e.g. Smyth et al., 2006;
Grant et al., 2006; Litasov et al., 2007; Bali et al., 2008) will likely have melt H>O activities
that differ to those in the mantle, particularly if the system excludes elements that behave
incompatibly or that influence melt H2O activity. As mantle bulk H.O concentrations are
small, the composition of the solid mantle assemblage will remain mainly unaltered by the
formation of small degree hydrous melts, except in the most incompatible elements. The most

relevant values of Dzizr};’”e” for the upper mantle will consequently be for small degree melts
in equilibrium with peridotite assemblages. This is particularly important because DQ”,L”(’)"’E”

will also depend on mineral compositions, which will change at higher degrees of melting.

min/ melt

Experimental measurements of Dj7,"" between melts produced in equilibrium with a

peridotite assemblage (olivine, clinopyroxene [cpx], orthopyroxene [opx] and garnet) exist to
pressures of 2 GPa (Koga et al., 2003; Aubaud et al., 2004; Hauri et al., 2006). A limited
number of DQ”,L”(’)"’E” values have also been reported for pyroxenes and garnet between 3 and 5
GPa (Hauri et al., 2006; Aubaud et al., 2008; Tenner et al., 2009) produced from mid ocean
ridge basalt (MORB) or alkali-basalt bulk compositions, sometimes mixed with additional

olivine and opx. However, such melts are generally too Si-rich to crystallise olivine above 2
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GPa and melt CaO and Al>Os contents are generally higher than peridotite melts at the same

conditions.

Direct D,“;‘;;m” measurements at pressures >2 GPa for natural peridotite systems are very

challenging, however, because peridotite partial melts at these conditions do not quench to
form glasses but rather crystallize on quenching and thereby lose most of the H.O. This
results from a deceasing SiO> content of melts in equilibrium with olivine with pressure,
which decreases melt polymerisation and the propensity to form glasses. Such crystallised
melts cannot be meaningfully analyzed to provide melt H.O contents, although some
investigators have tried (e.g. Ohtani et al., 2000). One way to over come this is to determine
the proportion of melt in a charge by performing a mass balance based on analyses of other
elements, and determine the H>O content by assuming all H.O from the starting material
enters the melt i.e. negligible H2O enters solid phases. This mass balance approach relies
crucially on the assumption that H>O is not lost from the experimental charge during the
experiment. The accuracy in H.O contents determined in this way increases with the fraction
of melt. If only interstitial melts are formed, as expected for more typical mantle H2O
contents, mass balanced melt H.O contents are highly uncertain (Tenner et al., 2011).
Moreover, the determination of H2O contents in mineral phases also requires the production
of crystals that are sufficiently large for the necessary analysis techniques to be employed,

which can also be challenging at high pressures.

In Chapter 3, compositions of hydrous low degree melts in equilibrium with a natural mantle
peridotite assemblage at 6 GPa and 1400 °C were determined. These conditions equate to
those of an adiabat with a potential temperature of 1327 °C at ~180 km (Stixrude and
Linthgow-Bertelloni, 2007). Iterative crystallization experiments were performed whereby
large melt fractions were equilibrated with a typical peridotite assemblage. The mineral-melt
partition coefficients for all elements in the recovered melt were used to adjust the melt
composition in successive experiments until equilibrium with a complete peridotite
assemblage was achieved (Dasgupta and Hirschmann, 2007). Melt proportions in most
experiments were > 80 wt % such that accurate mass balance could be used to determine melt
H.O contents. In order to minimize the loss of H>O from the capsules relatively short run
durations were employed but because mineral phases were completely recrystallized from the

melt, positive indicators for inter phase chemical equilibrium could be demonstrated. The
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results indicate that in the absence of other volatiles, a near solidus mantle peridotite melt has
an H2O concentration of ~11 wt %, at conditions equivalent to a ridge adiabat at ~180 km
depth (Chapter 3).

Here the H20 contents of the peridotite minerals olivine+cpxtopx+garnet in equilibrium with
this hydrous melt at 6 GPa and 1400 °C have been determined by means of secondary ion
mass spectrometry (SIMS) and elastic recoil detection analysis (ERDA). Using these data

D,“;‘;;m” for all minerals in the assemblage are calculated, and the results are used to

quantitatively examine the onset and extent of melting as a function of bulk H2O content at
depths beneath mid ocean ridges. These data are also used to construct a model for the
distribution of H.O between peridotite minerals as a function of depth in the upper mantle.
The results of this model have implications for changes in the dominant slip system in olivine
with depth that may explain changes in observed seismic anisotropy in the mantle (e.g.
Montagner and Kennet, 1996).

4.2 Methods

4.2.1 Sample synthesis and selection

In previously described experiments (Chapter 3) garnet-lherzolite and garnet-wehrlite mineral
assemblages were produced in equilibrium with large pools of hydrous melt (Fig. 4.1) at 1400
°C and 6 GPa through a series of iterative crystallization experiments. A peridotite
composition (Jagoutz et al., 1979) and an initial hydrous silicate melt composition were
prepared from oxides and hydroxides. Approximately 10-20 % peridotite was mixed with the
melt composition and equilibrated in a multianvil apparatus. In order to minimize H20 loss
an inner Fe soaked Au/Pd capsule, containing peridotite and hydrous melt, was enclosed by
an outer Pt/Rh capsule containing just hydrous melt (Balta et al., 2011). After each
experiment the melt and mineral compositions were analyzed and using the determined
mineral-melt partition coefficients a new hydrous melt composition was fabricated based on
mineral compositions of a sub solidus peridotite assemblage. In order to aid the formation of
large crystals the run temperature of 1400 °C was initially overstepped by 50 °C in the first 5
minutes of the experiment then cooled to 1400 °C for run time of 30 minutes. On piercing
recovered experimental capsules H.O was observed to bubble out, however, this was almost

certainly H>O expelled from the melt as it crystallized. The H.O concentrations employed
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were far below fluid saturated conditions (see Dixon et al., 1995), which would preclude the

existence of a solid assemblage at these temperatures.

Fig. 4.1: Backscattered electron images of typical experimental charges investigated in this study (run S5581).
In this experiment, crystals of olivine (dark), garnet (medium gray with round shape) and large cpx (light grey)
are in equilibrium with pools of melt. The dark rectangles in (c) are pits produced by the nanoSIMS analyses
(see later). In (d), the same backscattered electron image shown in (c) is displayed with a different setting of
contrast, brightness and noise reduction to enhance the details at the bottom of the pit formed by the nanoSIMS
analyses. A crack is observed on the right side of the upper pit, and this particular analyses was discarded.
Images in panels (c) and (d) are approximately 200 pm in width.

The resulting assemblages contain large fractions of melt for which a mass balance can be
performed to determine the H>O content. The equilibrium mineral compositions are close to
those produced from a subsolidus dry mantle peridotite composition (Jagoutz et al., 1979) at
the same conditions, which crystallizes a garnet-wehrlite assemblage of olivine, cpx and
garnet. Loss of Fe to the capsule walls resulted in mineral FeO contents slightly below those
expected for the athenospheric mantle (Foss01) but in good agreement with lithospheric
samples from similar conditions (F0g2-93). In some hydrous melt experiments opx was also
formed. NanoSIMS and ERDA H:O analyses were performed on 6 experimental charges
(Table 4.1). Chemical compositions of the mineral phases in these charges are reported in
Chapter 3 (Table 3.3) and Table 4.2.
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4.2.2 nanoSIMS

Analyses were performed using a Cameca NanoSIMS 50L ion microprobe installed at the
Department of Terrestrial Magnetism, Washington D.C. To avoid the release of volatiles
from epoxy resin, resins were removed and polished capsules were pressed into indium
contained inside a hole produced in an aluminium disk (Koga et al., 2003). Samples were
then cleaned with ethanol, coated with gold and dried in a vacuum furnace at ~100 °C for
approximately 1 day. Prepared charges were mounted in a sample holder and kept overnight
under vacuum (=5 x 101° Torr). Procedures described by Koga et al. (2003) were followed to
maintain a low-H background and improve the H detection limit. The NanoSIMS chamber
was baked for more than 1 day before the analyses, to further reduce the contamination of
H.0 in the vacuum. Analyses were performed with a vacuum of ~2 x 10°%° Torr. A primary
Cs* beam with a current of ~14 nA was used with a raster area for each measurement of
25x25 pum. To avoid surface contamination, pre-sputtering was conducted for 3 minutes and
ions were then counted for a further 3 minutes from an area of 6x6 um. In addition to 0OH,
species *2C°, °F and %°Si- were measured simultaneously. The concentrations of C and F
were found to be sensitive indicators of surface contamination as neither of these elements
were intentionally added to the sample. High C and F analyses in the range 10-100 ppm wt
were found to correspond to voids or cracks in the crystal surface or the overlap of the ion
beam with the edge of a crystal. Such measurements, which were then discarded, were

observed particularly when the grain size of the crystals was <30 um.

Each pit formed in the crystals by NanoSIMS analysis was subsequently examined by
secondary electron or backscattered electron imaging using a scanning electron microscope.
Through this procedure the exact location of each analysis was obtained and the absence of
cracks or inclusions in the analyzed portion of the crystal was confirmed (Fig. 4.1). If such
features were present the H,O analysis was discarded. The '®OH- signal was standardized
using natural and synthetic olivine, garnet, clinopyroxene and orthoproxene standards with
varying H2O contents (Koga et al., 2003). The detection limit was determined to be between

6 and 8 ppm wt H20 using synthetic anhydrous crystals of olivine.
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4.2.3 ERDA

The concentration of H in some crystals was additionally investigated using ERDA (Table
4.1). Recently, the detection limit for H in NAMs was reduced to ~54 ppm wt H,O with this
technique (Withers et al., 2012), an improvement by a factor of 9 compared to previous
analyses (Sweeney et al., 1997). Details of the technique can be found in Khodja et al.
(2001), Raepsaet et al. (2008), Bureau et al. (2009), Aubaud et al. (2009) and Withers et al.
(2012). Withers et al. (2012) recently calibrated Fourier transform infra red (FTIR)
measurements of H>O in large (300-1000 pum) olivine crystals using ERDA and in addition

found good agreement with SIMS analyses.

ERDA measurements were carried out at the Laboratoire d'Etudes des Eléments Légers,
SIS2M, CEA, Saclay, using a Van de Graff accelerator producing a 3 MeV *He* micro-beam.
Measurements were performed with a grazing angle in order to enhance the ejection of H
atoms by the incident *He particles, allowing a final size of the incident beam of
approximately 4x16 um? The geometry of the analysis was determined by examining a series
of well-known standards (see e.g. Raepsaet et al., 2008). A series of simultaneous analyses of
secondary emissions were performed: an X-ray detector collects particle induced X-ray
emissions (PIXE), an annular detector records Rutherford backscattered (RBS) particles and
an ERDA detector collects H atoms expelled from the samples. PIXE and RBS analyses were
used to map the major elements and therefore identify the correct crystals. RBS was used to
determine the total number of incident particles on the target during acquisition. To measure
H contents the beam was scanned over an area of approximately 150x150 pum during ~ 2
hours. Using the resulting H-maps a region was selected from which H data were processed.
The H content of the crystals was calculated by processing both RBS and ERDA data with
the SIMRA software (Mayer, 1999). An example of an ERDA H-map and an energy

spectrum are shown in Fig. 4.2.
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Fig. 4.2: (a) ERDA map of hydrogen from experiment S5581-O. The concentration of H is indicated by the
different colours starting from white (lowest) and increasing through blue, red, yellow and green (highest). The
white-blue region delimits a clinopyroxene crystal while the strong signal (yellow-red) in the surroundings
comes from interstitial voids in the quenched melt that were filled with superglue during the sample preparation.
The area of interest within the crystal, delimited by the green line, is employed in the calculation of the H,O
content. If cracks or inclusions of significant dimensions can be identified in such maps, they can be excluded
from the H determination. The entire image is 270 x 270 um. (b) ERDA spectrum of the cpx crystal shown in
(a). In this image the number of counts accumulated is displayed versus the energy of the H atoms arriving at
the detector. The high energy signal corresponds to contamination by surface H atoms, which can be
distinguished from bulk H atoms that are ejected with lower energy since the incident beam must penetrate the
sample. Simulations of the ERDA spectrum performed to calculating the H content only consider the flat region
of the spectrum.

4.3 Results

4.3.1 H20 concentrations in NAMs

In most charges crystals ranged in size up to 50 pum, however, in a few cases crystals >150
pm were grown (Fig. 4.1). NanoSIMS analyses were performed on crystals with diameters
down to ~20 pum. Up to 10 NanoSIMS analyses could be performed on many crystals with
approximately 6 analyses for each mineral in each charge providing suitable statistics. In the
majority of experiments the H2O content determined for each phase varied very little.
Olivines displayed maximum HzO variations within charges of between 2 and 11 %. Only in
one experiment (S5270) did the garnet H>O concentrations vary by 35%. Although variations
in mineral H20 contents between experiments are also small they do correlate with small
changes in mineral compositions as discussed below. Average mineral H>O contents for each
phase in each experiment are reported in Table 4.1.
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ERDA measurements were carried out on 4 crystals of ol, cpx and gt (Table 4.1), which were

previously measured by NanoSIMS, allowing a direct comparison between techniques (Table
4.1, Fig. 4.3).
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Fig. 4.3: H,O contents of olivine, cpx and garnet determined by nanoSIMS and ERDA (values and errors are
reported in Table 4.1). 1:1 correlation between the two techniques is displayed by the gray line.

Within the analytical error there is agreement in the H.O concentration of all crystals
determined by ERDA and nanoSIMS. ERDA values are higher than NanoSIMS
measurements, however, with the agreement between the techniques increasing with H.O
content from 40 % to better than 1 %. Rather than being due to the H20O contents, however,
this is likely related to the size of the crystal analysed because the smallest deviation
corresponds to a crystal >150 um in diameter, whereas the other crystals were in the range
50-100 pm. As shown in Fig. 4.2a for crystals smaller than 150x150 um ERDA H data must
be selected from a region (outlined in green) of the H map, with the analysis statistics
improving with the size of the region. Bright H-rich regions exist around the crystal due to
quenched melt or remnants of glue used to embed and polish the crystal. Due to the quality of
the imaging the potential for H contamination increases for smaller crystals but for larger
crystals the entire mapped area can be within the grain. For the largest cpx crystal the
correspondence between the techniques is 11 ppm wt, which given that ERDA is an absolute

technique requiring no standards confirms the accuracy of the NanoSIMS measurements.
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4.3.1.1 Olivine

Average olivine H2O concentrations are 434+ 61 ppm wt for crystals measured in 5 different
charges. In general, previous studies indicate olivine concentrations increase with pressure
but decrease with temperature once hydrous melting commences due to a decrease in the H20
activity in the melt (Smyth et al., 2006; Bali et al., 2008). All mineral H2O contents are
expected to follow this temperature trend. As shown in Fig. 4.4a there is reasonable
agreement with measurements of 489 ppm H,O made by Bali et al. (2008) on forsterite

produced in the MgO-SiO2-H>O system at identical conditions.
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Fig. 4.4: The H,O contents of NAMs compared to mineral chemical compositions. (a) The H.O content of
olivine synthesised at 6 GPa versus the olivine forsterite content i.e. [Mg/(Mg+Fe)*100]. Results are shown
from this study at 1400 °C (large, filled squares), Ardia et al. (2012) at 1450 °C (small, empty squares) and from
Bali et al. (2008) at 1400 °C (small, empty square with dot). (b) The H2O content of pyroxenes synthesised in
this study as a function of mineral Al,O3; content (wt %). The subsolidus concentration of cpx is from Chapter 3.
(c) Garnet H,O concentration as a function of TiO, content (wt %). Filled diamonds indicate experiments
saturated with a peridotite phase assemblage. Large, filled diamonds are experiments from this study while
small, filled diamonds are from experiments of Gaetani and Grove (1998) reported by Hauri et al. (2006).
Experimental data from Tenner et al. (2009) and Aubaud et al. (2008) are from basaltic bulk compositions
which were not in equilibrium with olivine.
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The measurements of Ardia et al. (2012) were also performed on olivines produced in natural
hydrous peridotite assemblages at these pressures, although the experiments were performed
at 1450 °C. When plotted as a function of the olivine forsterite content there appears to be a
trend of decreasing H20 with olivine Mg-content. Mg contents vary due to loss of Fe alloyed
with the capsule during the experiments from this study. If we assume, however, that H.O
contents decrease approximately linearly with increasing temperature to negligible values at
the dry melting temperature, then the 50 °C temperature difference between this study and
that of Ardia et al. (2012) can reasonably explain the difference in average H>O contents. In
addition, a trend of decreasing H20O content with Mg would be the exact opposite to trends

demonstrated previously by Withers et al. (2011) and Zhao et al. (2004) for olivine.

4.3.1.2 Clinopyroxene

The average cpx H2O content from 5 experiments is 1268+ 173 ppm, however, as shown in
Fig. 4.4b the variation in H2O between samples is a clear function of the cpx Al.O3 content,
as observed in previous studies (Aubaud et al., 2004; Hauri et al., 2006; Hirschmann et al.,
2009; O’ Leary et al., 2010). The H20 content increases by 350 ppm upon an increase in
Al>O3 content of 0.7 % between 1.85 to 2.49 wt %. Per 6 oxygen formula units the amount of
H in cpx increases from 0.02 to 0.03 formula units, which means that the amount of H is
similar to the amount of Al that resides in the tetrahedral Si site. Similarly the amount of Na
in the larger M2 cpx cation site is sufficient to charge balance the remaining Al that resides
on the smaller M1 site as a jadeite component, i.e. NaAlSi>Os. This implies that tetrahedral
Al cannot be charge balanced by M1 Al as a Ca-Tschermak component, i.e. CaAl[AlSi]Oe.
Although there is some uncertainty due to the unknown Fe®* content, the cation proportions
are consistent with tetrahedral Al being entirely charge balanced by H via the Si substitution
mechanism Si** - AP* + H, as proposed by Rauch and Keppler, (2002) for opx. This is a
departure from dry cpx synthesised in a peridotite composition at the same conditions, where
tetrahedral Al substitutes as a Tschermak component. Dry peridotite cpxs contain ~2.7 wt %
Al2O3 at the experimental conditions (Table 4.2) and although H could potentially influence
the equilibrium Al content in wet systems, wet peridotite cpxs of Ardia et al. (2012) have

comparable 2-3 wt % Al>Os contents at similar conditions.

4.3.1.3 Orthopyroxene
Average opx H20 concentrations from 6 charges are 700+ 46 ppm wt. This small variation in

H20O content does not correlate with any other component as shown for Al, for example, in
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Fig. 4.4b, although the chemical composition of opx in the experiments varies very little.
Tenner et al. (2009) reported opx H2O contents of 819 and 996 ppm at 4 GPa and 1400 °C
but the solid assemblage was crystallised from a MORB composition and opx Al.Oz contents
were higher, 3-6 wt %. By comparison this is consistent with a dependence of the opx H.0
content on Al, as recognized in previous studies (Rauch and Keppler, 2002; Yamada et al.,
2004; Mierdel et al., 2007; Withers and Hirschmann, 2007; Férot and Bolfan-Casanova,
2012). However at 12 GPa and 1400 °C Tenner et al. (2011) report 1040 ppm H20 in opx
containing only ~0.2 % Al2Os, implying also a pressure effect on the equilibrium H,O

content.

4.3.1.4 Garnet

For 6 experiments average garnet H.O contents are 347+ 83 ppm wt. Water solubility in
garnet has been determined at temperatures ~1000 °C in simplified systems (Ackermann et
al., 1983; Geiger et al., 1991; Withers et al., 1998) up to 13 GPa and in natural pyrope up to
10 GPa (Lu and Keppler, 1997). Mookherjee and Karato (2010) investigated the H.O
solubility of garnet crystals in equilibrium with olivine at 5-9 GPa and 1100-1200 °C by
FTIR and measured 578-863 ppm at 6 GPa and 1100 °C. Previous literature data for garnets
in peridotitic compositions are limited to analyses by Hauri et al. (2006) from the
experiments of Gaetani and Grove (1998) at 1.6 and 2 GPa and ~1250 °C. Aubaud et al.
(2008) and Tenner et al. (2009) report garnet H>O concentrations crystallised from MORB
compositions between 3 and 5 GPa. In Fig. 4.4c these garnet H>O concentrations are plotted
as a function of garnet TiO2 concentration for both peridotite and MORB experiments. A
correlation exists, as pointed out previously by Aubaud et al. (2008) for MORB samples, but
the trend for peridotitic samples appears to be higher and steeper. Given the uncertainties and
the narrow range of TiO content examined it is hard to accurately determine the significance
or slope of this trend and the main conclusions are that peridotite garnets contain more H.O
compared to MORB samples and there appears to be very little pressure effect on peridotite

garnet H20 contents.

4.3.2 Distribution of H,O
Using the experimental data H.O mineral-melt partition coefficients, DQ”,L”(Q"””, can be

calculated between melts in equilibrium with a peridotite assemblage at 6 GPa and 1400 °C

(Table 4.1) and olivine, cpx, opx and garnet. Mineral H>O contents determined with
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NanoSIMS (Table 4.1) are used to calculate DQ”,L”(Q"’E” , While the concentration of H2O in the

melt at these conditions was determined to be 10.91 +0.61 wt % (Chapter 3), which is an

min/ melt

average determined from 6 experiments. Average values of D;’,"" across all experiments

for cpx, opx, olivine, and garnet are 0.0115 £0.0016, 0.0064 +0.0004, 0.0040 +0.0006, and
0.0032 +£0.0008 respectively.

The partitioning of H.O between mineral phases can also be calculated. Pyroxenes

D},’j(’)”’values are 3.20 and 1.92 for clinopyroxene and orthopyroxene, respectively. Ardia et

al. (2012) proposed a general relationship for both pyroxenes of ng’o”’ =2.63-C};, +0.78,

where C*

Al,04

is the pyroxene Al>Os concentration. Cpx and opx produced in this study contain

approximately 3 and 1.5 wt % AlOs respectively, which, using this relationship,

gives D},’“z(’)”’ of 8.7 and 4.7 respectively, which are twice as high as the values determined in

this study. Between the pyroxene phases D;”,”" is 1.65. The calculated DJp™ have

relative errors of 6-13 %. Dg’z’(j’ is close to unity with an average value of 0.8.

4.4 Discussion

4.4.1 The pressure dependence of D}’ for peridotite assemblages

H2O mineral-melt partition coefficients from this study are compared with data from the
literature collected at lower pressures (Fig. 4.5). The majority of previous partitioning studies
were performed on mineral phases crystallised from MORB melt compositions because, as
stated previously, peridotite melts do not quench to form glasses above ~2 GPa. Only
partition coefficients measured by Hauri et al. (2006) on phases produced in experiments by
Gaetani and Grove (1998) performed between 1.2-2 GPa and 1200-1370 °C involved
peridotite assemblages. Studies by Koga et al. (2003), Aubaud et al. (2004) and (2008),
Tenner et al. (2009) and O’ Leary et al. (2010) examined MORB compositions where olivine
did not generally form and mineral and melt compositions differ from those expected for

small degree peridotitic hydrous melts particularly at pressures above 2 GPa.
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Fig. 4.5: Partitioning of water between NAMSs and hydrous melt (D;izrg"”” ) as a function of pressure. Large

symbols are data determined in this study at 6 GPa while small symbols are data from the literature up to 5 GPa
(Koga et al., 2003; Aubaud et al., 2004, 2008; Hauri et al., 2006; Tenner et al., 2009 and O’ Leary et al., 2010).
Small, filled symbols are data reported by Hauri et al. (2006) from the experiments of Gaetani and Grove (1998)
where minerals coexisted within a complete peridotite phase assemblage. Unfilled symbols are values reported
for minerals within other phase assemblages, which generally did not include olivine. Green and dark grey

dashed lines indicate parameterizations between 3 and 6 GPa describing the variation of DS'Z% melt for cpx and

opx as a function of the mineral Al:Os content, which is then parameterised as a function of pressure. Details
regarding the parameterizations are described in the text and later in Fig. 4.7.

As shown in Fig. 4.5 significant variation exists for some determinations of Dgi;;"w’f at

particular pressures from previous studies, which can be mainly attributed to variations in
mineral composition due to different starting materials, rather than differences in
temperature. Partitioning data from Grant et al. (2007) however show appreciably lower
values compared to other from the literature at similar P-T conditions. Grant et al. (2007)
report mineral H2O contents that are 2-3 times lower than data from the literature at similar

pressure and temperature (e.g. Bali et al., 2008). If we recalculate these DEL%”’E” with mineral

H.O content from Bali et al. (2008), however, their values increase and become similar to the
literature values plotted on Fig. 4.5. Important to notice is that Grant et al. (2007) determined
mineral H20 contents with wavenumber-dependant calibration of Libowitzky and Rossman
(1997) while Bali et al. (2008) employed the more recent mineral specific absorption
coefficient of Bell et al. (2003). This cause differences in the calculated mineral H.O content.
Also, the cooling approach of the experiments of Grant et al. (2007) for enhancing the crystal
growth might have potentially influenced the generation of vacancies in the crystal and

therefore the incorporation of H.
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By comparison, Dgi;;"w’f variations determined in this study are relatively narrow although as

shown in Fig. 4.4b even the very small changes in cpx Al2Os contents coexisting with

peridotite assemblages cause variations in the corresponding H2O content that are responsible

for the small range in D;’;’zxg’”g”values. This underlines the importance of determining Dgi;;"w”

for peridotite saturated melts where mineral compositions are buffered at the most

appropriate values due to partitioning between the coexisting minerals.

Between 1 and 6 GPa there is an increase in D:,’z’(’)”g” by a factor of 2-3, apart from a single

outlier to this trend at 3 GPa from data by Tenner et al. (2009). The evolution of D;,’z’(;”g” asa

function of pressure in the upper mantle, employing data determined in this study and from
the literature is shown in Fig. 4.6. Due to large uncertainties on data determined at 12 GPa
(Tenner et al. 2011), which employ a mass balance to determine the melt H.O contents of
relatively small degree melts, the results are fitted only linearly using data on peridotite
assemblages between 1.2 and 6 GPa.
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Fig. 4.6: Variation of DI’_’IIZ/CS"E” as a function of pressure in the upper mantle. Small symbols indicate data from

the literature. Up to 3 GPa values are taken from the studies of Koga et al. (2003), Aubaud et al. (2004), Hauri et
al. (2006), Tenner et al. (2009) and those at 12 GPa are from Tenner et al. (2011). Filled symbols indicate
experiments with peridotitic phase assemblages. Large symbols show data determined in the present study at 6
GPa while the small filled symbols at lower pressure are reported by Hauri et al. (2006). A linear

parameterization for the change of DI’_’IIZ/CS"E” as a function of pressure based on the peridotite saturated data up to

6 GPa is shown by the red line and is described by DI’_’IIZ/CS"E” = 4.77E-4* P + 0.00094 with R?= 0.93.

D},’“zg’”g” for both cpx and opx decrease with pressure, between 2 and 6 GPa. The decrease for

opx is slightly greater and more discernable than for cpx. As demonstrated in many previous
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studies Dg:’o’"e” for cpx and opx are both correlated with the mineral Al content (Hauri et al.,
2006; Aubaud et al., 2004, 2008; Tenner et al., 2009; O’ Leary et al., 2010). Above 2 GPa,
where garnet becomes stable, the Al,O3 contents of both cpx and opx decrease with pressure
causing a decrease ian,fg’”g”. In Fig. 4.7 D;;;;;m” and D:nggzt are each parameterized as a
function of Al,Oz content. Additionally, the Al,O3z concentration of pyroxenes in dry and
hydrous peridotite experiments are plotted and parameterised as a function of pressure (Fig.
4.7a, b). With the parameterizations presented in Fig. 4.7, the D},’“;’)”’g” can be estimated at

different depths in the mantle based on the Al content of pyroxenes in a peridotite

composition, which is then shown as the dashed curves in Fig. 4.5.
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Fig. 4.7: In (a) and (b), AloO; contents (wt %) of opx and cpx measured in various studies are plotted as a
function of pressure. Pale symbols indicate literature data from below 2.7 GPa where garnet was not present in
the assemblage. Empty pale symbols are from anhydrous peridotite experiments (Takahashi and Kushiro 1983;
Robinson et al., 1998; Robinson and Wood 1998), and filled pale symbols are from hydrous peridotite
experiments (Hauri et al. 2006). Above 3 GPa small symbols indicate data from hydrous, peridotite saturated
experiments (Ardia et al. 2012; Tenner et al. 2011) while large symbols are from this study. Open symbols, at 3
GPa are from anhydrous experiments of Davis et al. (2011) and Balta et al. (2011). Parameterizations to
describe the Al-dependence above 3 GPa are shown by solid, thick lines, which correspond to the equations,
Wt%AI,05= 0.11423 + 19.61901 * exp(-0.45381 * P) for opx (a) and wt%Al,0s= 0.92153 + 25.27449 * exp(-

0.51786 * P) for cpx (b). Panels (¢) and (d): the variation of Dg;xo/mg” and D;,”z“gmg” as a function of mineral

Al,O5 content, where large symbols are from this study and small symbols are from the literature (Dobson et al.
1995; Koga et al. 2003; Aubaud et al. 2004, 2008; Hauri et al. 2006; Tenner et al. 2009; O’ Leary et al., 2010).
Filled symbols indicate experiments in equilibrium with a complete peridotite phase assemblage, whereas open
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symbols are for experiments generally in basaltic bulk compositions where olivine was normally absent. The
parameterisations are described by the equations D;_’};f)/’"g” =0.00281 * wt%Al,03 + 0.00328 with R2= 0.81 in

¢) and D=/ = 0,00162 * Wt%Al,0s + 0.00777 with R2= 0.62 in (d).
H,0

The variation in Dgfz’o'”g” between previous studies is relatively large particularly at 3 and 5
GPa (Fig. 4.5), however, as shown in Fig. 4.4c garnets produced in peridotite and MORB
compositions have apparently different H,O dependencies and there may in addition be a
dependence on TiO2. The latter could introduce significant variation into D,%’Z’O’"E”in the
mantle because TiO: is incompatible during melting and large variations could potentially
exist in mantle rocks. Dg’z’omf” for peridotite samples, however, appears to be independent of

pressure.

4.4.2 The production of low degree hydrous melts in the upper mantle
Using the measured H»O partition coefficients for each peridotite mineral, the partitioning of

H.O between a mantle peridotite assemblage and a low degree melt (D},’fg’”g”) can be

determined. Dgfg””” is calculated as the sum of the individual mineral-melt partition

coefficients multiplied by the mineral abundance in the assemblage i.e.:
ndt | melt ol | mel; nx | mel I mel,
D11~12§) L= Xol ! DHZ() L+ Xpx * DI{IZ() L+ Xgi Dfltz() ' (4.1)

where X, i, for example, the modal proportion of olivine in the assemblage. In Chapter 3, a
sub solidus experiment to determine the mineral compositions and proportions for the Jagoutz
et al. (1979) primitive mantle (PM) composition at 6 GPa and 1400 °C produced an olivine,
cpx and garnet assemblage i.e. a garnet wehrlite, with the respective modal abundances of 54
%, 32 % and 14 %. The abundances are in good agreement with estimates made by Tenner et
al. (2009) at 6 GPa based on the dry peridotite melting data of Walter (1998). The

corresponding Dgfg””” at these conditions is 0.0063. Using this value and knowledge of the
H.O content of hydrous melt, the amount of H>O required to produce hydrous melts in the
upper mantle and the melt fraction as a function of bulk H,O can be determined. The melt
fraction (F) can be calculated as a function of the bulk H.O concentration of the mantle

(Cru) using a rearrangement of the batch melting equation (Shaw, 1970),
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F= (Cbulk / Cmelt) B Dfl{:tol el

__ ypdtimelt
1-Dy

4.2)

where Ci.r; is the concentration of H,O in the melt, and D;,fg’ " is the partition coefficient of

H-0 as described in equation 4.1. The melt H2O concentration is that derived for melts in
equilibrium with peridotite at 6 GPa and adiabatic conditions i.e. 10.91 £0.61 wt % (Chapter
3). It is assumed that this does not change significantly for small melting intervals. In reality
it will change due to the dilution of incompatible elements K and Ti as F increases but this is
likely to be a relatively small effect. The uncertainty bounds are propagated from the
partitioning measurements. For a similar garnet wehrlite bulk composition the same
calculation can be performed at lower pressure adiabatic conditions using low degree melt

H.O contents determined by Balta et al. (2011) at 3 GPa and 1375 °C, which are ~5 wt %

H20. In order to calculate D;}fg’"g” at 3 GPa values are taken from the trends given in Fig. 4.5

and Fig. 4.6 determined from the peridotite data of this study and the measurements of Hauri

et al. (2006) from experiments of Gaetani and Grove (1998).

Modal abundances of olivine, cpx and garnet (56 %, 34 % and 9 % respectively) were
calculated using mineral compositions from the study of Balta et al. (2011) but assuming the

Jagoutz et al. (1979) PM composition at 3 GPa. Using equation 4.1 a value of 0.0082 is

determined for the Dgfg””” at 3 GPa and adiabatic temperature, which is only a slight

increase from 6 GPa and in good agreement with the estimate of Tenner et al. (2009). As
shown in Fig. 4.8a at 6 GPa, i.e. ~180 km depth, melting would commence only if the mantle
contained ~690 ppm H,O and at 3 GPa, i.e. 90 km, if it contained ~400 ppm H20. At 180 km
a mantle H20O content of 1800 ppm would be required for the production of 1 % melt with
this reducing to 900 ppm at 90 km. These H.O contents are much higher than estimates for
the depleted mantle, which are in the range 50-200 ppm (e.g. Dixon et al., 1988, 2002; Saal
et al., 2002; Workmann and Hart, 2005), implying that for such fertile mantle compositions
H20O alone would not extend the MORB melting column significantly deeper than 50 km

from the surface.

Based on analyses of ocean island basalts (OIB) it has been proposed that their source rocks

are richer in volatiles, with H>O contents possibly up to 900 ppm (e.g. Dixon et al., 1997;
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Aubaud et al., 2005, 2006). The plume sources of OIBs are also proposed to have adiabatic
temperatures up to 200°C higher than normal mantle (e.g. Courtney and White, 1986). By
assuming that values ofo,Z’g””” change little with temperature, in accordance with Hauri et
al. (2006) and results reported later in Chapter 6, and using melt H>O contents estimated from

Tenner et al. (2012), the proportion of melt for +100 °C and +200 °C adiabtatic temperatures

at 180 km have been calculated as a function of bulk mantle H>O content (Fig. 4.8a).
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Fig. 4.8: Silicate melt fraction (F) as a function of bulk mantle H-O content determined at 3 and 6 GPa (~90 and
~180 km) and adiabatic temperatures. The curve at 6 GPa is calculated based on data experimentally determined
in this study, while the curve at 3 GPa is determined based on literature data (see text). Panel (a) shows
calculations based on a primitive mantle (PM) composition (Jagoutz et al. 1979) which corresponds to a garnet
wehrlite assemblage. In panel (b) the same calculation is performed for a depleted MORB mantle (DMM,;
Workman and Hart, 2005) which corresponds to a garnet lherzolitic assemblage. In panel (a) data at 6 GPa are
also calculated for temperatures 100 and 200 °C higher than the adiabat, to indicate the plausible effect on
melting relations of a mantle plume. Yellow areas indicate proposed H.O contents for the MORB source and the
range of maximum H,O contents proposed for OIB source regions (references in the text). In panel (b), the
shaded area indicates the propagated uncertainty, which would be similar for all curves.
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For H2O contents at the maximum end of the estimated OIB range ~1 % melt could be
produced at 180 km for +100 °C, whereas for +200 °C, 1 % melt could be formed with a
plume mantle H2O content of only 400 ppm. The PM bulk composition of Jagoutz et al.,
(1979) is relatively fertile in comparison to estimates for the depleted MORB mantle, DMM,
(Workman and Hart, 2005). Mineral proportions for DMM determined by Stixrude and
Linthgow-Bertelloni (2007) predict a garnet lherzolite assemblage at upper mantle pressures
containing ~60 % olivine, 23 % opx, 12 % cpx and 5 % gt at 3 GPa. With increasing pressure

at 6 GPa the proportion of pyroxenes decease to approximately 10 % opx and 14 % cpx and

garnet increases to 16 %. The corresponding values for D;,fg’ ! are 0.0078 and 0.0052 at 3

and 6 GPa respectively, which is a relatively small change compared to the PM composition

although the difference is higher at 6 GPa. Changes in the fertility of the bulk composition

are mainly reflected by the replacement of opx for cpx but as Df”;’zxo””g” is only slightly lower

than D;’;’zxg’”g” the over all effect is very small. At 3 GPa the onset of melting is still

determined to be for ~390 ppm bulk mantle H2O, while at 6 GPa melts are first produced for
~570 ppm H20, a drop of ~100 ppm compared to the PM composition (Fig. 4.8b). This

i i H opx | mel, cpxlmelt -
decrease is due to the slightly greater decrease in D;7,"** compared to Dy 5™ with pressure.

Recently Ardia et al. (2012) made estimates for the H,O concentration of mantle peridotite

required for the onset of melting at adiabatic temperatures. However, due to a lack of data for

gtlolivine

garnet they assumed 3 possible values for Dy ;""" being 0.9, 4.2 and 9. Compared to the

current study the first value is quite precise. Using this value Ardia et al. (2012) estimate that
H.O contents of ~350+100 ppm are required to instigate melting at 6 GPa, which is lower
than in the current study, i.e. 570 £80 ppm for DMM. This difference mainly arises from the

parameterisation used for the olivine H.O concentration by Ardia et al., (2012) i.e. C;0"

=39.1 -P - 66 (ppm). At 6 GPa this relationship predicts 170 ppm, compared to 434+ 61 ppm
in this study, which is ~100 ppm lower than their own data at these conditions. The
conclusions of this and the current study remain the same, however, in that there will be no

melting for typical mantle H>O concentrations at pressures > 2 GPa.
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4.4.3 The variation in inter-mineral partitioning of H>O with depth and the
effect on seismic anisotropy in the upper mantle

Although changes in D;"“and D" with pressure for mantle peridotite are relatively

small, the changes are in opposite directions, with negative pyroxene slopes caused by
decreasing Al20s contents (Fig. 4.7). The opposing slopes means, however, that changes in

Djy"" will be much larger with pressure, with the parameterisations used in this study
implying D;7;**"* changing from ~10 to 3 between 3 and 6 GPa and D;;""" from ~9 to 1.8.

Therefore, even if the H.O concentration of the mantle is constant with depth, there will be a
shift in mineral H2O concentrations with pressure, with more H.O partitioning into the
pyroxenes with decreasing pressure, as proposed by Mierdel et al. (2005). This will be
compounded at higher pressures as the modal proportions of opx and cpx decrease,
particularly as majoritic garnet forms. The result will be that at higher pressure H.O will be
partitioned strongly into olivine. As H defects in olivine apparently control many important

transport properties, describing this shift in olivine H.O content with depth is quite relevant.

H.O concentrations of individual minerals in a DMM assemblage are calculated as a function
of depth in Fig. 4.9, assuming a constant bulk mantle H,O concentration of 200 ppm, which
is at the upper end of DMM estimates (e.g. Michael, 1988; Saal et al., 2002). The calculation

is performed using the adiabatic DMM modal proportions of Stixrude and Lithgow-Bertelloni

(2007) and the Dgi;gmdf of peridotitic pyroxene Al>O3 concentrations parameterised in Fig.

4.7. At each condition a fictive H2O melt composition is adjusted until the sum of the
corresponding mineral H>O contents multiplied by their modal proportions equals 200 ppm
wt. The model decreases in precision above 180 km due to uncertainties in partition
coefficients, however as modal proportions of pyroxenes are decreasing the uncertainties in

these partition coefficients become less important and the main uncertainty comes from the

implied value of ijz’o”””"” which does not take into account the increasing majorite

component of garnet. Bolfan-Casanova et al. (2000) reported 677 ppm H20 in MgsSisO1.
majorite produced at 17.5 GPa and 1500 °C, however, which implies a relatively small

influence of the majorite component on garnet H.O contents.
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Fig. 4.9: Variation of mineral H,O contents as a function of depth for a garnet lherzolite assemblage (DMM;
Workman and Hart 2005) assuming a constant bulk mantle H>O content of 200 ppm wt. At a given pressure

(depth), the water contents of olivine, cpx, opx and garnet are calculated based on the DS'Z% el modelled in this
study (see text) and modal proportions of phases from Stixrude and Linthgow-Bertelloni (2007).

Fig. 4.9 indicates a steady decrease in the H.O content of olivine with decreasing pressure
even when the bulk mantle H.O content remains constant. This is due to the increasing

proportion of pyroxenes as they exsolve from garnet and the increase ian;j;”"""”"With

decreasing pressure. This might potentially influence rheological properties of the mantle as
suggested by Mierdel et al. (2007).

One particular property that has been proposed to depend on the H defect concentration in
olivine is the nature of the dominant olivine slip system during deformation by dislocation
glide (Jung and Karato, 2001; Jung et al., 2006). Lattice preferred orientation (LPO) occurs
through the accommodation of strain by dislocations acting along a dominant slip system. In
fabrics developed in natural and experimentally deformed olivine crystals the [100] axes and
(010) planes rotate to become parallel to the shear direction, with this dominant [100](010)
slip system generally referred to as A-type. As olivine is elastically anisotropic the olivine
LPO fabric developed due to A-type slip as a result of horizontal mantle flow will produce
seismic anisotropy, causing the velocity of S-waves polarised in the horizontal direction to be
greater than that of vertically polarised S-waves, i.e. Vsy>Vsy. This is consistent with global

anisotropy models which show Vsy>Vsy down to 250 km. These models, however, also show
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weaker anisotropy below this depth and in some instances Vsv>Vsy towards the base of the
upper mantle. This could be interpreted as a reduction in fabric development with depth but
the observations including those on corresponding P-wave anisotropy are more consistent
with a change in the type of LPO fabric with depth (Mainprice et al., 2005). The dominant
olivine slip system can be influenced by many factors (Karato et al., 2008). The experiments
of Jung and Karato (2001) and Jung et al. (2006) for example, indicate that slip along
(001)[100], referred to as E-type fabric, may dominate in olivine with moderate H>O contents
and C-type (100)[001] for high olivine H20 contents. These fabric transitions have also been
confirmed in high pressure experiments to 6 GPa (Shekhar, 2011). This is relatively
controversial as other studies have proposed that increasing pressure may also favour C-type
slip (Couvy et al., 2004; Ratteron et al., 2007; Jung et al., 2009; Ohuchi et al., 2011).
Mainprice et al., (2005) demonstrated that a progression from A-type to C-type fabric would
cause a decrease in both S and P-wave anisotropy with depth, fitting extremely well to
seismic observations. S-wave polarisation anisotropy can be described using the anisotropic
parameter & = (Vsu/Vsv)? (Montagner and Kennet 1996). For horizontal mantle flow & is >1
for A-type fabric, 1 for E-type fabric and slightly <1 for C-type (Karato et al., 2008). The
fabric transitions A to E and E to C occur at olivine H.O contents of approximately 60 and
240 ppm according to Jung et al. (2006), with the H2O contents recalculated using the FTIR
calibration of Bell et al. (2003) and extrapolated to 0 MPa stress. In Fig. 4.10 the H.O
contents at which these fabrics dominate are compared to the olivine H2O content as a
function of depth from Fig. 4.9. In reality there is unlikely to be a sharp transition between
these dominant regimes and olivine textures in the mantle may experience large depth
intervals where different slip systems compete. It can be seen that the olivine H2O content is
consistent with the transition to the C-type fabric at a similar depth to where the S-wave
polarisation anisotropy of the mantle reverses. This means that if an increasing H.O content
of olivine is responsible for the gradual shift in the dominant olivine slip system with depth,
an increase in the H.O content of the mantle is not implied, it is simply a result of inter-phase
partitioning of H2.O. The decrease in anisotropy with depth is also consistent with a

reasonable estimate for an average H.O concentration of the mantle of ~200 ppm.
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Fig. 4.10: Variation in the olivine H,O content as a function of depth (red squares) as calculated in Fig. 4.9,
compared with the variation in the anisotropic parameter & with depth (grey lines). The anisotropic parameter &
is reported from 4 different, 1-D seismic reference models: iasp (dashed line), sp6 (solid line), ak303 (dash-dot
line) and ak135 (dotted line) from Montagner and Kennet (1996). A grey, vertical line indicates the absence of
S-wave anistopty i.e. &=1. Values of &>1 indicate Vsp>Vsy while values of &<1 indicate Vsu<Vsy. Olivine
fabrics (A-, E- and C-type) regions are delimited by red, horizontal lines based on the crystal water contents
determined by the experimental work of Jung et al. (2006).
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5. Melting phase relations in the systems Mg,SiOs+-H,O
and MgSiO3-H;O at upper mantle conditions

5.1 Introduction

The effect of H20 on the formation of silicate melts underlies a number of igneous processes
taking place within the Earth’s mantle. H.O has an important influence on the production of
magmas at subduction zones being integral in both metasomatism of the arc magma source
region and responsible for the high degrees of melting that produce arc magmas (e.g. Tatsumi
et al., 1986). The lithospheric mantle shows ample evidence for metasomatism by H,O-
bearing melts (Menzies and Hawkesworth, 1987; Erlank et al. 1987) and several exotic
magma types such as kimberlites and lamproites are likely formed, at least in part, as a result
of H.O lowering the mantle solidus (e.g. Kushiro et al., 1968; Kawamoto and Holloway,
1997). H20 induced melting of the deep mantle has also been proposed to explain a number
of geophysical observations such as the Earth’s seismic low velocity zone (Lambert and
Whyllie, 1970) and a possible low velocity layer present on top of the transition zone (Tauzin
etal., 2010).

A number of studies have been performed to quantify the effects of H20 on lowering melting
temperatures and increasing melt yields in natural mantle rock systems (Mysen and
Boettcher, 1975; Hirose and Kawamoto 1995; Gaetani and Grove, 1998; Balta et al., 2011;
Tenner et al. 2012). Determining the effect of H.O on melting in natural chemical systems is
challenging, however, due to the large number of components that are potentially influenced
by H2O. Such determinations are further complicated by a number of factors, such as the
necessity to control oxygen fugacity, attainment of equilibrium, H20 and FeO loss from

experimental capsules and the difficulty in determining the H.O contents of melts.

It has long been appreciated that the effects of H>O on silicate melts can be more easily
quantified by examining melting behaviour in simple systems (Kushiro et al., 1968; Kushiro
and Yoder 1969; Kushiro 1972; Hodges 1973). From results of experiments in systems such
as M@2SiO4-SiO2-H20, Kushiro (1972) proposed for example that hydrous mantle partial
melts would be more SiO-rich compared to dry melts. Studies in simple systems can also be

used to quantify the effect of H.O on mineral melting at high pressures and experiments have
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been performed up to conditions equivalent to those in the mantle transition zone (Kushiro &
Yoder, 1969; Luth, 1993; Inoue, 1994). While relatively detailed melting phase relations on
hydrous forsterite (Kushiro & Yoder, 1969; Hodges 1973) and enstatite (Kushiro & Yoder
1969; Kushiro et al. 1968) exist up to 3 GPa, phase relations at higher pressures are more
sparse and show less mutual agreement. Luth (1993) and Inoue (1994) investigated the
melting behavior of forsterite in equilibrium with 17-20 wt% H2O, up to 12 and 15.5 GPa
respectively, although the studies are in poor agreement. In addition, while Inoue (1994) also
studied the phase relations of hydrous enstatite and an intermediate Mg/Si ratio composition
to similar pressures, this study has more emphasis on determining the hydrous solidus and
provides only sparse data through which to quantify the depression of melting temperatures

as a function of melt H.O content.

Recently several studies performed using natural chemical systems have proposed
generalized models for the effects of H.O on peridotite melting temperatures (Medard and
Grove, 2008; Tenner et al., 2012). While such models are quite successful in reproducing the
experimental observations, they make assumptions concerning both thermodynamic data and
the mechanism by which H,O dissolves in melts that can be more easily tested using results
on simplified systems. In simplified systems additional constrains are also provided by
calorimetric measurements such as those performed to determine the entropy of fusion
(Bottinga, 1985; Navrotsky et al., 1989; Richet et al., 1993; Tangeman et al., 2001). One
advantage of examining experiments in simple systems is that treatment with relatively
simple thermodynamic models should provide a firmer basis for understanding hydrous
melting on a mechanistic level (Silver and Stolper, 1985) and can be used to examine how the

effect of H.O on melting may be modified purely by pressure.

The goal of this study is to determine the melting phase relations in the systems Mg>SiOas-
H.O and MgSiOs-H20 at upper mantle conditions. In particular, the aim is to determine the
H2O contents of melts in equilibrium with forsterite and/or enstatite as a function of
temperature at high pressure by bracketing the location of the hydrated liquidus curves. The
experimental data are analysed using thermodynamic models to provide insight into the H.O
dissolution mechanism and its effects at high pressures. Results are presented for both
systems at 6 and 13 GPa corresponding to ~180 and ~390 km depth in the mantle, and
temperature ranging between 1150 to 1900 °C.
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5.2 Experimental and analytical details

Two sets of compositions were prepared for experiments in the systems Mg>SiO4-H,O and
MgSiO3-H20. In the system Mg.SiOs-H2O starting compositions were mixed from two end-
member mixes; M@.SiO4 forsterite synthesized from the high purity oxides, MgO and SiO»,
and a 2:1 molar mixture of brucite (Mg(OH).) and SiO>. The pure forsterite was synthesized
by firing the oxides at 1500 °C for 2 hours and then grinding for 1 hour under ethanol. This
firing and grinding process was repeated 4 times. The 2:1 brucite silica mixture corresponds
to an Mg.SiOs plus 20.4 wt % H>O composition. In order to prepare this end member, brucite
and SiO2 were dried overnight at 120 °C and 1000 °C respectively. The calculated amount of
each component was weighed, grinded for 1 hour under ethanol and dried under a heat lamp.
By varying the weight % proportions of the end member compositions a range of further

mixtures were prepared with varying H.O content but with a constant Mg/Si of 2 (Table 5.1).

Table 5.1: Starting mixtures water contents

Mg»Si04-H,0 system MgSiOs3-H>O system
Mixture H>O (wt %) Mixture H2O (wt %)

Fo A 20.4 En A 4.3
FoB 15 EnB 8.2
FoC 10 EnC 11.9
FoD 5 EnD 15.2
FOE 18.3 EnF 6.3
FoF 13.8 EnG 10.1
FoG 9.7 EnH 13.6
FoH 7.9

Fol 4.1

Fol 2.1

All mixtures with water contents lower than 20.4 wt % were prepared by grinding the
weighed proportions of dry forsterite and forsterite plus 20.45 wt % H.O, for 30 minutes
under ethanol and then drying. Before each mixture was weighed out the forsterite
composition was dried at 1000 °C for one hour and the water bearing forsterite end member
was dried overnight at 120 °C. This approach was also followed for the preparation of
starting mixtures in the system MgSiOs-H20. In this case, an end-member 1:1 molar mixture
of brucite and SiO2, corresponding to an MgSiOs plus 15.2 wt % H.O composition, was
initially prepared (Table 5.1). The dry end member MgSiO3z was prepared from high purity
oxides MgO and SiO; and the dry and hydrous end-members were mixed in different weight

% proportions to obtain the compositions given in Table 5.1. Before each experiment, all
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mixtures were dried overnight at 120 °C to avoid absorption of water. Platinum or
platinum/rhodium capsules were fabricated from 2 mm diameter Pt or Pt/Rh (PtgoRh1o) rods
cut into 1 mm sections. The obtained discs were spark eroded on one surface, obtaining rows
of 4 to 6 chambers per disc with each chamber being 0.25 mm in diameter and approximately
0.66 mm deep. Each chamber was loaded with a different starting powder such that H.O
contents increased across the row of chambers. Sample powders were packed into each
chamber using a tungsten-rhenium needle. When packed sufficiently the chambers remained
full even when air was blown across the surface. Blowing air removed extraneous sample
powders from chambers that had not yet been loaded. Pt capsules were closed by placing a
second disk of Pt or 0.25 mm thick on top of the chambers, which was held closed under
pressure. When Pt/Rh capsules were employed the open extremities of the chambers were

closed by placing on top 6 foils of Pt/Rh with total thickness of ~0.25 mm.

High pressure and high temperature multianvil experiments were carried using a multianvil
apparatus installed at the Bayerisches Geoinstitut (BGI). The experiments were performed in
an 18/11 assembly, with an 18 mm edge length Cr.Os-doped MgO octahedral pressure
medium and 11 mm WC anvil truncation. Experiments at 6 GPa were performed using a 500
tonne Walker-type multi anvil press and a 5000 tonne Kawai type multianvil press. The
experiments at 13 GPa were carried out with the 5000 tonne multianvil apparatus. The
pressure calibration at 6 GPa was performed based on the CaGeOs garnet to perovskite phase
transition (Ross et al, 1986) for the 500 tonne multianvil apparatus, while the pressure
calibration described by Frost et al. (2004) was employed for the experiments performed with
the 5000 tonne press. A stepped graphite heater was used in the experiments at 6 GPa, while
for those performed at 13 GPa a LaCrOs heater was employed. Temperatures during the
experiments were monitored using a WezRez—W+rsRezs (D type) thermocouple inserted within
an alumina sleeve. The thermocouple junction was in contact with the base of the spark
eroded capsules, ~0.5 mm from the sample chambers, with an estimated temperature
uncertainty of ~50 °C. A 25 um thick foil of rhenium was placed on the top of the capsule in
order to avoid direct contact between the capsule and the thermocouple junction. The
maximum temperature fluctuation during the experiments was £ 5 °C. The capsule was
surrounded by MgO spacers and sleeves. Each experiment was first pressurised over 4 hours
then heated in ~15 minutes to target temperature where it remained for up to 30 minutes

depending on target temperature. Once heated, the experiment was quenched by turning off
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the power supply to the graphite/LaCrOs heater, and decompression was carried out over

approximately 15 hours.

After each experiment, the Pt or Pt/Rh sample disk was recovered, mounted in epoxy and
polished in the absence of water. Due to the high porosity of the charges, impregnation with
either epoxy resin or superglue was often required in order to fill up the void spaces of the
charges and avoid loss of material during the polishing. Once the samples were polished,
phase identification and chemical analyses were carried out using a JEOL-JXA-8200 electron
microprobe (EMPA). Conditions of 15kV and 15 nA for the beam voltage and current were
adopted in all the chemical analyses, using a beam diameter of ~1 um. Standards for SiO and

MgO were forsterite and enstatite and ZAF corrections were adopted for all analyses.

Raman spectroscopy was conducted on all experimental charges to confirm the nature of the
mineral phases produced. The analyses were performed by means of a LABRAM Raman
spectrometer operating with a He-Ne laser with 632 nm red line wavelength. Analyses were

performed with 3 collections and accumulation time of 15 seconds each.

5.3 Results

Typical experimental run sections are shown in Fig. 5.1. At both pressures of 6 and 13 GPa
melts quenched to produce a fine intergrowth of quench crystals. However crystals that were
solid during heating in the experimental charges were easily distinguished from such
quenched crystals based on their euhedral character and grain size. In some experiments
quenched areas with different grain sizes and crystallite shapes could be observed that might
be interpreted as separate coexisting liquids, or vapour. Fig. 5.1a, for example, shows two
quench textures in the same charge with different fibrous grain sizes. Given that the H.O
contents of the charges are relatively low for fluid saturated conditions to be encountered, it
seems more likely that these differences in texture result from differences in nucleation and
growth during quenching of the experiments. All quench textures are consistent with an
origin as H>O-bearing melts rather than fluids. This distinction is made based on the quench
crystal density compared to previous studies performed at lower temperatures where sub

solidus fluid phases were encountered (Mibe et al. 2002).
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Fig. 5.1: Backscattered electron (BSE) images of experiments performed at 6 GPa in the Mg,SiO4-H,O system.
The bright material is the Pt capsule. Grey crystals (50 to 100 pum across) of forsterite can be easily
distinguished from the fine grain quenched melt. (a): figure corresponds to experiment V649 (Table 5.2, see
later) where in order from left to right are sample chambers containing starting mixtures of MgSiOas plus 5, 10,
15 and 20.4 wt % H>O. (b): BSE image of experiment V660 (Table 5.2, see later) where, from left to right,
starting mixtures of Mg,SiO4 with 7.9, 9.7, 13.8 and 18.3 wt % H,0 were employed.

Sections were ground by hand to over half way through the sample chamber to ensure the
absence of crystals in super liquidus experiments. Continual checks were made during
grinding to examine for crystals that might not otherwise appear in the final section. Some
samples were ground more than 80% through to ensure that no crystals were present in
further sections. The small size of the sample chambers should ensure that thermal gradients
across the samples are minimal. The large relative size of the metal capsule should also help
to relax thermal gradients. Based on measurements performed in similar assemblies using
two pyroxene thermometry the thermal gradients within each chamber are estimated to be
<20 °C.

Several experiments were performed at the same conditions but with different heating
durations in order to assess H.O loss from the Pt capsules during the experiments. Two
experiments bearing the same starting mixtures were performed at 6 GPa and 1400 °C for 5
and 30 minutes, and in both cases the resulting assemblages in each sample chamber were
identical. At 13 GPa an identical result was obtained by following the same approach at 1450
°C. These observations imply that significant loss of H20 does not occur in experiments with
run times up to 30 min and at temperatures up to 1450 °C. However, it was observed that in
some experiments performed at high temperatures (>1650 °C), experimental time periods >
30 min led to substantial crystallisation, likely due to H>O loss from the Pt capsule.

Therefore, experiments performed above 1650 °C were held at temperature for 5-20 minutes.
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With increasing temperature the H,O content of the liquidus in both systems decreases
rapidly. The sensitivity of the liquidus to temperature creates a challenge for mutlianvil
experiments where very small changes in the position of the sample can lead to large
differences in the sample temperature due to thermal gradients along the length of the
furnace. Due to very small differences in the placement of the capsule it was possible to
obtain very different assemblages in experiments which showed the same thermocouple
temperature. Great efforts were required in the reproducible assembly of the multianvil
octahedra in order to obtain reproducible phase assemblages. Few multianvil studies in the

past have been performed on such temperature sensitive systems.

5.3.1 Results of experiments performed at 6 GPa

Experimental conditions and phase assemblages of the experiments performed at 6 GPa for
both Mg2SiO4-H20 and MgSiO3-H,O systems are summarized in Table 5.2. In the forsterite-
H.O system, experiments were performed starting from 1250 °C up to 1650 °C. In
experiments performed at 1250 °C crystals of enstatite were also observed in some chambers,
and forsterite was interpreted to melt incongruently at these conditions. This observation is
not in agreement with the experimental results of Inoue (1994), which indicate the transition
from congruent to incongruent melting of forsterite in system Mg.SiO4-H.O to occur between
7.7 and 12 GPa. In experiments conducted at temperature >1250 °C chambers contained
either forsterite plus melt or just melt, implying congruent melting. At 1250 °C it was not
possible to reach liquidus conditions i.e. crystals in equilibrium with quenched melt were
found for the highest H.O content sample, 20.4 wt % (Table 5.2). However, at temperatures
higher than 1250 °C, most experiments produced a super liquidus melt chamber containing
only quenched melt. At 1400 °C for example (Fig. 1b, Table 2) forsterite crystals coexisting
with melt were produced by bulk compositions with H>O contents of 7.9, 9.7, 13.8 wt %, but
the chamber containing 18.3 wt % H>O contained only melt. The proportion of crystals in
each chamber decreases in line with the lever rule as the crystal melt region is crossed as a
function of H20 content. No interpretation of these proportions is made, however, as it may

be unreliably biased due the particular sample section obtained during polishing.
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Table 5.2: Experimental conditions and phase assemblages of the experiments at 6 GPa
Run T (°C) time (min) starting mix. phase assemblage

Mg>SiO4-H>0 system

V678 1250 30 FoA E;B; F Fo+L; Fo+L; Fo+L; Fo+En+L
V702 1250 30 FoA E;B; F Fo+En+L;Fo+En+L;Fo+L;Fo+L
V731 1250 30 FoA; E;B;C Fo+En+L,Fo+L; Fo+L; Fo+L
V675 1300 30 FoA E;B; F L; Fo+L; Fo+L; Fo+L
V704 1300* 30 FoC;F;B; E Fo+L; Fo+L; Fo+L; Fo+L
71021& 1350 30 Fo A; E; Fo+L; Fo+L; Fo+L
V656 1400 30 FoE;F;G;H L; Fo+L; Fo+L; Fo+L
V660 1400 45 FoE;F;G;H L; Fo+L; Fo+L; Fo+L
V674 1450* 30 FoA;E;B;F L;L;L; Fo+L
V740 1450* 30 Fol,D,H, G, C Fo+L; Fo+L; Fo+L; Fo+L; Fo+L
V663 1500* 30 FoJ;I;D;H Fo+L; Fo+L; Fo+L; Fo+L
V666 1500* 30 FoE;F;G;H L; L; Fo+L; Fo+L
V672 1500 30 FoJ;I;D;H Fo+L; Fo+L; Fo+L; Fo+L
V738A 1500 30 FoH Fo+L
Z1023A% 1500 30 FoA; E;B;C L;L;L; L
Z1020A& 1550 10 FoG;C:;F Fo+L; Fo+L; Fo+L
V703A 1600 30 Fol;D; H; G Fo+L; Fo+L; Fo+L; Fo+L
V730A 1600* 30 FoJ; D; H Fo+L; Fo+L; Fo+L
V709A 1600 30 Fol;D; H; G Fo+L; Fo+L; Fo+L; Fo+L
V649 1650* 30 FoA;B;C;D fl ; fl+L; L; Fo+L
V737A 1650 30 FoJ,D,H Fo+L; Fo+L*; Fo+L
V661 1650* 30 FoE;F;G;H L;L;L; L
MgSiO3-H>O system
V732 1050* 30 EnD; C;B; A En+L; En+L; En+L; En+L
V702 1250 30 EnC;H En+L; En+L
V731 1250 30 En D En+L
V704 1300* 30 EnF; G;H; D En”+L; En+L; En+L; En+L
V738B 1500 30 EnA, EnB, EnC En+L,En+L,En+L
71023B% 1500 30 EnG; C;H; D En+L; En+L; En+L; En+L
71020B% 1550 10 EnC;H; D En+L; En+L; L
V703B 1600 30 EnG; C;H; D En+L; L; L; L
V730B 1600* 30 EnF; G; H; En+L; En+L; L
V709B 1600 30 EnG; C;H; D En+L; L; L; L
V737B 1650 30 EnF, G,C En+L; L; L

Fo: forsterite; En: enstatite; L: quenched melt; #: presence of enstatite crystals; *: presence of forsterite;
* temperatures estimated based on the power (Watts) utilized during heating; & experiment performed
using the 5000t multianvil apparatus.

In the MgSiOs-H20 system, experiments were carried out from 1050 °C to 1650 °C, with
starting mixtures containing up to 15.2 wt % H20. All sample chambers contained enstatite
and melt or just melt, indicating that melting occurred congruently over the entire
temperature range. In one experiment (\V704, Table 2) a tiny crystal of forsterite was found
as an inclusion in a large enstatite crystal, but this was most likely a consequence of

inhomogeneity of the starting mixture. At temperatures of 1500 °C and lower the highest
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H>O bearing sample yielded enstatite plus melt but between 1550 °C and 1650 °C it was
possible to determine the liquidus at approximately 14.5 and 10.5 wt % H2O respectively
(Fig. 5.2).

JEOL COMP 15.8kY x110  188pm WD 1 lmm

Fig. 5.2: BSE image of experiment V737B carried out in the MgSiO3-H.O system at 6 GPa and 1650 °C (Table
5.2). The bright material is the Pt capsule. The water content of the starting mixture used in each chamber
increases from left to right. Crystals of enstatite, in equilibrium with interstitial quenched melt can be
recognized in the chamber on the left which contained MgSiOs; plus 6.3 wt % H,O. Middle and right chambers,
bearing mixtures of enstatite plus 10.1 and 11.9 wt % H,O respectively, produced both quenched melt.

5.3.2 Results of experiments performed at 13 GPa

Experimental conditions and phase assemblages of the experiments performed at 13 GPa for
both systems Mg.SiO4-H20 and MgSiOs-H.O are summarized in Table 5.3.

Table 5.3: Experimental conditions and phase assemblages of the experiments at 13 GPa
Run T (°C) time (min) starting mix. phase assemblage

Mg»SiO4-H>0 system

Z825A 1300 30 FoA;F, D Fo+L, Fo+En+L, Fo+En+L
Z824A 1500 30 FoA;F, D Fo+En+L, Fo+L, Fo+L
Z837A 1600 5 FoA;F, D Fo+En+L, Fo+En+L, Fo+L
7826B 1700 20 FoA;F; D L, Fo+L, Fo+L
Z836A 1900 3 FoA;F, D L, L, Fo+L

MgSiOs3-H>O system

Z825B 1300 30 EnD; G; F; En+L, En+St+L, En+St+L
7824B 1500 30 En D; C; B; En+L, En+L, En+L
Z837B 1600 5 EnD, G, F En+L, En+St+L, En+L
Z826A 1700 20 EnC;F L, En+St+L
Z836B 1900 3 EnD,G, A L, L, En+L

Fo: forsterite, En: enstatite, St: stishovite, L: quenched melt
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Experiments were performed between 1300 and 1900 °C. In the Mg.SiO4-H.O system,
forsterite was found to melt incongruently to an assemblage containing enstatite at
temperatures below 1600 °C. As shown in Table 5.3, forsterite was found to coexist with
enstatite and melt at temperatures between 1300 and 1600 °C. However, the congruent
forsterite liquidus could be bracketed at 1700 °C between 13.8 and 20.4 wt % H20 (Fig. 5.3)
and at 1900 °C between 5 and 13.8 wt % H-O.

JEOL COMP - 15.0kY x120  18@um W1 Lrom

Fig. 5.3: BSE image of experiment 2826 performed in the Mg.SiOs-H>0 system at 13 GPa and 1700 °C. The
bright material is the Pt capsule, that contained 3 chambers where starting mixtures Fo A (left, 20.4 wt % H,0),
F (middle, 13.8 wt % H,0) and D (right, 6 wt % H,O) were employed. Dark cavities are voids formed during
polishing preparation. Large crystals of forsterite (up to ~150 pm across), in equilibrium with quenched melt
were produced in the chambers where 13.8 and 6 wt % H,O was present in the starting material. Composition
Fo A, containing forsterite plus 20.4 wt % H,O, produced only quenched crystals resembling melt.

At 1500 °C, the experiment with starting mixture containing MgzSiOs with 5 wt% H.O
produced forsterite and melt along with a tiny crystals of MgO (estimated to be <1 vol %).
The formation of such crystals in this experiment was interpreted to be a consequence of a

slight deviation from stoichiometric Mg>SiO4 of the starting mixture.

In the system MgSiOs-H.O enstatite was found to melt congruently at 1900 °C and the
liquidus curve was bracketed at this temperature between 4.3 and 10 wt % H20. However, in
some of the experiments performed between 1700 and 1300 °C, the formation of tiny crystals
of stishovite was observed along with enstatite and melt, in agreement with observations of
Yamada et al. (2004) at 13.5 GPa. This phase however was observed only as a minor
component, ~2 vol %, and therefore it is not expect to cause significant effects on the
determined phase relations. Additionally, the liquidus curve was bracketed at 1700 °C
between 6.2 and 11.8 wt % H20 respectively. At 1600 °C the highest H.O-bearing charge
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containing 15.2 wt % H>O produced enstatite plus liquid, which constrains the minimum H.O

content on the liquidus.

5.4 Discussion

5.4.1 Models for the effect of H2O on the melting of Mg:SiO4 and MgSiO3

A number of studies have examined the melting point depression of silicate minerals as a
function of melt H.O content using a cryoscopic equation (e.g. Silver and Stolper 1985;
Medard and Grove, 2008; Hirschmann et al., 2009). For Mg.SiOs, for example, at

equilibrium,
- AGY
melt _ _ melt _ Sfusion
In(aMngi04) =In(1 A0 )= RT (5.1)
where AG 3., is the standard state Gibbs free energy change of pure forsterite melting (see

melt

appendix) and a,, g, is the activity of Mg2SiO4 in the Mg2SiO4s-H20 melt. At temperatures

o
fusion

below the dry Mg.SiO4 melting point AG can be determined by integrating AE/»’ the

entropy of fusion of pure Mg.SiOg4, between T and the anhydrous melting point Tm. Making

the assumption that Ag is constant with temperature this becomes:
.

I melt

N Qe si0, = {%Agf T —Tm)} (5.2).

Determinations of AE/» for Mg2SiO4 and MgSiOs have been made using calorimetric data at

1 bar (e.g. Navrotsky et al. 1989; Richet et al., 1993) and expressions for AE/» at higher

pressures can be determined from data on dry melting curves combined with an equation of
state for solid Mg.SiO4 or MgSiOs. The complexity in deriving a melting model using such a

cryoscopic equation, however, comes in determining the correct relationship between

melt

aﬂ"};l;sjod and X', , which influences how ay; ', relates to the weight % H.0 in the

melt. Mixing of molecules of Mg>SiO4 and H2>O does not produce sufficient depression in the
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liquidus to explain the experimental data and it is well recognized that H>O dissociates as it

dissolves in silicate melts to produce hydroxyl groups bonded to silicate molecules i.e.,

H.0 + 0% = 20H (5.3).

Spectroscopic analyses also indicate that both molecular H,O and OH" groups can be present
in silicate melts (Stolper, 1982). Silver and Stolper (1985) proposed a thermodynamic model
to describe the effects of H.O speciation on the activity of silicate melt components. They
assumed that all 3 species mix ideally forming a homogeneous melt equilibrium for which

they defined an equilibrium constant K 3,

Ky, = (;{gz:) Zmelt
XX

(5.4).

melt

The activity of the silicate component, a,, g0, , is related to the mole fraction of available

oxygens in the melt X;fft through the expression,

melt — ( melt ) r

Mg,SiO, 0% (5.5)

where r is the number of oxygens per mole of silicate, i.e. 4 for Mg.SiOas. The factor » can be
set to 1 and therefore neglected by employing a single oxygen formula unit, i.e. MgosSio.2s0

for forsterite. This implies that H is mixing on all possible oxygens of the silicate molecule.

The total initial mole fraction of H,0, X;jlz’o , is therefore:
melt melt melt
XZH20 - XH20 + 0.5X0H_ (5.6).

X;jlz’o can then be related through the equilibrium constant K ; to the mole fraction of any

of the other melt species e.g.:
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melt melt\ 2 melt i\ %
Xoso=1= Xt + %{K5.3on B KK5.3X02) +4K5 X . -4K5 5 ) }

—_—

(5.7).

If the activity of forsterite is determined using equation 5.1 on a single oxygen basis, then
X;jlz'o can be determined using equations 5.5 and 5.7 for a given value of K3 and =1, and

the H20O content of the melt can then be determined from

(Xg)(18.015)
(X7l )(18.015) + (L X" )(35.17)

wt%H ,0 = (5.8)

where 18.015 and 35.17 are, for example, the molecular weights of water and forsterite on a

single oxygen basis respectively.

5.4.1.1 Results at 6 GPa
Fig. 5.4 shows the experimental data at 6 GPa for the liquidus of Mg.SiO4 as a function of

melt H.0 content compared to calculations of the liquidus made using the model of Silver

and Stolper (1985). To determine AG . at high pressure the equation of state of Stixrude

fusion
and Lithgow-Bertelloni (2011) was used for solid Mg.SiO4 along with the model of de Koker
and Stixrude (2009) for Mg.SiOs liquid (see appendix). In order to arrive at a model that is
close to the experimental data, the thermodynamic data of de Koker and Stixrude (2009) had

to be modified such that the value of A'¢ for Mg.SiO, at 1 bar was consistent with that
S,

proposed by Navrotsky et al. (1989) of 52.7 J/K.mol. This is at the lower end of the range of
values reported in the literature, which vary from 70 to 47.5 J/K.mol (Bottinga, 1985;
Navrotsky et al., 1989; Richet et al., 1993; Tangeman et al., 2001). Values for the heat
capacity and volume of M@.SiO4 liquid were then also adjusted to bring the model into
agreement with experimental data on the melting curve of Mg.SiO4 (Davis & England, 1964;
Kato and Kumazawa, 1985; Presnall and Walter, 1993). The values employed in the model

are given in Table al in the appendix.

119



5. Melting phase relations in the systems Mg.SiOs-H20 and MgSiOs-Hz0O at upper mantle conditions

2100 ' I '
| melt 1
2000 ] formelt | ]
fo+en+melt
1900 — oo |-
- =e i
1800 — N\ Tenner .
o ] N ---K=0 ]
2 17004 N ——-K= i
O ] i ) 4
| .
3 1600 4 _
=)
© : J
© 1500 i
Q 1 -
§ 1400 S DN i
[ 1 o
1300 S SN S
1200 S i
1100 r , r
0 5 10 15 20 25 30 35 40

H,O (wt %)

Fig. 5.4: Phase diagram in the Mg,SiOs-H,O system at 6 GPa showing experimental data and models for the
liquidus curves (described in the text). Data points determined in this study (Table 5.2) are displayed by black
and gray symbols while data from Luth (1993) at 6 GPa and Inoue (1994) at 5.5 GPa are shown by blue and
green symbols, respectively. Data from Luth (1993) and Inoue (1994) were determined for bulk compositions of
Mg>SiO: plus 20.4 wt % H,O but are plotted at slightly higher H.O content (20.8 wt % H»O) for comparison
with data determined in this study. The liquidus at approximately 20 wt % H>O is ~200° lower than reported by
Inoue et al. (1994) at 5.5 GPa and in agreement, within uncertainty, with data of Luth (1993) at 6 GPa. The
liquidus curves are all constrained by the dry melting temperature of forsterite at 6 GPa reported by Kato and
Kumazawa (1985). Details regarding the different curves are reported in the text. Uncertainties of 1 wt% in the
melt composition and 50 °C for the temperature of the experiments are displayed by the error bars.

Three curves for the Mg2SiO4 liquidus are plotted in Fig. 5.4 based on different values of
K. If equilibrium in equation 5.3 is assumed to proceed completely to the right and all H,O
becomes dissociated to OH" then K5 3 becomes infinity and the straight liquidus curve labelled
K = o is determined. However, the experimental data at the lowest temperatures are in poor
agreement with this curve as the liquidus becomes flatter at high H.O contents. On the other
hand by assuming no dissociation to produce OH" occurs and molecular H2O remains the
only melt water species, then K53 =0 and the liquidus curve does not at all account for the
extent of the depression of melting observed. The flattening out of the experimental liquidus
implies that K53 does not assume a constant value over the range of temperatures but must
change with temperature from a value >50, (which is indiscernible from infinity), above 1400
°C to <10 below 1300 °C. Variations in Ks3 with temperature can be described using an

expression of the form,
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nkK. =ZL4p (5.9).
5.3 T

The experimental data do not provide sufficient constraints to determine the @ and b terms in
equation 5.9, which are highly correlated. Values of « and b of approximately -22000 and 16,
respectively, are in reasonable agreement with the data, although only once the uncertainties
on the experimental data are considered. Values of approximately -8000 and 8 proposed
recently for alkaline basalt by Lesne et al. (2011) based on spectroscopic measurements
would equally well fit within the uncertainties of the data. The experimental data can only be
used to imply a qualitative strong dependence of Ks.; on temperature but independent in situ

spectroscopic data could potentially make an extremely accurate estimate of this dependence.

Although the model is relatively simple it is difficult to find improvements that provide a
significantly better fit to the experimental data, without it becoming completely empirical.
The liquidus curve, for example, would be in slightly better agreement with the experimental

data if it predicted slightly lower H20 contents at ~1450 °C, however the only way to do this

would be to lower the value of AE/» at 1 bar for Mg2SiOg4, and the value employed is already

at the lower end of the range proposed in calorimetric studies. Non ideal mixing could also be
included in the model, however, a simple symmetric mixing parameter between the two
components produces no improvement in the fit. In addition such terms have been shown to
be unnecessary to describe the effect of H.O on melting in systems at even lower
temperatures where non ideal effects should be more important (Silver and Stolper, 1985). A
model could also be considered where not all of the silicate oxygens are protonated but only,
for example, 1 or 2 per 4 oxygen formula units. This raises 2 issues. Firstly it would imply
limited solubility of H20 in the melt, which appears not to be the case. Secondly if the
number of sites on which protons are mixing became an adjustable parameter in the model,
being allowed to change, for example, with total H.O content, the resulting fit parameters
would be highly correlated with K53 and impossible to meaningfully determine without an
independent determination of K 3. Therefore the Silver and Stolper (1985) model supported

by current estimates for AE/» and the melting curve of Mg.SiOs appears to provide an

adequate and well constrained approximation of the experimental data.
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In addition, plotted in Fig. 5.4 is a curve determined from the model of Tenner et al. (2012).
This model employs the same expression as equation 5.1 but assumes that all H>O dissolves
as OH i.e.:

Xnt=1-X)") (5.10).

o*

. melt .
Tenner et al. (2012) determine XOH_ from the expression:

chlt _ (ZHZOWt%/J.B.OlS)
o (2H,0wt%/18.015) + (100 — H,0wt %) /mol.wt

(5.11).

(Silicate)

In Fig. 5.4 a curve for the Tenner et al. (2012) model is calculated using the same
thermodynamic data employed for the Silver and Stolper (1985) models and assuming a
single oxygen formula unit. Equation 5.10 is used instead of equation 5.7 in these
calculations and the H2O content of the melt is then determined from a rearrangement of
equation 5.11. The resulting curve is quite different from that predicted from the Silver and
Solper (1985) model when K5 ; is equal to o, although both models should be equivalent in

describing the effect when H.O dissolves completely as OH". The difference arises in the way
that the melt wt % H2O is converted into Xé",i,”_ . Tenner et al. (2012) multiply the mass of

H2O directly by 2 in the numerator and denominator of equation 5.11, where as to be

equivalent to the Silver and Solper (1985) model the expression would have to be,

=2 5.12).
X on (H,Owt%/18.015) + (100 — HZOwt%)/mol.wt(Si,imm) 6.12)

Although the model of Tenner et al. (2012) has been found to quite accurately reproduce the
liquidus from experiments on natural systems when silicates are mixed on a 3 oxygen
formula basis, the model is not able to reproduce the data on M@.SiO4 at 6 GPa, regardless of
the silicate molecular unit considered, and appears to be only semi empirical due to the

unclear implications of equation 5.11.
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In Fig. 5.5 data bracketing the MgSiOs-H20 liquidus at 6 GPa are compared with the same
models described above. Equation of state data for MgSiOz solid are from Stixrude and
Lithgow-Bertelloni (2011) while those for MgSiOs liquid are from de Koker and Stixrude
(2009).
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Fig. 5.5: The depression of the MgSiOs melting temperature at 6 GPa as a function of melt H,O content. Data
points determined in this study (Table 5.2) are displayed by black symbols while green symbols are from Inoue
(1994), which show good agreement. Data of Inoue (1994) are from experiments performed in the MgSiO;
system with 15.2 wt % H,O but are plotted at slightly higher H.O content (15.6 wt % H,0) so as not to overlap
with data determined in this study. Uncertainties of 1 wt% in the melt composition and 50 °C for the
temperature of the experiments are displayed by the error bars. Curves describing the liquidi by different models

as described in the text are also shown. The liquidus curves are all constrained by the dry melting temperature of
enstatite at 6 GPa reported by Kato and Kumazawa (1985).

The equivalent AE/» at 1 bar for MgSiOs is 40 J-K™mol™* which is in perfect agreement with

calorimetric determinations of Richet and Bottinga (1986). The thermodynamic data are
reported in Table al (appendix) and provide good agreement with the experimentally
determined melting curve (Kato and Kumazawa 1985). The Silver and Stolper (1985) models

assume mixing of Mg13Si130 molecules.
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The model that considers complete dissociation to OH™ (K53 = ), as for the case of the
forsterite-H2O system, agrees with experimental data only at the highest temperatures
investigated (down to 1600 °C). At lower temperatures, in fact, the experimental data imply a
flattening of the liquidus that is not followed by the straight line corresponding to the Ks.3= o
model. Also, mixing only of molecular H20 (K5.3= 0) results in a liquidus curve far outside of
the experimental uncertainties. As H2O is added as Mg(OH). in the experiments, the total
H.O examined cannot exceed 15 wt %. For this reason the liquidus can only be bracketed at
higher temperatures (Table 5.2) where H.O apparently remains dissociated. A model
considering a variation of Ks; with temperature as described by equation 5.9 fulfils the
constraints imposed by the experiments, although a large range of parameters for this
equation can provide an adequate fit to the data. The curve in Fig. 5.5 was calculated with
values of a and b of -6000 and 4.5 with K 3 varying from ~7 at 2100 °C to ~2 at 1300 °C. In
addition, two models from Tenner et al. (2012) that assume mixing of silicate molecules with
1- and 3-oxygens per formula unit are shown in Fig. 5.5. The model of Tenner et al. (2012)
based on 1-oxygen per formula unit predicts values within the experimental uncertainties.
Tenner et al. (2012), however, find the best agreement with natural melting data when a 3
oxygen silicate molecule is assumed but as shown in Fig. 5.5 this is in poor agreement with

the data in this simpler system.

Both enstatite and forsterite melting experiments at 6 GPa can be described by Silver and
Stolper (1985) models that assume mixing of 1-oxygen silicate molecules i.e. mixing of H on
all silicate oxygens, and temperature dependent dissociation of H.O which goes towards
complete OH" formation above ~1400 °C. An interesting observation is that the wt % H.O in
the liquidus melt at a given temperature is nearly identical at 6 GPa for both MgSiOs and

Mg2SiO4 over the range of temperature at which the experiments are performed.

5.4.1.2 Results at 13 GPa

In Fig. 5.6 experiments to bracket the M2SiOs-H20 liquidus at 13 GPa are shown and
compared to the same models for the depression of melting as described above for the results
at 6 GPa.
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Fig. 5.6: The melting phase relations in the Mg,SiOs-H,0 system at 13 GPa and the depression of the melting
temperature as a function of melt H,O content (details reported in the text). Uncertainties of 1 wt % in the melt
composition and 50 °C for the temperature of the experiments are displayed. The incongruent melting of
forsterite is consistent with the results of Inoue (1994), even though the onset of incongruent melting was
determined to be 200 °C lower compared to the current study. Dry melting temperature of forsterite at 13 GPa
was calculated to be 2200 °C by extrapolations of de Koker and Stixrude (2009).

The melting of pure Mg.SiO4 becomes incongruent above 10 GPa, with Mg.SiOs reacting to
produce MgO plus melt at the solidus (Presnall and Walter, 1993). However, in Fig. 5.6
thermodynamic data for congruent Mg2SiO4 melting are extrapolated using the melt model of
de Koker and Stixrude (2009) to 13 GPa, which none the less creates some uncertainty due to
the lack of comparable experimental observations. Although on the addition of H.O melting
becomes congruent at least between 1700-1900 °C (Table 5.3), it becomes incongruent again,
this time to produce enstatite plus forsterite, at lower temperatures. Models from Tenner et al.
(2012) and Silver and Stolper (1985) with Ks.5 = oo do not reproduce the experimental data
presented here (Table 5.3, Fig. 5.6). The best fit with the experimental liquidus is for the
Silver and Stolper (1985) model that assumes mixing of molecular HO (K3 = 0), i.e. no
dissociation to OH" groups. A model where K53 = 0.2 also just agrees with the experimental

uncertainties.
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There are larger inherent uncertainties in this evaluation at 13 GPa arising from the melting
temperature assumed for dry Mg.SiOs. Because Mg2SiOs melting becomes incongruent the
only way to assess the dry melting temperature experimentally is to extrapolate melting
temperatures determined at lower pressures. Here the thermodynamic model of de Koker and
Stixrude (2009) is used to provide justification to this extrapolation because it is based on
computer simulations, however the resulting dramatic change which is implied in the H.O
speciation most probably arises from uncertainties in this temperature. By assuming an
anhydrous melting temperature that is 250 °C higher, the best fitting temperature dependent
model for K53 determined at 6 GPa for M@.SiOs fits well to the experimental liquidus.
Therefore rather than concluding that there is a dramatic shift in H.O speciation at high
pressure, which seems unlikely, the most plausible explanation for the weak depression of
melting for M@.SiO4 at 13 GPa most likely arises from uncertainties in the dry melting
temperature. This highlights the problems of examining melting point depression in
incongruent systems, which are likely to be even more problematic for natural complex

systems such as mantle peridotite melts.

Fig. 5.7 shows the depression of melting results for MgSiOs determined from the
experimental data at 13 GPa. In complete contrast to Mg.SiO4 at these conditions, the best fit
Silver and Stolper (1985) model for MgSiOs is for almost complete dissociation to OH" in the
melt. Only a very slight improvement to the fit can be obtained by imposing a temperature
dependence to K3 causing the liquidus to pass to the right of one sub liquidus experimental
point at 1600 °C. This is, however, not justified by the experimental uncertainties. A
molecular H.O model is far outside of the experimental constraints, as is the model

corresponding to that of Tenner et al. (2012).
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Fig. 5.7: The melting phase relations in the MgSiOs-H,O system at 13 GPa and the depression of the melting
temperature as a function of melt H,O content (details reported in the text). Uncertainties of 1 wt% in the melt
composition and 50 °C for the temperature of the experiments are displayed. Dry melting temperature of
enstatite at 13 GPa was calculated to be 2250 °C by extrapolations of de Koker and Stixrude (2009).

5.4.2 The effect of pressure on melting point depression due to H20 in
simple and complex silicate systems

The depression in the hydrous melting temperature compared to the anhydrous melting point
is shown for both the MgSiO3-H20 and Mg2SiO4-H,O systems at 6 and 13 GPa in Fig. 5.8. In
addition, data from Kushiro et al. (1968) for MgSiOs-H20 are used to construct a further
curve at 1 GPa. A value of K53 = 0.5 provides a good fit to these data, which bracket the
liquidus between 1375 and 1525 °C. For MgSiOs, pressure enhances the influence of H2O in
depressing the melting temperature in line with thermodynamic estimates for the entropy of
fusion and the anhydrous melting curve of MgSiO3z. Although different H.O speciation
models are used at 1 and 6 GPa, for 6 and 13 GPa identical models assuming almost no
molecular H20 above 1400 °C can explain the experimental observations. Using the model of
Silver and Stolper (1985), this implies an increase in the degree of H.O dissociation with

pressure mainly between 1 and 6 GPa for MgSiOs.
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Fig. 5.8: The depression in the hydrous melting temperature as a function of H.O for MgSiOs-H-0O (black lines),
Mg,SiOs-H,O (green lines) and natural melt compositions between 1 and 13 GPa. Hydrous garnet peridotite
melt compositions are from Tenner et al. (2012) at 3.5 GPa (red dots) and Chapter 3 at 6 GPa (grey square).
Blue lines are models for the H,O effect on melting temperature depression for melts in natural compositions
(details regarding the modeling are explained in the text).

For Mg2SiO4-H.O however, there is a decrease in the effect of H.O on melting between 6 and
13 GPa. As described previously this observation is most likely caused by the uncertainty in
the dry melting temperature of pure Mg.SiOs, which melts incongruently above 10 GPa. If
andydrous melting temperatures are inferred to be 250° higher, then this trend is reversed.
This implies that the extrapolated flat melting curve for pure anhydrous Mg.SiO4 predicted

by the model of de Koker and Stixrude (2009) based on computer simulations is incorrect.

In Fig. 5.8, data for the depression of melting due to H2O for melts of natural peridotite
compositions are shown from Tenner et al. (2012) at 3.5 GPa and this study at 6 GPa
(Chapter 3). The depression of melting due to H20 is much smaller for these complex melts
compared to either of the simple systems at the same pressures. Some proportion of this
difference is expected as a result of the lower anhydrous melting points of the natural

compositions. As indicated by equation 5.2 the magnitude of the depression of melting
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should increase with the anhydrous melting temperature, as observed in all experiments. In

Fig. 5.8 these data are fitted using a Silver and Stolper (1985) model assuming an average

single oxygen molecular mass of 37 g-mol* and a AE/» of 0.4 J-Klg! (Tenner et al. 2012;

Kojitani and Akaogi, 1997). A constant value of AE/» is assumed at all pressures and

temperatures (i.e. using equation 5.2) and anhydrous melting points are taken from Walter
(1998). The best fit models at 3.5 GPa requires a temperature dependent value of K53 which
starts at ~1 close to the dry melting temperature but decreases to effectively 0 below 1200 °C.
Although there is only one data point available at 6 GPa the depression of melting is
consistent with a similar model as for 3.5 GPa with the only difference in the model being the
temperature of the dry melting point. The Silver and Stolper (1985) model therefore implies a
much greater proportion of molecular H20 in natural melt compositions at these conditions

compared to simple systems. This difference may have several origins, however. Firstly, the

value of Agfemployed for peridotite melt may well be incorrect as it is derived from

calorimetric data from 1 bar measurements on CMAS melts (Kojitani and Akaogi, 1997) and
may not suitably account for the effects of pressure and composition. Secondly, it is possible
that certain components present in the natural peridotite melt compositions, such as Al>Os,
cause a reduction in the effect of H20O on the configurational entropy of the melt. As a result
of this difference in behaviour, however, melting in simple systems seems to be of little

relevance for determining melt H2O contents in mantle chemical systems.

It is interesting to note that although the model of Tenner et al. (2012), which is based on
equations 5.10 and 5.11, appears to lack theoretical justification, due to the way in which the
mole fraction of OH" is calculated (eq. 5.11), it does predict almost perfectly the depression
of melting for the melt compositions from peridotite experiments at both 3.5 and 6 GPa,
based on a 3 oxygen melt model. The Tenner et al. (2012) model predicts curves identical to
those shown in Fig. 5.8 fitted to the peridotite melt data using the Silver and Stolper (1985)
model at 3.5 and 6 GPa. Although only empirical it achieves as good a fit to the natural data
with fewer adjustable parameters. As there seems to be no clear justification to the way in
which the OH" mole fraction is derived in this model, the predictive capacity is probably just

a coincidence.
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In Fig. 5.8 the Silver and Stolper (1985) models fitted to the peridotite melt data at 3.5 and 6
GPa are extrapolated to 13 GPa by assuming a dry melting temperature of 1900 °C
(Takahashi, 1986). The K ; speciation model is held the same as that at 3.5 and 6 GPa, with a
temperature dependent K53 varying between ~1 and 0. The Tenner et al. (2012) model would
predict an identical curve. The implications of this extrapolation are more clearly indicated in
Fig. 5.9, which shows the melt H,O content determined along an adiabatic gradient for

MgSiOz and M@>SiOs melts, in addition to melts derived from natural peridotite.
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Fig. 5.9: Melt H,O contents as a function of pressure determined at 3.5, 6 and 13 GPa and at temperatures
corresponding to a mantle adiabat (1350 °C, 1400 °C and 1500 °C, respectively). Data at 3.5 GPa are from
Tenner et al. (2012) while melt H,O contents in a natural peridotite system at 6 GPa are from experimental data
presented in Chapter 4. The values for the peridotite system at 13 GPa are extrapolated from the model
described in the text.

With decreasing pressure a smaller amount of H2O is required to stabilize an M@2SiOs melt
along a mantle adiabat. This would favour an increase in the proportion of melt produced as
pressure decreases if the bulk H2O contents of the mantle were constant. For MgSiOz the melt
H.O content actually increases very slightly between 13 and 6 GPa, which would favour the
production of more melt at higher pressures for a constant mantle H.O content. However, this
increase is extremely small and the tendency for a larger melt degree would be counteracted
by the increase in mineral melt H20 partition coefficients with increasing pressure. Peridotite

melts are also predicted to require more Hz0 to be stable at higher pressures, although the
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H.O melt contents are predicted to vary very little towards the base of the mantle, as
observed for MgSiOs. Based on this analysis there seems to be no grounds to argue that
increasing pressure towards the base of the upper mantle would favour an increase in the

extent of hydrous melt formation.

Numerous seismic observations have argued for low seismic velocities above the 410 km
discontinuity at the base of the upper mantle (e.g. Tauzin et al., 2010). The existence of small
degree volatile bearing melts has been the main argument to explain these observations
(Bercovici and Karato, 2003). Given the results in Fig. 5.9 and a constant mantle H>O
content, there is no reason why melting should commence or be seismically more visible at
~410 km depth compared to any other pressures in the upper mantle, as more Hz0 is required

to stabilize melts at these conditions.

In order for hydrous melts to form at the base of the upper mantle the average mantle would
need to be significantly enriched in H.O compared to most estimates, because mineral-melt
H-O partition coefficients also increase with pressure (see Chapter 4). For the mantle to be
enriched in H2O at this depth would require a fractionation process to operate. Bercovici and
Karato (2003) proposed that hydrous melts formed at these conditions may be neutrally
buoyant and therefore separate from the up welling mantle, and concentrate at these depths.
Whether this is possible or not is mainly dependent on the H.O content of the melt. Melt
density experiments by Matsukage et al. (2005) seem to indicate that this may be possible,
however, they considered a melt H2O content of 6 wt %, which is half that estimated in Fig.
5.9 for natural peridotite derived melts. Following the density systematics of Jing and Karato
(2009), melts in equilibrium with peridotite at 13 GPa should be much less dense than the
surrounding mantle if melt H,O contents are close to those predicted in Fig. 5.9. In
conclusion, if large scale low seismic velocities observed on top of the 410 km discontinuity
result from the presence of small degree melts, these melts are unlikely to exist as a result of

the presence of H20 alone.
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6. Effect of temperature and CO; on mineral-melt H,O
partitioning in the upper mantle and the production of

volatile-bearing melts atop the transition zone

6.1 Introduction

The subduction of oceanic crust results in the recycling of volatiles (e.g. H2O and CO2) from
surface reservoirs into the deep Earth (e.g. Schmidt and Poli, 1998; Kawamoto, 2006). On the
other hand, at mid-ocean ridges volatiles are out-gassed from the mantle during the process of
melting and the formation of basaltic oceanic crust. Both subduction and outgassing are
extremely important in terms of the global cycle of H.O and CO> and the reservoirs of these
volatiles in the bulk Earth (Hirschmann, 2006). The transport of H.O within the deep Earth
has enormous consequences for the geophysical and geochemical properties of mantle
materials (e.g. Bolfan-Casanova, 2005). Melting processes in particular are affected by the
presence of volatiles (e.g. Wyllie, 1977; Abe et al., 2000; Asimow and Langmuir, 2003). Low
degree, volatile-bearing melts forming within the deep mantle have been proposed to cause
detectable seismic anomalies (e.g. Tauzin et al., 2010). In addition, the water filter model
proposed by Bercovici and Karato (2003) invokes the formation of melt at the upper mantle-
transition zone boundary, which in turn causes trace element depletion of material advecting
into the overlying mantle. In order to understand the transport of volatiles in the mantle it is
crucial to understand the effects of major volatiles such as H,O and CO; on mineral melting

processes.

Like H2O, the addition of CO to a volatile-free mantle peridotite decreases its melting
temperature (e.g. Dalton and Presnall, 1998). Quantitative constraints on the formation of
hydrous melts at depth can be obtained by assessing the distribution of H2O between
peridotite minerals and low degree melts at upper mantle conditions (see Hirschmann et al.,
2009 for a review). However, a more rigorous description of volatile-induced melting
processes in the mantle should also consider the inevitable influence of CO; in addition to
H.O. Compared to a hydrous system, the presence of CO> will lower the H,O activity of
melts while still allowing the melts to remain stable below the volatile-free solidus. As a
consequence, the concentrations of H.O in the minerals coexisting with such melt are

expected to decrease. Non-ideality might also potentially lead to an influence of CO, on melt
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H.O activity that would then affect the mineral/melt H.O partition coefficient (DSL”O”’””). As

detailed in Chapter 3, determining the mineral-melt H2O partition coefficient for high
pressure melts is challenging due to the difficulty in measuring melt H.O contents. However,
as shown in Chapter 5 the H.O content of melts can be bracketed in a straightforward manner

for simple congruent melting systems.

In this study we report measurements of forsterite and enstatite H.O contents that were
synthesized at 6 and 13 GPa and 1150-1900 °C. Some of the experiments investigated here
were conducted in the simplified system MgO-SiO.-H.O (MSH) and are presented in a
complementary study (Chapter 5). Additionally, experiments were performed in the system
MgO-SiO,-H,0-CO; (MSCH) at 13 GPa and 1400-1800 °C and the H.O content in the
produced forsterite and enstatite crystals was addressed. The experiments in the MSCH
system employed starting materials with H20/(H20+COz2) weight ratios of 0.69 and 0.80. The

estimated liquidus volatile contents are then used to calculate mineral-melt H>O partition

coefficients in H,O and H>O+CO:-bearing systems. The variation of Dgi;gmdf with

temperature at different depths in the mantle, as well as the effect of CO2 on the distribution
of H2O atop the transition zone, is then examined and the conditions for melt formation at

such extreme conditions are evaluated.

6.2 Experimental and analytical methods

Olivine and enstatite crystals produced in the MSH system were selected from experiments
reported in Chapter 5. These experiments were conducted in the forsterite-H>O and enstatite-
H-0 binary systems at 6 and 13 GPa. In addition experiments in the MSCH system at 13 GPa
were performed, with an experimental approach similar to that described in Chapter 5. Two
sets of starting compositions were prepared for the experiments in the MSCH system (Table
6.1).
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Table 6.1: starting mixtures in the systems MSCH
FogsEns-CHS CH5-EM  CHS5-A CH5-B CH5-C

MgO 38.30 44.25 4751 50.77

SiO; 29.64 33.73 35.97 38.22

H.0 22.01 15.12 11.34 7.56

CO; 10.06 6.91 5.18 3.45

Total 100.00 100.00 100.00 100.00
H20/(H.0+COy) 0.69 0.69 0.69 0.69
Mg/Si# 1.93 1.96 1.97 1.98

FogsEns-CH7 CH7-EM CH7-A CH7-B CH7-C

MgO 41.70 44.99 48.06 51.14

SiO; 31.67 33.99 36.17 38.35

H.0 21.25 16.78 12.58 8.39

CO; 5.37 4.24 3.18 2.12

Total 100.00 100.00 100.00 100.00
H20/(H,0+CO5) 0.80 0.80 0.80 0.80
Mg/Si* 1.96 1.97 1.98 1.99

values given in weight percent of oxides. #; atomic ratio.

Starting mixtures were obtained by mixing dry forsterite with volatile-bearing end member
mixtures (CH5-EM and CH7-EM). The volatile-bearing end members were produced by
grinding under ethanol different proportions of brucite [Mg(OH)2], magnesium carbonate
hydrate [Mg(OH). - MgCQO3 - 2.2 H,0] and SiO> for 1 hour. Before weighing, SiO> was dried
at 1000 °C for at least 6 hours while the other reagents were stored at 120 °C to limit the
adsorption of H,O from air. CH5-EM and CH7-EM mixtures consisted of forsterite plus
minor amounts, 5 and 3 wt %, of enstatite respectively. The end-member mixtures had
H.O/(H20+CO) wt fractions of 0.69 (CH5-EM) and 0.80 (CH7-EM), and total volatile
contents of 32.1 and 26.7 wt %, respectively (Table 6.1). The other starting mixtures listed in
Table 6.1 were obtained by mixing for 30 minutes under ethanol different proportions of
CH5-EM and CH7-EM with dry forsterite powder that was previously prepared. The dry
forsterite was obtained by mixing the right proportions of MgO and SiO», grinding for 2
hours under ethanol and then drying. The mixture was placed in a Pt crucible and heated
overnight at 1400 °C in a 1 atm furnace, quenched and ground to a powder. This procedure

was repeated 2-3 times.
The high pressure (HP) and high temperature (HT) experiments in the MSCH system were

performed using a 5000 tonne multianvil apparatus at the Bayerisches Geoinstitut (BGI). An

18/11 (octahedron edge length/truncated edge length) assembly was used in all the
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experiments and pressure calibration of the press is reported by Frost et al. (2004). The
pressure media was a Cr.Os-doped, MgO octahedron and a stepped LaCrOs heater was
employed. Temperatures were monitored by means of a Wog7Res-W7sRezs (Type D)
thermocouple which was separated from the capsule by a Re foil. The effect of pressure on
the thermocouple emf was ignored. The capsule was fabricated from a Pt disk that was spark-
eroded in order to produce up to 8 chambers with 250 um diameter and ~700 um depth on a
single disk, where different starting mixtures were loaded, following the same procedure
described in Chapter 5. The chambers were held closed at HP-HT by placing a Pt disk of 0.25
mm thickness on top of the open side. In order to limit the potential loss of HO, the
experiments were heated for a short period especially at the higher temperatures investigated.
Experiments containing the same starting compositions were performed with different run
durations (3 and 30 minutes) and produced the same phase assemblages. This implies that
substantial amounts of H,O loss at high temperature in the experiment did not occur over the

duration of heating adopted in this study.

The capsules recovered from the HP-HT experiments were at first mounted in epoxy resin
and polished. During the polishing procedure charges were impregnated with superglue to
avoid significant loss of the quenched material. Scanning electron microscopy (SEM)
analyses were initially performed at the BGI for the determination of the phase assemblage of
the experiments. Electron microprobe analysis was also conducted at the BGI employing a 5
spectrometers JEOL JXA-8200 electron probe in order to precisely check the mineral
compositions. Analyses were performed with 15 kV and 15 nA and counting time of 20 s on
the pick position and 10 for the background. Raman spectroscopy was also performed at the
BGI in order to confirm the presence of forsterite and rule out the formation of the HP
polymorph wadsleyite at 13 GPa. Spot analyses (~5 pum diameter) were performed in air
using a LABRAM Raman spectrometer with 632 nm red line wavelength laser and a

resolution of 1-2 cm™.

In order to determine the HO contents of forsterite and enstatite produced in the experiments
performed in the MSH (Chapter 5) and MSCH systems some of the capsules were prepared
for mineral H,O determination using secondary ion mass spectrometry (SIMS). Analyses
were conducted by means of a CAMECA NanoSIMS 50 L ion probe installed at the
Department of Terrestrial Magnetism. Measurements were performed following the

procedure described by Koga et al., (2003) in order to perform low-blank analyses. After the
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sample characterization, the selected capsules were removed from the epoxy resin, cleaned to
remove small portions of epoxy attached to the Pt disk, and pressed into indium metal
contained within a hole drilled in an aluminium disk. This procedure was necessary to obtain
a low background signal from other potential hydrogen sources. NanoSIMS analyses were
performed using a Cs* primary beam which ejected *OH" secondary ions. Mineral H.O
contents were characterized by reference to mineral standards with known H>O contents
described in Koga et al. (2003). The limit of detection during the analyses was ~10 ppm H,O
based on measurements performed on dry silicates (Koga et al., 2003). NanoSIMS analyses
were conducted on crystals as small as ~30 um across. Samples were dried overnight before
measurements and analyses were performed under a vacuum of ~ 2 x 10° Torr. A pre-
sputter time of 3 minutes was employed in order to avoid surface contamination, followed by
a counting time of 3 minutes. Along with 0OH anions the species 1C, '°F, 3°Si were also
measured simultaneously and used as indicators of contamination (see e.g. Chapter 4). Pits
produced during the analyses were subsequently examined using an SEM in order to discard
analyses biased by the presence of cracks or visible inclusions, which would affect the

measured signal and the calculated mineral H20 contents.

In addition to SIMS analyses, elastic recoil detection analyses (ERDA) were also carried out
on some of the polished samples at the Laboratoire d'Etudes des Eléments Légers, CEA in
France. ERDA is a powerful absolute technique for the determination of H.O in solids which
is independent of calibrant materials (Raepsaet et al., 2008). H atoms that are ejected from the
sample after elastic collisions with an incident “He* beam are collected by an ERDA detector.
In addition, particle-induced X-ray emissions (PIXE) and Rutherford backscattered (RBS)
particles ejected from the sample are also collected by an X-ray detector and an annular
detector, respectively, and are used to determine the composition and location of the sample.
During the analyses the beam is scanned over an area of approximately 150x200 um over a
period of 1 to 2 hours depending on the H>O content of the measured mineral. The signal
collected by the ERDA and RBS detectors generated from the sample is processed with the
SIMRA software package (Mayer, 1999). The analyses were conducted on crystals of at least
50 pum. Further details concerning the ERDA procedure can be found in Raepsaet et al.
(2008) and Bureau et al. (2009).
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6.3 Results

Run conditions and phase assemblages for the experiments in the MSH system are reported in

Chapter 5 while those for the MSCH experiments are listed in Table 6.2.

Table 6.2: Experimental conditions and phase assemblages in the system MSCH at 13 GPa

Run (system) T(CC) T (min) Start. mix. Phase assemblage

Z951 (CH7) 1400 20 EM, A B, C en+L,en+L, fo+en+L, fo+en+L
Z951 (CHb) 1400 20 EM, A B, C en+L,fo+en+L,fo+en+L,fo+en+L
Z959 (CH7) 1500 20 EM, A B, C en+L,en+L,fo+en+L,fo+en+L
Z959 (CHb) 1500 20 EM, A B, C en+L,fo+en+L,fo+en+L,fo+en+L
Z938 (CH7) 1600 10 A B L,fo+en+L

Z938 (CH5) 1600 10 A B L,fo+en+L

Z965 (CH7) 1700 10 EM, A B, C L,L,fo+en+L,fo+en+L
Z965 (CH5) 1700 10 A /B,C L,fo+L,fo+ten+L

2952 (CH7) 1800 5 EM, A, B, C L, L, L, fo+L

Z952 (CH5) 1800 5 EM, A B, C L, L, L, forL

Fo: forsterite, En: enstatite, L: quenched liquid.

Volatile-bearing melts produced fibrous crystals upon quenching, similar to the MSH system
(Chapter 5). Sub-liquidus phases could be easily distinguished from the quenched crystal
matrix by their euhedral habits. Typical examples of experimental products and mineral
textures in the MSCH system are illustrated in the backscattered electron (BSE) images in
Fig. 6.1.

JEOL COMP  15.@kY xh Y JEOL COMP  15.0KY %170 108pm WD11mm

Fig. 6.1: (a) BSE image showing experiment 2952 (CH5) with the shiny Pt disc containing four chambers with
different starting mixtures as reported in Table 6.2. Equilibrium crystals are present in the chamber on the left
while only quenched crystals resembling the melt at HP-HT are recognized in the other 3 chambers. (b) Two
chambers from experiment Z965 (CH5) containing starting mixtures B (left) and C (right) (Table 6.1). It can be
seen that the amount of equilibrium crystals diminishes from right to left as a consequence of the higher
volatiles budget in the chamber.
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In the experiments performed in the MSCH system assemblages of forsterite, forsterite plus
enstatite and enstatite were produced in equilibrium with volatile-bearing melt. Small
(generally 5 pm across) MgCOz crystals were observed in the interstitial space among the
herringbone-like crystals resembling the melt phases at HP-HT. Due to their fine grain size
and texture they were interpreted to form from the melt phases upon quenching a particular
experiment. At 1600, 1700 and 1800 °C chambers where only quenched melt was present
were observed (Table 6.2) and this permitted the location of the liquidus to be determined.
Melting in the CO2 bearing system is incongruent up to 1700 °C (Table 6.2) which is
apparently 100 °C higher than in the H2O system (Chapter 5). In the MgO-SiO2-H20 ternary
system the cotectic liquid composition between forsterite and enstatite liquidus fields must

cross the tie line between Mg2SiO4 and H20 at approximately 1650 °C, as shown in Fig. 6.2.

H,O

~1120°c{br | ?

per

~3200°C ~2900°C

L o — a I ™1 4
MgO Sio,
~2200°C ~2250°C

Fig. 6.2: Ternary diagram in the MSH space showing the liquidus at 13 GPa based on the experimental
constrains presented in Chapter 5. Br: brucite, per: periclase, anhB: anhydrous B, fo: forsterite, cen: clino-
enstatite, stv: stishovite. Blue dots indicate starting mixtures employed in the experiments. In red are shown
estimated melting temperatures for brucite (Fukui et al., 2005; Johnson and Walker, 1993), periclase (Zerr and
Boehler, 1994), forsterite and clinoenstatite (Liebske and Frost, 2012) and stishovite (Zhang et al., 1993).

Based on the experimental data presented here, the cotectic between forsterite and enstatite in
the pseudoternary MgO-SiO2-[H20+COz2] system must cross the tie line between Mg2SiO4
and H2O+CO, at ~1750 °C. At this point assemblages of coexisting forsterite plus enstatite
have equilibrium liquid compositions that actually lie along the cotectic, whereas the all
liquid assemblages bracket a liquidus curve within the enstatite plus melt field. However,
because the cotectic line must be relatively parallel to the Mg>SiOs-H2O tie line, bracketed
liquidus compositions will remain very close to those that are in equilibrium with the

forsterite plus enstatite assemblage. Given the similarity observed in the melting phase
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relations between the MSH (Chapter 5) and MSCH (Table 6.2) systems, the same behaviour

is also expected in the presence of COx.

The hydrogen concentrations of the minerals determined by NanoSIMs and ERDA in the
MSH and MSCH systems are reported in Table 6.3.

Table 6.3: H,O contents of forsterite and enstatite in the MSH and MSCH systems

H,0 SIMS H,O ERDA
GPa T(°C n hase run o
(GPa)  TCC) P (ppm wt) (ppm wt)
Fo-H20#
6 1250 22 fo V731 681 147
6 1300 11 fo V675 790 149
6 1500 3 fo V738 420 25
6 1600 25 fo V730A 329 136
6 1650 12 fo V737A 308 242
13 1300 14 fo Z825A 6578 631
13 1500 7 fo Z824A 4317 479
13 1600 2 fo Z837A 3070 54
13 1700 10 fo Z826B 1286 311
13 1900 5 fo Z836A 742 14
En-H20*
6 1050 1 en V732 605
6 1250 6 en V731 344 98
6 1300 20 en V704 372 26
6 1500 9 en V738 353 60
6 1600 11 en V730B 275 7
6 1650 1 en V737B 292
13 1300 13 en Z825B 1548 348
13 1500 8 en 7824B 1320 346
13 1600 7 en Z837B 1183 88
13 1700 5 en Z826A 439 6
13 1900 3 en Z836B 336 6
F095En5-CH5 ero/(H20+C02)ZO.691
13 1400 13 fo 7951 2187 235
13 1400 15 en Z951 1189 377
13 1500 2 fo Z959 1039 106
13 1600 5 fo 7938 934 85
13 1600 10 en 7938 581 169
13 1700 1 fo 7965 672 96
13 1800 5 fo 7952 474 73
Fog7Ens-CH7 [H.0/(H20+C0,)=0.80]
13 1400 8 fo 7951 2631 61
13 1400 12 en 7951 1408 222
13 1500 1 fo Z959 2151 293
13 1500 1 en Z959 1315 182
13 1600 4 fo 7938 1396 35
13 1600 9 en 7938 807 93
13 1700 1 fo 7965 865 126
13 1800 5 fo 7952 682 164

fo: forsterite, en: enstatite. n: number of analyses on different crystals. H,O contents of fo
and en at a given temperature are averages from different experiments performed with
different H,O contents in the starting mixture. #; experiments described in Chapter 3.
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In both MSH and MSCH systems the H.O contents of forsterite and enstatite are observed to

decrease with increasing temperature at a given pressure, as the activity of H.O in the melt

(a:"’(’)’) drops as more silicate enters the melt. At 13 GPa, the concentration of H>O in

forsterite and enstatite is also observed to drop as the CO; content of the melt increases (CHS5,
Table 6.1). The difference in the H2O content of forsterite between the MSH and MSCH

systems appears to decrease with increasing temperature.

6.4 Discussion

6.4.1 The distribution of water in the MSH system at upper mantle

conditions

The HO contents of olivine and enstatite produced in the experiments performed in the MSH
system at 6 GPa and reported in Table 6.3 are displayed in Fig. 6.3. In Fig. 6.3 the
concentration of H2O in the melts forming in the systems Mg>SiO4-H.O and MgSiOs-H.O
and modelled in Chapter 5 are also shown. Mineral H.O concentrations from the literature
determined in the same simplified system (MSH) are displayed for comparison. At 6 GPa
forsterite H.O contents apparently increase between 1000 and 1100 °C and then start to
decrease with temperature (Bali et al., 2008). This observation is consistent with the onset of
silicate melting occurring between these temperatures, in agreement with the experiments of
Stalder et al. (2001). The forsterite H>O contents determined in this study by NanoSIMS are
in very good agreement with values of Bali et al. (2008) determined by Fourier transform
infrared spectroscopy (FTIR). Forsterite H.O contents are observed to decrease with

temperature up to 1650 °C, where a value of ~310 ppm wt H2O is reached (Table 6.3).

The temperature effect on the enstatite H.O content at 6 GPa was extended up to 1650 °C in
this study. As for forsterite, enstatite H.O contents decrease with increasing temperature from
1100 up to 1650 °C where a value of approximately 290 ppm wt Hz0 is reached (Table 6.3).
Values at low temperatures, 1150 °C and 1250 °C, determined in this study by NanoSIMS are
in agreement with data from Rauch and Keppler (2002) and Withers et al. (2011) determined
by FTIR and SIMS, respectively (Fig. 6.3b).
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Fig. 6.3: (a) and (b): Phase equilibria in the forsterite-H,O and enstatite-H.O binary systems, respectively, at 6
GPa. H,O contents of forsterite and enstatite determined in this study are plotted along with data from the
literature determined at 5-6 GPa (red). Red lines show the variation of minerals H,O content with temperature,
based on this study and literature studies. Liquidus curves in the binary systems forsterite-H,O and enstatite-
H.0 (blue lines) are those described in Chapter 5.

H.O contents of forsterite and (clino) enstatite determined at 13 GPa in the MSH system are
displayed in Fig. 6.4 along with data from previous studies determined in the same chemical
system.
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Fig. 6.4: Water contents of minerals (red) in the forsterite-H.O system (a) and enstatite-H,O system (b)
determined at 13 GPa in this study along with data from the literature. Liquidi are shown as blue lines and their
determination is described for both systems in Chapter 5. The red lines are regression lines for mineral H,O
contents are based on data from this study and the literature. The figures inserts are enlargements of the dashed
boxes and show forsterite (a) and enstatite (b) water contents determined in the MSH and MSCH. The dashed
and dotted lines in Fig. 6.4a are regression lines for the H,O content of forsterite in the CO»-bearing systems
with H.0/(H.0+C0O2)= 0.80 and 0.69.

Melt H.O concentrations estimated in Chapter 5 are also shown. Saturated mineral H.O
concentrations are generally observed to increase with pressure (e.g. Mosenfelder et al.,
2006) and this is observed for both phases when the experimental data at 6 and 13 GPa are

compared (Table 6.3). The results of the measurements in the MSH systems are in agreement
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with results from the literature at similar pressure and temperature conditions (Fig. 6.4). The
forsterite H,O content has been reported to increase between 1100 to 1250 °C, and then to
decrease with increasing temperature above 1250 °C (Smyth et al., 2006). This, combined
with measurements performed in this study, is consistent with an H2O-saturated melting
temperature between 1250 and 1280 °C at 13 GPa. The FTIR measurements of Smyth et al.
(2006) made on forsterite synthesised at 12 GPa, are in reasonable agreement with data
determined in this study at 13 GPa. The slightly lower general trend in H.O contents
measured by Smyth et al. (2006) likely reflects the 1 GPa difference in pressure between the
studies. In Fig 6.3 forsterite H,O contents determined by SIMS at 13.7 GPa (Chen et al.,
2002) and FTIR at 13 GPa (Litasov et al., 2009) at 1200 °C are also shown for comparison.
The experimental results determined in this study show that the concentration of H20 in

forsterite drops to ~750 ppm wt by 1900 °C.

At 13 GPa (clino) enstatite H>O contents decrease with temperature from ~1550 ppm wt H,O
at 1300 °C to ~340 ppm wt H>O at 1900 °C. The temperature trend is in reasonable
agreement with values reported by Withers and Hirschmann (2007) at ~12 GPa and 1100 °C
determined by SIMS (Fig. 6.4b). At 1500 °C, however, enstatite H,O contents determined in
this study are significantly lower (by ~1800 ppm wt) than values reported Yamada et al.
(2004) at 13 GPa measured using SIMS. The origin of this discrepancy is unclear.

With knowledge of mineral H.O contents determined here and the location of the liquidus

curves modelled in Chapter 5 for the binary systems forsterite-H.O and enstatite-H20 (Fig.

6.3 and 6.4), D;;;;me" in the MSH system was determined at 6 and 13 GPa and between 1050

and 1900 °C. This allows the effect of temperature on Dgi;gmdf to be evaluated, as displayed

in Fig. 6.5. Dgi;gmdf was determined from literature mineral H.O contents in the MSH

systems based on melt H.O contents determined in Chapter 5 (Fig. 6.4). Values of Dlﬁ”zg”g”
determined at 6 GPa show no significant change with temperature between 1250 and 1650
°C. The olivine/melt H,O partition coefficients (D,”jz’(;”g”) determined for peridotitic systems
at 6 GPa and 1400 °C (Chapter 4) and at 1-2 GPa and between 1100-1400 °C (Hauri et al.,
2006) are also displayed in Fig. 6.4a. Data from Hauri et al. (2006) imply a weak increment

in the D;’z’(;"g” with increasing temperature from 1200 to 1400 °C at 1.2 GPa and a similar

trend would easily fit within the uncertainties of the current study.
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Fig. 6.5: Variation of Dgi%"”” with temperature at 6 and 13 GPa. Panels (a) and (b) report data for forsterite at

6 and 13 GPa while panels (c) and (d) are for enstatite at 6 and 13 GPa, respectively. Error bars are 1 standard
deviation and are calculated based on the mineral H.O uncertainties reported in Table 6.3 and an uncertainty of
4 wt % H,0 in the melts. Error for experiments V732 and V737B (only 1 nanoSIMS analyses) were calculated
considering an uncertainty of 100 ppm wt H,O in enstatite. Green symbols in panel (a) are data from
experiments in natural compositions reported by Hauri et al. (2006) at 1-2 GPa and in Chapter 4 at 6 GPa.
Values calculated from literature mineral H,O data and melt H,O contents from Chapter 5 are also displayed
and symbols are as in Fig. 6.2 and 6.3 at 6 and 13 GPa, respectively.

At 6 GPa and 1400 °C the peridotitc (natural) olivine partition coefficient is slightly higher
than the trend in the MSH system, which is mainly caused by the difference in melt H.O

content in the two systems at these conditions. At 13 GPa, however, D,gggﬂf" is observed to

decrease with temperature, from ~0.020 at 1300 °C to ~0.007 at 1700-1900 °C (Fig. 6.4b). It
must be noted that melt H.O contents are only bracketed at and above 1700 °C and are
extrapolated below this temperature. In addition melting becomes incongruent below this

temperature. An underestimate of the melt H,O content below 1700 °C, however, may
contribute to the relatively strong temperature dependence of Dlﬁ”z’ome” observed at these

conditions.
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Dj,"z’o’”g” shows a weak, positive trend with temperature at 6 GPa increasing from ~0.0015 to

~0.003 between 1050 and 1650 °C. Values are significantly lower than reported for enstatite

produced from peridotitic compositions (~0.007, Chapter 4), most likely due to the absence

of aluminium. At 13 GPa, Dﬁ,”zg’”” shows no temperature dependence up to 1600 °C but

decreases by approximately 50 % once the temperature is >1700 °C, which is due to a similar

percentage drop in the enstatite H>O content over this temperature interval.

6.4.2 The distribution of water at 13 GPa in the MSCH system

In Fig. 6.4 the H.O content of forsterite and enstatite in the CO2-bearing experiments (MSCH
system) determined by NanoSIMS and ERDA are reported. Using these data the effect of
increasing melt CO. content on the H2O contents of minerals in equilibrium with hydrous
melt can be examined at conditions corresponding to the base of the upper mantle. It can be

seen that the presence of CO; in the melt lowers the H.O contents of coexisting minerals,

melt

which is an expected consequence of lowering a™". This effect is enhanced at lower

temperatures, particularly for forsterite, where mineral H2O contents for CO2 and CO»-free
systems show a greater divergence. For example, at 13 GPa and 1500 °C (which corresponds
to a typical mantle potential temperature if ~1320 °C) forsterite contains ~4300 ppm wt H,O
in the MSH system, while in the CO.-bearing system with a melt CO,/(H.0+CO,) weight
ratio of 0.20 and 0.31 it contains 2150 and 1050 ppm wt H2O respectively. It should be noted
that these melt CO; ratios are only 0.06 and 0.16 when calculated on a molar basis. A similar
effect is also observed for enstatite at these conditions (Fig. 6.4b), but is not as well

constrained by available experimental data.

The volatile content of the melts formed in the MSCH system at 13 GPa were bracketed at
1600, 1700 and 1800 °C by determining the position of the liquidus (Table 6.2). The liquidus
curves bracketed in the H,O+CO- bearing systems are displayed in Fig. 6.6. Note that there is
great uncertainty in total melt volatile contents below 1700 °C as the compositions melt
incongruently and the liquidus must be extrapolated below 1600 °C. However, errors in the
determined volatile contents should be similar and in the same direction (i.e. underestimated)

for both MSCH and MSH systems at the same conditions.
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Fig. 6.6: Volatile contents of melts at different temperatures in the MSH and MSCH systems. The blue line is
the liquidus curve calculated in the forsterite-H,O system at 13 GPa from the model described in Chapter 5.
Green and red solid lines indicate the volatile content of the melts forming in the CO.-bearing systems
employing starting mixtures MSCH5 [CO2/(CO2+H20)= 0.2] and MSCH7 [CO./(CO2+H,0)= 0.3], respectively.
The green and red dotted lines indicate the H,O contents of these melts calculated by the known
H,0/(H,0+COy) ratio of the starting mixtures employed in the experiments.

As the volatile ratio of the starting mixture is know, the H.O content in the H,O- and CO»-

bearing melts can be estimated between 1500 and 1800 °C, which allows D/’."" being

H,0
calculated (Table 6.4).
Table 6.4: forsterite/melt water partition coefficients at 13 GPa
FO-HzO F097En3-CH7 F095En5-CH5
T ( OC) D]{"I()Z/(;nelt g D]{"I()Z/(;nelt g D]{Z/(;nelt g

1700 0.0074 0.0025 0.0064 0.0021 0.0053 0.0018
1600 0.0145 0.0028 0.0087 0.0022 0.0062 0.0017
1500 0.0173 0.0034 0.0112 0.0028 0.0058 0.0014

The total melt volatile contents in the CO»-bearing experiments at 1500 °C were estimated to
be 24 and 26 wt % for the CH7 and CH5 systems, respectively. Based on the data shown in
Fig. 6.6 and the experiments reported in Table 6.2, the uncertainty in the melt volatile content

in the COz-bearing systems at 1500 °C is expected to be at least 4 wt %, which is propagated

into the calculation of D[,”zg”g”. The effects of temperature and CO. on forsterite H.O

contents and D};"" at 13 GPa are displayed in Fig. 6.7.
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Fig. 6.7: (a): Forsterite H,O content variation with H.O/(H.O+CO) at 13 GPa and temperatures investigated in
this study. (b):DI{,”Z/O’"E” as a function of H,O/(H,0+CO,) at 13 GPa and 1500, 1600 and 1700 °C. Data

presented in both figures are reported in Tables 6.3 and 6.4. Propagation of error corresponds to +1 sigma
calculated as explained in the text.

At 13 GPa Dlﬁ”zg”g” is lowered by the presence of CO, with the effect diminishing with

increasing temperature (Fig. 6.5b). Differences are observed among values of Dlﬁ”zg”g”

determined in H20 and H.0O+CO; systems at 1700 °C that are within the calculated errors. At
1600 and 1500°C, however, Dlﬁ”zg”g” drops by over 50% as the weight fraction of CO.

increases to only ~0.3. Although there are significant uncertainties on the total volatile
contents of the melts at 1500 °C, as stated previously, due to the similarity in the melting
relations, errors should shift partition coefficients in both MSH and MSCH systems by
similar amounts and in the same direction. The calculations of the partition coefficients
assumed that all the CO, is dissolved in the melt phase. The concentration of CO. in the
starting mixtures reported in Table 6.1 are considerably below the CO> saturation levels of
e.g a basaltic melt extrapolated at 13 GPa (e.g. Ni & Keppler, 2013), with only starting
composition CH%-EM being close. These values support our assumption and do not suggest
the formation of a CO2-rich gas phase induced by the saturation of this volatile in the melt.

This gas phase would certainly cause some H>O to dissolve into it with a potentially effect on

the D[,”zg”g”. No experimental data, however, support this theory up to date.

The incorporation of H,O in forsterite at 13 GPa and 1500 °C in the MSH and MSCH

systems can be examined by employing H2O dissolution equilibrium:

H.O (melt) T 0] (mineral) = (OH)Z (mineral) (61)
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The H.O content of forsterite and melt in the MSH system can be used to calculate the

equilibrium constant for equation 6.1. Using this constant it is then possible to calculate the

expected forsterite H.O content and Dlﬁ”zg”g” for any melt H.O content, assuming ideal

mixing. This is calculated for melt H>O contents encountered in this study at 1500 °C and the

results are shown in Fig. 6.8.
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Fig. 6.8: Values of DI{,’;/O’"E” as a function of H,0/(H20+CO) molar ratio at 13 GPa and 1500 °C. Red circles
indicate the experimental data determined in the MSH and MSCH systems, while the black circles are the
DI{,”zg"g” calculated based on the model as described in the text.

Although the forsterite H.O content is calculated to go down as the amount of H2O in the
melt decreases, Dlﬁ”z’o’”g” remains constant. The experimental data indicate, however,
thatD,ﬁ”zg”E”decreases quite strongly. As C does not significantly dissolve in forsterite

(Shcheka et al., 2006) and if a vapor phase does not form, this must result from an interaction

between CO2 and H0 in the silicate melt, which lowers the activity of H.O in the melt.

6.4.3 The production of melts atop the transition zone
If D,?,’z’o””” is substantially lowered in the presence of moderate amounts of CO2 in hydrous

melts, then this will lower the amount of H2O necessary to cause peridotite melting below the

volatile-free solidus and influence the proportion of melt that can be produced for a given
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mantle H2O content. As this effect must result from a lowering of the activity of H2O in the
melt it should affect all minerals coexisting with the melt, although the magnitude of the
effect may vary if different mineral H.O substitution mechanisms occur. This may be a
particularly relevant phenomenon at the base of the upper mantle where seismic studies have
proposed that silicate melts may be present (e.g. Tauzin et al., 2010). Using the obtained
partition coefficients the melt fraction produced from a mantle peridotite at the base of the
upper mantle (13 GPa, 1500 °C) can be estimated as a function of the bulk H>O content of the
mantle and for a mantle with a CO2/(H.0+CQOz) weight ratio of 0.31, which is close to the
ratio in the MORB source estimated by Saal et al. (2002).

For this calculation values ofo,“z”Cﬁ’”g” for olivine, clinopyroxene and garnet coexisting with

hydrous melts were calculated at 13 GPa using the parameterizations of Dgi;gmdf as a function
of pressure described in Chapter 4 for peridotitic natural systems. Following this approach
and based on the modal abundances of olivine, clinopyroxene and garnet in a peridotitic

assemblage at 13 GPa proposed by Stixrude and Lithgow-Bertelloni (2007), D;}fg’"”’ was
calculated to be approximately 0.0058 in a hydrous system. D;}fg”"d’ was then calculated for

a melt with a CO2/(CO2+H20) (weight) ratio of 0.31 by assuming that D;’z’(;"g” drops to 33 %

of the value estimated for the CO2-free system, in line with the observations for forsterite
made above. The H.O content of the melt was then estimated from the depression of melting
analysis made in Chapter 5 assuming that 31% CO. replaces H,O in the melt without a
significant change in the total volatile content of the melt. This is consistent with the phase

equilibria measurements highlighted in Fig. 6.6. This results in a COz-bearing melt
containing 8.6% H0 and 3.7% CO>. Using values of D;}fg’"g” and the melt H20 content, the
amount of melt that is produced as a function of the bulk mantle H.O content can be
calculated by using the batch melting equation (Shaw, 1970). The results of this calculation

are shown in Fig. 6.9, where the fraction of melt produced as a function of mantle H.0

content is displayed for both solely hydrous melting and melts where CO,/(CO.+H.0)= 0.31.
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Fig. 6.9: Thick lines show melt fraction (F) calculated as a function of mantle water content at 13 GPa and 1500
°C for a hydrous system (blue) and a hydrous plus CO; system (magenta). Error bars, indicated by the shaded
areas, correspond to +1 sigma calculated on the F values considering a 20% relative uncertainty of the melt H.O
content and the partition coefficient of H,O between the peridotite and the melt.

The main uncertainty in this calculation is caused by the uncertainty in the H.O content of the
melts at 13 GPa, as outlined above. If the melt H2O content is in error then this would change
the relationship between bulk mantle H.O and melt fraction. On the other hand, this
uncertainty is unlikely to affect the magnitude of the difference between values calculated for
the H2O and H.0O+CO; systems. Also, it is important to note that the calculation does not
account for the effect of CO. on lowering the partitioning of H2O between the other peridotite
minerals, clinopyroxene and garnet, which would certainly shift the required bulk H2O
contents in the CO>—bearing system towards even lower values. Due to uncertainties in the
substitution mechanisms there is insufficient data to quantify the effect of CO. on other
minerals at this stage. However, even given the uncertainties in the calculation the indication
is that reasonable proportions of mantle CO2 would strongly enhance the production of
hydrous melts produced at the base of the upper mantle for a given mantle H.O content.
Based on the results displayed in Fig. 6.9, for example, CO, would induce the formation of
melts at the base of the upper mantle for a bulk H2O concentration of ~250 ppm, which is
close to the top end of some estimates for the MORB source (Dixon et al., 2002; Saal et al.,
2002). The formation of 1% melt would still require a mantle H.O content of 1000 ppm, but
this is still close to the range of some values estimated for the plume source (e.g. Dixon et al.,

2002; Nichols et al., 2002). Intriguingly, higher temperature plumes may well result in lower

degrees of melting as a result of the effect of CO2 lowering DZ}Z’(;"E” at high temperatures as

shown in Fig 6.7. It seems quite plausible, however, that seismic observations of melts at the
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base of the mantle may result from the presence of H.O-CO. bearing melts with volatile
ratios in line with those estimated for mantle sources from analyses of basaltic magmas. If
this is the case it would also have implications for the oxygen fugacity of the mantle at these
conditions, which has been argued to be sufficiently low to reduce COz2 to either diamond or
CHjs (Frost and McCammon, 2004).
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7. General conclusions

Tectonic processes within the Earth result in a continuous exchange of volatiles between
surface reservoirs and the mantle, through the processes of subduction and mid ocean ridge
melting. Volatiles in the Earth may therefore have either a primordial origin or be recycled
from the surface since Earth formed. Most estimates of mantle volatile contents for the
MORB source are low, however, and H,O contents fall into a range where they can be
absorbed by nominally anhydrous minerals at depth (e.g. Saal et al., 2002). Enriched mantle
sources associated with mantle plumes are generally agreed to source a more volatile rich
reservoir, which may contain different proportions of recycled and primordial volatiles
compared to surface reservoirs (e.g. Dixon et al., 2002; Nichols et al., 2002). None the less
exotic magmas such as kimberlites demonstrate that sufficient concentrations of volatiles
such as H20 and CO: can depress the solidus of the mantle at depths greater than 100 km to
produce volatile rich magmas. High concentrations of volatiles at depth seem to be one of the
few explanations for evidence of low seismic velocities in the mantle which are observed
repeatedly with different seismic techniques near the base of the upper mantle (e.g. Nolet and
Zielhuis, 1994; Revenaugh and Sipkin, 1994; Pino and Helmberger, 1997; Song et al., 2004;
Tauzin et al., 2010).

In this thesis experiments were performed to try to understand if and how deep mantle
melting can occur. The two main lines of information critical to this issue are the extent to
which H20 will partition between nominally anhydrous mantle minerals and silicate melt at
high pressure, and the extent to which H,O lowers the melting temperature of peridotite
rocks. This latter point is crucial because it controls the H>O content of hydrous melts, which
in turn determines the amount of hydrous melt which can be produced below the anhydrous
solidus. However, there is a major experimental barrier to the determination of melt H,O
contents at deep mantle pressures due to the quench crystallization of hydrous melts, which
prevents the direct analysis of melt H2O contents. This is one of the main problems that has
been addressed in this thesis mainly by performing experiments where simple mass balance
or phase relations can be used to determine melt H.O contents. In addition, however, the
effect of CO2 on H20 partitioning relations has also been examined. This is vital as we
attempt to apply experimental results to the mantle where H.O and CO. are both major

volatile species.
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The conclusions based on the four individual studies described in this thesis can be

summarized as follows:

1. The composition of hydrous melts in equilibrium with peridotitic (garnet wehrlite and
Ihezolite) assemblages at 6 GPa and 1400 °C have been determined using iterative
crystallization experiments. These melt compositions would be compatible with those
produced by low degree hydrous partial melting of the mantle at depths of approximately 180
km. The hydrous melt compositions are found to be very similar to melts produced at the dry
peridotite solidus at approximately 1700 °C, when compared on a volatile free basis, and
particularly have almost identical (Mg+Fe)/Si and Al/Ca ratios. H20 therefore has little
influence on the composition of small degree peridotitic melts at this pressure. This is in
contrast to the effect of H,O on melt composition at pressures of 3 GPa and lower, where
H.O-bearing melts display a lower (Mg+Fe)/Si ratio compared with anhydrous melts. The
H>O content of the low degree melt compositions has been constrained to be approximately
11 wt % by mass balance calculations based on chemical analyses performed by means of
LA-ICP-MS. The melt H20 contents are found to be in very good agreement with a previous
cryoscopic model for determining melting point depression as a function of melt H>O content
(Tenner et al., 2012). If the asthenospheric low velocity zone (LVZ) is caused by the presence
of small degree hydrous melts, then at the base of the LVZ at 220 km these melts are
predicted to contain 15-16 weight % H.O.

Garnet- wehrlite and lherzolite saturated hydrous melt compositions are found to closely
resemble those estimated for group Il kimberlites, when compared on a volatile free basis.
Relatively low FeO and Na>O but enriched KO concentrations in group Il magmas attest,
however, to their derivation from cratonic lithosphere that has been previously melt depleted
but then enriched in K>O and H.O. A simple model is proposed where both enrichments
occur by the addition of phlogopite to the source peridotite, as observed in metasomatic
sequences found in cratonic xenoliths. Constraints can be placed on the melting process using
K and H2O partition coefficients determined in this study and by assuming that the ratio of
both components in the source is controlled by their ratio in phlogopite. Considering that
melts must contain approximately 11 wt % HO at these conditions, group Il melts are then
constrained to be derived from a source rock enriched with 1.7 wt % phlogopite at a melting
fraction of 0.2 wt % undergoing melting at near adiabatic temperatures. If melting occurred at

lower temperatures then higher H.O melt contents would be required, which, if provided by
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phlogopite would result in melts that were too rich in K. The presence of some CO> would
likely loosen this constraint, but the amount of CO> that could be added to the melt before its
composition strayed out of the range of group Il melts cannot currently be determined. This is
a major outstanding issue in deep mantle melting, the composition of small degree peridotite

melts for known COz and H,O contents.

2. The partitioning of H.O between mantle peridotite minerals and low degree hydrous melt
compositions has been addressed at 6 GPa and adiabatic temperature of 1400 °C. Peridotite
mineral phases were analyzed from 6 melting experiments performed in a natural chemical
system that were at fluid-undersaturated conditions. The experiments contained ~80 wt % of
a low degree hydrous melt composition that was obtained through a series of experiments
where the melt composition was iteratively adjusted until saturation with the appropriate
peridotite assemblage was achieved. lon microprobe measurements of the mineral phases
from the selected experimental charges indicate olivine H2O concentrations of 434 +61 ppm
wt and average clinopyroxene (cpx) concentrations of 1268 +173 ppm wt HO.
Orthopyroxene (opx) and garnet contain 700 +46 ppm wt and 347 +83 ppm wt H:0
respectively. The chemical composition of the peridotite minerals, e.g. Al.Oz in pyroxenes,
has been observed to significantly influence the mineral H>O contents. This highlights the
fact that peridotite phase assemblages in equilibrium with low degree melts are required in
order to provide representative values of the distribution of H>O at high depths in the mantle.

The H>O content of the hydrous melts was determined by mass balance to be 10.91 +0.61 wt

% H.0. Calculated H.O partition coefficients between minerals and melt (D;;;“gm":
XQL”O/X;}:’(;) are 0.0040 +0.0006 for olivine, 0.0064 +0.0004 for opx, 0.0115 +0.0016 for cpx

and 0.0032 £0.0008 for garnet.

By means of the determined H>O partition coefficients, the formation of low degree hydrous
melts at 180 km depth below mid ocean ridges was quantitatively evaluated. A depleted
mantle, which is estimated to contain approximately 50-200 ppm H.O, does not allow the
formation of low degree hydrous melts at such depth, where approximately 700 and 1600
ppm wt H2O are required in order to produce 0.1 and 1 % melting, respectively. Melting
processes can potentially take place at such conditions within the mantle source regions
attributed to ocean island basalts, which are estimated to contain up to ~1000 ppm wt H20.

1% melting can be achieved within plumes if they have adiabatic temperatures 200 °C higher
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than normal mantle. Additionally, a model for the distribution of H,O among minerals in a

peridotite phase assemblage at upper mantle depths and undersaturated conditions has been

constructed based on new parameterizations of Dgi;gmdf as a function of pressure. With this

model it is highlighted that in a mantle containing 200 ppm wt H.O, olivine H>O content
increases with depth as a consequence of the variation of mineral/mineral H.O partitioning
and modal abundances. The change in the olivine H2O concentration with depth corresponds
to proposed changes in the dominate olivine slip system for deformation by dislocation creep,
that might account for the attenuation of seismic anisotropy observed with increasing depths

to the bottom of the upper mantle (~350 km).

3. Phase equilibria in the simplified systems M@.SiO4-H.O and MgSiO3z-H.O have been
determined at upper mantle conditions. In this regard, experiments were performed at 6 and
13 GPa, corresponding to approximately 180 and 390 km depths respectively, and
temperatures ranging from 1150 to 1900 °C. The experimental results determine the location
of the liquidus in the forsterite-H,O and enstatite-H>O binary systems as a function of
temperature and H.O content, at both investigated pressures. At 6 GPa in the Mg>SiO4-H,O
system the liquidus was bracketed at 1300 °C, at approximately 20 wt % H-O, and at higher
temperatures up to 1650 °C. At 6 GPa in the MgSiO3-H,O system the liquidus was
constrained at 1550 °C and 1650 °C at 12 and 10 wt % H:O, respectively. At 13 GPa in the
Mg2SiO4-H.0 system, the liquidus curve was determined to lie between 13.8-20.4 wt % H.O
at 1700 °C and between 5-13.8 wt % H»O at 1900 °C. At 13 GPa and in the system MgSiOz-
H-O, the liquidus was constrained between 4.3-10 wt % H,O and 6.2-11.8 wt % H.O at 1900
and 1700 °C, respectively.

Thermodynamic calculations were performed in order to describe the effect of H.O on
lowering the melting temperature of the minerals forsterite and enstatite. Models that
reproduce, within uncertainty, the experimental results were constructed based on the
formation of the melt equilibrium

H,0 + 0% = 20H" (7.1)

where water is present as both molecular H>O dissolved in the melt and hydroxyl groups OH

bonded to silicate molecules. Using a cryoscopic melting equation, the experimental melting
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point depression data can be fitted as a function of melt H.O content by adjusting the
equilibrium constant for equilibrium 7.1. Application of this model to the experimental data
reveals that equilibrium 7.1 proceeds strongly to the right hand side for MgSiOz melts at 6
and 13 GPa and for Mg@2SiOs melts at 6 GPa i.e. OH" is the main species in the melt.
However, data for forsterite at 13 GPa provide poor constrains on the equilibrium constant
due to uncertainties in the anhydrous melting temperature of Mg.SiO4 at these conditions.
The depression of melting due to the presence of H.O was modelled also for natural
peridotitc systems where application of the same type of model implies dissolution mainly of
molecular H2O. This difference in H2O speciation between simple and complex melt systems
may arise either from a poor knowledge of the enthalpy of fusion for complex melts or may
be due to the effect of other melt species such as Al on the H2O dissolution reaction.
Regardless of the explanation, however, it would seem that melting point depression analysis
for simple systems provides little insight into the same mechanisms in complex peridotitic

melts.

Models calculated for melts produced in a natural peridotite system indicate an increment in
melt H.O content from 8 to 11 wt % H.O between 3.5 and 6 GPa along the adiabat, while at
13 GPa and 1500 °C it is predicted to become ~12.4 wt %. Based on these observations, it is
concluded that an upper mantle with constant H.O content would not favor the production of
low degree hydrous melts at ~410 km depth compared to any other pressures in the upper
mantle, as more H2O is required to stabilize melts at these conditions. Such high melt H.0
contents mean that melts produced at these depths would not be denser or neutrally buoyant
compared to the surrounding mantle and would therefore have no reason to concentrate at this
depth in the mantle as previously proposed (Bercovici and Karato 2003). Therefore, low
seismic velocity layers observed on top of the 410 km discontinuity are unlikely to result

from the presence of small degree melts due to the presence of H2O alone.

4. The incorporation of H20, or hydrogen, in nominally anhydrous minerals olivine
(forsterite) and pyroxene (enstatite) was also determined at 6 and 13 GPa and between 1150
to 1900 °C. The investigated samples were synthesized in experiments performed in the
systems MgO-SiO.-H,O (MSH) at 6 and 13 GPa and in the system MgO-SiO2-H.O-CO:; at
13 GPa, where the volatiles weight ratio H2O/(H.0+CQO2) was varied from 0.69 (MSCH5) to
0.80 (MSCH?7). In both MSH and MSCH systems the H.O content of forsterite and enstatite

is observed to decrease with increasing temperature at a particular pressure and over the

157



7. General conclusions

investigated temperature range. At 6 GPa and in the MSH system, forsterite is found to
contain 700-800 ppm wt H.O at 1250-1300 °C and about 300 ppm wt H,O at 1600-1650 °C
while enstatite has 600 ppm wt H>O at 1050 °C and this amount is lowered to 300 ppm wt
H20 when temperature reaches 1650 °C. In the MSH system at 13 GPa and 1300 °C,
forsterite contains ~6600 ppm wt H20 and enstatite ~1550 ppm wt H20, while at 1900 °C
forsterite average H>O content is 740 ppm wt and enstatite average H>O content is 330 ppm

wt H20. Dgi”g”””was calculated in the different systems based on melt water contents
determined from the liquidus phase relations. In the hydrous system at 6 GPa Dlﬁ”z’o’”g" and

D;,"z’o’”g" have averages of 0.0026+ 0.0009 and 0.0020+ 0.0006 respectively, and do not show

significant variation within the investigated temperature range. At 13 GPa in the MSH
system, D}/ decreases from 0.0202 at 1300 °C to 0.0073 at 1900 °C while D" has a
average value of 0.0072+ 0.0005 between 1300 and 1600 °C and 0.0036+ 0.0004 at 1700-
1900 °C. At 13 GPa the concentration of H2O in the minerals is considerably lowered in the
CO»-bearing systems compared to the MSH system. For example, with H20/(H.0+CO.)=
0.80, forsterite and enstatite have 2600 and 1400 ppm wt H2O at 1400 °C, while with
H>O/(H20+CO2)= 0.69 these values drop to 2200 and 1190 ppm wt H>O for forsterite and

enstatite respectively. The addition of CO considerably lowers D{,”zg”g”. At 13 GPa and 1500

°C Dj}y"is 0.017 in the MSH system, which drops to 0.0112 for H,0/(H.0+CO2)= 0.80
and 0.0058 for H20/(H.0+C0O,)= 0.69.

The distribution of H,O and the production of melt atop the transition zone can therefore be

significantly affected by the addition of modest amounts of CO> to a hydrous system since
D,f,'”z’o””” is reduced in comparison to a purely hydrous system. The fraction of melt that is
produced upon melting a mantle peridotite at 13 GPa and adiabatic temperature (1500 °C) as
a function of mantle H.O content was estimated for both H,O and H.O+CO; systems. In the

CO»-bearing model, D% " was calculated employing a value of Dj’;" that was lowered,

compared to a purely hydrous system, in relation to the difference observed between Dlﬁ”zg”g”

in the MSH system and in the system with H20/(H20+C0O2)=0.69. It is shown that in order to
produced a considerable amount of melt (0.1 wt %) on top of the transition zone, 350 ppm wt
H.O is required in a CO> bearing system with H>O/(H20+CO2)= 0.69 while in a purely

hydrous system, the mantle H>O content would need to be 850 ppm wt. This strongly implies
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that the presence of modest amounts of CO; facilitates the formation of melts atop the

transition zone.

7.1 Further work

The experimental data obtained in this thesis improve our knowledge of the distribution of
H20 and the formation of hydrous melts in the upper mantle. However a number of issues

remain outstanding.

Experiments described in Chapter 4 and 5 qualitatively and quantitatively address the

formation of hydrous melts at ~180 km depth in the mantle. The knowledge of low degree

melt chemical composition and the Dgi;gmdf for the coexisting minerals provide the most

realistic information regarding the genesis of volatile-bearing melts at this depth in the upper
mantle. Hydrous melts forming at depths comparable to the top of the transition zone, ~400
km, have been suggested to explain mantle geochemical differentiation and geophysical
anomalies (Bercovici and Karato, 2001; Tauzin et al., 2010). However, the formation of
purely hydrous melts atop the transition zone is not supported by the thermodynamic
calculations presented in Chapter 6. Whether hydrous melting is a possible scenario in the
upper mantle can be better constrained by determining the composition of a low degree melts
forming and the H>O concentration in the coexisting peridotite minerals at 13 GPa and
adiabatic temperature in a natural system. This would allow precise quantification of the

production of low degree hydrous melts atop the transition zone.

Further, it has been observed that the determination of the phase equilibria of mantle minerals
in simple systems Mg.SiOs-H>O and MgSiOs-H.O provide constraints on the melt H.O
content forming in such systems (Chapter 5). The results from these experiments can be used
to construct thermodynamic models that describe the effect of H.O on lowering melting
temperatures of mantle minerals through the use of a cryoscopic equation. While providing a
good approximation for simplified mantle minerals, the models resulting from such
experiments differs from those determined for melts forming in natural systems. To improve
our understanding on the effect of water on lowering melting temperature of mantle
materials, further experiments including additional components to MgO and SiO2, such e.g.
Al2Og, are required in order to approach the behavior observed for the natural systems. These
data would also provide reliable estimates of the H>O content of peridotite derived melts.
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The addition of CO> to a hydrous mantle peridotite is suggested to enhance the formation of
hydrous melts atop the transition zone based on experiments performed in a simple system in

the presence of both H.O and CO2 (Chapter 6). This is a consequence of the fact that in the

presence of COg, D;}fg’"g” is notably lowered at 13 GPa compared to hydrous systems.

However, in modeling the formation of melts in the presence of H.O and COz, a number of
assumptions have been made in order to constrain the melt composition forming at 13 GPa
and adiabatic temperature. To provide firmer basis to the hypothesis better constraints on the
melt volatile contents are required, particularly in more complex melt systems. Also, it would
be important to determine the effect of CO- on the distribution of H>O in the mantle and the

formation of volatile-bearing melts at shallower depths in the upper mantle.

It is interesting to note that the effect of CO2 on H20 partitioning observed in Chapter 6
decreases with increasing temperature. The effect of varying pressure may also be crucial. If
it can be shown that CO, effects H2O partitioning only over certain depth intervals then this
might explain seismic observations of deep mantle melts. If CO. has a smaller effect on the
H.O partition coefficient at lower pressures then melt fractions may decrease with decreasing
pressure. This would provide an explanation for the appearance of deep melts and apparent

disappearance at shallower depths.

In addition it is vital to understand how the oxidation state of the mantle may influence CO.
speciation between diamond and CO2-bearing melts. Low oxygen fugacities predicted at the
base of the upper mantle should preclude the stability of CO> rich melts, as CO2 should be
reduced to form diamond (Frost and McCammon 2004; Stagno et al., 2013). However, if CO:
is dissolved in hydrous silicate melt its stability field with respect to oxygen fugacity should
be extended to lower values. There will be a complex interdependence between the activity of
CO2 in the melt, the partitioning of H.O between minerals and melt and the CO2 melt activity
at which diamond forms. This interplay may control the specification of volatiles and the
formation of melts in the mantle and may also be implicated in the formation of kimberlitic

magmas.
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Appendix

Appendix: Thermodynamic relations and parameters

Mie-Griineisen type equations of state (EoS) were employed in order to determine the Gibbs

free energy of fusion (AG })i,s,bn ) of forsterite and enstatite required for calculating the effect

of H20 on lowering melting temperature in the binary systems Mg.SiOs-H.O and MgSiOs-
H.O. Expressions to describe the Gibbs free energy changes for Mg.SiO4 and MgSiOs were
taken from Stixrude and Lithgow-Bertelloni (2011) for solids and from de Koker and
Stixrude (2009) for liquids and are based on the fundamental thermodynamic relation

between the Helmholtz free energy (F) and the Gibbs free energy
Gen=Fwyn+PV (al)

where 7 is the volume, P is the pressure and 7 is the temperature. For liquids, the

fundamental thermodynamic relation describing the Helmholtz free energy is
Fwn=Fowom+Fewm+ Fnwn (a2)

where 0 indicates the reference state where P= 101325 Pa at a reference temperature To. In
equation a2, Fy is the Helmholtz free energy at the reference state while F. and Fy, are the
Helmholtz free energies produced from *“cold” compression at ambient temperature and the
thermal vibrations, respectively. F. was calculated based on a Birch-Murnaghan EoS of the

form

1 1
Fmn = 9K0VO&f2 + ga . fﬂ (a3).

The Birch-Murnaghan EoS is based on the finite strain theory and its derivation can be found
in e.g. Birch (1947) and Poirier (2000). In equation a3, the finite strain (f) is described as

2/3
%
/= (70) —11/2 while the factor a is described as a=§(K‘—4). In this

formulation, Ky and ¥y correspond to the bulk modulus and the volume at the reference
pressure and K’ is the first pressure derivative of the bulk modulus. The volume (V) of the

liquid was calculated at pressure and temperature of interest by solving the equation
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P=P, +P (ad)

th lig

where the two components are defined as P, =3K,-f-(2f +1)**-(1- f-a) and

Pyiig =§~Cv (T -T,). In the equation determining the thermal pressure of the liquid, C, is

the heat capacity at constant volume, and the Grineisen parameter (y) is calculated by the

formula y =y, + y[VK —lj where yo is the Griineisen parameter at the reference state and y’
0

is its first derivative with respect to the volume. F;, was calculated by the equation

Fuwn ==So(T=T)) —c{rln[fj—(T—To)}—cy(T—To){(yo —y')ln[VV}(y—yo)}

0 0

(a5)
where Sy is the entropy.
For the solids, the Helmholtz free energy relation is the same as the liquid i.e.
Fwn=Foor+Fe v+ (Fnwp-Fn ) (a6)

which combined with equation al allows the Gibbs free energy of the solid phase to be

calculated.

For solid forsterite and enstatite, F. was calculated according to equation a3 as described for
liquids. In the case of a solid phase, however, a slightly different approach was used in the
calculation of the volume (7). The thermal pressure of the solid is determined using an

expression for the Debye thermal energy (Ex 1) i.€.

V4
P, = ; [Em(v,r) - Eth(V,TO)] (a7)

th,s

do
and in this case the Griuneisen parameter is calculated as y:yo[VLJ with ¢y being a
0

constant. Ex v,7) is calculated as
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Eppp = 9nRT(§j3 [[ e —1)ae (a8)

where R is the gas constant, t:? with the Debye temperature (¢) calculated as

9=90~exp{7/°_7/] (a9)

9

The Helmholtz free energy thermal contribution (Fus 1) of the solid end members is

determined by the formula

Fowr = 9nRT(§j3J.0t In(l —e” )t'df (a10)

and (Fuw (v,9)) Was calculated at 7 accordingly.
The thermodynamic parameters employed in the calculations of the Gibbs free energy for

solid and liquid end members Mg.SiO4 and MgSiOz using the approach described above are

reported in Table al.

Table al: Thermodynamic parameters of end member solid and liquid Mg,SiO4 and MgSiOs

Liquids Mg,SiO;4 MgSiO3 Solids Mg,SiO4 MgSiO3
To (K) 1773 1773 To (K) 300 300
Vo (cm¥/mol) 49.6%-51.0° 38.5 Vo (cm¥/mol) 43.6 62.7
Ko (GPa) 32.1 273 Ko (GPa) 128 107
K'ro 5.84 5.70 K'ro 4.2 7.0
Yo 0.63 0.21 Yo 0.99 0.78
y 12 -1.8 Qo 2.1 3.4
C. (J/K/mol) 232.8 179 8o (K) 809 812
So (J/K/mol) 430 312 Fo (KJ/mol) -220.1 -312.9
Fo (KJ/mol) -256.9 -184.2

a: value employed at 6 GPa; °: value employed at 13 GPa
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Thermodynamic data summarized in Table al were previously compiled from the literature
by de Koker and Stixrude (2009) and Stixrude and Lintgow-Bertelloni (2011) for liquids and
solids, respectively. F, for liquids were empirically calculated from the room pressure
melting temperatures as in Liebske and Frost (2012). Parameters Vo and Sy for the liquid were
slightly altered compared to those reported by de Koker and Stixrude (2009) in order to
obtain better agreement with the experimental melting temperatures and to be consistent with
calorimetric data for the enthalpy of fusion of MgSiO3z and Mg>SiO4 (Navrotsky et al., 1989;
Richet et al., 1993).
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